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Abstract

The Last Glacial Period and ensuing deglaciation were marked by rapid transitions between cold88

and warm climates. Despite decades of research, uncertainty remains about the mechanisms

driving these events, though it is widely agreed that reorganisations of the Atlantic Meridional90

Overturning Circulation (AMOC) play a crucial role. However, the precise climatic controls on

AMOC remain unclear.92

To explore AMOC evolution and its role in abrupt climate change, I employ earth system mod-

elling. First, I compare transient simulations of the last deglaciation under various meltwater94

scenarios to assess the in
uence of ice sheet meltwater on the occurrence of abrupt events like

Heinrich Stadial 1. Finding that most models fail to produce an abrupt interstadial-stadial96

switch when forced by current reconstructions of ice sheet meltwater, I then investigate AMOC

oscillations in glacial climate simulations with a constant meltwater 
ux. By varying back-98

ground conditions, I determine that CO2 and orbital changes strongly in
uence the periodicity,

magnitude, and occurrence of AMOC oscillations. Lastly, using a coupled climate-ice sheet100

model, I examine how the B�lling Warming impacts Northern Hemisphere ice sheets, reveal-

ing that surface ablation increases due to the abrupt warming, but the scale of this melt is102

modulated by ocean forcing and initial ice sheet topography.

The results of this thesis demonstrate the sensitivity of the AMOC to subtle shifts in background104

conditions. These �ndings underscore the need for further high-resolution climate and ice sheet

simulations to unravel the chain of events governing past abrupt climate transitions in the Last106

Glacial Period.
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CHAPTER 1

Introduction356

1.1 Scienti�c context for the thesis

1.1.1 The Last Glacial Period358

The most recent glacial period, theLast Glacial Period, occurred between 115 and 11.7 thousand

years ago (ka BP; with present being 1950 CE) and began at the end of the Last Interglacial.360

Variations in the Earth's orbit, or Milankovic cycles, have caused historical cycles between glacial

and interglacial periods through the orbital elements of eccentricity, obliquity, and precession362

(Berger 1988). The transition from the Last Interglacial to the Last Glacial Period coincides

with decreasing Northern Hemisphere summer insolation, a result of the combined impact of364

changing eccentricity and precession.

Also known as the Last Ice Age, the Last Glacial Period was colder and drier than modern366

day with extensive ice sheets (Figure 1.1) across northern North America, a culmination of the

Cordilleran and Laurentide ice sheets, Eurasia, covering the Barents and Kara Seas, Scandi-368

navia, and even Ireland and northern Britain at times (Dyke 2004; Peltier et al. 2015; Svendsen

2004; Tarasov et al. 2012), and with larger Antarctic and Greenland ice sheets than today370

(Argus et al. 2014; Briggs et al. 2014; Lambeck et al. 2014). Atmospheric CO2 concentrations,

measured from trapped gases in ice cores from the Greenland and Antarctic ice sheets, were low372

compared to interglacial periods (e.g., modern day) with concentrations as low as 180 parts per

million (ppm; Siegenthaler et al. 2005; Kawamura et al. 2007; Bereiter et al. 2015) during the374

Last Glacial Period. Methane and nitrous oxide, also correlated with glacial-interglacial cycles,

varied between 350 and 400 parts per billion by volume (ppbv) for CH4 (Loulergue et al. 2008)376

and around 200 ppbv for N2O (Schilt et al. 2010).

As a whole, the Last Glacial Period is characterised by rapid climate transitions between cold378

(stadial) and warm (interstadial) states originally described from Greenland ice cores and ice-

rafted deposits in the Atlantic Ocean (Dansgaard et al. 1982; Bond et al. 1993; Grootes et al.380

1993), but now evident in surface air temperature proxy records world-wide, such as in European

pollen records (e.g., Fletcher et al. 2010), sediment cores of South America (e.g., Fritz et al.382

2010), vegetation records from North America (e.g., Jim�enez-Moreno et al. 2010), stalagmite

1



1.1. SCIENTIFIC CONTEXT FOR THE THESIS

Figure 1.1: Location of Northern Hemisphere ice sheets at the Last Glacial Maximum (21 ka
BP): Cordillera[n], Laurentide, Innuitian, Greenland, Barents-Kara, Fennoscandia and British-
Irish Ice Sheets (blue line; Dyke 2004; Hughes et al. 2016; Gowan et al. 2016). The locations
of the three domes of Laurentide Ice Sheet: Labrador-Quebec, Keewatin and Foxe. The areas
mentioned in this study include the Hudson Bay (HB), the Great Lakes (GL), Ba�n Island
(BI), Ellesmere Island (EI), Taimyr Peninsula (TP), Laptev Sea (LS), East Siberian Sea (ESS)
and Chukchi Sea (CS). The yellow area is the Interior Plains, the pink area is the Canadian
Shield and the purple area is the Scandinavia Mountains (SM). Taken from Niu et al. (2019).

and loess records in Asia (e.g., Wang et al. 2008; Yang and Ding 2014) and oxygen-isotope384

records in Greenland (Wol� et al. 2010; Buizert et al. 2018) anti-phased with variability in

Antarctica (EPICA Community Members et al. 2006; Buizert et al. 2015).386

1.1.1.1 Abrupt climate events during the glacial period

The most commonly referred to example of abrupt climate changes during the Last Glacial388

Period are Dansgaard-Oeschger (D-O) cycles, or millennial-scale climate oscillations of up to

10-15 � C in the high northern latitudes (Huber et al. 2006; Kindler et al. 2014; Andersen et390

al. 2006). These events are documented most frequently during a period known as Marine

Isotope Stage 3 (between 60 and 25 ka BP; Sanchez Go~ni and Harrison 2010), as recorded392

from Greenland ice cores (Figure 1.2e) and more globally, including the Tropics (Deplazes et al.

2013; Adolphi et al. 2018), North and South America (Wang et al. 2004; Asmerom et al. 2010;394

Deplazes et al. 2013; Vanneste et al. 2015), and Eurasia (e.g., Wang et al. 2008; Rousseau

et al. 2017), but also asynchronously recorded in Antarctica (e.g., Blunier et al. 1998; EPICA396

Community Members et al. 2006; Markle et al. 2017). The anti-phasing between Greenland

and Antarctic temperatures is called the `bipolar see-saw', or the concept that meridional heat398

transport leads to asynchronous temperature changes in the hemispheres (Stocker 1998).
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1.1. SCIENTIFIC CONTEXT FOR THE THESIS

Figure 1.2: Climate variability during the Last Glacial Period. (a) Antarctic temperature
anomalies (Jouzel et al. 2007). (b) Composite of Chinese speleothem record from the Sanbao
and Dongge Caves (Cheng et al. 2016)1. (c) Ice-rafted debris and sea surface temperatures
reconstructed from foraminifera2 of core MD04-2845 (45� N, 5� W; S�anchez Go~ni et al. 2008).
(d) Relative sea level changes (Waelbroeck et al. 2002) to modern day. (e) Greenland ice core
� 18O1 (Rasmussen et al. 2014). (f) Insolation variation in July at 65� N (Berger and Loutre
1991). Taken from Go~ni (2020).
1Oxygen isotopes trapped in the ice cores are used as a proxy for temperature by observing the
change in 18O (� 18O). In a warmer climate, there are more heavy isotopes in the ice core as
more 18O has the energy to evaporate out of the ocean and precipitate onto the ice sheet.
2The ratio of magnesium (Mg) to calcium (Ca) in planktic and benthic foraminifera shells
measures the occurrence of Mg substituting in for a Ca atom in the formation of calcium
carbonate, CaCO3. The substitution is ocean temperature dependent{temperature increases
give rise to an increase in magnesium concentrations (N•urnberg et al. 1996)

.
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1.1. SCIENTIFIC CONTEXT FOR THE THESIS

There were � 25 D-O cycles during the Last Glacial Period, commonly described as having400

an average periodicity of � 1,500 years (Schulz 2002; Rahmstorf 2002), though D-O cycles

are irregular and have a periodicity of anywhere between 400 and 2,600 years (Wol� et al.402

2010). Similar to the saw-tooth pattern of the glacial-interglacial cycles, an ordinary D-O

cycle consists of an abrupt warming into the warm interstadial phase followed by a relatively404

slower cooling into the cold and relatively stable stadial phase (Figure 1.2; Thomas et al. 2009).

The transition from the cold to the warm phase can increase temperatures by up to 16.5� C406

in Greenland (Kindler et al. 2014) with an average warming duration of � 60 years (Lohmann

and Ditlevsen 2019). At the beginning of each interstadial, there is a warm overshoot phase408

in the Atlantic Meridional Overturning Circulation (AMOC) and corresponding North Atlantic

surface temperatures (Knorr and Lohmann 2003; Dokken et al. 2013; Dima et al. 2018) in which410

the AMOC �rst surpasses and then subsequently rebounds to settle in a quasi-equilibrium state

of AMOC strength (Dima et al. 2018).412

Stadial phases of D-O cycles are sometimes paired with a Heinrich event{a massive armada of

icebergs calved from the Laurentide ice sheet (Hemming 2004; Hodell et al. 2017). Heinrich414

events are identi�ed in deep sea core records in the North Atlantic (Bond and Lotti 1995)

where the event is captured by a layer of rocky debris transported from the Laurentide ice416

sheet into the North Atlantic Ocean between the latitudes of 40� and 55� N (i.e., the Ruddiman

belt; Ruddiman 1977) via icebergs. The stadial phases that contain Heinrich events are called418

Heinrich Stadials. Early research hypothesised that the melting of the icebergs initiated a strong

disruption of the AMOC and caused surface ocean cooling in the North Atlantic and surface air420

cooling in the surrounding areas (discussed more in section 1.1.2.1; Bond et al. 1992; Bard et al.

2000). However, high latitude North Atlantic surface ocean temperature and ice-rafted debris422

proxy data demonstrate that, at least in some cases, surface ocean cooling occurred hundreds

of years earlier than the iceberg events (Barker et al. 2015).424

1.1.1.2 The last deglaciation

Between 26 ka BP (Peltier and Fairbanks 2006) and 19 ka BP (Clark et al. 2009; Lambeck426

et al. 2014; Mix et al. 2001), the ice sheets reached a maximum extent (Figure 1.1) and sea

level hit a minimum (Figure 1.2d). At the Last Glacial Maximum (LGM), global mean surface428

temperatures were also estimated to be between 4 and 7� C lower than present-day (Annan

et al. 2022; Liu et al. 2023).430

After 19 ka BP, the Earth started warming towards its present state initiated by a gradual

increase in boreal summer insolation (Figure 1.3c; Berger 1978). Subsequently, as greenhouse432

gas concentrations also rose (Loulergue et al. 2008; Schilt et al. 2010; Bereiter et al. 2015), the

vast ice sheets began melting and sea levels began to rise (Figure 1.2d and 1.3g). This period,434

known as the last deglaciation is de�ned by a major, long-term (order of 10,000 years) climate

transition from the most recent cold glacial to the current warm interglacial state (known as the436

Holocene; beginning around 11.7 ka BP), as well as many short-term, decadal- to millennial-scale

warmings and coolings.438
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1.1. SCIENTIFIC CONTEXT FOR THE THESIS

Figure 1.3: The last deglaciation: forcing and events. (a) Phases of the PMIP protocol core
experiments. (b) Climate events and periods. (c) June insolation at 60� N (red) and December
insolation at 60� ] S (blue) from Berger (1978). (d) Atmospheric carbon dioxide concentration
in Antarctica from Bereiter et al. (2015). (e) Atmospheric methane concentration in Antarctica
from Loulergue et al. (2008). (f) Atmospheric nitrous oxide concentration in Antarctica from
Schilt et al. (2010). Dashed lines shown pre-industrial levels in (c)-(e). (g) Volume of the ice
sheets according to ICE-6GC ice sheet reconstruction (solid lines; Argus et al. 2014; Peltier
et al. 2015) and the GLAC-1D reconstruction (dashed lines; Briggs et al. 2014; Tarasov and
Peltier 2002; Tarasov et al. 2012). (h) Greenland temperature reconstruction from Buizert et al.
(2014). (i) Antarctica � D1 from Jouzel et al. (2007).
1Similar to with oxygen isotopes, hydrogen isotopes (1H and 2H; 2H is also knows as deuterium
or D) can be used as a proxy for temperature, with higher temperatures leading to a greater
relative abundance of lighter hydrogen isotopes in an ice core.
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1.1.1.2.1 Heinrich Stadial 1

The �rst short-term climate event to occur during the last deglaciation is Heinrich Stadial 1440

(HS1; between� 18 and 14.7 ka BP; Martin et al. 2023). HS1 is de�ned by cooler temperatures

(Shakun et al. 2012) and weak ocean circulation (Ng et al. 2018), contradictory to what would442

be expected during the onset of the deglaciation. With the increasing insolation, temperatures

were expected to rise globally, but instead surface temperatures in the Northern Hemisphere444

remained cold (Bard et al. 2000; Buizert et al. 2018; Pedro et al. 2022). Pre-HS1, between

20 and 19 ka BP, massive meltwater discharges from the Eurasian ice sheet occurred (M�enot446

et al. 2006; Toucanne et al. 2015) that could have resulted in a slowed down AMOC and

colder temperatures (section 1.1.2.2). In addition, HS1 is associated with two climatic episodes448

(Broecker and Putnam 2012; Huang et al. 2019) that consisted of freshwater discharges from the

Eurasian ice sheet (� 18.2 ka BP; e.g., M�enot et al. 2006; Stanford et al. 2011) and a massive450

ice rafting episode from the Laurentide ice sheet (known as Heinrich event 1,� 16.2 ka BP;

Hemming 2004; Hodell et al. 2017). This additional meltwater discharge could have provided452

the means to prolong the weakening of the AMOC for thousands of years (Solas et al. 2011;

Barker et al. 2015).454

1.1.1.2.2 B�lling-Aller�d Warming

After HS1, an abrupt transition to an interstadial state was triggered known as the B�lling-456

Aller�d Warming (abbreviated to B�lling warming; � 14.7 ka BP in Greenland; Severinghaus

and Brook 1999; Lea et al. 2003; Buizert et al. 2018). The B�lling interstadial, the �rst warming458

event of the last deglaciation in the Northern Hemisphere, was originally described in three parts:

the B�lling and Aller�d warm interstadials separated by the Older Dryas cold stadial (Figure460

1.3h; section 1.1.1.2.4). In Greenland, temperatures increased about 8-10� C in a few decades

(Ste�ensen et al. 2008; Buizert et al. 2018) coincident with a cold event recorded in Antarctica,462

known as the Antarctic Cold Reversal (Blunier et al. 1997; Stenni et al. 2001; Pedro et al.

2016), with a mechanism linked to the bipolar see-saw (Menviel et al. 2011). The interstadial464

is synchronous with an increase of boreal summer insolation (Berger and Loutre 1991) and

signi�cant ice volume loss. The transition from HS1 to the B�lling Warming and on to the466

Younger Dryas stadial (section 1.1.1.2.4) is often considered to be the most recent D-O event

(Figure 1.2e; Su et al. 2016).468

1.1.1.2.3 Meltwater Pulse 1a

The B�lling Warming also coincides with a notable abrupt meltwater event, called Meltwater470

Pulse 1a (MWP1a; � 14.7 to 14.3 ka BP; Fairbanks 1989; Deschamps et al. 2012; Lambeck

et al. 2014). MWP1a consisted of sea level rise of 8-22 metres in� 350 years or less (Deschamps472

et al. 2012; Liu et al. 2016), although, the origin of the meltwater pulse has long been debated.

The primary source of the meltwater discharge is thought to have originated from the saddle474

collapse between the Laurentide and Cordilleran ice sheets that likely occurred between 16 and

14 ka BP (Dyke 2004; Gregoire et al. 2012; Gregoire et al. 2016), with additional contributions476

from Antarctica (Peltier 2005; Briggs et al. 2014; Golledge et al. 2014) and Eurasia (Brendryen
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et al. 2020; Lin et al. 2021; Coonin et al. 2025).478

1.1.1.2.4 Older and Younger Dryas

After the abrupt warming event at 14.7 ka BP, two stadial periods occur before then end of480

the last deglaciation. The Older Dryas occurred between the B�lling and Aller�d interstadial

at � 14 ka BP and is characterised by a glacial re-advance (Mangerud 1970). After the Aller�d482

interstadial, at 12.9 ka BP, another abrupt cooling phase is recorded in Greenland and Antarctic

ice cores, known as the Younger Dryas (Broecker et al. 2010; Murton et al. 2010; Liu et al. 2012)484

and thought to be caused by the release of freshwater from the proglacial Lake Agassiz, located

along the southwestern front of the retreating Laurentide ice sheet (Broecker et al. 2010; Murton486

et al. 2010). The stadial period lasted� 1,200 years before the last deglaciation terminated and

the climate entered into the Holocene.488

1.1.2 Mechanisms of abrupt climate change and the AMOC

Despite decades of research on D-O cycles and other abrupt climate changes, uncertainty still490

remains as to the mechanisms and drivers of these transitions. Because the bipolar see-saw

mechanism is linked to meridional heat transport of the AMOC (Broecker 1998; Rahmstorf492

2002) and proxy records for the AMOC often are coincident with North Atlantic temperature

changes (McManus et al. 2004; Ng et al. 2018), connections have been drawn between the494

AMOC and abrupt climate change events.

1.1.2.1 Atlantic Meridional Overturning Circulation496

The AMOC is the Atlantic component of the global meridional overturning circulation, or

global network of ocean currents previously known as the Conveyor (Broecker 1997; Rahmstorf498

2002). The global meridional overturning circulation connects the di�erent ocean basins and

their respective ocean circulations: the Paci�c meridional overturning circulation, the Atlantic500

meridional overturning circulation, the Indian Ocean meridional overturning circulation, and

the Antarctica circumpolar current in the Southern Ocean (Rahmstorf 2002). The overturning502

system is governed by wind-driven currents and tides (on inter-annual timescales) alongside

buoyancy 
uxes (on inter-annual to decadal timescales) driven by the thermohaline circulation504

(Buckley and Marshall 2016; Jackson et al. 2022). The density of water, and therefore its

buoyancy, is determined by its temperature and salinity (where colder and more saline waters506

have a higher density).

In the modern ocean, the buoyancy 
uxes allow for light, warm, but also high-salinity waters508

originating from the Gulf of Mexico and the tropics to be transported northward into the North

Atlantic. As this water reaches the high latitudes, it loses heat to the atmosphere and becomes510

more dense, attaining critical density in sites such as the Irminger and Nordic Seas (Figure

1.4). At these locations, called deep water formation sites, the upper cell of the AMOC sinks512

and forms North Atlantic Deep Water (NADW; Cheng et al. 2007), which subsequently returns

southwards, reaching the Antarctic circumpolar current. In the Southern Ocean, the deep water514

mixes with other deep water masses and is upwelled at the surface where it might circulate into

7
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other ocean basins or sink again through the process of brine rejection to create Antarctic516

Bottom Water (AABW), very dense water that layers the Atlantic Ocean 
oor. Brine rejection

is the process of freshwater production by expelling salt as water freezes into sea ice (Nebbia518

and Menozzi 1968).

Figure 1.4: Schematic of the Atlantic Meridional Overturning Circulation (AMOC). In the
surface panel (top), surface currents are indicated in black arrows, and the return deep currents
are represented by grey arrows. Sinking is plotted in red and upwelling in blue. The right-hand
panel shows the zonally integrated meridional circulation (or the AMOC streamfunction). Red
colours indicate clockwise motion, and blue colours indicate anti-clockwise motion. Taken from
Jackson et al. (2022).

However, the shape and strength of the AMOC has very likely changed throughout its history520

and has shown frequent variability (Lynch-Stieglitz 2017; Ng et al. 2018). Reconstructions of

the past AMOC demonstrate its ability to not only transition rapidly out of a weak state to522

a strong state (and vice versa) but also to remain in a speci�c state for a prolonged period of

time. Stommel (1961) was �rst to demonstrate the existence of multiple equilibria in the ocean524

circulation using a simple non-linear two-box model. As modelling advanced, this conclusion

was followed by hysteresis modelling of the AMOC, a concept �rst tested by Rahmstorf (1996)526

and continually tested with increasingly e�cient and more complex models to understand the

impact of external forcings on the AMOC. The two equilibria are referred to as a `strong',528

warm, or interstadial AMOC mode, and a `weak', cold, or stadial AMOC mode, as de�ned

by B•ohm et al. (2015) (Figure 1.5). In the warm mode, deep water formation is active in the530

North Atlantic and NADW occupies a large fraction of the deep Atlantic basin (i.e., down to

8
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� 5,000 metres depth). In the cold mode, NADW is recorded at shallower depths than modern532

day and instead, the deeper layers of the Atlantic basin are blanketed by the expansion of deep

water convected from the Southern Ocean (Antarctic Bottom Water). There is also evidence534

for a third mode, an `o�' AMOC mode, as a potential result of meltwater discharges, where the

AMOC has collapsed and no deep water forms in the North Atlantic. Antarctic Bottom Water536

�lls out the entire Atlantic basin and temperatures decrease across the North Atlantic region.

Figure 1.5: Modes of the AMOC. NSW (in red) stands for Northern Source Water and represents
the warm Atlantic waters that form North Atlantic Deep Water (NADW). SSW (in blue) stands
for Southern Source Water and represents the Antarctic Bottom Water. The water mass,
circulation, and depth indicate typical observations for each mode{warm, cold, and o�. Taken
from (Lynch-Stieglitz 2017).

There is still debate, however, on how to interpret geological records of AMOC strength, espe-538

cially during the Last Glacial Maximum (LGM) and how the initial state of the AMOC impacts

the subsequent climate change of the last deglaciation. Some interpretations have suggested540

a weaker and shallower AMOC than present-day during the LGM (e.g., Lynch-Stieglitz et al.

2007; Menviel et al. 2012; B•ohm et al. 2015; Lynch-Stieglitz 2017; Menviel et al. 2017; Muglia542

and Schmittner 2021; Wilmes et al. 2021; P•oppelmeier et al. 2023b). Whilst other ocean cir-

culation proxy studies (e.g., McManus et al. 2004; Gherardi et al. 2005; Gherardi et al. 2009;544

Ivanovic et al. 2018a; Ng et al. 2018) demonstrated a consensus of a vigorous but shallower

AMOC in the latter stages of the LGM and in the early last deglaciation (relative to the mod-546
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ern day). Recent modelling also has shown between a deep and strong ocean circulation at the

LGM (e.g., Menviel et al. 2011; He et al. 2021; Sherri�-Tadano et al. 2021; Kapsch et al. 2022;548

Snoll et al. 2022) due to the presence of thick ice sheets (Oka et al. 2012; Sherri�-Tadano et al.

2018; Galbraith and Lavergne 2019) and a shallow AMOC of similar strength to present-day550

(e.g., Gu et al. 2020; Zhu et al. 2021).

Coming out of the LGM, di�erent conclusions can be drawn from the reconstructions as to552

the AMOC during Heinrich Stadial 1 (i.e., collapsed; Gherardi et al., 2005, weakened but

persistent; Bradtmiller et al., 2014, or still active; Repschl•ager et al., 2021) depending on the554

proxy used, location of the sediment cores, and the interpretation of the proxy and its accuracy in

representing the AMOC. However, a study combining all thirty-three available deglacial AMOC556

proxy records demonstrates that there is large consensus in the AMOC pattern of change despite

the diverse oceanographic and sedimentary settings (Ng et al. 2018). This compilation concludes558

on an AMOC weakening during Heinrich Stadial 1 as well as an AMOC resumption in strength

at the onset of the B�lling Warming. The AMOC then weakened again during the Younger560

Dryas before resuming in strength once more whilst transitioning into the Holocene interstadial.

Since the start of the 21st century, observations of the modern AMOC have been made through562

measuring water velocity across the entire water column using full-depth moorings (Frajka-

Williams et al. 2019). The location of the RAPID array, 26.5� N, is often used as the repre-564

sentative location of the AMOC due to the large northward heat transport by the ocean at

this latitude. Between 2004, when RAPID array measurements began, and present-day, the566

estimated AMOC strength was measured as� 16.9 ± 4.6 Sverdrup (Sv; 1 Sv = 1 million cubic

metres per second). The OSNAP array, located in the subpolar North Atlantic with sections568

in the Iceland, Irminger, and Labrador sea basins, is used to infer overturning in deep water

formation sites. Initial results from the OSNAP array show that the majority of overturning570

occurs north of the eastern part of OSNAP, i.e., along the western boundaries of the Iceland and

Irminger Seas (Lozier et al. 2019; Petit et al. 2020). The Labrador Sea, in the west, contributes572

signi�cantly less to overturning than that of the eastern basins (Pickart and Spall 2007).

1.1.2.2 Meltwater and the AMOC574

Despite our increased understanding of the AMOC, the mechanisms behind the switches be-

tween di�erent AMOC modes and their potential relation to abrupt climate changes is still576

largely unknown. One compelling link between AMOC transitions and abrupt climate events

is the impact of freshwater 
uxes on the ability for deep water formation to occur. Previous578

studies have shown that the AMOC pattern can be easily perturbed by changes in meltwater

input into the North Atlantic. For example, if freshwater is deposited into the critical convec-580

tion sites in the subpolar North Atlantic, i.e., the Labrador Sea and Nordic Seas, locations of

high sensitivity to wind patterns and sea ice formation, the circulation strength can be dis-582

rupted (rahmstorf_decadal_1999 ). This is because freshwater, in contrast to saline water, is

signi�cantly less dense, and can, therefore, decrease sea water's density and hinder deep water584

formation and the amount of heat transported northward. In some cases where meltwater 
uxes

are applied to the North Atlantic in model simulations, rapid decreases of� 10 � C or more in586
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annual Greenland surface air temperature occur (e.g., Ganopolski and Rahmstorf 2001; Knutti

et al. 2004; Otto-Bliesner and Brady 2010; Brown and Galbraith 2016). However, the response588

to a freshwater 
ux is model dependent, and there is evidence to show that climate models are

too sensitive to 
uxes in some instances (He and Clark 2022) or, alternatively, have too muted590

of a response in others (Valdes 2011; Liu et al. 2014).

There are also strong indications that the impact of oceanic freshwater 
uxes is highly dependent592

on the location that they enter the ocean (depth and latitude/longitude) and at what magnitude

and speed, as it determines the e�ciency of convection disruption (e.g., Stocker et al. 2007;594

Roche et al. 2007; Roche et al. 2010; Smith and Gregory 2009; Otto-Bliesner and Brady 2010;

Condron and Winsor 2012; Ivanovic et al. 2017; Rom�e et al. 2022). For example, in contrast596

to the e�ect of North Atlantic freshwater `hosing', where a uniform freshwater 
ux between

0.1 Sv and 0.4 Sv was released in the Ruddiman belt to represent melt Heinrich events, on598

the Northern Hemisphere, a freshwater perturbation in the Southern Ocean can induce a non-

linear response in the Southern Hemisphere ocean circulation dependent on the magnitude of600

freshwater discharge and speed at which it is dispersed (Swingedouw et al. 2009; Menviel et

al. 2010). However, the Southern Hemisphere ocean circulation has previously been shown to602

weaken due to meltwater discharge in the Southern Ocean (Stou�er et al. 2007; Menviel et al.

2010), coincident with either a cooling in the Southern Hemisphere whilst the climate in the604

Northern Hemisphere warms (Weaver 2003; Menviel et al. 2010), or climate changes that are

restricted to the Southern Hemisphere (Ivanovic et al. 2018b; Yeung et al. 2019). Regions in606

the the North Atlantic that are closest to deep water formation sites tend to have the strongest

impact in slowing down Atlantic ocean circulation (i.e., o� the coast of Ireland and Norway;608

Smith and Gregory 2009; Roche et al. 2010), whereas Southern and Paci�c Ocean deposits have

no or limited e�ect.610

The locations of meltwater input is especially important to consider when re
ecting on the

impact of MWP1a. Despite the use of transient simulations of the last deglaciation and the612

ample observable data to tune and set-up the model simulations with, the coincident timing of

MWP1a and the B�lling warming, has led to di�culty reconciling a strong AMOC (associated614

with the B�lling warming) with a large freshwater release (associated with MWP1a) using

current climate models. Only the transient simulation of Obase and Abe-Ouchi (2019) has616

successfully simulated a weak AMOC during the onset of the last deglaciation and Heinrich

Stadial 1 and the abrupt increase at the B�lling warming without releasing (and then stopping)618

an unrealistically large amount of freshwater.

There is a longstanding view that a strong freshwater discharge isnecessary to trigger the620

transition between strong and weak AMOC modes (Paillard and Labeyriet 1994; Vidal et al.

1997). Freshwater hosing experiments were successful in demonstrating AMOC shifts in general622

circulation models in the context of D-O cycles (e.g., Ganopolski and Rahmstorf 2001; Knutti

et al. 2004; Kageyama et al. 2013; Brown and Galbraith 2016), however the forcing used was624

often much larger than estimates of meltwater input from Heinrich events (i.e., between 0.1 and

1 Sv as opposed to 0.02-0.08 Sv; Roberts et al. 2014).626
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1.1.2.3 The cryosphere

1.1.2.3.1 Sea ice628

Sea ice in the Nordic Seas has proven to be crucial to the transition between stadial and

interstadial phases (e.g., Li et al. 2010; Dokken et al. 2013; Vettoretti and Peltier 2016; Li and630

Born 2019). Li et al. (2010) show in their simulation that sea ice removal from the Nordic Seas

causes 10� C of winter warming and a 50% increase in snow accumulation at the Greenland632

Summit. Dokken et al. (2013) �nd similar results from the marine proxy record, determining

that a decrease in sea ice cover during interstadial conditions increases evaporation in that634

area, and leads to more precipitation over the Eurasian ice sheet. As the ice sheet increases

in size, it calves more, sending icebergs into the Arctic, providing a source of freshwater and a636

mechanism to transition to stadial conditions. When in a stadial phase, sea ice concentration

increases, inhibiting wind mixing and transfer of heat between the ocean and atmosphere.638

Ocean waters, therefore, remain insulated and warm, causing deep water formation to decrease,

and strati�cation of water layers to weaken. This leads to the warmer waters melting the sea640

ice above it, starting a transition to interstadial conditions (Dokken et al. 2013). Through this

process, the abrupt changes in sea ice concentration in this region are correlated with the abrupt642

changes in the climate, such as D-O cycles.

1.1.2.3.2 Ice sheets644

Past ice sheet growth and retreat is constrained by well-documented geological data (e.g.,

Hughes et al. 2016; Batchelor et al. 2019; Gowan et al. 2021) such as from moraines, de-646

bris left behind by a moving glacier, and striations, a groove cut into the bedrock by gravel

and rocks carried by glacial ice and meltwater (Stokes et al. 2015). However, reconstructing648

ice thickness remains challenging and is only constrained by relative sea level records utilising

the highly uncertain method of Glacial Isostatic Adjustment (GIA) modelling of the solid earth650

(Pollard et al. 2023) to infer ice thickness from the rate of rebound since the deglaciation. In

combination with records of ice sheet extent, this method has been utilised to develop the ice652

sheet reconstructions used in palaeoclimate simulations and this thesis (e.g., GLAC-1D and

ICE6-G C; Tarasov et al. 2012; Peltier et al. 2015). A meltwater 
ux is a derivate of ice thick-654

ness changes, and therefore, even more di�cult to constrain. Few studies have attempted to

reconstruct meltwater 
uxes with geochemical traces (Toucanne et al. 2015; Wickert 2016) and656

su�er from large uncertainties and insu�cient data coverage.

It is important to have an accurate representation of past ice sheets because ice sheet topography658

not only contributes to freshwater input through meltwater, calving, and iceberg melt, but ice

sheets also impact wind patterns and strength due to their high elevation. The direction of660

wind 
ow, along with its speed, can also a�ect the strength of AMOC and its transportation

of heat throughout the Atlantic Ocean (Zhang et al. 2014). Higher ice sheet elevations enhance662

surface wind and therefore wind-driven oceanic transport, moving salt into areas of deep water

formation and increasing surface salinity in North Atlantic areas, in turn promoting AMOC664

strengthening (Oka et al. 2012; Muglia and Schmittner 2015; Sherri�-Tadano et al. 2018).
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Figure 1.6: Example of millennial-scale variability, or abrupt AMOC oscillations, in a general
circulation model. Maximum overturning circulation at 30 � N in the Atlantic ocean for sim-
ulations described by Klockmann et al. (2018). PXXX indicated the CO2 of XXX ppm. (a)
Non-oscillating simulations obtained with pre-industrial (PI) ice sheets. (b) Oscillating simula-
tions obtained with pre-industrial ice sheets. (c) Non-oscillating simulations obtained with Last
Glacial Maximum (LGM) ice sheets. In this case, the LGM ice sheets are the PMIP3 LGM ice
sheets of Abe-Ouchi et al. (2015). Taken from Klockmann et al. (2018).

1.1.2.4 Mechanisms of millennial-scale climate variability666

To overcome the stable model or potential lack of key physical processes, freshwater forcing

was often required to modulate the AMOC (section 1.1.2.2). However, as of recently, general668

circulation models have appeared to overcome the `too-stable' phenomenon and multiple groups

have successfully simulated Dansgaard-Oeschger-like behaviour in the AMOC without freshwa-670

ter hosing and with amplitudes and durations matching Greenland variability (Figure 1.6; e.g.,

Klockmann et al. 2018; Armstrong et al. 2022; Kuniyoshi et al. 2022; Rom�e et al. 2022; Vet-672

toretti et al. 2022). Using simulations with unforced AMOC oscillations, or `naturally' occurring

abrupt transitions in the AMOC, can help us to understand what conditions encourage more674

abrupt climate behaviour.

Broecker et al. (1990) added to the multiple equilibria theory by Stommel (1961) by explaining676

how the AMOC can shift between the di�erent modes without the need for an external trigger.
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In this so-called self-sustainedsalt oscillator theory (also known as the salt advection feedback;678

Drijfhout et al. 2011), strong convection transporting salt out of the North Atlantic and ice sheet

melt during the warm AMOC mode causes salinity in the North Atlantic to decrease. The drop680

in salinity forces the AMOC to shutdown or weaken. Whilst in the cold AMOC mode, meltwater

discharge decreases and salinity content in the North Atlantic steadily increases over the next682

� 1,000 years via evaporation until the AMOC reinvigorates again.

Figure 1.7: Example mechanism for millennial-scale variability, named theconvection-advection
mechanism. Taken from Rom�e et al. (2025).

The causal mechanisms behind the spontaneous oscillations in the AMOC produced by gen-684

eral circulation models are not always the same, but are compatible with each other and the

salt advection feedback. For instance, Armstrong et al. (2022) describe a salt oscillator but686

with a wind-driven atmospheric feedback in the Nordic Seas as the initiator of the interstadial

mode. Vettoretti and Peltier (2018) explained the oscillations of Peltier and Vettoretti (2014)688

as salt advection driven by North Atlantic sea ice instabilities, initiated by the opening of a

large polynya (area of open water surrounded by sea ice) in the Irminger Sea (Vettoretti and690

Peltier 2016). Rom�e et al. (2024) present a new mechanism, called theconvection-advection

oscillator, to describe the oscillations of Rom�e et al. (2022) that is also dependent on salinity692

transport and North Atlantic strati�cation (Figure 1.7). The supolar gyre is a prominent fea-

ture in multiple mechanistic theories (e.g., Kleppin et al. 2015; Klockmann et al. 2018; Li and694

Born 2019; Kuniyoshi et al. 2022). Klockmann et al. (2020) combines the concepts of salinity

oscillations (Peltier and Vettoretti 2014), with a wind-driven feedback loop (Drijfhout et al.696

2013; Kleppin et al. 2015), and a density-driven feedback loop (Montoya et al. 2011) to explain

their coupled AMOC-subpolar gyre oscillations. Kuniyoshi et al. (2022) diagnose subpolar698
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gyre shifts consistent with Li and Born (2019), but the oscillations are heat-driven instead of

salt-driven, consistent with Brown and Galbraith (2016). In their case, subsurface ocean tem-700

perature change in the North Atlantic plays a signi�cant role in changing the strati�cation of

the vertical water column and shifting the AMOC (compatible with Oka et al. (2012)). Despite702

attempts by the community to culminate a cohesive mechanistic narrative (Malmierca-Vallet

et al. 2023), no mechanisms have so far gained general acceptance.704

In addition, these same studies, amongst others, have shown that there is an opportune `window'

in which this oscillatory-like behaviour can occur (Barker and Knorr 2021). The `window706

of opportunity is de�ned as a combination of background conditions that create an optimal

environment, or `sweet spot', for triggering millennial-scale climate variability and a�ecting708

their frequency and/or amplitude. The location of the `sweet spot' is most contingent, in

terms of boundary conditions, on ice sheet extent and geometry (Zhang et al. 2014; Brown710

and Galbraith 2016; Klockmann et al. 2018), background meltwater (Rom�e et al. 2022), CO2

concentration (Brown and Galbraith 2016; Zhang et al. 2017; Klockmann et al. 2018; Vettoretti712

et al. 2022), and orbital con�guration (i.e., obliquity, precession, and eccentricity; Brown and

Galbraith 2016; Zhang et al. 2021; Kuniyoshi et al. 2022). Although this `window' can be model-714

dependent, Malmierca-Vallet et al. (2024) concluded a range of CO2 concentrations between 185

and 230 ppm that proved to successfully produce AMOC oscillations in three di�erent general716

circulation models. This CO2 range also matches the range under which D-O events occurred

during Marine Isotope Stage 3. However, it is important to note that often these simulations718

are performed under a mixture of glacial or even pre-industrial conditions (in regards to the ice

sheet topography and orbital con�guration) and not those of Marine Isotope Stage 3 (except720

for Armstrong et al., 2022). Demonstrating that the AMOC can behave signi�cantly di�erently

depending on small changes in the background climate is pertinent to understanding how a722

transition between a stadial to an interstadial might occur despite a paradoxical freshwater


ux, for example.724

1.2 Thesis aim

This thesis aims to address the following objective:726

To investigate AMOC evolution and its role in abrupt climate change during the Last Glacial

Period using di�erent modelling approaches.728

To answer this question, I perform and analyse earth system model simulations of the Last

Glacial Maximum and last deglaciation as case studies for the Last Glacial Period. Multiple730

modelling approaches were used, including the �rst comparison of climate model simulations

performed as a part of the Palaeoclimate Modelling Intercomparison Project phase 4 (PMIP4)732

for the last deglaciation, testing the robustness of millennial-scale variability to changes in atmo-

spheric CO2 concentration and orbital con�guration via new glacial simulations from a general734

circulation model, and assessing the impact of abrupt sea surface temperature warming on the

Northern Hemisphere ice sheets utilising a coupled climate-ice sheet model. The complexity736

of the thesis aim requires speci�c questions to make progress on understanding the topic. I,
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therefore, adress the thesis aim through these research questions:738

ˆ RQ1 : What is the in
uence of transient ice sheet meltwater histories on the occurrence

of abrupt climate change, such as Heinrich Stadial 1?740

ˆ RQ2 : How do changes in Earth's orbital con�guration and atmospheric CO2 impact

abrupt transitions from weak to strong AMOC modes?742

ˆ RQ3 : How sensitive are the Northern Hemisphere ice sheets to the B�lling Warming

under transient conditions?744

To answer RQ1, I compare multiple transient simulations of the last deglaciation that imple-

mented various meltwater scenarios and determine whether the replication of Heinrich Stadial 1746

in the simulations is reliant on the chosen meltwater forcing. After concluding that most mod-

els cannot produce an abrupt interstadial-stadial switch with the current reconstructions of ice748

sheet meltwater, RQ2 aims to investigate these transitions with glacial simulations I know oscil-

late. Rom�e et al. (2022) showed the role of freshwater in these AMOC oscillations, so I explore750

other forcings. Therefore, I know that abrupt, D-O-like AMOC behaviour can be simulated,

but it is di�cult to do so in transient deglaciation simulations when ice sheets are evolving, an752

element that could be critical to the meltwater feedback (Rom�e et al. 2024). Through RQ3, I

investigate the impact of an abrupt warming, the B�lling Warming, on the ice sheets and the754

resulting meltwater discharge into the North Atlantic.

1.3 Research Questions756

The thesis is structured so that each research chapter answers one of the research questions in

order.758

1.3.1 RQ1: What is the in
uence of transient ice sheet meltwater histories
on the occurrence of abrupt climate change, such as Heinrich Stadial760

1?

1.3.1.1 Scienti�c background762

The e�ect of freshwater released from the melting of ice sheets has been clearly identi�ed as

the main driver behind AMOC mode shifts (section 1.1.2.2), however there are still many com-764

plications impacting our understanding (Bethke et al. 2012). One major point of contention is

whether climate models are too sensitive to freshwater 
uxes in some instances (He and Clark766

2022) or if they, conversely, have too muted of a response to freshwater (Valdes 2011; Liu et

al. 2014). In addition, the periods of stronger or weaker AMOC do not always correlate with768

a weaker or stronger meltwater 
ux (e.g., the timing of Meltwater Pulse 1a and the B�lling

Warming; Deschamps et al. 2012; Ng et al. 2018). The sensitivity of the AMOC in climate770

models could be dependent on the background climate and the initial climate state, meaning

it is important to consider transient forcings. Transient simulations provide the opportunity772

to better understand multi-millennial-scale processes as well as shorter and more dramatic cli-

mate changes whilst taking into account the non-linear interactions that arise between evolving774
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components of the climate system.

The last deglaciation is a helpful case study for learning about abrupt climate changes and the776

impact of freshwater 
uxes during the Last Glacial Period because it contains abrupt events

similar to those we observe deeper in time whilst also being recent enough to have numerous778

proxy records of the time period. The proxy records allow the research community to not only

prescribe their model simulations with more realistic boundary conditions but also to tune or780

evaluate the model output.

Multiple simulations of the last deglaciation had not previously been collectively analysed,782

leaving room to take advantage of this model output to build on our understanding of modelling

abrupt climate events. The simulations presented as part of answering this research question784

have applied di�erent meltwater scenarios, creating the opportunity to investigate the impact

of di�erent freshwater 
uxes on the AMOC and resulting climate. In addition, because they are786

transient simulations, I can explore the impact of initial climate states as well as the in
uence

of increasing CO2 concentration and Northern Hemisphere summer insolation on the deglacial788

progress.

1.3.1.2 Research approach: Multi-model intercomparison project790

A multi-model intercomparison project (MIP) provides the opportunity to assess model de-

pendency by comparing results using the same simulation set-up but di�erent models. In this792

particular case, however, as part of the PMIP4 last deglaciation protocol version 1 (PMIP4

LDv1; Ivanovic et al. 2016), the MIP was designed to be more 
exible in e�ort to incorporate794

a broad range of models as well as the uncertainty in boundary conditions and forcings of the

last deglaciation.796

Instead of one speci�c and rigid con�guration for the experimental design, modelling groups were

given a choice of recommended forcings and boundary conditions. Thus, analysing model output798

of multiple simulations of the last deglaciation provides the opportunity to look at di�erences

between experimental designs and their impact on the onset of the deglaciation using di�erent800

models whilst saving computational resources. However, comparing simulations with di�erent

experimental designs is challenging. For example, it is not possible to directly compare results802

of di�erent models in a strict `benchmarking' (Braconnot et al. 2012; Harrison et al. 2015)

framework, and there may be mismatched performances between variables making it di�cult to804

examine model sensitivities (Harrison et al. 2014). However, this is already the case for transient

simulations to some extent, even if a strictly singular protocol is applied, as initial conditions or806

simulated events can impact later results, such as the starting AMOC condition or whether an

abrupt cooling did or did not occur. Furthermore, the technical implementation of boundary808

conditions/forcings in di�erent models also leads to discrepancies in their con�guration, for

example the orography calculation of Snoll et al. (2022) or the di�erences in the meltwater 
ux810

calculations between Snoll et al. (2022), Kapsch et al. (2022), and Bouttes et al. (2023) despite

deriving from the same ice sheet reconstruction.812

The Coupled Model Intercomparison Project (CMIP) has set a precedent for how to analyse
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ensembles of simulations with inconsistent experimental designs, such as those testing di�erent814

Shared Socioeconomic Pathways (SSPs), and the more recent incorporation of PMIP simula-

tions in CMIP has allowed for a better understanding of model biases and therefore, how to816

better compare the output from di�erent simulations. In addition, past 
exible protocols and

`ensembles of opportunity' comprising simulations of contrasting model boundary conditions818

and forcings (e.g., Schmidt et al. 2012; Lunt et al. 2012; Kageyama et al. 2013) have shown

the value of experiment design 
exibility for understanding climate change in a multi-model820

framework without committing all resources to speci�c paradigms. In short, it can be scienti�-

cally advantageous for groups to have the opportunity to determine their own focus whilst still822

contributing computational expensive and technically challenging simulations towards an over-

arching, multi-model aim of learning more about physical behaviours in response to di�erent824

simulated scenarios.

Therefore, although this does provide some complication in drawing conclusions across models,826

the MIP was also con�ned enough to be able to draw on similarities between the simulations

and categorise them according to commonalities in experimental design. In addition, the choice828

to focus on the early deglaciation, or pre-B�lling Warming, was bene�cial in that the di�erences

between each simulation were minimal in comparison to after 15 ka BP when larger discrepancies830

transpire between the simulations. The 
exibility also facilitated more modelling groups to take

part, who otherwise might have not due to con
icting aims. This is of particular concern when832

discussing the paradoxical nature of the recorded abrupt events of the time period and the

meltwater discharge histories derived from ice sheet reconstructions (section 1.1.1.2.3). The834

PMIP4 LDv1 protocol left room for testing glaciologically consistent meltwater 
uxes as well as

those `trained' to produce results consistent with geological reconstructions and their in
uence836

on the occurrence of abrupt climate changes in the last deglaciation. I aim to take advantage

of the numerous simulations available to better understand the chain of events during the last838

deglaciation.

1.3.2 RQ2: How do changes in Earth's orbital con�guration and atmospheric840

CO 2 impact abrupt transitions from weak to strong AMOC modes?

1.3.2.1 Scienti�c background842

The causal mechanisms and drivers of abrupt climate change throughout the Last Glacial pe-

riod have been investigated in climate models, ice sheet models, and proxy records, but no844

mechanism has so far gained ubiquitous acceptance. Despite there being a large consensus that

the AMOC plays a critical role in climate transitions, the sensitivity of the North Atlantic846

Ocean to freshwater 
uxes is poorly constrained and there is even less agreement about how

the AMOC responds to atmospheric climate forcings (Toggweiler and Russell 2008; Zhu et al.848

2015). Recent studies have shown that climate models are less `stable' than once thought and

that the AMOC can spontaneously oscillate unforced (e.g., Klockmann et al. 2016; Klockmann850

et al. 2018; Armstrong et al. 2022; Kuniyoshi et al. 2022; Rom�e et al. 2022; Vettoretti et al.

2022). In Chapter 2, I highlighted the importance of the background climate and initial climate852

state on the AMOC's ability to spontaneously transition between strong and weak modes, as
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seen in the last deglaciation simulation conducted with the MIROC general circulation model854

(Obase and Abe-Ouchi 2019) modulated by a small, gradually increasing freshwater forcing.

The MIROC simulation prompted me to investigate spontaneous AMOC transitions and their856

dependence on climate forcings. Simulations showing millennial-scale variability are often ide-

alised to narrow down the combination of background conditions that create optimal envi-858

ronments for triggering climate variability like D-O cycles, (i.e., to capture the `window of

opportunity' Barker and Knorr 2021). Climate parameters that have been shown to impact860

abrupt climate changes are orbital parameters (i.e., eccentricity, obliquity, and precession),

greenhouse gas concentrations, ice sheet topography, and meltwater discharge. Previous studies862

have demonstrated that the AMOC can more easily transition between strong and weak modes

within a speci�c range of CO2 concentrations (e.g., Brown and Galbraith 2016; Klockmann864

et al. 2018; Vettoretti et al. 2022; Sun et al. 2022, and summarised by Malmierca-Vallet et

al. (2024)), orbital conditions (Brown and Galbraith 2016; Zhang et al. 2017; Kuniyoshi et al.866

2022), as well as meltwater forcings (Rom�e et al. 2022).

1.3.2.2 Research approach: HadCM3 simulations of Rom�e et al. (2022)868

Using the HadCM3 GCM, I investigate the climatic controls on the AMOC and where the

`window of opportunity' in earth system forcings lies. I focus on the role of CO2 concentrations870

and orbital con�gurations on AMOC oscillations under a glacial background state starting from

a previous simulation by Rom�e et al. (2022) that I know oscillates.872

Rom�e et al. (2022) present multiple simulations of the HadCM3 GCM with an oscillating AMOC,

spontaneously transitioning between strong and weak modes. In this study, they test the impact874

of di�erent melt patterns and amount of melt that represent snapshots from points of time in

the GLAC-1D ice sheet reconstruction meltwater history. They determine that if the freshwater876

forcing was too strong and/or applied in a particularly sensitive part of the ocean, the climate

could not recover from a weak AMOC to a strong AMOC. Whereas if the freshwater forcing was878

too weak, the AMOC could not transition to a weak mode and permanently stayed in a warm

state. Rom�e et al. (2022)'s simulation using a meltwater 
ux from year 20.7 ka BP of the GLAC-880

1D ice sheet reconstruction produced fairly consistent AMOC oscillations in periodicity, shape,

and magnitude for the entirety of the 10,000-year long simulation. The constant meltwater882

discharge pattern was also relatively uniform across basins (North America, Arctic, and the

Greenland, Iceland, and Norwegian Seas), and the amount of discharge (0.084 Sv) is comparable884

to the recorded ice sheet melt during the early deglaciation (Carlson and Clark 2012; Lambeck

et al. 2014; Peltier et al. 2015; Roy and Peltier 2018; Gorbarenko et al. 2022). The ice sheets886

were held constant at Last Glacial Maximum conditions, which although are too large for the

suggested ice sheets of Marine Isotope Stage 3 (between 60 and 25 ka BP, when D-O cycles more888

often occur; Martinson et al. 1987), they are not dissimilar from ice sheet conditions we would

be interested in testing. For one, ice sheet con�gurations previous to the Last Glacial Maximum890

are very uncertain because ice sheet advance up to the Last Glacial Maximum obliterated most

traces of previous glacial extent and activity. Nonetheless, temperature and ice volume proxy892

reconstructions demonstrate that Marine Isotope Stage 3 was a glacial period with extensive
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ice sheets relative to modern day, albeit not as cold or with ice sheets as large as the Last894

Glacial Maximum, so it is a sensible approximation to include LGM ice sheets, even if they

are likely too large for the period. Secondly, the constant Last Glacial Maximum ice sheets are896

also not an unreasonable approximation for the relatively slow and minor North American ice

sheet evolution in the early stages of the deglaciation (i.e., before 16 ka BP; Tarasov et al. 2012;898

Peltier et al. 2015).

The analogous characteristics of Rom�e et al. (2022)'s20.7k oscillating simulation to the last900

deglaciation and Marine Isotope Stage 3 demonstrates the bene�cial opportunity it provides to

test the impact of CO2 and orbital con�guration changes on the AMOC's ability to sponta-902

neously transition. Moreover, this particular simulation is unique compared to other studies in

that it has a constant meltwater 
ux, a feature that is often not included in tests of spontaneous904

AMOC change unless it is to modulate an AMOC response (e.g., Ganopolski and Rahmstorf

2001; Brown and Galbraith 2016). The meltwater 
ux creates a more representative background906

climate for testing AMOC sensitivity.

The 20.7k simulation was performed with the Hadley Centre climate model (HadCM3), a cou-908

pled atmosphere-ocean general circulation model. It has shown reliable performance in its

appearances in the the third and fourth Intergovernmental Panel on Climate Change (IPCC)910

Assessment and Coupled Model Intercomparison Project (CMIP) phase 3 and 5 before being

superseded by HadGEM, as well as a part of the Palaeoclimate Modelling Intercomparison912

Project phase 4 models. HadCM3 had been shown to be robust for warm and cold palaeo-

climates, with an ideal balance between resolution and speed to perform long simulations over914

thousands of years (Valdes et al. 2017). The model has been regularly used to simulate abrupt

climate changes including those of Marine Isotope Stage 3 (Armstrong et al. 2022), the last916

deglaciation (Snoll et al. 2022), and the Holocene (Matero et al. 2017).

1.3.3 RQ3: How sensitive are the Northern Hemisphere ice sheets to the918

B�lling Warming under transient conditions?

1.3.3.1 Scienti�c background920

In most simulations used to explore the casual mechanisms and impacts of abrupt climate

change (such as those analysed for RQ1 and RQ2), the ice sheets are prescribed, meaning the922

atmosphere and ocean can only interact with the ice sheets in one direction, limiting their role in

regulating the atmosphere and ocean. The ice sheets can impact the ocean and the atmosphere924

in the form of wind (e.g., L•ofverstr•om and Lora 2017; Sherri�-Tadano et al. 2018), atmospheric

blocking (e.g., H•akkinen et al. 2011; Drijfhout et al. 2013; Hanna et al. 2016), the albedo e�ect926

(Roberts and Valdes 2017; Booth et al. 2024), and meltwater discharge, but the response of

the atmosphere or ocean can not then in
uence the ice sheets. Higher ice sheet elevations of928

the North American and Greenland ice sheets correspond to stronger surface wind stress curl

over the North Atlantic (Gong et al. 2015; Gregoire et al. 2018; L•ofverstr•om and Lora 2017)930

and have a positive correlation with the strength of the AMOC (Ullman et al. 2014) through

the movement of salt into areas of deep water formation, increasing surface salinity (Oka et al.932

2012; Muglia and Schmittner 2015; Sherri�-Tadano et al. 2018). Increases in ice sheet height
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can cause a strengthening of atmospheric circulation (L•ofverstr•om et al. 2014; Gong et al. 2015;934

Merz et al. 2015) and expansions of ice sheet extent can lead to enhanced surface cooling (Abe-

Ouchi et al. 2007). In addition, Rom�e et al. (2024) propose that ice sheet feedbacks could play936

a critical role in their convection-advection mechanism for driving AMOC oscillations.

Changes in the atmosphere and ocean, such as from abrupt climate change events, as well as938

background climate forcings (e.g., insolation and greenhouse gases) also play an important role in

surface mass balance feedbacks. Surface mass balance refers to the net gain (amount of snow and940

ice accumulation on the ice sheet) versus loss (the amount of melt, evaporation, and sublimation

that ablate snow and ice from the ice sheet; Lenaerts et al. 2019). During the last deglaciation,942

orbital forcing is the primary driver of ice sheet retreat followed by CO2 concentrations (Gregoire

et al. 2015; Quiquet and Roche 2024). However, in stadial and interstadial periods, such as944

Heinrich Stadial 1 and the B�lling Warming during the deglaciation, ice sheets can transition

between being in an accumulation zone (positive surface mass balance) or an ablation zone946

(negative surface mass balance) respectively. This storage and release of freshwater can create

a negative feedback that impedes the deglaciation of the ice sheet (Wickert et al. 2023).948

Surface mass balance also varies with elevation and mass of the ice sheet (Pelto and Menounos

2021). Temperatures decrease with altitude (i.e., lapse rate), therefore, more accumulation950

occurs at higher elevations and more ablation occurs at lower elevations, with the highest

ablation rates occurring in the summer time. In polar regions, when snow and ice area decreases,952

the surface albedo of that area decreases, causing more shortwave energy to be absorbed and

solar heat to intensify in the region, further melting snow and ice (Schneider and Dickinson954

1974). This is part of the ice-albedo feedback which occurs because of the large contrast

between water and ice albedo. These surface mass balance feedbacks can only be simulated956

with a coupled climate-ice sheet model.

1.3.3.2 Research approach: Coupled climate-ice sheet model958

To answer RQ3, the climate model, FAst Met O�ce/UK Universities Simulator (FAMOUS),

two-way coupled to the ice sheet model BISICLES, is employed. FAMOUS is a low resolution960

atmosphere-ocean general circulation model (AOGCM) derived from HadCM3 (Smith et al.

2008). FAMOUS uses roughly half the horizontal resolution of HadCM3 in both the atmosphere962

and ocean, therefore requiring only about 10% of the computational resources of HadCM3 whilst

still retaining the complexity of the processes represented in an AOGCM. This study uses the964

atmospheric component of FAMOUS, which is a hydrostatic, primitive equation grid point

model with a horizontal resolution of 7.5� longitude by 5� latitude and 11 vertical levels (Smith966

et al. 2008). Land processes are modelled using the MOSES2.2 land surface scheme consisting

of a set of sub-grid-scale tiles in each grid box to represent fractions of nine di�erent surface968

types, including land ice (Smith et al. 2021). Although I prescribe sea surface temperatures and

sea ice concentration, FAMOUS can also be utilised fully coupled with a dynamic ocean (e.g.,970

Dentith et al. 2019).

Using the atmosphere-only component of FAMOUS unfortunately limits the interactions be-972

tween the ocean and the ice sheets. However, not including the ocean component provides the
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opportunity to prescribe the behaviour of the ocean and include abrupt events, as it is di�cult974

to simulate abrupt climate changes without forcing or modulating the ocean. Therefore, if the

ocean component was included, abrupt climate changes would most likely not be simulated and976

the research question could not be answered.

When using FAMOUS, resolution is sacri�ced for speed, as opposed to using a simpler model like978

an Earth system model of intermediate complexity (EMIC) as often used in coupled climate-ice

sheet simulations (e.g., Quiquet et al. 2021b). EMICs are more complex than box models but980

are still designed to perform quickly and thus, describe the dynamics of the atmosphere and/or

ocean in less detail than conventional general circulation models (Weber 2010). For instance,982

EMICs rely on simple parameterisations of surface mass balance, whereas in the FAMOUS

GCM, surface mass balance is based on energy-mass balance calculations that are performed984

within the climate model. The coarse resolution of FAMOUS does impact surface mass balance

patterns (e.g., precipitation biases), but the more detailed physics provides crucial bene�t when986

investigating atmosphere-ice sheet interactions.

FAMOUS, in the con�guration FAMOUS-ice (Smith et al. 2021), is two-way coupled to the ice988

sheet model BISICLES. BISICLES is a vertically integrated ice 
ow model based on the L1L2

dynamical scheme (Schoof and Hindmarsh 2010; Cornford et al. 2013). The use of the L1L2990

dynamical scheme, as opposed to the Shallow Ice Approximation of other ice sheet models,

places it in a better position to simulate the behaviour, con�guration, and stability of a marine992

ice sheet like the Eurasian ice sheet (Stokes and Clark 2001; Hubbard et al. 2009; Pattyn et al.

2012) and the many ice streams within the marine sectors that are vulnerable to processes like994

Marine Ice Sheet Instability (MISI) that are likely to be important for the deglacial evolution of

the ice sheet (Kopp et al. 2017). BISICLES also includes adaptive mesh re�nement (AMR) that996

allows the model to perform quickly and suitably model ice shelves and fast 
owing ice streams

without the need for approximations, such as the shallow shelf and shallow ice approximations.998

Where required, the model can simulate at high resolution, whilst the rest of the domain (i.e.,

the slower moving interior of the ice sheets) remains at lower resolution, thus increasing the1000

e�ciency of the model (Cornford et al. 2013). The resolution over the ice sheet is 16 km, but

areas of ice streaming over the Barents-Kara ice sheet are re�ned to 2 km in the model setup1002

used to answer this research question to better represent smaller-scale grounding line processes.

To simulate the abrupt events of the deglacial period and represent the ocean in the atmosphere-1004

only climate model, I prescribe sea surface temperatures and sea ice concentration from two

di�erent transient simulations of the last deglaciation that followed the PMIP4 LDv1 protocol.1006

The PMIP4 LDv1 simulations used meltwater 
uxes based on the TraCE-21ka A deglaciation

simulation (Liu et al. 2009) that follows a common interpretation of the AMOC history through1008

this period (e.g., McManus et al. 2004; Ng et al. 2018) with a simulated Heinrich Stadial 1 (weak

AMOC) and B�lling Warming (rapid AMOC strengthening).1010

1.3.4 Thesis work
ow

The research questions are addressed in the results chapters 2, 3, and 4 and the discussion1012

chapter, 5. The results chapters have either been published (Snoll et al. 2024), submitted
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for review (Chapter 3), or are about to be submitted (Chapter 4) to peer-reviewed journals.1014

They have each been written in the style of an academic publication, including individual

abstracts, introductions, methods, and supplementary information for every chapter. Chapter1016

5 reviews how the three results chapters provide answers to the research questions and tackled

the overarching thesis aim.1018

Chapter 2, A multi-model assessment of the early last deglaciation (PMIP4 LDv1): a meltwater

perspective, addresses RQ1 and provides critical background for answering RQ3. This chapter1020

presents a new multi-model intercomparison of transient simulations of the last deglaciation

following the Palaeoclimate Model Intercomparison Project phase 4 last deglaciation protocol1022

version 1. The content of this chapter was published in Climate of the Past as part of the

`Palaeoclimate Modelling Intercomparison Project phase 4 (PMIP4) (CP/GMD inter-journal1024

SI)' special issue (Snoll et al. 2024). It was replicated with only editorial modi�cations to

the text and �gures to �t the formatting of the thesis. It includes contributions from Ruza1026

F. Ivanovic, Lauren J. Gregoire, Sam Sherri�-Tadano, Laurie Menviel, Takashi Obase, Ayako

Abe-Ouchi, Nathaelle Bouttes, Chengfei He, Feng He, Marie Kapsch, Uwe Mikolajewicz, Juan1028

Muglia, and Paul Valdes.

Chapter 3, Competing e�ects of sea ice change control the pace and amplitude of millennial-scale1030

climate oscillations, addresses RQ2 by investigating the sensitivity of the AMOC to changes in

the background climate. This chapter presents new simulations in which CO2 concentration or1032

orbital con�guration is changed from the original simulation presented by Rom�e et al. (2022) to

determine the impact on the oscillations and the mechanism outlined by Rom�e et al. (2024). The1034

content of Chapter 3 was submitted for publication to Critical Insights in Climate Change and

is awaiting feedback from reviewers. It includes contributions from Ruza F. Ivanovic, Lauren1036

J. Gregoire, Sam Sherri�-Tadano, and Yvan Rom�e.

Chapter 4, Impact of the B�lling Warming on the Northern Hemisphere ice sheets: a coupled1038

climate-ice sheet model study, addresses RQ3 by exploring the e�ects of an abrupt ocean forcing

on the ice sheets. This chapter presents new coupled-climate ice sheet simulations of the last1040

deglaciation forced with abrupt climate changes observed in surface temperature records. The

results of Chapter 4 also re
ect on the conclusions of RQ1. This chapter will be submitted1042

to The Cryosphere. It includes contributions from Ruza F. Ivanovic, Lauren J. Gregoire, Sam

Sherri�-Tadano, and Violet Patterson.1044

Chapter 5 is the discussion and conclusions chapter that re
ects on the novel contributions

of this thesis produced in Chapters 2, 3, and 4. I also critically evaluate the thesis work and1046

recommend avenues for future research.
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CHAPTER 21048

A multi-model assessment of the early last

deglaciation (PMIP4 LDv1): a meltwater per-1050

spective

Preface1052

This chapter presents a new multi-model intercomparison of transient simulations of the last

deglaciation following the Palaeoclimate Model Intercomparison Project phase 4 last deglacia-1054

tion protocol version 1. The content of this chapter was published in Climate of the Past as

part of the `Paleoclimate Modelling Intercomparison Project phase 4 (PMIP4) (CP/GMD inter-1056

journal SI)' special issue (Snoll et al. 2024). It was replicated with only editorial modi�cations

to the text and �gures to �t the formatting of the thesis. It includes contributions from Ruza1058

F. Ivanovic, Lauren J. Gregoire, Sam Sherri�-Tadano, Laurie Menviel, Takashi Obase, Ayako

Abe-Ouchi, Nathaelle Bouttes, Chengfei He, Feng He, Marie Kapsch, Uwe Mikolajewicz, Juan1060

Muglia, and Paul Valdes. The study conception was developed by the PMIP4 Working Group,

consisting of RI, LM, TO, AAO, NB, MK, UM, and PV. BS, LG, SST, and RI contributed to the1062

study design, with LM, TO, and AAO providing additional feedback and close communication

with BS. The design of the experiments and running of them was performed by RI, LG, LM,1064

TO, AAO, NB, CH, FH, MK, UM, JM, and PV. Material preparation and data collection was

performed by BS. The manuscript was prepared by BS with contributions from all co-authors,1066

who read and approved the �nal manuscript.

Abstract1068

The last deglaciation (� 20{11 ka BP) is a period of a major, long-term climate transition from

a glacial to interglacial state that features multiple centennial- to decadal-scale abrupt climate1070

variations whose root cause is still not fully understood. To better understand this time period,

the Palaeoclimate Modelling Intercomparison Project (PMIP) has provided a framework for an1072

internationally coordinated endeavour in simulating the last deglaciation whilst encompassing

a broad range of models. Here, we present a multi-model intercomparison of 17 transient1074
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simulations of the early part of the last deglaciation (� 20{15 ka BP) from nine di�erent climate

models spanning a range of model complexities and uncertain boundary conditions and forcings.1076

The numerous simulations available provide the opportunity to better understand the chain of

events and mechanisms of climate changes between 20 and 15 ka BP and our collective ability1078

to simulate them. We conclude that the amount of freshwater forcing and whether it follows

the ice sheet reconstruction or induces an inferred Atlantic meridional overturning circulation1080

(AMOC) history, heavily impacts the deglacial climate evolution for each simulation rather

than di�erences in the model physics. The course of the deglaciation is consistent between1082

simulations except when the freshwater forcing is above 0.1 Sv { at least 70% of the simulations

agree that there is warming by 15 ka BP in most places excluding the location of meltwater1084

input. For simulations with freshwater forcings that exceed 0.1 Sv from 18 ka BP, warming is

delayed in the North Atlantic and surface air temperature correlations with AMOC strength1086

are much higher. However, we �nd that the state of the AMOC coming out of the Last Glacial

Maximum (LGM) also plays a key role in the AMOC sensitivity to model forcings. In addition,1088

we show that the response of each model to the chosen meltwater scenario depends largely

on the sensitivity of the model to the freshwater forcing and other aspects of the experimental1090

design (e.g., CO2 forcing or ice sheet reconstruction). The results provide insight into the ability

of our models to simulate the �rst part of the deglaciation and how choices between uncertain1092

boundary conditions and forcings, with a focus on freshwater 
uxes, can impact model outputs.

We can use these �ndings as helpful insight in the design of future simulations of this time1094

period.

2.1 Introduction1096

At the onset of the most recent deglaciation,� 19,000 years before present (ka BP; year 1950 as

present), ice sheets that covered the Northern Hemisphere at the Last Glacial Maximum (LGM;1098

Dyke 2004; Lambeck et al. 2014; Hughes et al. 2016) started to melt (Gregoire et al. 2012),

Earth began to warm (Jouzel et al. 2007; Buizert et al. 2018), and sea levels rose (Lambeck1100

et al. 2014). Known as the `last deglaciation', this time period is de�ned by major, long-term

(order of 10,000 years) climate transitions from the most recent cold glacial to the current1102

warm interglacial state, as well as many short-term, decadal- to centennial-scale warmings and

coolings of more than 5� C (Beaulieu and Reille 1992; Severinghaus and Brook 1999; Lea et1104

al. 2003; Buizert et al. 2018). These short-term abrupt temperature changes were often also

accompanied by sudden reorganisations of basin-wide ocean circulations (e.g., Roberts et al.1106

2010; Ng et al. 2018) and jumps in sea level of tens of metres in a few hundred years (e.g.,

Deschamps et al. 2012; Lambeck et al. 2014).1108

Abrupt climate changes observed in the early last deglaciation, such as the Greenland cold

period known as Heinrich Stadial 1 (between� 18.5 and 14.7 ka BP; Broecker and Putnam 2012;1110

Huang et al. 2014; Crivellari et al. 2018; Ng et al. 2018) and the B�lling Warming (an abrupt

warming that occurs � 14.7 ka BP in Greenland at the end of Heinrich Stadial 1; Severinghaus1112

and Brook 1999; Lea et al. 2003; Buizert et al. 2018), are often attributed to changes in the

Atlantic meridional overturning circulation (AMOC). The strength and structure of the ocean1114
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circulation is a key control on the North Atlantic and Arctic climate and is dependent on the

strati�cation of the water layers in crucial convection sites in the North Atlantic (Lynch-Stieglitz1116

et al. 2007; McCarthy et al. 2017). When the AMOC is strong, more heat is transported towards

the North Atlantic, causing regional warming in Greenland and the North Atlantic (Rahmstorf1118

2002).

Previous studies have shown that the AMOC pattern can be perturbed easily by changes in1120

meltwater input into the North Atlantic. For example, if freshwater is deposited into the

critical convection sites in the subpolar North Atlantic, i.e., the Labrador Sea and Nordic Seas,1122

locations of high sensitivity to wind patterns and sea ice formation, the circulation strength can

be disrupted (rahmstorf_decadal_1999 ). Evidence from several sites report sea level rise, and1124

therefore a freshwater 
ux, as early in the deglaciation as 19.5 ka BP, attributed to widespread

retreat of Northern Hemisphere ice sheets in response to an increase in northern latitude summer1126

insolation (Yokoyama et al. 2000; Clarke et al. 2009). Carlson and Clark (2012) concluded that

the LGM was terminated by a rapid 5{10 m sea level rise between 19.5 and 19 ka BP, and sea1128

levels rose a further 8{20 m from� 19 to 14.5 ka BP with the melting of the Laurentide and

Eurasian ice sheets. More recent reconstructions of sea level and ice volume change suggest a1130

similar view with � 10{15 m of sea level rise between the end of the LGM (� 21{20 ka BP) and 18

ka BP and an additional � 25 m before 14.5 ka BP (Lambeck et al. 2014; Peltier et al. 2015; Roy1132

and Peltier 2018; Gorbarenko et al. 2022). In some cases where meltwater 
uxes are applied to

the North Atlantic in model simulations, rapid decreases of up to 10� C in temperature occur,1134

resembling the transition to Heinrich Stadial 1 (e.g., Ganopolski and Rahmstorf 2001; Knutti

et al. 2004; Brown and Galbraith 2016; Menviel et al. 2020).1136

Transient simulations of the last deglaciation have been increasingly performed to better under-

stand the multi-millennial-scale processes and the shorter and more dramatic climate changes1138

by examining dynamic and threshold behaviours (Braconnot et al. 2012), determining the ef-

fects of temporally varying climate forcings, and identifying what mechanisms in the model can1140

cause recorded climate signals (see section 1.2 of Ivanovic et al. 2016, and examples therein).

In turn, these simulations also provide us with the opportunity to test the ability of models to1142

simulate climate processes and interactions and di�erent hypotheses for drivers of change (i.e.,

climate triggers, interactions, and feedbacks).1144

One particularly challenging aspect in the experimental design of last deglaciation simulations

is prescribing ice sheet evolution and the resultant freshwater 
ux and sea level rise. Notwith-1146

standing the qualitative rationale for why ocean-bound meltwater disrupts ocean circulation

and climate (McManus et al. 2004; Clarke et al. 2009; Thornalley et al. 2010), it has been re-1148

cently argued that climate models are too sensitive to freshwater 
uxes under some conditions.

For example, data reconstructions suggest only a small change in AMOC� 11.7 to 6 ka BP,1150

whereas CCSM3 (Community Climate System Model version 3) simulated a greater response

to the freshwater forcing associated with the �nal Northern Hemisphere deglaciation at this1152

time (He and Clark 2022), when sea level rose by 50 m during this interval (Lambeck et al.

2014; Cuzzone et al. 2016; Ullman et al. 2016). This result may be quite model dependent,1154

and we note that others had previously suggested the converse, i.e., that model responses to
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freshwater (and other) forcings could be too muted, from what we understand of past climate1156

change (Valdes 2011; Liu et al. 2014). Certainly, to disrupt climate in a Heinrich Stadial-like

way, many previous glacial simulations have required quite large meltwater 
uxes compared to1158

what may be inferred from geological records (Kageyama et al. 2013). This remains an interest-

ing point of contention (i.e., the meltwater paradox de�ned below), and certainly some models1160

no longer appear as `stable' as they once did. Moreover, the sensitivity of the North Atlantic

Ocean circulation to glacial melting is poorly constrained.1162

There are, however, strong indications that the impact of oceanic freshwater 
uxes is highly

dependent on the location that they enter the ocean (depth and latitude{longitude) and how1164

they are implemented, as it determines the e�ciency of convection disruption (e.g., Stocker

et al. 2007; Roche et al. 2007; Roche et al. 2010; Smith and Gregory 2009; Otto-Bliesner and1166

Brady 2010; Condron and Winsor 2012; Ivanovic et al. 2017; Rom�e et al. 2022). Similarly, the

background climate and ocean state may also be important for how responsive ocean circulation1168

is to freshwater forcing{e.g., whether AMOC is already strong and deep or weak and shallow

(Bitz et al. 2007; Schmittner and Lund 2015; Dome Fuji Ice Core Project Members: et al. 2017;1170

P•oppelmeier et al. 2023b), or speci�cally where deep water formation occurs (Smith and Gregory

2009; Roche et al. 2010). The choice of a model's boundary conditions in the paleo-setting (e.g.,1172

ice sheet geometry) can in
uence its sensitivity to freshwater perturbation. For example, the

Rom�e et al. (2022) simulations have an oscillating AMOC, whereas the simulations by Ivanovic1174

et al. (2018a) do not, and Kapsch et al. (2022) demonstrated various climate responses in

simulations of the last deglaciation with di�erent ice sheets. Ice sheet geometry speci�cally1176

has been demonstrated to a�ect AMOC strength due to the impact of ice sheet height on

surface winds and wind-driven gyres, which can increase the northward transport of salty waters.1178

Multiple model studies (e.g., Ullman et al. 2014; L•ofverstr•om and Lora 2017; Sherri�-Tadano

et al. 2018; Kapsch et al. 2022) have shown that a thicker Laurentide ice sheet results in a1180

stronger AMOC. Hence, the in
uence of deglacial ice sheet meltwater on AMOC is likely to

be highly dependent on the model, choice of boundary conditions and forcings, and the initial1182

ocean condition.

Furthermore, CO2 and orbital forcing are also shown to impact the course of the deglaciation1184

and the occurrence of abrupt climate changes (i.e., results shown by Oka et al. 2012; Klockmann

et al. 2016; Klockmann et al. 2018; Zhang et al. 2017; Sherri�-Tadano et al. 2018) and potentially1186

modulate the sensitivity of the AMOC to freshwater 
uxes (Obase and Abe-Ouchi 2019; Sun

et al. 2022). Liu et al. (2009) demonstrated that the warming in TraCE-21ka between 17 and1188

14.67 ka BP is dominated by the CO2 forcing (over the orbital forcing; see their Figure 2.16a),

which coincides with the �rst major rise in atmospheric CO2 in their simulation. Whereas1190

Gregoire et al. (2015) demonstrated that orbital forcing caused 50% of the reduction in North

American ice volume, greenhouse gases caused 30%, and the interaction between the two caused1192

the remaining 20% in their coupled climate{ice sheet simulations. Sun et al. (2022) showed the

e�ect that these forcings have on the sensitivity of the AMOC, by demonstrating that a weak1194

AMOC (in a Heinrich Stadial 1-like state, for example) is more likely to recover (like that of the

Heinrich Stadial 1 to B�lling Warming transition) with a higher atmospheric CO 2 concentration1196
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and that larger ice sheets result in a stronger AMOC that is less sensitive to meltwater 
uxes.

Previous modelling e�orts (e.g., Liu et al. 2009; Menviel et al. 2011; Roche et al. 2011; Gre-1198

goire et al. 2012; He et al. 2021) performed transient simulations to learn more about the last

deglaciation and the interaction between ocean and atmosphere. Liu et al. (2009) were the �rst1200

to publish a synchronously coupled atmosphere{ocean general circulation model simulation of

the last deglaciation, henceforth referred to asTraCE-21ka. In this study, a freshwater 
ux was1202

used to regulate the AMOC to achieve a set of target ocean circulation, surface air tempera-

ture, and sea surface temperature conditions as interpreted from a selection of proxy records in1204

multiple locations between the LGM and the onset of the B�lling Warming (see Figure 1 by Liu

et al., 2009), followed by a switch to a geologic reconstruction of freshwater forcing (He 2011).1206

The meltwater inputs used in TraCE-21ka and the studies referenced above, however, do not

follow ice sheet reconstructions (e.g., Ivanovic et al. 2018a). Instead, the meltwater 
uxes are,1208

on occasion over twice as large as suggested by ICE-6GC VM5a (henceforth `ICE=6G C';

Argus et al. 2014; Peltier et al. 2015) and GLAC-1D (Tarasov and Peltier 2002; Tarasov et al.1210

2012; Briggs et al. 2014; Ivanovic et al. 2016). Furthermore, the freshwater 
ux must then be

shut o� to reinvigorate the AMOC and instigate the B�lling Warming, ending Heinrich Stadial1212

1, but this is at the same time as recorded rise in global sea level of 12{22 m in� 350 years or

less, known as Meltwater Pulse 1a (Deschamps et al. 2012). Meltwater Pulse 1a is a complex1214

event thought to be a culmination of contributions from the North American (Gregoire et al.

2012; Gregoire et al. 2016), Eurasian (Brendryen et al. 2020), and Antarctic (Weber et al. 2014;1216

Golledge et al. 2014) ice sheets. Whilst some studies have suggested that freshwater in the

Southern Ocean could have contributed to the temperature changes seen in the North Atlantic1218

during the B�lling Warming, recent studies (e.g., Ivanovic et al. 2018a; Yeung et al. 2019) have

demonstrated that the impact of meltwater pulses in the Southern Ocean on the climate are1220

often restricted to the Southern Hemisphere, whereas North Atlantic pulses have much farther-

reaching and dominating a�ects. This creates a meltwater paradox, where the freshwater forcing1222

required by models to produce recorded climate change is broadly in opposition to the meltwater

history reconstructed from ice sheet and sea level records.1224

Simulations performed by Kapsch et al. (2022) and Snoll et al. (2022) add weight to this so-

called meltwater paradox. They use meltwater forcing scenarios in accordance with observable1226

ice volume change but have not been able to replicate the AMOC or surface air temperature

proxy records. Instead, the AMOC remains stronger than ocean circulation records suggest for1228

Heinrich Stadial 1, and the models simulate an abrupt cooling at� 14.5 ka BP instead of the

B�lling Warming. The picture is further confounded from the ice sheet modelling perspective1230

(e.g., see Figure S2 by Gregoire et al. 2012).

Similar simulations of the last deglaciation (e.g., Roche et al. 2011; Snoll et al. 2022; Bouttes1232

et al. 2023) have been run with no prescribed meltwater or a meltwater forcing that is applied

as a global salinity adjustment (i.e., rather than localised surface forcing). Without the use of1234

the freshwater forcing, these simulations do not reproduce any abrupt climate change events

during the deglaciation.1236
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The simulation performed by Obase and Abe-Ouchi (2019) is unique in that it is able to simulate

a weak AMOC during the onset of the deglaciation and the B�lling Warming without releasing1238

(and then stopping) an unrealistically large amount of freshwater. Instead, they input a gradu-

ally increasing amount of meltwater that remains at or below the level of ice volume loss in the1240

reconstruction. This study was able to simulate spontaneous abrupt changes in AMOC thanks

to multi-stability in their ocean circulation, as also seen in other modelling studies (Rom�e et al.1242

2022; Malmierca-Vallet et al. 2023). This simulation still does not consider Meltwater Pulse 1a

and has lower than observed meltwater input before that point, yet it is distinctive in its ability1244

to replicate a weak ocean circulation in the early deglaciation and the B�lling Warming even

with a continuous freshwater 
ux.1246

Despite the decades of research simulating the last deglaciation and numerous observable records

of this time period, uncertainty still remains about the mechanisms that cause the recorded1248

climate signals as well as how to replicate them `realistically' in model simulations, and therefore

how to unravel the meltwater paradox. These �ndings highlight the importance of solving the1250

convolved issue of model sensitivity to speci�c forcings and boundary conditions and the initial

climate condition and model dependency of simulation results { the crux of the remaining1252

unknowns. To tackle such unknowns, the Palaeoclimate Modelling Intercomparison Project

phase 4 last deglaciation protocol version 1 (PMIP LDv1; Ivanovic et al. 2016) was designed to1254

encompass a broad range of models and the uncertainty in boundary conditions and forcings.

Instead of one speci�c and rigid con�guration for the experiment design, modelling groups are1256

given a choice of recommended forcings and boundary conditions. Thus, analysing model output

of multiple simulations of the last deglaciation provides the opportunity to look at di�erences1258

between experimental designs and their impact on the onset of the deglaciation using di�erent

models.1260

This study compares 17 simulations of the last deglaciation from nine di�erent climate models

with dissimilar experimental designs. Our aim is to take advantage of the numerous simulations1262

available to better understand the chain of events and mechanisms of climate changes in the

early last deglaciation (i.e., from 20 to 15 ka BP) and our collective ability to simulate them. We1264

focus on the early deglaciation because although models may start di�erently from the LGM,

the divergence from each other is smaller in comparison to further into the deglaciation. We1266

investigate the similarities and di�erences between the model results and what aspects of the

variations in the model output can be attributed to the experimental design or model biases by1268

analysing the transition from the LGM, when and where the warming starts, and the impact of

freshwater forcing. We also address the meltwater paradox by discussing the results of meltwater1270

scenario choices made by the modelling groups.

2.2 Experiment designs across the ensemble1272

The comparison is based on 17 simulations produced independently by eight di�erent palaeo-

climate modelling groups using nine di�erent climate models (Table 2.1). Most groups have1274

followed the most recent PMIP4 last deglaciation protocol for their experimental design, while

others use older publications for boundary conditions or a morebespokecon�guration depend-1276
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ing on their own modelling goals. The simulations from HadCM3, LOVECLIM, iLOVECLIM,

iCESM, MIROC, and MPI modelling groups use greenhouse gas con�gurations on the AICC20121278

age model of Veres et al. (2013) (Figure 2.1b).FAMOUS and TraCE-21ka use an older age

model in which the deglacial rise in CO2 starts a thousand years later. The deglacial CO2 con-1280

centration for these two models is almost identical, with some discrepancies between� 19.8 and

18.4 ka BP and about 15.7 ka BP. All simulations prescribe insolation following Berger (1978)1282

(Figure 2.1a). The PMIP4 last deglaciation protocol recommends using the GLAC-1D (Ivanovic

et al. 2016) and/or ICE-6G C (Peltier et al. 2015) ice sheet reconstructions. HadCM3, iCESM,1284

MIROC, and UVic modelling groups opted for ICE-6G C; MPI and iLOVECLIM simulations

use both ICE-6G C and GLAC1-D; and FAMOUS, LOVECLIM , and TraCE-21ka use the older1286

ICE-5G (Peltier 2004).

Freshwater forcing across the ensemble is more complex. The PMIP4 last deglaciation protocol1288

recommends two di�erent meltwater scenarios (melt-routed and melt-uniform ) based on ice

volume change as calculated from the ice sheet reconstruction chosen by the modelling group1290

(GLAC-1D and ICE-6G C are recommended). Themelt-uniform scenario is a globally uniform

freshwater 
ux or salinity adjustment through time applied throughout the whole ocean to1292

conserve water mass during deglaciation of the ice sheets, whereas themelt-routed scenario is a

distributed routing that gives the 
ux of freshwater through time at individual meltwater river1294

outlets along the coast (Ivanovic et al. 2016; Riddick et al. 2018, used by MPI).

Because a large discrepancy between the simulations is the prescribed freshwater 
ux scenario1296

(Figure 2.1d{f), and ice sheet meltwater 
uxes are known to have a major impact on ocean

circulation and climate (see above), the simulations have been grouped into four categories1298

based on their meltwater forcing: melt-routed, melt-uniform, those based on theTraCE-21ka A

simulation (henceforth referred to asTraCE-like ; Liu et al. 2009), and bespokescenarios that fall1300

outside of the other three categories. Within these categories, however, there is variation in how

the freshwater forcing is derived from the ice sheet reconstruction, as well as in the technical1302

implementation of the chosen meltwater scenario (for example, for themelt-routed and melt-

uniform scenarios, see Wickert, 2016, section 2.2.2 for HadCM3; Kapsch et al., 2022; section 21304

for MPI; Bouttes et al., 2023, section 2.4 for iLOVECLIM). For the melt-routed simulations, the

modelling groups then release the calculated meltwater 
ux to ocean grid cells according to the1306

distribution calculated by the individual groups' drainage network models (see the respective

papers). For the melt-uniform simulations, HadCM3 and iLOVECLIM modelling groups apply1308

a globally uniform freshwater 
ux throughout the entire volume of the ocean, whereas the MPI

modelling group applies a freshwater 
ux at the surface of the ocean or land. Because of this1310

nuance, the MPI melt-uniform simulation is instead labelled as a \global surface meltwater


ux" but is still placed in the melt-uniform category for our analysis.1312

We somewhat over-simplistically refer to PMIP4 meltwater scenarios as \realistic" because they

are based on the chosen ice sheet reconstruction prescribed in the simulation. Nonetheless, it is1314

important to note that the precise history of the meltwater 
ux (distribution and rates) remains

quite uncertain, as hinted at by di�erences in the reconstructions. Between 20 and 15 ka BP,1316

the realistic freshwater 
ux according to ICE-6G C does not exceed 0.1 Sv and according to
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GLAC-1D only exceeds 0.1 Sv as it nears Meltwater Pulse 1a. In theTraCE-like simulations, the1318

strategy of prescribing freshwater to induce an inferred AMOC history requires the freshwater


ux to reach nearly 0.2 Sv or greater { twice the realistic amount based on sea level records1320

(Figure 2.1d; Carlson and Clark 2012; Lambeck et al. 2014).

For the bespoke-freshwater cluster of simulations, MIROC implements a gradually increasing1322


ux that always remains below the realistic values. FAMOUS uses a reconstructed 
ux based

on an earlier estimate from sea level records (produced as part of the ORMEN project; more1324

information provided by Gregoire 2010), which follows the more up-to-date ice sheet recon-

structions relatively closely except when a larger freshwater 
ux is applied at two points during1326

Heinrich Stadial 1 (between 19 and 17 ka BP; corresponding to the acceleration of Northern

Hemisphere ice loss, as noted by Carlson and Clark, 2012, and the melt of the Eurasian ice1328

sheet as reconstructed by Hughes et al., 2016). The UVic simulations use a total freshwater


ux calculated as 3 times the sea level changes reconstructed by Lambeck et al. (2014); one1330

scenario where the freshwater 
ux is applied between 19 and 15 ka BP (Uvic longhosing) and

one where the 
ux is only applied between 19 and 17 ka BP (Uvic shorthosing; Table 2.1).1332

The UVic simulations include a dynamic carbon cycle model with prognostic atmospheric CO2
aiming to replicate the sedimentary records of deep-ocean carbon. The freshwater 
ux is there-1334

fore tuned to replicate the AMOC structure associated with these sedimentary records, but the

location of the meltwater input is based on plume positions like those of the HadCM3 simu-1336

lations. The UVic simulations are included in the broader comparisons presented here (i.e.,

Figure 2.3). However, because of their unique experiment design and motivation, the di�er-1338

ences between the UVic simulations and the wider multi-model ensemble are too great for a

more detailed comparison of results, and they are therefore omitted from parts of the analysis1340

and discussion in this study.

2.3 Analysis method1342

One of the analyses used in this study was inspired by the year of �rst signi�cant warming

analysis performed by Roche et al. (2011). We de�ne the �rst signi�cant warming from the1344

LGM using a statistical test. The LGM reference period is selected from the 500-year window

between 21 and 20.5 ka BP for each simulation. Each of the simulations are then divided into 651346

independent samples of 100 years between 20.5 and 13 ka BP for each grid cell. For each sample,

we �rst performed a Fischer test on the variances in the reference and test samples to assess1348

whether they di�ered or not. If the variances were equal, we performed a standard one-sided

Student's t test with the alternative hypothesis as the sample period being warmer than the1350

reference LGM period. If the variances were not equal, we performed a Welsch's test, or a t test

with two unequal variances with the same alternative hypothesis. The samples were tested at1352

99% con�dence. If the sample was signi�cantly warmer than the LGM reference period, then

the grid point in Figure 2.5 was assigned the central point of this sample. For example, if the1354

100-year sample between 16.2 and 16.1 ka BP at a speci�c grid point was determined to be

signi�cantly warmer than the reference period, then that grid point would be assigned the year1356

16.15 ka BP. This analysis excludes two of the simulations (HadCM3 TraCE and iTraCE ) due
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Figure 2.1: Climate forcings for the simulations. (a) Ice volume loss since the Last Glacial
Maximum (LGM; 21 ka BP) as part of the ICE6G C ice sheet reconstruction (Argus et al.
2014; Peltier et al. 2015) and the GLAC-1D ice sheet reconstruction (Tarasov and Peltier 2002;
Tarasov et al. 2012; Briggs et al. 2014; Ivanovic et al. 2016) in light blue. June insolation at
60� N (Berger, 1978) is in red. (b) Atmospheric CO2 concentrations are dependent on the
simulation set-up. (c)-(e) Freshwater 
ux (Sv) for simulations with imposed meltwater. Melt-
uniform simulations have the same total meltwater 
ux into the global ocean asmelt-routed
simulations (c), but in melt-uniform scenarios, the freshwater is spread through the entire ocean
or across the whole ocean surface (see main text), rather than at point sources, and are hence
so diluted or uniformly distributed as to have limited direct forcing power.
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Model Resolution
Simulation
reference name

Publication
(model; simulation)

Simulation
duration
(ka BP)

Prescribed
ice sheet GHG

Meltwater
scenario

CCSM3

Atmosphere: 3.75 �

with 26 levels
Ocean: nominal 3 �

with 25 levels

TraCE-21ka

Collins et al. (2006);
Liu et al. (2009);
and further discussed by
He and Clark (2022)

22-0 ICE-5G Joos and Spahni (2008) TraCE-21ka

FAMOUS

Atmosphere: 7.5 � Ö 5 �

with 11 levels
Ocean: 3.75 � Ö 2.5 �

with 20 levels

FAMOUS
Smith et al. (2008);
Gregoire et al. (2012) 20-13 ICE-5G

Based on PMIP2; see
Harrison et al. (2002)

Bespoke
(Figure 2.1e)

HadCM3B

Atmosphere: 3.75 � Ö 2.5 �

with 19 levels
Ocean: 1.25 �

with 20 levels

HadCM3 uniform
HadCM3 routed
HadCM3 TraCE

Valdes et al. (2017);
Snoll et al. (2022);
and this study

23-2 ka CE

20-13
ICE-6G C

Loulergue et al. (2008);
Schilt et al. (2010);
Bereiter et al. (2015)

Melt-uniform
Melt-routed
TraCE-like

iCESM

Atmosphere: 2.5 � Ö 1.9 �

with 30 levels
Ocean: 1 �

with 60 levels

iTraCE
Hurrell et al. (2013);
He et al. (2021) 21-11 ICE-6G C L•uthi et al. (2008) TraCE-like

iLOVECLIM

Atmosphere: 5.6 �

with 3 levels
Ocean: 3 �

with 20 levels

iLOVE uniform ice6gc
iLOVE routed ice6gc
iLOVE uniform glac
iLOVE routed glac

Goosse et al. (2010);
Bouttes et al. (2023) 21-8

ICE-6G C

GLAC-1D

Loulergue et al. (2008);
Schilt et al. (2010);
Bereiter et al. (2015)

Melt-uniform
Melt-routed
Melt-uniform
Melt-routed

LOVECLIM

Atmosphere: 5.6 �

with 3 levels
Ocean: 3 �

with 20 levels,
dynamic vegetation model

LOVECLIM
Goosse et al. (2010); this study,
but similar to simulations by
Menviel et al. (2011)

21-11 ICE-5G K•ohler et al. (2017) TraCE-like

MIROC

Atmosphere: 2.8 �

with 20 levels
Ocean: 1.4 �

with 43 levels

MIROC
Hasumi and Emori, 2004;
based on Obase and Abe-Ouchi (2019) 21-11 ICE-6G C

Loulergue et al. (2008);
Schilt et al. (2010);
Bereiter et al. (2015)

Bespoke
(gradual increase)

MPI-ESM-CR

Atmosphere: 3.75 �

with 31 levels
Ocean: 3 �

with 40 levels

MPI global ice6gc

MPI routed ice6gc
MPI routed glac

Giorgetta et al. (2013);
Kapsch et al. (2022) 26-0

ICE-6G C

GLAC-1D

K•ohler et al. (2017)

Melt-uniform
(global meltwater 
ux)
Melt-routed
Melt-routed

UVic
Atmosphere: 3.6 � Ö 1.8 �

Ocean: 3.6 � Ö 1.8 �

with 19 levels

UVic shorthosing
UVic longhosing

Weaver et al. (2001); this study
but based on LGM simulations
by Muglia and Schmittner (2015, 2021)

21-14 ICE-6G C dynamic Bespoke

Table 2.1: Detail of simulations referenced in the multi-model intercomparison.
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to data availability before 20 ka BP. LOVECLIM was also not included due to a small drift1358

between 21 and� 20.6 ka BP because of an adjustment in the ice sheet. This analysis was

performed for all simulations with a later reference period (20{19.5 ka BP) and shown in the1360

Supplement. The remaining analyses in this study use a LGM de�nition of 20 to 19.5 ka BP to

incorporate all simulations.1362

Two temporal correlations are also performed between AMOC and surface air temperature and

CO2 concentration and surface air temperature. For both relationships, a R2 value and slope1364

of a linear regression model is calculated at each grid cell for the 5,000-year window from 20 to

15 ka BP.1366

2.4 Results and discussion

Here, we focus on the course of the deglaciation, how it is impacted by the freshwater forcing,1368

and how this relationship di�ers on a model-to-model and experimental design-to-experimental

design basis. The trajectory of the AMOC in the Northern Hemisphere for each simulation1370

closely follows the meltwater scenario chosen by the modelling group (Figure 2.2). All themelt-

routed, melt-uniform, and bespoke freshwater scenarios display a similar pattern throughout the1372

deglaciation with a gradual warming of surface air temperature in the high latitudes and stronger

warming compared to theTraCE-like simulations in the Northern Hemisphere (Figure 2.3). The1374

similarity between the simulations increases further into the deglaciation, with warming from

the LGM in all regions by 16 ka BP for all the melt-routed, melt-uniform, and bespoke freshwater1376

scenarios (Figure 2.3 and 2.11 in the Supplement). TheTraCE-like simulations, however, do

not follow the same trajectory, and the Northern Hemisphere, speci�cally the North Atlantic,1378

remains colder than at the LGM for most of the early deglaciation, with only LOVECLIM and

TraCE-21ka warming beyond the LGM in the North Atlantic by 15 ka BP (Figure 2.12). This1380

colder region in the North Atlantic is evident in a multi-model mean of the ensemble where, on

average, the North Atlantic remains the coldest region throughout the early deglaciation (Figure1382

2.4). Around the onset of Heinrich Stadial 1 (18 ka BP), more discrepancy between simulations

arises (as indicated by disagreement even in the sign of change; Figure 2.4) due to di�erences1384

across the ensemble in when and where the deglaciation begins as well as the freshwater 
uxes

applied. However, by 15 ka BP, at least 70% of simulations agree with the sign of the mean in1386

most areas. More disagreement remains in the North Atlantic, the region of highest variance

across the ensemble and where the di�erent freshwater 
uxes used in the simulations have the1388

most direct impact. The ensemble-wide consensus of a warming climate, however, is consistent

with the increases in North Hemisphere summer solar insolation and atmospheric CO2 (Figure1390

2.1a, b).

2.4.1 Timing of the deglaciation1392

Between 20 and 15 ka BP, each of the meltwater groups, except for theTraCE-like simula-

tions, have relatively constant AMOC strengths. The melt-uniform simulations show the least1394

millennial-scale variability in AMOC (Figure 2.2e). The melt-routed simulations, in comparison,

have more variation, aligned with the respective freshwater 
uxes, and show a weakening trend1396
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Figure 2.2: Centennial means for (a)-(d) Greenland (between 65 and 82� N and 30 and 55�

W) surface air temperature anomaly from approximately the LGM (20{19.5 ka BP) for each
simulation. (e)-(h) Maximum AMOC of the Northern Hemisphere at depth between 500 and
3500 m. For comparison, (a)-(d) includes Greenland surface air temperature proxy record from
Buizert et al. (2018), plotted as an anomaly from 20 ka BP in black, and (e)-(h) includes the
AMOC proxy 231Pa/ 230Th composite record published by Ng et al. (2018), plotted in black
(note the arbitrary y-axis scaling). The grey-shaded region denotes the timing of Heinrich
Stadial 1.

starting at � 16.5 ka BP as freshwater input increases towards Meltwater Pulse 1a (Figure 2.2f;

Meltwater Pulse 1a at 14.7 ka BP not shown). Like the melt-routed simulations, the bespoke1398

simulations have more change that is consistent with the freshwater 
ux, but for all bespoke

simulations except for UVic longhosing, the AMOC strengths at 21 ka BP and at 15 ka BP are1400

very similar.

The subset ofTraCE-like simulations, on the other hand, show an abrupt weakening in AMOC1402

strength and an associated decrease in Greenland surface air temperature (anomaly from LGM,

calculated as anomalies from the 500-year time window from 20{19.5 ka BP) beginning between1404

18 and 17 ka BP depending on the simulation (Figure 2.2c, g). The di�erences in the timing

of the decrease in temperature for theTraCE-like simulations are likely associated with the1406

di�erences in timing and magnitude of the freshwater 
ux. For instance, iTraCE shows an

earlier and more abrupt cooling than TraCE-21ka. Despite both simulations reaching the same1408

magnitude of freshwater at 17 ka BP, the rate of freshwater input into the simulation between

19 ka BP and 17 ka BP di�ers. At 19 ka BP, there is a larger increase in the freshwater1410


ux in iTraCE , which corresponds to a smaller but rapid decrease in the AMOC strength and

Greenland surface air temperature at this same time. After 19 ka BP, the freshwater 
ux in1412
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iTraCE remains higher than in TraCE-21ka, and this is consistent with the sharper decrease in

surface air temperature iniTraCE in comparison to the relatively steady decrease in temperature1414

in TraCE-21ka.

Figure 2.3: Zonal average of decadal mean surface air temperature as anomalies from the LGM
(20{19.5 ka BP) for each simulation; 18, 17, 16, and 15 ka BP are calculated as 60-year decadal
means centred around the respective time period (e.g., from 17.97 to 18.03 ka BP for 18 ka BP).

HadCM3 TraCE uses the same meltwater scenario asTraCE-21ka, but instead of a gradual1416

response, there is a more abrupt decrease in the Greenland surface air temperature at� 17.5

ka BP and temperatures drop. The drop is as low as iniTraCE (with respect to the LGM)1418

and occurs after the freshwater 
ux has decreased for bothTraCE-21ka and HadCM3 TraCE .

However, note that TraCE-21ka and HadCM3 TraCE are con�gured with di�erent boundary1420

conditions (i.e., HadCM3 TraCE uses greenhouse gas conditions on the AICC2012 timescale

and the ICE-6G C ice sheet reconstruction, whereas the CCSM3TraCE-21ka simulation uses1422

ICE-5G) with the exclusion of the freshwater forcing. Other simulations with similar boundary

conditions to HadCM3 TraCE (i.e., HadCM3 routed) and TraCE-21ka (i.e., FAMOUS ), but1424

di�erent freshwater forcings, do not show the large and abrupt decrease in the Greenland surface

air temperature. This suggests that the freshwater forcing is a dominant driver of the abrupt1426

changes displayed in both simulations; however, the di�erences between them might contribute

to the di�erences in sensitivity to the meltwater 
ux.1428

In addition, although the meltwater scenario for LOVECLIM is based uponTraCE-21ka, the
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