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Abstract 

 

The Penultimate Deglaciation (PDG; ~140ï128 thousand years ago; ka) is the transition from 

the Penultimate Glacial Maximum (PGM; ~140 ka) to the Last Interglacial (LIG; ~129ï116 

ka). The LIG experienced warmer temperatures than present day and it was the last time in 

Earthôs history that sea levels were higher than todays, due to larger contributions from the 

Greenland and Antarctic ice sheets. Understanding the mechanisms that led to their retreat is 

important for accurately projecting future sea level rise, because large uncertainties remain in 

how the ice sheets will respond to a warming climate. The climate and ice sheets at the LIG 

were still responding to changes that occurred during the PDG, yet very little is known about 

their evolution during this period due to incomplete and highly uncertain geological data. 

However, from what records do exist, it is thought that the magnitude and sequence of events 

differed from the more recent and better constrained Last Deglaciation (LDG; ~21ï9 ka). 

Numerical modelling of these two periods can help fill the gaps in the empirical record and 

provide a deeper understanding of the complex interactions that occurred between the ice sheets 

and climate during glacial-interglacial cycles. This will require the improvement of complex 

coupled climate-ice sheet models so that they are able to simulate all time periods well. 

This thesis strives to contribute to this endeavour by examining the similarities and differences 

between the last two deglaciations through a series of coupled climate-ice sheet simulations 

using the model FAMOUS-ice. First, the model is tuned to produce realistic Northern 

Hemisphere ice sheets during the Last and Penultimate glacial maxima through large ensemble 

analyses and model-data comparison. This provides a range of initial Last Glacial Maximum 

and Penultimate Glacial Maximum ice sheet conditions for use in subsequent simulations. Error 

margins resulting from uncertain model parameters are explored, and the importance of 

different processes and feedbacks on the configuration of the glacial maximum ice sheets is 

quantified through sensitivity experiments and statistical analyses. Finally, transient 

simulations of the Last and Penultimate deglaciations are performed in which the rates and 

patterns of Northern Hemisphere ice sheet retreat are compared. It is shown that modelled rates 

of deglaciation occurred at a quicker rate during the PDG than the LDG, and the different 

Eurasian ice sheet configurations led to different patterns of retreat through varied instability 

mechanisms. Further sensitivity tests are undertaken to investigate the role of surface, sub-shelf 

and dynamic processes in the ice sheet retreat, as well as the relative importance of insolation, 

greenhouse gases and sea surface conditions in driving deglaciation. This work highlights the 
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high sensitivity of the surface mass balance to the albedo of the ice sheets, and its dominant 

role in determining the configuration of the simulated ice sheets during all stages due to the 

ice-albedo feedback. Accurate representation of ice dynamics becomes more important when 

simulating ice sheet retreat, but the ice sheet evolution is not as sensitive to the rate of sub-

shelf melt, except when confined ice shelves form. This thesis also highlights the need for the 

tuning of coupled climate-ice sheet models across transient simulations to find sets of 

parameters that produce plausible ice sheet configurations at all phases of glacial-interglacial 

cycles, as well as for present and future scenarios, to increase the reliability of simulations of 

future sea level rise.  
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Chapter 1 

1 Introduction 

 

1.1 Motivation 

By the end of the 21st century, human induced climate change is projected to cause up to 4.8°C 

of atmospheric warming depending on the emissions scenario (relative to 1995-2014) 

(Intergovernmental Panel on Climate Change (IPCC), 2023b). This will have significant 

impacts globally, including sea level rise due to the melting of the Greenland and Antarctic ice 

sheets, which will threaten coastal environments, causing catastrophic economic, social and 

environmental losses. However, the magnitude of sea level rise, and therefore the severity of 

the impacts, is highly uncertain with projections ranging from 0.3-1.6 m depending on the 

emissions scenario. One of the biggest uncertainties stems from how ice sheets will respond to 

warming and the likelihood of processes such as marine ice sheet instability occurring (Bamber 

et al., 2022; Intergovernmental Panel on Climate Change (IPCC), 2023c; Kopp et al., 2017; 

Pattyn et al., 2018). Ice sheets can respond to changes in climate across millennial timescales 

for which direct observations are not available. However, in the past, the climate system has 

experienced huge shifts, albeit as a result of natural processes and not anthropogenic, causing 

significant changes in ice sheet extent and sea level. Thus, studying these past periods, through 

the palaeo-record and numerical modelling, could advance our understanding of how ice sheets 

respond to changes in climate forcing (such as solar insolation and greenhouse gases) and the 

processes and mechanisms responsible for higher sea levels, therefore helping constrain 

projections of future sea level rise (Fischer et al., 2018; Haywood et al., 2019; Masson-

Delmotte et al., 2013; Stokes et al., 2015). In addition, model-data comparison will enable us 

to determine the robustness of the models when performing out-of-sample, i.e. in future 

projection scenarios. 

In particular, the Last Interglacial period (LIG; ~129-116 thousand years ago; ka) was the most 

recent period in Earthôs history where temperatures were higher than pre-industrial times. It is 

estimated that average global surface temperatures were ~1-2 °C higher (Otto-Bliesner et al., 

2013a; Turney and Jones, 2010), with high latitude temperatures exceeding this (Capron et al., 

2017a; Landais et al., 2016), causing a sea level 1-9 m higher than present day (Dutton and 

Lambeck, 2012; Dyer et al., 2021; Kopp et al., 2009). This implies there was significant ice 
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loss from the Greenland and Antarctic ice sheets but the individual contributions from each, as 

well as the total global mean sea level rise, is uncertain, largely due to a lack of understanding 

of the mechanisms involved in their retreat (Dutton et al., 2015; Quiquet et al., 2013; Stone et 

al., 2013). The LIG has therefore been the focus of numerous studies seeking to disentangle 

the interactions that occurred between the climate and the ice sheets during this period of 

substantial change, since it is seen as a partial analogue for future climate change (Gilford et 

al., 2020; Golledge et al., 2021).  

Due to the response times of ice sheets being on the order of millennia, changes in sea level 

during the LIG were still responding to changes in the climate and ice sheets that took place 

during the deglaciation that preceded it; the Penultimate Deglaciation (PDG; ~140-128 ka) 

(Menviel et al., 2019). Not much is known about the evolution of the climate and ice sheets 

during the PDG due to the erasure of glaciological evidence during the more recent glacial 

advance and difficulties in dating older records (Capron et al., 2017b; Govin et al., 2015). 

Nevertheless, there is some evidence that the pace, magnitude and timing of changes during 

the PDG differed to the Last Deglaciation (LDG; ~21-9 ka), which preceded the current 

Holocene interglacial, possibly contributing to the different interglacial characteristics 

(Landais et al., 2013; Menviel et al., 2019). Thus, developing a deeper understanding of how 

and why these two deglaciations differed, will provide important knowledge on how the earth 

system responds to large changes in internal and external forcings.  

Whilst the palaeo-data record can provide important constraints on how the components of the 

earth system changed over time, they do not easily explain what caused these changes or how 

these components interacted with each other (Harrison et al., 2016). This is therefore the 

motivation of this PhD project, as well as many others in the research community, who aim to 

fill in some of the gaps in the data record by using numerical models to simulate the evolution 

of the Last and Penultimate glacial cycles. For example, the Paleoclimate Modelling 

Intercomparison Project phase 4 (PMIP4) has produced protocols for performing simulations 

of the deglaciations, using complex climate models, to investigate the responses of the climate 

system to large changes in boundary conditions (Ivanovic et al., 2016; Menviel et al., 2019). 

This PhD project contributes to this modelling effort and uses the climate boundary conditions 

outlined in these protocols. However, it also seeks to capture the important feedbacks that occur 

between the climate and the ice sheets (outlined in Sect. 1.2.2) by coupling a general circulation 

model (GCM) to an ice sheet model (ISM). This will help further understanding on the 

evolution of the earth system during the last two glacial-interglacial cycles and how this may 

have contributed to the higher sea level during the Last Interglacial compared to present day. 
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In addition, comparing the results of these modelling studies to the available palaeo-data 

provides valuable information on the capabilities of the models used for future projections of 

sea level rise. This can then be utilised to provide estimates of the uncertainty in projections as 

a result of model limitations, as well as help improve the representation of certain processes in 

numerical models and increase their ability to robustly simulate all time periods (Braconnot et 

al., 2012; Harrison et al., 2016). 

1.2 Context 

1.2.1 Quaternary glacial-interglacial cycles 

During the Quaternary (2.6 million years ago to present), the Earthôs climate cycled between 

long, colder glacial and brief, warmer interglacial conditions (Lisiecki and Raymo, 2005; 

PAGES, 2016). The huge shifts in the climate and ice sheets that occurred during this period 

are documented in the palaeo-record (see Sects. 1.2.1.1 and 1.2.1.2) which shows how glacial 

periods involve a gradual cooling, a decreasing of greenhouse gases (GHGs) and the slow build 

up, over 70,000-90,000 years, of large ice sheets over the Northern Hemisphere (NH) 

continents. This caused sea levels to decrease by up to 130 m at the glacial maximum (Bintanja 

et al., 2005; Lambeck et al., 2014). In contrast, the transition to interglacial conditions, called 

deglaciations or terminations, happens relatively quickly (~10,000 years) causing the record of 

changes in climate to display a sawtooth pattern (Figure 1.1; Broecker and van Donk, 1970; 

PAGES, 2016). During deglaciations, temperatures and GHGs increase and the large 

continental ice sheets retreat, releasing large fluxes of meltwater into the oceans, causing a 

global mean sea level rise. These large scale shifts in climate are triggered by changes in 

summer insolation received at high northern latitudes due to variations in the Earthôs orbit (the 

Milankovitch Theory; Berger, 1978, 1980; Hays et al., 1976). This includes changes to the 

shape of the Earthôs orbit (eccentricity), the tilt of the Earthôs axis (obliquity) and the direction 

the axis is pointed (precession). However internal amplifications mechanisms and feedbacks 

are needed to explain the magnitude and timings of the rapid deglaciations (Lisiecki, 2010).  

After the long term build-up of ice sheets reaches a critical threshold, they can then become 

susceptible to rapid disintegration under a modest insolation forcing due to non-linear 

responses of the climate system (Abe-Ouchi et al., 2013; Barker and Knorr, 2021; Imbrie et al., 

1993; PAGES, 2016). These mechanisms are related to increases in atmospheric CO2, changes 

in atmospheric and oceanic circulation, and feedbacks related to the ice sheets themselves 

(Abe-Ouchi et al., 2013; Cheng et al., 2009; Denton et al., 2010; Stap et al., 2014). Additionally, 

within each deglaciation, there is evidence of abrupt millennial scale events in which the 
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climate oscillates between colder stadial and warmer interstadial conditions (Dansgaard et al., 

1993; McManus et al., 1999; PAGES, 2016). Ice core isotope records from Greenland and 

Antarctica show large and abrupt changes in temperature and GHGs occurring asynchronously 

over the Northern and Southern Hemispheres (Barbante et al., 2006; Blunier et al., 1998; 

Blunier and Brook, 2001; Jouzel et al., 2007b) leading to the widely accepted theory that these 

events are related to a change in the strength of the Atlantic Meridional Overturning Circulation 

(AMOC) and thus the transport of heat across the equator. This concept is known as the 

ñthermal bipolar seesawò (Broecker, 1998; McManus et al., 2004; Stocker and Johnsen, 2003). 

AMOC weakening has been suggested to arise due to a reduction of North Atlantic Deep-water 

(NADW) formation as a result of increased meltwater into the North Atlantic from ice sheet 

disintegration (triggered by rising insolation) (Ivanovic et al., 2017; Ng et al., 2018). To support 

this, ice rafted debris (IRD) layers in North Atlantic sediment cores provide evidence of huge 

iceberg discharges from the North American ice sheet providing additional freshwater to the 

region (called Heinrich events) during some of the stadials (called Heinrich Stadials; Heinrich, 

1988) which could be a consequence of and/or lead to a strengthening of these abrupt events 

(Barker et al., 2015; Broecker, 1994; Hemming, 2004).  

 

Figure 1.1: Structure of glacial-interglacial cycles over the past 500,000 years shown through (a) the benthic 

ŭ18O record (a proxy for temperature and global ice volume; Lisiecki and Raymo, (2005)) and (b) EPICA 

Dome C CO2 record (Bereiter et al., 2015). 
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The characteristics of each glacial-interglacial cycle differ as a result of variations in the 

evolution of external climate factors, such as insolation, and complex interactions between all 

components of the earth system, most of which are not yet fully understood (Hughes and 

Gibbard, 2018). To further our understanding of the Quaternary cycles, these processes need 

to be explored on all spatial and temporal scales. Some of the major interactions and feedbacks 

affecting the evolution of the climate and ice sheets that need to be considered are outlined in 

Sect. 1.2.2.  

1.2.1.1 Ice sheet records 
 

There are a number of lines of empirical evidence that can help determine the extent, dynamics 

and chronology of the ice sheets through glacial-interglacial cycles. This includes the use of 

landforms, such as drumlins and moraines, and properties of sediment deposits, which can also 

be dated using methods such as radiocarbon dating and cosmogenic exposure, to provide a 

geochronological record (Ely et al., 2021; Kleman et al., 2006; Kleman and Borgström, 1996; 

Stokes et al., 2015). For example moraine ridges can be mapped and dated to show change in 

ice sheet extent and flow direction over time (Clark et al., 2012a), benthic ŭ18O isotope records 

from marine sediment cores are used as a proxy for changes in global ice volume and sea level 

(Lisiecki and Raymo, 2005), and sediment dropped from melting icebergs (IRD) can indicate 

the marine extent of ice sheets and periods of rapid ice sheet disintegration (Hemming, 2004; 

Knies et al., 2001).  

The accuracy of reconstructions based on this empirical evidence is limited by the spatial and 

temporal resolution of geomorphological evidence and chronological controls, low precision 

of available dates, sample contamination, measurement uncertainty and contradictions and 

discrepancies between different lines of data (Dalton et al., 2020; Hughes et al., 2016; Patton 

et al., 2017). Nevertheless, several compilations of data have been produced to reconstruct the 

evolution of the extent of the ice sheets and ice streaming at the Last Glacial Maximum (LGM) 

and through the Last Deglaciation (e.g. Batchelor et al., 2019; Clark et al., 2022; Dalton et al., 

2020; Dyke et al., 2002; Hughes et al., 2016; Margold et al., 2018), which have been used as 

boundary conditions and constraints for numerical models (e.g. Tarasov et al., 2012).  

The Penultimate Deglaciation efforts have been limited to reconstructing the maximum extent 

through the whole Penultimate Glacial Cycle (Batchelor et al., 2019; Svendsen et al., 2004). 

This is because there are fewer constraints on periods predating the LGM as much of the 

glaciological evidence was erased by the last glacial advance, and there are also difficulties in 

dating older records (Hughes and Gibbard, 2018; Svendsen et al., 2004). In addition, the 
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thickness distribution and surface topography of the ice sheets during both glacials are more 

uncertain since there is little direct evidence from the empirical record and they must therefore 

be inferred from indirect constraints such as relative sea level (RSL) (Harrison et al., 2016; 

Stokes et al., 2015). 

Whilst the addition of water into the ocean raises the global mean sea level, the spatial pattern 

of sea level change varies globally due to a few additional processes that act upon the oceans 

and land. The sea level measured at a specific location (relative to the local topography) is 

known as RSL. The main processes that can affect the RSL are changes to land ice volume 

(and hence global mean sea level) and changes to the height of the land due to glacial isostatic 

adjustment (GIA). GIA is the response of the solid earth, gravitational field and oceans to the 

loading of ice masses (Whitehouse, 2018; Yokoyama and Purcell, 2021). As an ice sheet grows 

it depresses the lithosphere and mantle beneath it and when it retreats the elastic lithosphere 

rebounds almost instantaneously whereas the viscous mantle has a delayed response, over 

thousands to hundreds of thousands of years (Fyke et al., 2018; Yokoyama and Purcell, 2021). 

This redistribution of mass also affects Earthôs gravitational field and axis of rotation. A smaller 

ice sheet mass exerts a smaller gravitational influence on the ocean, causing a fall in local sea 

level (Yokoyama and Purcell, 2021).  

RSL data can be obtained from coral reefs, raised shorelines and faunal assamblages on 

continental shelves and combined with GIA modelling, sometimes along with ice extent and 

chronological constraints, to reconstruct global sea level change (and therefore total ice volume 

change) and ice thickness over the deglaciations (Lecavalier et al., 2014). Global mean sea 

level change can also be measured from evidence at sites far from the past ice sheets and 

measurements can be supplemented by GPS data of present day vertical velocities of the land 

(Argus et al., 2014; Lambeck et al., 2006, 2017; Milne et al., 2002; Peltier et al., 2015). 

However, there are large uncertainties in the rheological structure of the earth and different 

earth models can produce multiple ice sheet configurations that fit the RSL data (Schmidt et 

al., 2014b). These methods can also not provide information on mechanisms of retreat and 

often produce ice sheets that are inconsistent with ice sheet physics and climate (Tarasov et al., 

2012). 

1.2.1.2 Climate records 

The climatic conditions, and timing of changes, during glacial-interglacial cycles can be 

inferred from empirical evidence obtained from ice and sediment cores and speleothems. 

Measurements made from air bubbles in ice cores provide a direct record of the atmospheric 
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composition over time meaning GHG concentrations (including CO2, N2O and CH4) over 

several glacial-interglacial cycles are relatively well known. Greenland ice cores (e.g. NGRIP) 

only span the last glacial cycle (~123,000 years) whereas ice cores from Antarctica (e.g. EPICA 

Dome C) go as far as 800,000 years before present (Andersen et al., 2004; Augustin et al., 

2004). In addition, measurements of ŭ18O and deuterium isotopes from ice cores can also 

provide a proxy for air temperatures over the ice sheets (Andersen et al., 2004; Jouzel et al., 

2007b). Rates and amount of dust deposition can also be determined from ice cores, which also 

serve as a proxy for Antarctic air temperature during glacials, since dust deposition becomes 

increasingly positively correlated with Antarctic temperature as it gets colder (Lambert et al., 

2008). The distribution and chemistry of microfossils (e.g. insects, pollen, foraminifera) and 

sediments found in cores and rocks in marine, lake and terrestrial environments can provide 

proxies for temperature, salinity and precipitation, and provide information on past vegetation 

(e.g. Martrat et al., 2014; Oppo et al., 2006). As well as providing a proxy for global ice volume, 

the marine oxygen isotope record is also affected by ocean temperatures (Lisiecki and Raymo, 

2005). These can be disentangled to provide a record of sea surface temperatures (SSTs) and 

ice volume (Shakun et al., 2015). Speleothems are cave formations produced when mineral 

deposits are carried by ground water percolating through the rock and build up over tens of 

thousands of years. Similar to cores, measurements of isotopes and trace elements in the 

deposits can provide information on multiple climate variables (Drysdale et al., 2020; Wong 

and Breecker, 2015) and give relatively precise timings of climate events (Cheng et al., 2009).  

As with empirical data on palaeo-ice sheets, uncertainties arise from unreliable chronologies, 

irregular sampling, different techniques used and discrepancies between different datasets 

(Govin et al., 2015; Harrison et al., 2016). In addition, palaeoclimate proxies can be controlled 

by multiple factors making it difficult to disentangle the influence from a single variable of 

interest. They can also be influenced by non-climatic factors (e.g. CO2), and rely on the 

assumption that relationships observed between the proxy and the climate variable held 

throughout the past (Braconnot et al., 2012). Therefore, multiple proxies are usually combined 

to reconstruct past climate variables (e.g. Waelbroeck et al., 2009) and numerical climate 

models can be employed to further our understanding and fill in gaps by constraining the 

physical processes that lead to the spatial and temporal patterns seen in records (Jonkers et al., 

2021). These models are usually forced with appropriate insolation values which can be 

calculated from the orbital parameters (eccentricity, obliquity and precession). 
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1.2.2 Ice sheet-earth system interactions 

Whilst it is mostly changes in summer insolation and atmospheric CO2 that drives changes in 

the climate, pacing the waxing and waning of the ice sheets through glacial-interglacial cycles, 

the ice sheets themselves also exert a large influence on the climate and other components of 

the earth system, which in turn modulate the response of the ice sheets to the external climate 

forcings (Figure 1.2; Clark et al., 2009; Fyke et al., 2018). Feedbacks that result from these 

two-way interactions can be positive (amplify the response) or negative (have a dampening 

effect) and can have a significant effect on the volume and extent of an ice sheet by changing 

its mass balance (Fyke et al., 2018). The mass balance is primarily determined by the mass 

change of ice in contact with the atmosphere (surface mass balance; SMB), which is the net 

balance of accumulation (i.e. from snow and freezing rain) and ablation from melt and 

sublimation at the surface of the ice sheet, and the mass change of ice in contact with the ocean 

where ice can be lost to calving and ocean driven basal melt. There is also a small contribution 

from bottom melt of grounded ice by geothermal heat flux, but this is minor compared to 

atmospheric and oceanic losses (Vizcaino, 2014). Changes in summer air temperatures, 

precipitation patterns, ocean temperatures and circulation, and ice dynamics affect this balance.  

1.2.2.1 Ice sheet ï atmosphere interactions 

Ice sheets affect atmospheric conditions in many ways. They have high surface elevations and 

a high albedo (reflect a large proportion of the incoming shortwave radiation). This leads to 

global and local cooling of surface air temperatures and changes in large-scale atmospheric 

circulation, which in turn affect wind and precipitation patterns (Beghin et al., 2015; Le clecôh 

et al., 2019; Manabe and Broccoli, 1985; Roe and Lindzen, 2001). For example, it has been 

shown that the large ice sheet that covered North America during the last glacial period, may 

have been high enough to cause a zonalisation and strengthening of the jet stream and a shift 

in stationary waves, which could have caused a warming over the Arctic and a reduction of 

precipitation over parts of Eurasia (Kageyama and Valdes, 2000; Liakka et al., 2016; Liakka 

and Lofverstrom, 2018; Ullman et al., 2014). These ice sheet properties also lead to important 

feedbacks including the ice-albedo feedback. As snow and ice start to melt, the surface darkens 

and the albedo decreases. This allows more absorption of incoming solar radiation, warming 

the surface and causing more melt, especially in summer (Abe-Ouchi et al., 2007; Pritchard et 

al., 2008; Stap et al., 2014). This is a main contributor to present and future mass loss across 

Greenland (Box et al., 2012; Zeitz et al., 2021). The same effect occurs if the melting snow 

exposes the underlying firn or bare ice, produces melt pools or, over longer timescales, is 

replaced by rocks, soil or vegetation, since these all have lower albedos than fresh snow and 
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ice (Box et al., 2012; Stone and Lunt, 2013; Tedesco et al., 2011). Changes to dust deposition 

on the ice sheet can also lower the albedo and enhance surface melt (Bar-Or et al., 2008).  

Another important positive feedback is the temperature-elevation feedback (Abe-Ouchi et al., 

2007). An increase in ablation will lower the elevation of the ice sheet into warmer air 

temperatures due to the lapse rate effect, this in turn enhances the ablation further (Levermann 

and Winkelmann, 2016). The impact of this increases with greater levels of elevation change 

and larger ablation areas. This has been shown to trigger large areas of rapid deglaciation during 

glacial periods as a threshold in geometry is reached (Gregoire et al., 2016). However, elevation 

change also results in a negative feedback since warmer air holds more moisture, leading to 

higher precipitation/accumulation in the so called elevation-desert effect (Masson-Delmotte et 

al., 2013). Another negative elevation feedback occurs when an ice sheet gains mass causing a 

larger advance into the ablation area, warmer lower latitudes, or the marine margins where 

further growth is then inhibited (Fyke et al., 2018). Already, from this first section, it is clear 

that earth system interactions are numerous, bi-directional, and complex.  

 

Figure 1.2: Schematic of interactions between ice sheets and other components of the earth system from 

IPCC AR5 (Masson-Delmotte et al., 2013).  

1.2.2.2 Ice sheet ï ocean interactions 

Ice sheets also affect oceanic conditions through the input of freshwater as a result of surface 

meltwater runoff and melting of icebergs, outlet glaciers and ice shelves. This acts to freshen 

and cool the ocean which affects the ocean circulation through reducing deep-water formation. 

This in turn impacts the transfer of heat across the globe and shifts temperature and 
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precipitation patterns (An et al., 2024; Li et al., 2023b). For example, evidence suggests that 

the AMOC has slowed down over the twentieth century which may be due to the addition of 

meltwater from Greenland causing a reduction in surface ocean density and thus the formation 

of North Atlantic Deep-water (Bakker et al., 2016; Rahmstorf et al., 2015). The atmospheric 

cooling caused by the presence of ice sheets also contributes to cooler sea surface temperatures 

which leads to a larger expansion of sea ice cover in the North Atlantic. This in turn reduces 

global temperatures further through the ice-albedo feedback which again influences 

atmospheric circulation (Colleoni et al., 2011). 

Moreover, where ice sheets discharge into the ocean, either through outlet glaciers or floating 

ice shelves (for ice sheets that lie on bedrock that is below sea level) at marine margins, 

interactions with the ocean can have a significant impact on the mass balance of the ice sheet. 

The two main processes that lead to ice mass loss by the ocean are sub-shelf melt and calving 

of icebergs, which are closely linked to the ice sheet dynamics through the transport of ice from 

the interior to the marine margins. However, both of these processes are poorly understood 

since they difficult to observe and measure and are affected by many complex processes and 

feedbacks (Benn et al., 2007; Truffer and Motyka, 2016). Sub-shelf melting is largely 

controlled by the temperature of the subsurface ocean water at the front of the glaciers and in 

the ice shelf cavities, and it is therefore affected by global ocean temperatures and transport of 

water onto the continental shelf (Benn et al., 2007; Fyke et al., 2018; Joughin et al., 2012; 

Rignot and Jacobs, 2002). One positive feedback related to this process occurs when increased 

freshwater flux leads to stratification of the water column and reduced vertical mixing. This 

increases temperatures on the continental shelf and thus increases the melting of ice shelves. 

This process may have contributed to the production of massive icebergs and rapid ice sheet 

retreat during Heinrich events (Alvarez-Solas et al., 2010; Marcott et al., 2011). Calving of ice 

by the ocean occurs as a result of mechanical processes that cause fracturing, which can be 

exacerbated by increases in ocean temperatures through the thinning and weakening of ice 

shelves and thermal undercutting of the terminus (Benn et al., 2007). 

In addition to directly decreasing the mass of the ice sheet, ice sheet-ocean interactions impact 

the stability of an ice sheet. The presence of confined ice shelves (i.e. in an embayment or has 

pinning points) provides buttressing that restricts the flow of grounded ice from upstream of 

ice streams and glaciers (Hanna et al., 2013). Therefore, if an ice shelf starts to thin or 

disintegrate through sub-shelf melt or calving, a series of positive feedbacks can be set up. Loss 

of buttressing leads to increased strain rates, acceleration and thinning of grounded glaciers 

(Dupont and Alley, 2005; Liu et al., 2015). This results in an increase in the discharge of ice 
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across the grounding line (the zone where ice transitions from the grounded ice sheet to the 

floating ice shelves) and groundling line retreat which can further reduce basal traction (Benn 

et al., 2017; Gudmundsson et al., 2019). Observations under Pine Island Glacier in Antarctica 

have provided evidence of this processes occurring here over the past few decades due to 

changes in heat transport under the ice shelf, resulting in the largest contribution to sea level 

rise from any Antarctic glacier over this time (Jenkins et al., 2010; Rignot et al., 2019). 

Furthermore, increased speeds can lead to more rifting and calving and retreating grounding 

lines lead to a larger areas being subjected to warmer ocean temperatures (Joughin et al., 2012). 

Grounding line retreat can also become unstable, leading to irreversible and rapid ice sheet 

collapse, if it occurs across bedrock that slopes down towards the interior of the ice sheet. This 

is because it will retreat into deeper water and thicker ice which results in an increased ice flux, 

which in turn further thins the ice leading to continued retreat and so on. This process is referred 

to as marine ice sheet instability (Hanna et al., 2013; Joughin et al., 2012; Pattyn et al., 2018; 

Schoof, 2007) and is the cause for much of the uncertainty related to ice sheet response to 

climate change. The West Antarctic ice sheet is particularly vulnerable to this instability owing 

to the retrograde bed that is present under many of its large outlet glaciers. There is evidence 

that this process may have led to periods of accelerated retreat across Pine Island Glacier from 

1940s-1990s (Reed et al., 2024) which causes concern for the future rate of ice mass loss and 

sea level rise as grounding line retreat continues across potentially unstable glaciers around 

Antarctica (Joughin et al., 2014). 

1.2.2.3 Ice dynamics 

The dynamics of an ice sheet is also influenced by its mass balance and in turn plays a role in 

its evolution and stability over the glacial cycles. Ice sheets flow under gravity and speeds vary 

from a few meters per year in the interior to a few kilometres per year in fast flowing outlet 

glaciers, ice streams and ice shelves. The gravity driven movement of thick ice from where it 

has accumulated in the interior to the thinner ice at the edges where ablation occurs, controls 

the ice sheet geometry and therefore its impact on the earth system (Fyke et al., 2018). The 

flow of ice to the margins can also lead to feedbacks that result in deglaciation. For example, 

as more ice flows into ablations zones and to the marine margins, the height of the ice sheet in 

the interior decreases (initiating a temperature-elevation feedback) and more ice is lost through 

ablation and calving (Marshall and Clark, 2002).  

The rate of ice flow through deformation and basal sliding is a partly a function of ice 

temperature and displays an oscillatory behaviour. Warmer ice flows faster which results in 

thinning of the ice sheet leading to cooling through advection and the potential for ice to freeze 
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to the bed. This slows down the ice flow allowing ice thickness to increase again until melting 

point is reached again at the ice base (Marshall and Clark, 2002). The presence of water at the 

ice-bedrock interface is also important for determining the ice flow since basal sliding increases 

with the subglacial water pressure (Hoffman and Price, 2014).  

1.2.2.4 Ice sheet ï solid earth interactions 

GIA processes can control the ice sheet response to atmospheric and oceanic forcings. For 

example, as an ice sheet grows and the bedrock lowers so does the elevation of the ice sheet, 

which decreases the SMB through the temperature-elevation feedback. Therefore, once the ice 

sheet reaches a certain height it only requires a small change in insolation to trigger rapid retreat 

due to delayed isostatic rebound (Abe-Ouchi et al., 2013). When a marine ice sheet retreats, 

the elastic uplift reduces the sea level in the region of the ice shelves which can slow down 

grounding line retreat and help prevent marine ice sheet instabilities (Gomez et al., 2010, 2015; 

Konrad et al., 2015).  

1.2.2.5 Other interactions 

Other earth system feedbacks also alter the pace of glacial-interglacial cycles, e.g. vegetation 

feedbacks (Horton et al., 2010; Willeit et al., 2024). For instance, the northern boreal treeline 

shifts southward with decreases in summer insolation and is replaced by tundra which has a 

higher albedo, enhancing orbitally induced summer cooling and promoting ice expansion 

(Kageyama et al., 2004; Stone and Lunt, 2013; Willeit et al., 2024).  

Interactions with large proglacial lakes that form in front of terrestrial ice sheet margins as they 

retreat and meltwater fills in the depressions left behind, can affect the rate of deglaciation. For 

example, they increase the subglacial water pressure, reduce basal friction, accelerate sliding 

and promote the formation of ice streams. Also, ice shelves can form on the proglacial lakes 

and can therefore undergo similar processes to marine ice shelves, leading to grounding line 

retreat and potentially instabilities, which may have caused the collapse of the ice saddle over 

Hudson Bay during the LDG (Carrivick and Tweed, 2013; Hinck et al., 2022; Quiquet et al., 

2021b; Scherrenberg et al., 2023a). However, the rates of calving and sub-shelf melt differ due 

to differences in circulation of the freshwater compared to ocean water and they tend to have 

less of an impact on mass balance and dynamics than the atmospheric mass loss (Quiquet et 

al., 2021b; Truffer and Motyka, 2016). These large lakes also impact the SMB of the ice sheets 

through their effects on the energy budget since they have low albedos and high thermal heat 

capacities which causes a reduction in summer ablation (Carrivick and Tweed, 2013; Hostetler 

et al., 2000).  
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It is clear that these interactions do not act in isolation as all parts of the system are connected 

and a change in one will impact others in complex ways. For example, changes in wind patterns 

can affect the ocean circulation (Davini et al., 2015; Sherriff-Tadano et al., 2018). Surface melt 

and rainwater can percolate through ice shelves causing them to thin, cause hydrofracturing 

and penetrate to the ice bed where it acts to increase ice flow to marine margins and ablation 

zones through basal sliding (DeConto and Pollard, 2016; Parizek and Alley, 2004; Zwally et 

al., 2002). Freshwater that discharges into the ocean from surface melt can also form buoyant 

plumes that carry warmer ocean water to the shelf front, enhancing ice loss through oceanic 

processes (Hewitt, 2020). Reduced basal friction causes higher velocities and the formation of 

ice shelves which lowers the surface elevation, increasing surface melt. This is turn can 

accelerate mass loss through marine/proglacial lake instabilities (Hinck et al., 2022; 

Scherrenberg et al., 2023a).  

1.2.3 The Last Deglaciation versus the Penultimate Deglaciation 

The last two deglaciations differed in terms of the conditions under which they were initiated, 

the evolution of the climate and ice sheets and the characteristics of the following interglacials 

(Menviel et al., 2019). The Last Deglaciation (~21-9 ka) occurred during Marine Isotope Stage 

2 (MIS 2; ~29-14 ka) and began after the Last Glacial Maximum (LGM; ~21 ka) which is the 

period during the glacial cycle in which sea level records show the largest drop (i.e. global ice 

volume was at its largest) (Hughes et al., 2013; Ivanovic et al., 2016). A retreat of the ice sheets 

was then triggered leading to a rise in sea levels and a transition into the current Holocene 

interglacial (~11 ka). The Penultimate Deglaciation (~140-128 ka) occurred during Marine 

Isotope Stage 6 (MIS 6; ~190-130 ka). It began after the Penultimate Glacial Maximum (PGM; 

~140 ka) and led into the Last Interglacial (~129-116 ka) (Menviel et al., 2019). This thesis 

uses the dates 21 ka and 140 ka, as in the PMIP4 modelling protocols, to be the LGM and 

PGM, respectively. However, it is important to note that marine isotope and sea level records 

show a low in global sea level spanning ~26-19 ka (Clark et al., 2009; Clark and Mix, 2002) 

and ~155-140 ka (Rohling et al., 2017). 

1.2.3.1 Ice sheets 

Studies based on proxy data, RSL records and GIA modelling suggest that the LGM sea level 

was around 120-130 m lower than present day (Austermann et al., 2013; Clark et al., 2009; 

Clark and Mix, 2002; Grant et al., 2014). The PGM shows more uncertainty with some 

estimates from Red Sea and Mediterranean RSL and palaeo-shoreline records suggesting the 

sea level drop was 21 ± 14 m lower than the LGM (Grant et al., 2014; Rabineau et al., 2006; 
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Rohling et al., 2017) and so global ice volume was also smaller. However, reconstructions 

based on the marine benthic ŭ18O record suggest a sea level drop of similar or even larger value 

than the LGM (up to 150 m below present day) (Bintanja et al., 2005; Shakun et al., 2015; 

Waelbroeck et al., 2002), and some sources state the presence of larger ice sheets overall during 

MIS 6 (e.g. Batchelor et al., 2019; Margari et al., 2014).  

The sea level evolution determined from a number of these studies is shown in Figure 1.3 and 

displays the large spread in these estimates. These discrepancies may be due to inaccurate 

estimates of GIA, uncertainties in the effect of temperature on ŭ18O data or measurements of 

RSL data.  

 

Figure 1.3: Sea level evolution over the past two glacial cycles relative to present day from a number of 

different studies (Berends et al., 2021; Bintanja et al., 2005; Grant et al., 2014; Shakun et al., 2015; 

Waelbroeck et al., 2002). 

Since the determination of ice sheet configuration from empirical evidence and GIA-based 

constraints is difficult (see Sect. 1.2.1.1), they can be combined with physics-based ice sheet 

modelling, to help fill in some of the data gaps and provide further constraints on the ice sheet 

evolution, especially in regards to ice volume and thickness of specific ice sheets and ice 

dynamics (e.g. Sejrup et al., 2022; Tarasov et al., 2012; Tarasov and Peltier, 2004). As such, in 

recent years there has been significant improvements in our understanding of the evolution of 

the Northern Hemisphere ice sheets, especially through the Last Deglaciation (Patton et al., 

2017; Tarasov et al., 2012). Numerical modelling has also been employed to help understand 

the contribution of different processes to the ice sheet retreat and the individual ice sheet 

contributions to sea level (e.g. Abe-Ouchi et al., 2013; Golledge et al., 2021; Quiquet et al., 

2021a). From all these available data sources, it is clear that the ice sheet configurations, timing 
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and patterns of changes, and the processes that cause them, differ between the last two glacial 

maxima and deglaciations but how and why is still very uncertain. 

The Eurasian Ice Sheet (EIS) comprises the largely marine based British-Irish Ice Sheet (BIIS) 

and Barents-Kara Ice Sheet (BKIS), and the largely terrestrial Fennoscandian Ice Sheet (FIS), 

which were all connected during the glacial maxima and extended out to the continental shelf 

along most of the marine margin (Figure 1.4; Clark et al., 2012a, 2022; Hughes et al., 2016). 

During the LGM, the southern extent reached to around 53º N and reconstructions show a 

maximum extent of 5.48 x 106 km2 (Figure 1.4a), however the ice did not reach this maximum 

in all areas at the same time (Hughes et al., 2016; Patton et al., 2016). For example, parts of the 

BIIS may have reached their maximum as early as 27-26 ka before starting their retreat before 

21 ka (Clark et al., 2012a, 2022), but the eastern margins may have continued to advance until 

20 ka (Hughes et al., 2016; Patton et al., 2017). Numerical and GIA modelling studies estimate 

that the LGM EIS volume was around 13-24 m sea level equivalent (m s.l.e.). (Lambeck et al., 

2006; Patton et al., 2016; Peltier et al., 2015; Simms et al., 2019). Retreat started after 19 ka 

mostly from the BKIS, with the BIIS and FIS separating by 18 ka, and then was relatively 

constant across the whole EIS until 14-12 ka where it slowed for the FIS and BKIS. The FIS 

and BKIS separated by 15 ka and after 11 ka only significant portions of the FIS remained. By 

9 ka the EIS was almost entirely deglaciated (Hughes et al., 2016). Studies have suggested that 

the majority of initial retreat of the marine based sectors of the BIIS and BKIS are controlled 

by glacio-isostatic loading aided by instabilities triggered by increased sea levels, ice stream 

acceleration and temperature-elevation feedbacks (Clark et al., 2022; Gandy et al., 2018, 2021; 

Petrini et al., 2020). Climate warming then melted the remaining terrestrial regions.  

The glaciation of Eurasia during MIS 6 was likely the largest since MIS 12 (478-424 ka) 

(Hughes and Gibbard, 2018) and reconstructions show an EIS ~50% larger than during the last 

glacial cycle, extending 200 km further south and 1000 km further east in Siberia (Figure 1.4b; 

Batchelor et al., 2019; Hughes and Gibbard, 2018; Svendsen et al., 2004). Some suggested 

contributing factors to this include; warmer global oceans causing enhanced precipitation over 

Eurasia, lower rates of dust deposition increasing albedo, different vegetation cover, presence 

of large proglacial lakes and less extensive and seasonally open sea ice cover in the North 

Atlantic and Arctic (Rohling et al., 2017).  

During MIS 6 there were two major ice advances in Europe, the more extensive Drenthe (~160 

ka), which was followed by partial melting and up to 30 m s.l.e. sea level rise ~157-154 ka, 

under increasing summer insolation, and then a readvance after 150 ka during the less extensive 
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Warthe. After this, global mean sea level records indicate that global ice volume reached its 

maximum extent ~140 ka, reflecting the growth of the North American ice sheet, and perhaps 

expansion in Russia and Siberia (Hughes and Gibbard, 2018; Margari et al., 2014). Thus, the 

extent of the EIS during the PGM is not well known and evidence may correspond to previous 

advances during MIS 6. Similarly, the volume of the EIS is very uncertain but most estimates 

from modelling studies fall between 40ï70 m s.l.e. (Colleoni et al., 2016; Lambeck et al., 2006; 

Pollard et al., 2023; Rohling et al., 2017; Wekerle et al., 2016).  

Few geological records are available to constrain the pattern of retreat of the Penultimate 

Glacial ice sheets but GIA modelling suggests that by around 135 ka, ice over Russia had 

retreated to the Kara Sea and there was also substantial retreat over Scandinavia. By 129 ka, 

the majority of the ice sheet had disappeared (Lambeck et al., 2006). 

Geological evidence suggests that North East Siberia was ice free around the LGM but that 

there was extensive ice cover present at some point in time, likely during MIS 6 (Niessen et 

al., 2013). It has been suggested that the dust deposition rate can influence the presence of ice 

in this region and high rates during the LGM contributed to Siberia being ice free due to 

lowering the albedo and thus increasing melt (Colleoni et al., 2009a; Krinner et al., 2006). The 

EPICA Dome C Antarctica cores show dust deposition rates were ~40% lower at PGM 

(Delmonte et al., 2004). This feature is also reproduced in numerical models of the PGM which 

show that summer temperatures in Siberia are very sensitive to changes in stationary wave 

fields and associated northward heat transport. Therefore, small changes in glacial climates and 

ice sheet configurations can cause large differences in Siberian temperatures allowing the 

formation of an extensive ice cap and shelf over this region in some glacial simulations but not 

in others (Bakker et al., 2020; Colleoni et al., 2016; Colleoni and Liakka, 2020). In addition, 

Jakobsson et al., (2010, 2016) describe evidence of a thick ice shelf extending into the Arctic 

Ocean from the Barents and East Siberian margins dating to MIS 6 that was not present during 

MIS 2. This could explain some of the discrepancies between sea level reconstructions during 

MIS 6 (Gasson et al., 2018). However, both of these features are highly uncertain and debated 

(Stein et al., 2017). 

There is evidence for the existence of large proglacial lakes at the terrestrial margins of the EIS 

during the Last Deglaciation, including the Baltic Ice Lake and White Sea Ice Lake which 

rapidly drained large amounts of freshwater into the North Atlantic and Arctic Ocean, likely 

affecting the ocean circulation and global climate (Jakobsson et al., 2007; Patton et al., 2017). 

There were several ice streams draining the EIS, the main ones being the Norwegian Channel 

Ice Stream which flowed from the FIS into the North Sea until around 18 ka (Patton et al., 
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2017; Sejrup et al., 2009) and the Bjørnøyrenna Ice Stream draining the BKIS (Andreassen and 

Winsborrow, 2009) (Figure 1.5a). 

 

Figure 1.4: Reconstructions of the extent of the Northern Hemisphere ice sheets based on empirical and 

model data for (a) LGM (Dalton et al., 2020; Hughes et al., 2016) and (b) MIS 6 (Batchelor et al., 2019). 

The three large ice sheet complexes are labelled on panel (a); NAIS = North American Ice Sheet, EIS = 

Eurasian Ice Sheet, GrIS = Greenland Ice Sheet. The individual ice sheets that make up these complexes 

are labelled on panel (b); LIS = Laurentide Ice Sheet, CIS = Cordilleran Ice Sheet, IIS = Innuitian Ice Sheet, 

BIIS = British -Irish Ice Sheet, FIS = Fennoscandian Ice Sheet, BKIS = Barents-Kara Ice Sheet. 

The North American Ice Sheet (NAIS) was a largely terrestrial based ice sheet composed of 

the Laurentide (LIS), Cordilleran (CIS) and Innuitian Ice Sheets (IIS) (Figure 1.4). At the 

LGM, all three ice sheets coalesced and extended to the continental shelf in many regions, with 

a total area of 15.47 x 106 km2. Ice lobes (formed by extensions of terrestrial ice streams) 

extended from the southern margin reaching a latitude of around 40º N (Figure 1.4a; Batchelor 

et al., 2019; Dalton et al., 2020, 2023). However, as with Eurasia, the timing of the local glacial 

maximum was asynchronous across the different areas of the ice sheet and some sections 

reached a maximum extent prior to the LGM (Dalton et al., 2020, 2023; Hughes et al., 2013). 

The volume of the NAIS at the LGM is estimated by a number of different studies to be ~68-

88 m s.l.e. (e.g. Lambeck et al., 2017; Peltier et al., 2015; Rohling et al., 2017; Simms et al., 

2019; Tarasov et al., 2012). Deglaciation began at around 18 ka with a slow retreat of the 

southern and eastern margins. The LIS and CIS gradually separated from the north and south 

from ~17.5-14 ka. The CIS was deglaciated by ~11 ka while ice remained over the Hudson 

Bay until ~8 ka (Dalton et al., 2023).  
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In general, there is a lack of evidence for the extent of the NAIS during the PGM and the 

following deglaciation. There is some evidence that, at some point during MIS 6, it extended 

150 km further south in Illinois and 30 km in Wisconsin compared to the LGM but the timing 

is uncertain (Figure 1.4b; Batchelor et al., 2019; Hughes and Gibbard, 2018). Overall, the 

limited data suggests that the LGM advance was larger in most areas compared to the PGM 

(Dyke et al., 2002), with reconstructions also suggesting that the LIS and CIS were 

disconnected at the PGM (Batchelor et al., 2019). A smaller volume PGM NAIS is backed up 

by additional empirical evidence such as IRD layers in sediment cores in the North Atlantic. 

They show reduced levels during the Penultimate Glacial Cycle compared to the last, which 

suggests less iceberg discharge into the North Atlantic (Hemming, 2004; Naafs et al., 2013; 

Obrochta et al., 2014). Additionally, climate and ice sheet simulations using a smaller NAIS 

(~30 m s.l.e.) and a larger EIS give the best fit to global environmental proxy data (Colleoni et 

al., 2016; Wekerle et al., 2016), and GIA modelling combined with palaeo-sea-level data across 

The Bahamas has demonstrated a 98% probability that the LIS was between 16 and 23 m s.l.e. 

smaller than at the LGM (Dyer et al., 2021). In addition, given the constraints on the EIS and 

the global mean sea level drop, the NAIS must have been smaller to match the global ice 

volume. The volume has thus been estimated to have been around 39-59 m s.l.e. (Rohling et 

al., 2017).  

Proglacial lakes also existed at the southern margin of the NAIS during the Last Glacial Period, 

the largest one being Lake Agassiz (Carrivick and Tweed, 2013). This may have accelerated 

the retreat of the NAIS due to grounding line instability triggered by negative SMB (Quiquet 

et al., 2021b). The drainage of this lake into the Arctic Ocean could have triggered the Younger 

Dryas cool period due to its impact on ocean circulation (Norris et al., 2021). It also may have 

caused a regional cooling and reduced precipitation at the southern Laurentide ice sheet at 11ka 

which would have impacted the deglaciation (Hostetler et al., 2000). The ice streams of the 

Laurentide ice sheet have been reconstructed from geomorphological and geological records, 

the main ones persisting through much of the deglaciation being; the Hudson Strait, Amundsen 

Gulf and MôClure Strait ice streams (Figure 1.5b; Margold et al., 2018). 

The different topographies of the NAIS has been shown to have a large impact on the climate 

of each glacial due to its location in the westerly mean flow, and therefore some studies have 

concluded that it has an influence on the size and configuration of the EIS during that period 

(Beghin et al., 2015; Liakka et al., 2016). For example, atmospheric modelling shows a larger 

LGM-like NAIS causes changes to planetary waves that yield a cooling over Europe but 

warmer surface air temperatures over Siberia and Beringia. This prevents the expansion of 
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snow and sea ice in NE Asia, resulting in a decrease in albedo, and contributes to the more 

westward migration of the EIS. This could explain the lack of evidence of glaciation in Eastern 

Siberia during the LGM (Liakka et al., 2016; Löfverström et al., 2014; Löfverström and Lora, 

2017; Ullman et al., 2014). The more western EIS may have also blocked moisture from the 

Atlantic, further inhibiting ice accumulation in the East (Krinner et al., 2011). A larger NAIS 

also enhances the stationary waves downstream which causes an acceleration, zonalisation and 

southward displacement of the jet stream and associated storm tracks in the North Atlantic. 

This shifts precipitation to the south of Europe in winter, further starving the EIS of moisture 

(Hofer et al., 2012; Löfverström and Lora, 2017; Merz et al., 2015). In contrast, a smaller PGM-

like NAIS causes a more meridional Jetstream and a shift in stationary waves that allow cold 

Arctic air to penetrate downstream and cause colder temperatures across Siberia and Beringia 

and enhanced snow and sea ice cover, consistent with evidence of more extensive glaciation 

over this region during MIS 6 (Colleoni et al., 2016; Ullman et al., 2014). There is also 

increased storm track activity and precipitation seen over North Atlantic and the EIS, allowing 

the growth of the ice sheet (Colleoni et al., 2016; Löfverström and Lora, 2017). Positive SMB 

values induced by a smaller NAIS could have also contributed to the large Arctic ice shelf that 

may have been present during the Penultimate Glacial Cycle (Jakobsson et al., 2016; Liakka 

and Lofverstrom, 2018). 

 

Figure 1.5: Major ice streams and drainage routes of the (a) LGM Eurasian Ice Sheet from Patton et al. 

(2017) and references therein. 1 = Bjørnøyrenna Ice Stream; 2 = Norwegian Channel Ice Stream. TMF: 

Trough Mouth Fans; PB: Porcupine Bank; BDF: Barra and Donegal Fans; RB: Rosemary Bank; NSF: 

North Sea Fan; Bj: Bjørnøyrenna Fan; and (b) LGM Laurentide Ice Sheet from Margold et al. (2018) and 
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references therein. 1 = Hudson Strait; 2 = Amundsen Gulf; 3 = MôClure Strait Ice Stream. AB: Alberta; 

BF: Bay of Fundy; CB: Cape Bathurst; DI: Devon Island; EI: Ellesmere Island; MB: Manitoba; MI: 

Magdalen Islands; NB: New Brunswick; PCI: Prince Charles Island; SK: Saskatchewan.  

The Greenland Ice Sheet (GrIS) and Antarctic Ice Sheet (AIS) extended onto the continental 

shelves in many areas during the glacial maxima but again the local glacial maxima was not 

synchronous (Bentley et al., 2014; Hughes et al., 2013; Vasskog et al., 2015). Studies show 

that the GrIS reached its maximum volume during the Last Glacial Cycle ~18-16 ka (Vasskog 

et al., 2015) and was connected to the IIS during both glacial periods. Reconstructions based 

on empirical and model data estimate the GrIS was 2-5 m s.l.e. larger at the LGM than present 

day (present volume of 7.4 m s.l.e.) (Lecavalier et al., 2014; Simms et al., 2019; Vasskog et 

al., 2015) and the AIS 7-15 m s.l.e. larger (present volume of 58 m s.l.e.) (Simms et al., 2019). 

During the LDG, the eastern GrIS margin started to retreat before the maximum volume was 

reached whilst the southern margin started to retreat ~16-14 ka. In the west, ice did not retreat 

from the shelf edge until around 13.8-12.2 ka. The volume then decreased continuously after 

~13.5 ka until ~4 ka (Lecavalier et al., 2014; Vasskog et al., 2015). Whilst some areas of 

Antarctica started to retreat by ~18 ka, most of the deglaciation took place later on and through 

the Holocene, between 15-6 ka (Argus et al., 2014; Bentley et al., 2014; Briggs et al., 2014; 

Mackintosh et al., 2014).  

Since there is limited preservation of offshore geomorphological evidence from the PGM, most 

modelling studies assume both ice sheets were similar to the LGM configurations (Bradley et 

al., 2018). However, there is some evidence that suggests that the maximum volume of the 

GrIS was larger during MIS 6 than MIS 2, including glacial deposits showing some surfaces 

have not been glaciated since MIS 6 (Roberts et al., 2009) and marine deposits showing sea 

water moved further inland at the LIG than the Holocene as a result of more ice causing a larger 

isostatic depression during MIS 6. This data is sparse and there could be alternative 

explanations, for example sea level being already higher when the GrIS started to melt due to 

earlier melting of ice sheets elsewhere (Alley et al., 2010). 

Sea level records indicate that the LIG sea level was higher than present day. Whilst previous 

geological data-based estimates put the peak value between 6-9 m higher (Dutton et al., 2015; 

Dutton and Lambeck, 2012; Grant et al., 2014; Kopp et al., 2009), new revised estimates lower 

this to between 1.2-5.3 m, peaking at 127 ka (Dyer et al., 2021). Since thermal expansion and 

mountain glaciers contributed less than 1 m to this rise (McKay et al., 2011), the rest must have 

come from the Antarctic and Greenland ice sheets (Dutton and Lambeck, 2012). The magnitude 

and drivers of individual contributions are very uncertain, but there is evidence in ice core and 
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marine records that the GrIS was smaller than present day, with most palaeo-data and 

modelling based estimates converging on around a 1-2 m s.l.e. contribution occurring after 125 

ka (range from ~0.4-5.5 m) (Quiquet et al., 2013; Rohling et al., 2019). The AIS contribution 

ranges from ~3.6-7.4 m s.l.e. (DeConto and Pollard, 2016; McKay et al., 2011) with the timing 

of peak contribution occurring before 126 ka (Rohling et al., 2019). This large range of values 

makes it difficult to determine whether sections of the AIS collapsed during the LIG (Dutton 

and Barlow, 2019). There is some evidence from ice cores that the East AIS persisted 

throughout the LIG but the West AIS is less certain (Chandler and Langebroek, 2021).  

1.2.3.2 Climate 

The orbital configurations and evolution of solar insolation differed between the Last and 

Penultimate Glacial Cycles. The average incoming insolation was similar at both glacial 

maxima (Berger and Loutre, 1991) but the seasonal and latitudinal patterns differed due to the 

orbital configurations. Eccentricity was larger at the PGM (0.033) compared to the LGM 

(0.019) which enhances the effects of precession (Berger, 1978). This causes cooler and longer 

springs and early summers, but shorter and warmer late summers and autumns in the NH high 

latitudes (Colleoni et al., 2011). The colder springs reduce the melting of snow accumulated in 

winter which could explain some of the differences in ice sheet configuration. The GHG 

concentrations were also similar with a CO2 concentration of ~190 ppm at the LGM (Bereiter 

et al., 2015) and ~191 ppm at the PGM (Köhler et al., 2017). 

Due to the presence of the large continental ice sheets and lower atmospheric CO2 

concentration, the global mean air temperatures were cooler during glacial periods compared 

to present day, and precipitation was decreased (Bartlein et al., 2011). However, the magnitude 

of this cooling is still very uncertain with a combination of modelling studies and global climate 

proxy compilations estimating a LGM cooling of between 1.7-8.0 ºC relative to the pre-

industrial (e.g. Annan et al., 2022; Tierney et al., 2020a). There are much fewer constraints on 

the PGM due to low resolution climate records and challenges with establishing chronologies 

for these records (Govin et al., 2015). However, ŭ18O records and modelling suggests a smaller 

global cooling than the LGM, which modelling has attributed to the different orbital 

configurations (Colleoni et al., 2016; Menviel et al., 2019; Quiquet and Roche, 2024). 

One recent LGM SST reconstruction from proxy data has a global average cooling of 1.7 ºC 

compared to the present day (GLOMAP; Paul et al., 2021) whereas another that combined 

proxies with modelling produced a larger global cooling of 3.6 ºC (Tierney et al., 2020a). 

Surface ocean fields can also be extracted from GCM simulations that produce a range of 
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values and spatial patterns depending on the model used (Kageyama et al., 2021). In 

comparison, no similar global reconstructions have been produced for the PGM but it has been 

suggested that SSTs may have been warmer, and sea ice thinner and smaller in extent, during 

MIS 6 compared to MIS 2 which could have allowed greater moisture supply leading to the 

larger NH ice sheets (Hughes and Gibbard, 2018). Comparison of individual marine sediment 

core records supports this (Martrat et al., 2014) as do modelling studies (Quiquet and Roche, 

2024). A synthesis of Southern Ocean SST proxies for the Penultimate Glacial Cycle shows 

that annual/summer cooling at the PGM reached -3.6±1 ºC/-4.0±1.2 ºC, which is similar to the 

LGM (Chandler and Langebroek, 2021). 

The evolution of the climate and the sequence of abrupt millennial scale events differed 

between the last two deglaciations. The Last Deglaciation began around 19 ka following an 

increase in 65º N summer insolation after the LGM (Ivanovic et al., 2016). From ~17.5 ka, as 

CO2 concentrations also rose, the NH ice sheets started to disintegrate draining large amounts 

of freshwater into the North Atlantic, weakening the formation of NADW and therefore the 

AMOC (Clark et al., 2012b; McManus et al., 2004). This led to a cooling and drying in the NH 

but an increase in temperatures over Antarctica, due to the thermal bipolar seesaw effect, and 

rapidly increasing CO2 potentially due to release from the warming Southern Ocean (Barbante 

et al., 2006; Buizert et al., 2014, 2015; Marcott et al., 2014; Stocker and Johnsen, 2003). Since 

IRD layers have been found in North Atlantic sediment records during this time indicating the 

discharge of large ice bergs from the Laurentide ice sheet, this cold NH period is known as 

Heinrich Stadial 1 (HS1) (Hemming, 2004). This lasted until around 14.7 ka, when the AMOC 

strengthened once again, possibly due to a reduction in the meltwater input or a shift in the 

threshold for a weakened AMOC as a result of rising CO2 levels (Barker and Knorr, 2021), 

causing an abrupt warming over Greenland and in the North Atlantic known as the Bølling-

Allerød (BA) interstadial (Buizert et al., 2014). A rapid rise in sea level of 14-18 m in less than 

500 years, coincided with (and possibly triggered), the BA warming, referred to as Meltwater 

Pulse 1A (MWP-1A; ~14.5 ka; Deschamps et al., 2012). Following this, a period of cooling in 

the Antarctic region occurred until ~12.8 ka, called the Antarctic Cold Reversal (ACR), and 

there was a pause in the increasing atmospheric CO2 (Jouzel et al., 2007b). This may have been 

caused by the resumption of NADW enhancing northward heat transport from the southern 

hemisphere or a meltwater pulse from the AIS (Menviel et al., 2011). However, more recent 

GIA modelling constrained by sea level data disproves this latter cause (Lin et al., 2021). The 

NH returned to cooler stadial conditions during the Younger Dryas (YD) between ~12.8-11.7ka 

(Alley, 2000a; Buizert et al., 2014), possibly due to further increases in meltwater into the NH 
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oceans, whilst the warming resumed in Antarctica along with the increase in CO2. The end of 

the YD was marked by a rapid warming into the Holocene interglacial (Figure 1.6; Ivanovic et 

al., 2016).  

 

Figure 1.6: Records of (a) atmospheric CH4 from the EDC ice core, Antarctica (Loulergue et al., 2008) 

which reflects abrupt AMOC changes during deglaciation, (b) Antarctic temperature anomalies relative to 

present day from the EDC ice core (Jouzel et al., 2007a), and (c) global mean sea level estimate from Red 

Sea RSL records, compared to present day (Grant et al., 2014). Pink shaded areas show the HS1 and YD 

stadials and the blue shaded area shows the BA interstadial/ACR. The green dashed lines denote the 

approximate start and end of the HS11 stadial. Time spans 9-21 ka for the LDG (black x-axis) and 128-140 

ka for the PDG (blue x-axis). 

In contrast to the two abrupt climate changes during the LDG (HS1 and the YD), most sources 

of evidence point to only one abrupt climate event during the PDG, Heinrich Stadial 11 (HS11), 

towards the end of the deglaciation and start of the interglacial, which lasted longer than HS1 

(~135-129 ka) (Cheng et al., 2009; Jiménez-Amat and Zahn, 2015; Marino et al., 2015). This 

has been linked to cold, dry conditions over the North Atlantic, as a result of a weakened 

AMOC from freshwater perturbation (Martrat et al., 2014), a gradual Antarctic warming to 
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~2°C higher than pre-industrial and associated CO2 rise of ~60 ppm (Capron et al., 2017a; 

Landais et al., 2013; Obase et al., 2021), and a sea level rise of ~80 m (Grant et al., 2014). 

Following this the AMOC strengthened again in the LIG (Figure 1.6). 

The cause of the differences between the two deglaciations is not yet well known. Some have 

suggested that the disintegration of the NH ice sheets could have caused a larger freshwater 

input during the PDG, thus allowing the weakened AMOC to persist for longer and only 

recover at the start of the LIG (Carlson, 2008; Obase et al., 2021). The additional freshwater 

may be a result of the varying continental ice sheet configurations and orbital forcing scenarios 

that each deglaciation is initiated under. For example, NH summer insolation rose much 

quicker during the PDG and peak anomalies reached more than 70 Wm-2 compared to ~50 Wm-

2 during the LDG (Menviel et al., 2019). This may have caused faster disintegration of the LIS 

explaining the faster sea level response to insolation forcing seen for the LIG (Berger, 1978; 

Carlson, 2008; Obase et al., 2021; Parker et al., 2022; Stirling et al., 1998; Stoll et al., 2022). 

The larger EIS at the PGM could also be a source of this additional meltwater (Clark et al., 

2020; Stoll et al., 2022). In contrast, during the Last Deglaciation there was a relatively small 

amount of meltwater which allowed the AMOC to strengthen again before the onset of the 

current interglacial, thus causing the BA warming. The BA warming and following ACR was 

critical in causing lower Antarctic temps during LDG as the following YD warming in this 

region was not large enough to compensate for the 2000 years of cooling (Obase et al., 2021). 

However, even when the different size of the PGM ice sheets is not considered, the higher 

summer insolation during the PDG has been shown to have increased the rate of ice sheet melt 

(Obase et al., 2021; Quiquet and Roche, 2024). Thus, Obase et al., (2021) suggest that during 

the early stage of the PDG the large EIS was an important source of additional meltwater 

causing the stronger and longer HS11 but during the later stages the higher insolation becomes 

important for maintaining this meltwater input and allowing the weakened AMOC to persist 

for longer, into the later stages of the deglaciation and start of the LIG, which was more 

important for the peak Antarctica temperatures. This indicates that differences in orbital forcing 

were an important factor in the occurrence of abrupt events during the deglaciations and the 

temperature of Antarctica in the following interglacials (Govin et al., 2015; Landais et al., 

2013; Obase et al., 2021). More recent records have indicated that there may have been a period 

of AMOC recovery during the beginning of HS11 (~134.5 ka), in contrast to what has been 

previously reported (Stoll et al., 2022). This could be due to strong temporal variations in the 

meltwater forcing.. More investigation into the mechanisms behind the rapid AMOC shifts 

during both deglaciations is needed to come to a conclusion. 
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As mentioned in Sect. 1.1, evidence from ice and sediment cores indicates that the LIG global 

mean air temperature was 1-2 ºC higher than the current interglacial (Otto-Bliesner et al., 

2013b; Turney and Jones, 2010) and peak global sea surface temperatures were around 0.2-

1ºC higher (Hoffman et al., 2017; Shackleton et al., 2020; Turney et al., 2020a). Arctic 

temperatures have been measured to be even higher (4-5 ºC; Anderson et al., 2006), as have 

Greenland surface temperatures (5-8 ºC; Anderson et al., 2006; Dahl-Jensen et al., 2013) and 

Antarctic surface and Southern Ocean temperatures (~1-2 ºC; Capron et al., 2017a; Chandler 

and Langebroek, 2021). However, the difference in mean annual radiative forcing is only 

+1.4Wm-2 which is not high enough to explain these temperature differences (Bova et al., 

2021). The differing deglaciation pathways have therefore been hypothesised to be the main 

driver of the different interglacial climates that followed, rather than forcings within the 

interglacials themselves. For example, the weaker AMOC persisting into the LDG has been 

proposed to be a significant contributor to the higher Antarctic and Southern Ocean 

temperatures (Obase et al., 2021). Additionally, the faster Penultimate Deglaciation compared 

to the Last Deglaciation, with ice sheets reaching near modern levels by the onset of the LIG 

compared to only half of the retreat occurring by the start of the Holocene, may have also 

contributed to the warmer LIG, since greater ice extent during the Holocene would act to cool 

the planet through higher albedo, starting the Holocene off at lower temperature (Bova et al., 

2021).  

Some studies have suggested that the increase in Southern Hemisphere temperatures at the 

onset of the LIG led to a significant mass loss from the AIS through increased subsurface ocean 

warming, contributing to the higher LIG sea levels (Clark et al., 2020; Marino et al., 2015; 

Turney et al., 2020b). This is supported by recent studies suggesting an asynchronous 

contribution to the LIG high stand (Dyer et al., 2021; Rohling et al., 2019). The reconstructions 

show a peak between ~129.5 to 124.5 ka mostly derived from Antarctica, a low centred on 

125-124 ka, and then variable influences from both the AIS and GrIS from ~124 to 119 ka 

(Rohling et al., 2019). If this warming led to areas of the AIS collapsing through marine ice 

sheet instabilities, the contribution to the sea level high stand could have been significant. 

Improving the representation of processes such as marine ice sheet instability in models and 

modelling ice sheet dynamics during past periods such as the LIG, will therefore be vital in 

constraining projections of sea level rise under climate change.  

1.2.4 Numerical modelling of glacial-interglacial cycles 

It is clear that understanding the evolution of the climate and ice sheets during past glacial-

interglacial cycles is important for understanding the response of these components of the earth 
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system to changes in climate forcing. Due to limitations of empirical data in terms of resolution, 

accuracy and precision and what it can tell us, numerical models are a vital tool that can be 

employed to help us make sense of these data and improve understanding of the processes and 

mechanisms of glacials and deglaciations. In turn, the empirical data from past periods can be 

used to help improve models through comparison of model output with constraints on climatic 

conditions and ice sheet configurations (Ely et al., 2021; Haywood et al., 2019). In particular, 

since the two-way interactions between ice sheets and all other components of the earth system 

are so important, the use of climate and ice sheet models coupled together is needed to capture 

the relevant processes leading to the changes observed, and improve our knowledge of the 

climate system. There are several types of climate and ice sheets models that have been 

developed that range in complexity that can be chosen depending on the purpose of the study. 

Energy Balance Models can range from zero to two dimensional and are the simplest numerical 

climate models that represent the Earthôs temperature by calculating the radiation budget from 

incoming and outgoing energy (Edwards, 2011). The transport of heat from the tropics to the 

polar regions is then approximated based on the horizontal temperature gradient across a single 

level and ice cover is parameterised by increasing albedo where temperatures are below a 

certain value. Since the equations that are resolved are so simple, these models can be run for 

millions of years, but they can only capture large scale variations in temperatures and do not 

simulate other atmospheric processes such as precipitation. As such, they are useful for 

understanding how the Earthôs temperature responds to changes in orbital forcing but cannot 

provide much information on changes to other components of the earth system (Budyko, 1969; 

Pollard, 2010).  

Earth System Models of Intermediate Complexity (EMICs) contain all the basic components 

of the global climate system in two to three dimensions at a level of complexity that allows 

integration over a wide range of temporal and spatial scales (Claussen et al., 2002). Therefore, 

they are often used to simulate and explore slow climate changes associated with feedbacks 

over millennial time scales, such as ice sheets and vegetation (Crucifix and Loutre, 2002; 

Petoukhov et al., 2005; Weber, 2010). This is possible as many processes are parameterised or 

not included, such as the radiative effect of clouds (Stokes et al., 2015), or are modelled at a 

relatively coarse spatial resolution. This reduces computational costs and increases the 

flexibil ity of EMICs, enabling more freedom to tune the model to remove potential biases. 

However, it also limits the scope of the information they can provide, for example they are 

unsuitable for modelling small scale or high frequency climate variations (e.g. wind driven 

ocean circulation; Intergovernmental Panel on Climate Change (IPCC), 2014; Weber, 2010). 
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Furthermore, the highly simplified nature of some processes means that parameter calibration 

may be limited in improving biases if there are model structural problems (Shi et al., 2019). 

General Circulation Models (GCMs) are three dimensional and provide the most complex 

representation of the Earthôs climate, explicitly resolving many of the relevant processes, 

although some sub-grid scale processes, such as those related to cloud formation, are still 

parameterised (Gordon et al., 2000; McGuffie and Henderson-Sellers, 2005). They can consist 

of models of the atmosphere (AGCM) or ocean (OGCM) or both can be combined to fully 

interact with each other (AOGCM) (McGuffie and Henderson-Sellers, 2005). In addition, over 

time, other components have been coupled to AOGCMs making them even more complex (e.g. 

vegetation, sea ice, carbon cycle) creating integrated multi-system models called earth system 

models (ESMs) (Edwards, 2011). They have a relatively fine resolution of 1-5º allowing the 

simulation of smaller scale ocean and atmospheric circulation patterns, which enables the 

investigation of mechanisms responsible for the large scale climate response (McGuffie and 

Henderson-Sellers, 2005). However, the large computational expense means that they are 

largely restricted to performing snapshot simulations (i.e. LGM) or shorter timescales of a few 

hundreds to thousands of years at a time (e.g. Charbit et al., 2007), rather than full glacial 

cycles.  

Ice sheet models (ISMs) are able to simulate the 3D dynamic and thermodynamic evolution of 

ice at a variety of scales and solve equations of ice flow through several approximations (Figure 

1.7). The simplest ones use shallow ice (SIA) and shallow shelf approximations (SSA). SIA 

models are a relatively good approximation for slow moving, large areas of grounded ice (i.e. 

ice sheets) that have a small depth-to-width ratio and where vertical deformation in response 

to gravity is important. Whilst SIA is computationally cheap to run, it cannot represent ice flow 

in key regions such as ice domes, ice streams and ice shelves since it does not consider 

longitudinal stresses or vertical stress gradients (Pattyn, 2003; Rutt et al., 2009). In contrast, 

SSA is suitable for modelling floating ice shelves and low drag ice streams where longitudinal 

stresses dominate. However, it vertically integrates ice velocity and so cannot accurately 

simulate regions where there are large vertical variations in speeds, such as across the 

grounding line (Bueler and Brown, 2009). There are also hybrid models, such as the Schoof-

Hindmarsh model (L1L2), which combine SSA and SIA to enable the simulation of entire ice 

sheets. For example, SIA can be used to model the interior of the ice sheet, SSA for the ice 

shelves and a combination of both for areas of ice streaming across the grounding line (Pollard 

and DeConto, 2012; Schoof and Hindmarsh, 2010). A step up from this are higher order 

models, such as the Blatter-Pattyn type models or second order models (Blatter, 1995; Pattyn, 
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2003). These incorporate additional stresses making them a better representation of whole ice 

sheet systems than hybrid models but they still may not perform well in grounding zones and 

they are also much more computationally expensive. The most complex models use no 

approximations and resolve the full Stokes equations that include all relevant stresses. As such, 

these models are very computationally expensive and can only feasibly be used to model small 

areas of ice flow over short timescales (e.g. at a specific grounding line) (Blatter et al., 2011; 

Kirchner et al., 2016).  

 

Figure 1.7: Illustration of the hierarchy of stress balance approximations available in ice sheet models. 

From Nowicki and Seroussi, (2018).  

Whilst modelling techniques and the processes represented in them have improved 

significantly over the past few decades, there are still many challenges that scientists face that 

introduce large uncertainties in the modelled output. Firstly, model structural uncertainty arises 

due to limited knowledge of climate and ice sheet processes and computational constraints. 

This means that each model differs in terms of spatial resolution, governing physical equations, 

initialisation methods and parameterisations of processes, producing a spread in model output 
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and leading to large biases in simulated climates and ice sheets (Ely et al., 2021; Li et al., 

2023a). For example, the relationship between ocean temperatures and sub-shelf melt rates is 

uncertain and ice sheet models implement several different parameterisations, ranging from 

simple linear relations to complex ice shelf cavity models. Studies comparing rates of ice sheet 

retreat using these different methods have shown they produce a large range of results (Berends 

et al., 2023; Burgard et al., 2022; Favier et al., 2019). Similarly, climate model intercomparison 

studies have demonstrated the wide range of simulated climates obtained by the different 

models despite using the same boundary conditions (Harrison et al., 2015). They have also 

shown how model development does not always guarantee increased confidence in the results, 

evidenced by the larger range in equilibrium climate sensitivity of the newer set of models in 

the Coupled Model Intercomparison Project (CMIP6) compared to the previous generation 

(CMIP5) (Meehl et al., 2020). The numerical schemes used by the models require input 

parameters which can also be very uncertain leading to parametric uncertainty. Thus models 

need to be tuned to find values of these parameters that produce reliable representations of the 

processes being modelled (Gregoire et al., 2011). Another large source of uncertainty arises 

from the choice of boundary conditions including ice sheet topography and meltwater forcing, 

which have been shown to significantly impact the modelled output (Izumi et al., 2023; Kapsch 

et al., 2022; Snoll et al., 2024). In addition, palaeo simulations often require a spin-up to allow 

the boundary conditions to adjust which requires extra computational time (Haywood et al., 

2019).  

To this end, many researchers employ techniques of uncertainty quantification to account for 

these model limitations and quantify the uncertainties that arise. The main approach employed 

to evaluate parametric uncertainty is a perturbed physics ensemble (PPE) in which a selection 

of model parameters are varied systematically across their plausible ranges to produce multiple 

combinations of model inputs to be evaluated by the model. The spread in the resulting outputs 

highlights the model sensitivity to the input parameters and each ensemble member can then 

be compared to empirical constraints to find the sets of parameters that produce plausible 

simulations in order to tune the model (e.g. Gandy et al., 2023; Gregoire et al., 2011, 2016; 

Hopcroft et al., 2021). The number of samples needed increases with the number of parameters 

being tested leading to the use of efficient sampling techniques such as Latin Hypercube 

Sampling, which generates statistically efficient random samples across multi-dimensional 

distributions (McKay, 1992; Williamson, 2015). The extent to which parametric uncertainty 

can be reduced through tuning is limited by the complexity of the model and the computational 
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resources available to run ensemble members, as well as the number of reliable observational 

constraints against which to compare the model output.  

The structural uncertainty of a model can also be quantified by evaluating the discrepancy 

between model output and observational constraints. Many studies summarise one or more 

output fields into a metric, such as ice sheet volume and extent, which can be compared against 

empirical and model reconstructions and used as a measure of structural uncertainty (e.g. 

Gregoire et al., 2011). Multi-model ensembles have been performed to assess the structural 

uncertainty of a range of models frequently used for climate projections, in which these models 

are employed to simulate past climates under most of the same boundary conditions and 

benchmarked against palaeoclimate data syntheses (Braconnot et al., 2012; Harrison et al., 

2015).  

To assess the individual impact a specific parameter or boundary condition has on the modelled 

output, sensitivity analyses can be performed. This can involve local approaches where one 

input is varied at a time whilst keeping everything else constant (e.g. Zweck and Huybrechts, 

2005), or global methods such as Sobolǋ Sensitivity Analysis (Sobolǋ, 2001; Zeng et al., 2021), 

which calculates the relative contribution of each parameter to the overall output variance and 

considers the interactions between parameters.  

Methods of sensitivity analysis can be extended through history matching which involves 

identifying areas of the parameter space that cannot be ruled out based on empirical and model 

constraints taking into account model and data uncertainty (Gardner et al., 2020; Williamson 

et al., 2013, 2015). Usually, a sensitivity analysis is performed first to find the parameters that 

are responsible for most of the variation in model output in order to reduce the dimensions of 

the parameter space, so that a larger sample of each parameter can be explored in a PPE. Once 

this PPE has been run, many groups utilise emulation methods in order to increase the number 

of samples able to be evaluated further. An emulator (e.g. Gaussian Process (GP) emulator) is 

a statistical approximation of a numerical model that is trained on the ensemble model output 

but can then be used to evaluate many more inputs using only a fraction of the computational 

costs. The resulting emulated outputs are compared to the constraint data, usually in the form 

of a singular implausibility metric, which identifies areas of the parameter space that are ñNot 

Ruled Out Yetò (NROY). These areas can then be resampled for additional waves of ensemble 

simulations and history matching to refine the space further (Gardner et al., 2020; Li et al., 

2019).  
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Other challenges arise due to technological and computational limitations that make the 

coupling of ice sheet and climate models problematic. Most AOGCMs resolve weather and 

climate processes on spatial scales of tens to hundreds of kilometres, and temporal scales of 

minutes to days, since this is the characteristic length scale of atmospheric and oceanic 

circulation. However, ISMs need to resolve much smaller scale features (a few kilometres or 

less) such as gradients of SMB on ice sheet slopes, grounding line migration and ice streaming 

(Pattyn et al., 2017), many of which evolve over millennial timescales. Running a GCM over 

these long glacial-interglacial timescales and at high enough spatial resolutions is not 

computationally feasible and has therefore led to a number of different strategies by modelling 

groups to account for this (Pollard, 2010).  

Despite these challenges, significant advancements to our understanding of the last two glacial-

interglacial cycles has occurred thanks to numerical modelling. The next section reviews some 

of these studies, which use a range of models and techniques to look at a variety of aspects of 

these time periods, and gives an overview of what current technological capabilities has 

enabled us to conclude. 

1.2.5 Previous studies 

Before recent technological advances made coupling of climate and ice sheet models feasible, 

many studies treated these components independently and either prescribed the ice sheet 

forcing in climate models or the climate forcing in ice sheet models. These methods have been 

used to simulate the ice sheet evolution over multiple glacial-interglacial cycles for use as 

forcings in the PMIP4 protocols for the Last and Penultimate Deglaciations (Abe-Ouchi et al., 

2013; Briggs et al., 2013, 2014; Tarasov et al., 2012). There is also an extensive literature using 

these methods aiming to reconstruct the ice sheets and climate of the Last Glacial Cycle and 

investigate the mechanisms behind the sequence of events (e.g. Patton et al., 2017).  

Many of these studies also explore the sensitivity of the results to modelling choices such as 

model parameters and boundary conditions. For example, Petrini et al., (2020) performed an 

ensemble of simulations using a 3D ISM of the Last Deglaciation of the BKIS forced by climate 

fields from AOGCM snapshot simulations of the LGM and pre-industrial, interpolated using a 

climate index, and a global mean sea level curve. They found that ocean forcing is the main 

driver of the retreat of the ice sheet and its sensitivity to sub-shelf melting is amplified by the 

global mean sea level rise. Conversely, van Aalderen et al., (2023) performed some similar 

ISM simulations of the EIS forced by LGM climate fields from five different PMIP 

simulations, to test its sensitivity to different drivers of deglaciation. They find that atmospheric 
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warming is the primary trigger of retreat with increasing atmospheric temperatures amplifying 

the ice sheetôs sensitivity to sub-shelf melt. They argue that these different conclusions result 

from the methodologies used to generate the initial LGM ice sheet.  

Several other studies show how the choice of AOGCM used to generate the climate fields that 

drive ISMs causes significant variations in the simulated ice sheet evolution due to the 

dominant role of atmospheric conditions on SMB. They also highlight how, although the main 

features of ice sheet evolution are captured, there are still large discrepancies when compared 

to geological reconstructions, likely as a result of missing climate-ice sheet interactions, 

missing processes in the ice sheet model itself or the choice of ice sheet reconstruction used as 

a boundary condition (Alder and Hostetler, 2019; Blasco et al., 2021; Charbit et al., 2007; Niu 

et al., 2019; Scherrenberg et al., 2023b). The sensitivity of the NH ice sheets during the Last 

Glacial Cycle to the representation of the climate is also highlighted by Zweck and Huybrechts, 

(2005) who vary 11 parameters in an ice sheet model, the GCM climate used as forcing and 

the glacial index used to scale it. The uncertainty in parameters controlling climate conditions 

over the ice sheet dominate the variability in the results but ice rheology and basal processes 

are also important for simulated ice sheet thickness. The importance of the climate forcing, as 

well as the interpolation method, used is further explored by Scherrenberg et al., (2023b). They 

force an ISM over the LDG using output from several climate models and two interpolation 

methods; climate matrix and glacial index. The GCM used to generate the climate forcing was 

much more important than the method used to interpolate the snapshots, with the majority of 

models resulting in unrealistic LGM ice volumes. However, the interpolation method used 

impacted the pattern of glacial inception and rate of deglaciation due to the representation of 

the ice-albedo feedback. The glacial index method does not include the effects on temperature 

due to albedo. This leads to biases in regions with particularly high and low albedos, which 

impacts the ice sheet evolution and produces a worse match to geological constraints. They use 

the results of these experiments to select a climate forcing for ISM simulations over several 

glacial cycles and show that proglacial lakes accelerate the deglaciation of ice sheets 

(Scherrenberg et al., 2023a).  

Abe-Ouchi et al., (2007) evaluated the influences of different feedbacks on the climate at the 

LGM through performing sensitivity tests in which they drive a GCM using different initial ice 

sheet and climate conditions. The results of these GCM simulations are then used to drive an 

ISM over the Last Glacial Cycle. They show that the ice-albedo feedback, temperature-

elevation feedback and desertification effect significantly influenced the ice sheet mass balance 

and therefore must be treated carefully when simulating glacial-interglacial cycles. Other 
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studies have also investigated possible mechanisms responsible for the abrupt events recorded 

in proxy records during the LDG. For example, it has been proposed that the NAIS could have 

had a significant contribution to MWP-1A through a saddle collapse triggered by the BA 

warming (Gregoire et al., 2012, 2016). In addition, simulations of the LDG using an EMIC 

forced by transient ice sheet and freshwater forcings show that the North Atlantic is a key driver 

in the observed millennial scale variability due to freshwater input varying the strength of deep-

water formation (Menviel et al., 2011). However, the ice sheet reconstruction and meltwater 

distribution used to force climate models has also been found to significantly impact the 

simulated millennial scale variability in transient simulations (Kapsch et al., 2022; Smith and 

Gregory, 2012). The former is largely because differences in topographies have a large impact 

on the atmospheric circulation (Liakka et al., 2016; Ullman et al., 2014).  

Fewer studies have focused on the Penultimate Glacial Cycle but several attempts have been 

made to model the PGM ice sheets in order to provide better constraints on their configurations. 

They find that using a smaller PGM NAIS to force a GCM results in a PGM climate that is 

more in line with proxy records (Colleoni et al., 2016). Similarly, using a climate field produced 

using a smaller prescribed NAIS to force an ISM results in global ice volumes that are more in 

line with sea level reconstructions (Wekerle et al., 2016). This supports the evidence that the 

NAIS was smaller during the PGM than the LGM. The last two deglaciations have been 

compared in transient simulations using an AOGCM with prescribed ice sheets and freshwater 

forcing. One study showed that a greater ice sheet discharge is needed during the PDG to 

simulate the abrupt change of HS11 compared to the LDG, highlighting the importance of the 

different orbital forcings in causing different patterns of ice mass loss and meltwater flux 

(Obase et al., 2021). Another showed that the longer period of reduced AMOC during HS11 

caused a greater subsurface warming in the Atlantic and lead to the more rapid sea level rise 

during the PDG compared to the LDG. They then used these two GCM climate outputs to drive 

an ISM, which they first optimised by performing ensembles of the better constrained LDG, 

and found that this greater subsurface warming, along with the greater glacial isostatic 

depression by the EIS, contributed to the excess ice loss from the AIS and GrIS during the LIG 

(Clark et al., 2020). However, both of these studies used an LGM ice sheet configuration as a 

starting point for both deglaciations which neglects any affects the different ice sheet 

configurations may have on the climate.  

Technological developments have permitted several solutions to the computational limitations 

of directly coupling climate and ice sheet models. As such, fully coupled simulations of the 

last two glacial periods can now be undertaken, which reduces some of the uncertainties related 
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to missing feedbacks, choice of climate or ice sheet forcing or inconsistencies between the 

simulated components. To get around the issue of different atmospheric and ice sheet grid 

resolutions, the surface mass balance calculated by the coarser atmospheric model is 

downscaled onto the finer ice sheet model grid by splitting each atmosphere grid box into 

several sub-grid scale tiles representing a different elevation range (Ganopolski et al., 2010; 

Smith et al., 2021b; Ziemen et al., 2014). These tiles are then used separately to provide finer 

scale information to the ice sheet model.  

One approach to dealing with the mismatch in temporal scales between climate and ice sheet 

processes is to use an EMIC. These much simpler models are capable of simulating longer 

timespans with minimal computational effort and have therefore been coupled with ISMs to 

perform simulations of glacial cycles. These studies have provided insights into the physical 

mechanisms and feedbacks that drove the Last Deglaciation through the performance of 

sensitivity tests. For example, in support of the Milankovitch theory, the primary trigger for ice 

sheet retreat has been shown to be an increase in insolation as a result of changing orbit, 

however CO2 concentration provides a key contribution especially in terms of modulating the 

timing of melt (Charbit et al., 2005; Ganopolski and Brovkin, 2017; Heinemann et al., 2014; 

Quiquet and Roche, 2024). In addition, simulations that include the effects of dust deposition 

and snow ageing have found it to be an important feedback in producing a full deglaciation of 

the NH during the LDG (Ganopolski et al., 2010; Willeit and Ganopolski, 2018).The magnitude 

of the freshwater forcing has also been shown to be important in whether millennial scale 

variability is simulated in the models due to the sensitivity of the AMOC, and thus also impacts 

the deglaciation of the ice sheets (Charbit et al., 2005; Ganopolski and Brovkin, 2017; Quiquet 

et al., 2021a). For example, simulations of the LDG using a coupled EMIC-ISM by Quiquet et 

al., (2021a) do not produce any abrupt changes when a realistic freshwater forcing is used since 

it causes a complete shutdown of the AMOC. Similarly, in the absence of this forcing there are 

also no abrupt changes as the AMOC remains strong. This also causes a more rapid deglaciation 

of the ice sheets, especially for North America. However, when the magnitude of the forcing 

is reduced, abrupt changes in AMOC state are simulated leading to abrupt changes in 

temperature over Greenland. This highlights that some models can be too sensitive to 

freshwater input. Additional sensitivity tests also showed that model parameters that affect 

basal sliding can impact the rate of retreat of the ice sheets due to affecting the sensitivity of 

the grounding line, but the effect on the climate evolution is limited. Changes to parameters 

controlling the SMB impact the overall size of the ice sheets but maintain similar retreat 

patterns. Finally, they show that the retreat is mostly driven by the magnitude of surface 
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ablation and is relatively insensitive to sub-shelf melt rates. This study was followed by one 

that performed equivalent simulations of the Penultimate Deglaciation in which they compared 

the two (Quiquet and Roche, 2024). They revealed that NH insolation is the main driver of 

retreat for both periods but the difference in solar insolation leads to a different rate of ice 

retreat, despite both sets of simulations starting from the same LGM ice sheet configuration. 

Warmer air temperatures and subsurface Southern Ocean temperatures are also simulated 

during the PDG, as are different AMOC sensitivities between both periods even without the 

inclusion of freshwater forcing, with the PDG circulation being more prone to collapse. They 

also highlight the importance of vegetation changes in simulating a full deglaciation due to its 

impact on albedo.  

The atmospheric and oceanic dynamics in EMICs are highly parameterised providing an 

oversimplified representation of many processes that can lead to biases in the model output and 

limit confidence in the results. Therefore, it is preferable to use AOGCMs which have a much 

more detailed representation of these processes, reducing some of these uncertainties, but are 

much more expensive. To overcome this, many simulations are performed asynchronously 

whereby the climate model is run for a short period of time and the output is then used to drive 

the ice sheet model for a much longer period which is then fed back to the climate model and 

so on (e.g. Niu et al., 2021). This decreases the computational expense since the climate model 

does not have to run for the entire simulation length required. In addition, several studies use 

low resolution versions of AOGCMs to further reduce costs and enable longer transient 

simulations or large ensembles to be performed. Ziemen et al., (2014) performed steady state 

LGM simulations using an AOGCM-ISM coupled model which produced NH ice sheets that 

agreed reasonably well with reconstructions. A subsequent study using the same model 

investigates the characteristics of Heinrich events over the Last Deglaciation through several 

transient simulations. They show a two-step response of the climate system to the events; first 

to the freshwater discharge which strengthens the stratification of the North Atlantic reducing 

deep-water formation. This weakens ocean circulation and cools the North Atlantic. Second, 

once the freshwater discharge ends, and the NAIS surface elevation is at a minimum, the lower 

elevation allows the Jetstream to expand northwards, weakening the subpolar gyre and cooling 

Europe. The effects of ice sheet topography on atmospheric circulation provides an explanation 

for the observed two-stage behaviour during Heinrich events, which experiments using 

uncoupled climate models have been unable to simulate (Roberts et al., 2014; Ziemen et al., 

2019). The importance of climate-ice sheet interactions is further highlighted in a study by 

Gregory et al., (2012) who simulated the Last Glacial Inception over North America. They 
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found that the ice-albedo feedback has a dominant role on the initial expansion of ice over the 

continent, with the temperature elevation feedback also becoming important for the thickening 

of the ice sheets later on in the glacial period. There are also topographic influences on 

atmospheric circulation which affects the cloud and temperature patterns and therefore the ice 

sheet growth.  

These studies all used one set of model parameters, the values of which can be very uncertain, 

causing uncertainty or error in the results, as has been shown in ensemble and sensitivity 

experiments performed by uncoupled models (Gregoire et al., 2011; Pittard et al., 2022; Pollard 

et al., 2016). As such, more recent efforts to simulate the LGM NAIS and GrIS have tried to 

quantify this uncertainty in coupled GCM-ISM ensemble experiments. Gandy et al., (2023) 

found that the value of parameters controlling the surface albedo of the NAIS determined the 

majority of the uncertainty in the LGM configuration and that different values are needed to 

produce realistic modern day Greenland configurations. Sherriff-Tadano et al., (2024) 

expanded on this by including a slab ocean model and a more complex ice sheet model able to 

better simulate ice dynamics. They also show the importance of albedo parameters on the NAIS 

volume but find that Greenland is more affected by the rate of basal sliding due to the larger 

contribution from calving on its mass balance.  

The coarse resolution of the climate and ice sheet models used in these studies leads to some 

biases in the simulated climates and the underestimation of some smaller scale features such 

as ice lobes and ice streams. For example, simulations tend to grow too much ice over Alaska 

and Northern Siberia due to a cold bias over this region which is then amplified by albedo and 

altitude feedbacks (Gandy et al., 2023; Sherriff-Tadano et al., 2024; Ziemen et al., 2014). 

Ziemen et al., (2014) also suggest that these discrepancies could be due to the effects of dust 

feedbacks not being included in the model or too long integration times under a constant LGM 

boundary condition. They highlight that in reality the ice sheet and climate state at the LGM 

were not in equilibrium and transient simulations over the last glacial would produce a better 

representation. Many coupled simulations also underestimate the southern extent of the ice 

sheets possibly due to an underestimation of the stationary wave effect that cools these areas 

(Abe-Ouchi et al., 2007; Roe and Lindzen, 2001; Sherriff-Tadano et al., 2024). 

1.3 Aims and approach of this study 

The overall aim of this thesis is to understand the evolution of the Northern Hemisphere ice 

sheets during the Last and Penultimate Deglaciations and why they differed. This will be 

achieved by performing the first transient simulations of these two time periods using a GCM 
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coupled to an ISM under the different climate forcings and initial ice sheet conditions. The 

following four research questions will be investigated to help achieve the aim: 

RQ1. Why did the configuration of the Northern Hemisphere ice sheets differ during 

the Last Glacial Maximum and Penultimate Glacial Maximum? 

RQ2. Which climatological and glaciological processes and feedbacks are important 

when simulating glacial periods? 

RQ3. What are the similarities and differences between the last two deglaciations due 

to the different transient climate forcings (orbit, GHGs, sea surface conditions) and 

initial ice sheet states? 

RQ4. What were the main drivers of ice sheet retreat during the last two deglaciations? 

In order to answer these questions there are a number of steps that must be performed that 

direct the approach that this thesis has taken. Thus, the next three chapters of this thesis tackle 

four main objectives outlined in Table 1.1. 

Table 1.1: Research objectives and the relevant thesis chapters in which they are addressed. 

Objective Chapter(s) 

OBJ1. Develop implausibility metrics to constrain the model output and 

find simulations that produce plausible LGM and PGM Northern 

Hemisphere ice sheets  

2, 3 

OBJ2. Assess the uncertainty in the simulated ice sheets that arises from 

model parameter and boundary condition uncertainties 

2, 3, 4 

OBJ3. Determine the sensitivity of the individual ice sheet evolutions to 

model parameters  

2, 3, 4 

OBJ4. Evaluate the importance of different drivers in the deglaciations 

through sensitivity tests 

4 

 

The strong, diverse interactions between the atmosphere and ice sheets have a large influence 

on the surface mass balance of the ice sheets (e.g. through albedo and topography feedbacks) 

and therefore their evolution through glacial-interglacial cycles. They thus need to be explicitly 

modelled in order to understand the differences between the last two glacial-interglacial cycles 

and answer the research questions. This requires the use of a fully coupled atmospheric-ice 
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sheet model to perform simulations of these periods. In this thesis we use a version of the 

FAMOUS general circulation model that has been developed to enable the bi-directional 

coupling to an ice sheet model (FAMOUS-ice; Smith et al., 2021b). Since the research 

questions and objectives require running multi-millennial simulations and large ensembles, the 

use of a high resolution AGCM is unfeasible. FAMOUS uses the same physics as the HadCM3 

AGCM but at a lower resolution, making it more computationally efficient. Whilst it runs at 

similar resolutions to many EMICs, it has a much more complex representation of many 

atmospheric processes reducing the uncertainty from simplified parameterisations.  

We use two 3D ice sheet models that are suitable for different applications. Glimmer is a fast, 

low resolution dynamical ISM that uses the shallow ice approximation making it adequate for 

simulating continental ice sheets over glacial-interglacial scales (Rutt et al., 2009). We also 

employ the more complex ISM, BISICLES, which uses L1L2 physics and allows smaller areas 

of interest to be simulated at higher resolution through adaptive mesh refinement, making it 

more suitable for simulating ice streaming across grounding lines which could be important for 

the largely marine based Eurasian ice sheet (Cornford et al., 2013).  

The coupling procedure and representation of albedo in the latest version of FAMOUS-ice used 

in this thesis, also give it advantage over other model approaches for the representation of SMB. 

Surface mass balance is calculated using a multi-layer surface snow scheme on sub-grid scale 

tiles at set elevations within each glaciated grid box in FAMOUS, enabling it to be effectively 

downscaled onto the finer ice sheet model grid (Smith et al., 2021b). This scheme calculates 

SMB based on the surface energy budget and snowfall making it more realistic compared to 

empirical parameterisations based on surface air temperatures and precipitation, that are often 

used (e.g. Gregory et al., 2012; Quiquet et al., 2021a). In addition, the snow and ice albedo is 

a prognostic quantity in FAMOUS-ice, rather than prescribed, calculated using the age, density 

and temperature of the snow or ice at the surface.  

Simulations of deglaciations must start from a spun-up glacial maximum condition with the 

different ice sheet configurations consistent with the different glacial climates. Starting from 

the different glacial maximum conditions is important because the configuration of the ice 

sheets impacts the interactions they have with the climate, as discussed in Sects. 1.2.2 and 

1.2.3.1. However, as we have seen, the ice sheet configuration is sensitive to the choice of 

model parameters. Gandy et al., (2023) performed simulations using FAMOUS coupled to 

Glimmer and found that the model was overtuned to fit present day Greenland conditions and 

deglaciated under LGM conditions. So, work first needed to be done to tune the model to 



39 
 

simulate a plausible NAIS at the LGM. This was done by performing an ensemble of 

simulations varying 13 climate and ice sheet parameters over their range of possible values and 

ruling out any simulations that do not have a reasonable match to volume and extent 

constraints. By doing this they obtain a small set of plausible spun up LGM North American 

ice sheets. However, we still lack a PGM NAIS initial condition. This forms the basis of 

Chapter 2 of this thesis, expanding the work of Gandy et al., (2023) by running ensembles of 

simulations of the LGM and PGM North American ice sheets under their respective climate 

boundary conditions (i.e. orbital parameters and GHGs) to equilibrium. Chapter 3 develops 

this work further by including the Eurasian ice sheet in the simulations and using the more 

complex ice sheet model, BISICLES, to perform additional LGM and PGM ensembles varying 

12 parameters. Chapter 4 then uses the glacial maxima equilibrium simulations produced from 

Chapter 3 as initial conditions for transient simulations of the Last and Penultimate 

Deglaciations. 
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Chapter 2 

2 Contrasting the Penultimate and Last Glacial 

Maxima (140 and 21 ka) using coupled climate-

ice sheet modelling  
 

This chapter has been published as Patterson et al., 2024, Contrasting the Penultimate Glacial 

Maximum and the Last Glacial Maximum (140 and 21k꜡a) using coupled climateïice sheet 

modelling, Climate of the Past, 20(10), pp.2191ï2218, https://doi.org/10.5194/cp-20-2191-

2024 

 

2.1 Abstract 

The configuration of the Northern Hemisphere ice sheets during the Penultimate Glacial 

Maximum differed to the Last Glacial Maximum. However, the reasons for this are not yet 

fully understood. These differences likely contributed to the varied deglaciation pathways 

experienced following the glacial maxima and may have had consequences for the interglacial 

sea level rise. Therefore, a better understanding of how and why these two glacial maxima 

differed is crucial for developing the full picture on why the Last Interglacial sea level was up 

to 9 meters higher than today, and thus may help constrain future sea level rise. To understand 

the differences between the North American ice sheet at the Last and Penultimate glacial 

maxima (21 and 140 ka), we perform two perturbed-physics ensembles of 62 simulations using 

a coupled climate-ice sheet model FAMOUS-ice, in which the North American and Greenland 

ice sheets are dynamically simulated with the Glimmer ice sheet model. We select six ensemble 

members that match reconstructed ice extent and volumes at the Last and Penultimate glacial 

maxima. To understand the role of orbit, greenhouse gases and initial conditions on the final 

ice sheet configurations, we use a factor decomposition technique. This reveals that the initial 

ice sheet conditions used in the model are extremely important in determining the difference in 

final ice volumes between both periods due to the large effect of the ice-albedo feedback. In 

contrast to evidence of a smaller Penultimate North American ice sheet, our model shows that 

the climate boundary conditions at these glacial maxima, if considered in isolation, imply a 

larger Penultimate Glacial Maximum North American ice sheet than at the Last Glacial 

https://doi.org/10.5194/cp-20-2191-2024
https://doi.org/10.5194/cp-20-2191-2024
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Maximum, of around 6 meters sea level equivalent. This suggests the growth of the ice sheet 

prior to the glacial maxima is key in explaining the differences in North American ice volume.   

2.2 Introduction 

The Penultimate Glacial Maximum (PGM) occurred around 140 thousand years ago (ka), 

within Marine Isotope Stage 6 (MIS 6). Greenhouse gas (GHG) concentrations and global 

average insolation were similar to the Last Glacial Maximum (LGM; ~21 ka) (Bereiter et al., 

2015; Berger and Loutre, 1991; Loulergue et al., 2008) but the orbital configuration differed, 

affecting the seasonal and latitudinal distribution of incoming shortwave radiation (Berger, 

1978; Colleoni et al., 2011). The global total ice sheet volume, and thus the global mean sea 

level, was likely similar between the two glacial maxima (~120-130 m below present), with 

larger uncertainty at the PGM (Masson-Delmotte et al., 2010; Rabineau et al., 2006; Rohling 

et al., 2017). Both geological evidence and numerical modelling suggest that despite the 

similarities in total ice volume between the PGM and the LGM, the configurations of the 

Northern Hemisphere (NH) ice sheets differed significantly (e.g. Batchelor et al., 2019; 

Colleoni et al., 2016; Svendsen et al., 2004).  

Some reconstructions suggest the Eurasian ice sheet (EIS) may have been up to ~50% larger 

during the Penultimate Glacial Cycle (MIS 6: ~190-130 ka) than during the Last Glacial Cycle 

(~115-12 ka) (Svendsen et al., 2004). However, evidence of multiple advances and 

uncertainties in dating proxy records means that the maximum extent mapped at 140 ka could 

correspond to previous advances during MIS 6 (Colleoni et al., 2016; Ehlers et al., 2018; 

Margari et al., 2014; Svendsen et al., 2004). The extent of the North American ice sheet (NAIS) 

during the PGM is even less well constrained due to a lack of glaciological evidence (e.g. 

moraines and till). The scarcity of empirical data in itself suggests that it was smaller in most 

areas than at the LGM because the subsequent larger ice sheet could have largely erased the 

evidence of prior glaciations (Dyke et al., 2002; Rohling et al., 2017). Additionally, evidence 

of reduced ice rafted debris (IRD) discharge from the Hudson Strait in the North Atlantic IRD 

belt (e.g. Hemming, 2004; Naafs et al., 2013; Obrochta et al., 2014), relative sea level 

assessment studies (e.g. Rohling et al., 2017) and climate, ice sheet and glacial isostatic 

adjustment modelling (e.g. Colleoni et al., 2016; Dyer et al., 2021) all point to a smaller volume 

PGM NAIS. For example, assuming a similar global mean sea level fall (and Antarctic ice 

sheet volume) at the PGM as at the LGM but with a larger volume EIS at the PGM (estimated 

at 33-53 m sea level equivalent (m s.l.e.) versus 14-29 m s.l.e. at the LGM), this follows that 
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the NAIS must have been smaller than at the LGM to compensate (39-59 m s.l.e. versus 51-88 

m s.l.e.) (Rohling et al., 2017).  

The reason for these differences is likely complex and is not yet fully understood. The evolution 

and surface mass balance (SMB) of ice sheets depends on many factors such as; background 

climate, climate and ice sheet histories, dust deposition, vegetation, ice albedo and sea surface 

temperatures (SSTs), as well as the interactions and feedbacks between them all (Colleoni et 

al., 2009a, 2011; Kageyama et al., 2004; Krinner et al., 2006, 2011; Liakka et al., 2012; Stone 

and Lunt, 2013). The ice sheets themselves also strongly influence the climate through their 

interactions with atmospheric and oceanic circulation and the energy balance. This alters global 

and local temperature and precipitation patterns which in turn affects ice sheet ablation and 

accumulation (i.e. SMB) (Abe-Ouchi et al., 2007; Beghin et al., 2014, 2015; Gregoire et al., 

2015, 2018; Izumi et al., 2023; Kageyama and Valdes, 2000; Liakka et al., 2016; Snoll et al., 

2022; Ullman et al., 2014). These interactions between the vast ice sheets and other components 

of the climate system exerted an important control on the initial climate state for the 

deglaciations, and hence on the subsequent chain of events, thus impacting the climate, ocean 

and sea level evolution during deglaciation. Thus, the contrasting configurations of the NH ice 

sheets at the glacial maxima may have contributed to the different deglaciation pathways that 

followed. The timings and magnitudes of the climate and ocean circulation changes that 

occurred during the Penultimate Deglaciation (~140-128 ka) differed to the Last Deglaciation 

(~21-9 ka) (Landais et al., 2013; Menviel et al., 2019). For example, the Last Deglaciation 

experienced two abrupt climate changes associated with a weakened Atlantic Meridional 

Overturning Circulation; Heinrich Stadial 1 and the Younger Dryas (Denton et al., 2010; 

Ivanovic et al., 2016), compared to evidence of only one, much longer abrupt change towards 

the end of the Penultimate Deglaciation, Heinrich Stadial 11 (Cheng et al., 2009; Govin et al., 

2015; Jiménez-Amat and Zahn, 2015; Marino et al., 2015). The deglaciations also led to 

interglacials with very different characteristics to one another, including average global surface 

temperatures 1-2 °C higher and sea level up to 9 m higher than the pre-industrial during the 

Last Interglacial (~129-116 ka) (Dutton et al., 2015; Dutton and Lambeck, 2012; Dyer et al., 

2021; Grant et al., 2014; Kopp et al., 2009; Otto-Bliesner et al., 2013b; Turney and Jones, 

2010).    

In this context, it is important to examine the complex physical interactions between the climate 

and the ice sheets to better understand why the last two glacial maxima had different ice sheet 

configurations and evaluate the ice sheetsô sensitivities to changes in climate in relation to 

different orbits and GHG concentrations.   
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Despite the challenges in coupling atmosphere-ocean general circulation models (AOGCMs) 

with ice sheet models due to the mismatch between the required spatial and temporal scales, 

recent technical advances have meant that this is now possible. A combination of increased 

computer power, the development of more computationally efficient, lower resolution 

AOGCMs and sub-grid scale schemes translating ice sheet relevant atmospheric processes onto 

the higher resolution ice sheet grid, has made bi-directional, coupled climate-ice sheet 

simulations over longer timescales, and in large ensembles, feasible (Fyke et al., 2011; 

Sellevold et al., 2019; Smith et al., 2021b; Vizcaíno et al., 2013; Ziemen et al., 2014).    

This study uses a coupled climate-ice sheet model, called FAMOUS-ice (Smith et al., 2021b), 

to perform ensemble simulations of the PGM and LGM to explore input climate and ice sheet 

parameter uncertainties, their effects on the North American ice sheet volume during each 

period, and find parameter combinations that give a reasonable ice sheet configuration for both 

glacial maxima. The ensembles are also constrained based on volume and extent metrics and 

the ñNot Ruled Out Yetò (NROY) simulations are analysed to try and understand the 

similarities and differences between both periods. We find that the initial conditions used in 

the LGM and PGM experiments played an important role in some of the differences seen and 

we quantify this impact through the use of sensitivity tests and factor decomposition analysis.  

2.3 Methods  
2.3.1 Model description  
FAMOUS is a fast, low resolution AOGCM that is based on Hadley Centre coupled model, 

HadCM3, and therefore retains all the complex processes represented in an AOGCM but uses 

only half the spatial resolution and a longer time step. Since it requires only 10% of the 

computational costs of HadCM3, it has been successfully used for long transient palaeo 

simulations (Dentith et al., 2019; Gregoire et al., 2012; Gregory et al., 2012; Roberts et al., 

2014; Smith and Gregory, 2012) and large ensembles for uncertainty quantification (Gandy et 

al., 2023; Gregoire et al., 2011). This study uses the atmospheric component, which is a quasi-

hydrostatic, primitive equation grid point model with a horizontal resolution of 7.5° longitude 

by 5° latitude with 11 vertical levels and a 1-hour time step (Williams et al., 2013). Land 

processes are modelled using the MOSES2.2 land surface scheme (Essery et al., 2003), which 

uses a set of sub-gridscale tiles in each grid box to represent fractions of nine different surface 

types, including land ice (Smith et al., 2021b). Whilst this study prescribes sea surface 
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temperatures (SSTs) and sea ice concentrations, FAMOUS can also be run fully coupled with 

a dynamical ocean (e.g. Dentith et al., 2019).   

FAMOUS now allows the direct two way coupling to an ice sheet model in the configuration 

FAMOUS-ice (Smith et al., 2021b). Here, we use FAMOUS in combination with Glimmer to 

interactively simulate the North American and Greenland ice sheets at 40 km resolution. 

Glimmer is a fast running, 3D thermomechanical ice sheet model which uses the shallow ice 

approximation. This allows it to model ice sheet evolution over long timescales as it is more 

computationally efficient, and therefore has been used to simulate continental ice sheets over 

glacial-interglacial cycles (Gregoire et al., 2016; Rutt et al., 2009).    

FAMOUS-ice accounts for the mismatch between atmosphere and ice sheet grid sizes by using 

a multi-layer surface snow scheme to calculate SMB on ñtilesò at 10 set elevations within each 

grid box that contains land ice in FAMOUS. This SMB is then downscaled from the coarse 

FAMOUS grid to the much finer Glimmer grid at each model year (Smith et al., 2021b). 

Glimmer uses this SMB field to calculate ice flow and surface elevation and passes this back 

to FAMOUS in which orography and ice cover is updated. In this study, to reduce 

computational costs further, FAMOUS-ice runs at 10 times ice sheet acceleration: for every 

year of climate integrated in FAMOUS, the simulated SMB field forces 10 years of ice sheet 

integration in Glimmer. Figure 2.1 shows a simplified diagram of this coupling process and 

full details can be found in Smith et al. (2021b). The current computational cost of this set-up 

is around 50 decades (of climate years) per wallclock day using 8 processors.   

FAMOUS-ice has been shown to perform well in simulations of past and future ice sheets 

including Greenland and North America (Gandy et al., 2023; Gregory et al., 2020; Smith et al., 

2021b). In particular, the LGM North American ice sheet study of Gandy et al. (2023) was able 

to utilise the useful constraints of the LGM to infer the importance of parameters controlling 

ice sheet albedo on ice sheet configuration in this model.  
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Figure 2.1: Schematic illustrating the calculation of SMB at different elevations on the FAMOUS grid 

followed by downscaling onto the Glimmer grid.  

2.3.2 Experiment design 

2.3.2.1 Climate boundary conditions 

With the exception of including dynamic North American and Greenland ice sheets, our 

FAMOUS-ice simulations are set up following the Paleoclimate Modelling Intercomparison 

Project Phase 4 (PMIP4) protocols for the LGM (Kageyama et al., 2017) and PGM (Menviel 

et al., 2019). These protocols prescribe climatic boundary conditions, including orbital 

parameters and GHG concentrations, the values of which can be found in Table 2.1. 

Concentrations of CO2, CH4, and N2O are very similar between the LGM and PGM, but orbital 

parameters are significantly different. The larger eccentricity at the PGM enhances the effect 

of precession compared to the LGM, which affects the seasonal and latitudinal distribution of 

insolation. These changes are important for ice sheet surface mass balance since melting is 

particularly sensitive to spring and summer temperatures (Huybers, 2006; Niu et al., 2019). 

The PGM received lower insolation in the Northern Hemisphere in late winter to early summer 

but higher levels in late summer to early winter compared to the LGM (Figure 2.2a). 

Subsequent to the completion of this work, it was discovered that the equation for the role of 



46 
 

eccentricity on solar insolation was incorrect in the model code. The magnitude of the error is 

larger for periods with higher eccentricity values, and so a sensitivity test was run to determine 

the effect this correction has on SMB and ice volume at the PGM. Details of this error and the 

results of the sensitivity test can be found in Sect. 2.7.1, but the impact was shown to be 

minimal, and it has been corrected for the work in Chapters 3 and 4 of this thesis (Figure 2.12).  

Table 2.1: Climate boundary conditions used in the LGM and PGM experiments as prescribed by the 

PMIP4 protocols for each period (Kageyama et al., 2017; Menviel et al., 2019). 

 Eccentr-
icity 

Obliquity 
(°) 

Perihelion 
ï 180 (°) 

Solar 
Constant 

(Wm-2) 

CO2 
(ppm) 

CH4 
(ppb) 

N2O 
(ppb) 

Orography and 
ice extent 

LGM 

(21 ka) 

0.019 22.949 114 1360.7 190 375 200 GLAC-1D  

(Briggs et al., 
2014; Ivanovic 

et al., 2016; 

Tarasov et al., 
2012) 

PGM 

(140 ka) 

0.033 23.414 73 1360.7 191 385 201 Combined 

reconstruction 

(Abe-Ouchi et 
al., 2013; 

Briggs et al., 

2014; Tarasov 

et al., 2012) 

 

In the climate model, the global orography (including the Eurasian and Antarctic ice sheets) 

and land-sea mask for the LGM are calculated from the GLAC-1D 21 ka reconstruction (Briggs 

et al., 2014; Ivanovic et al., 2016; Tarasov et al., 2012), which is one of three recommendations 

in the PMIP4 protocol (Kageyama et al., 2017).  For the PGM simulations we used the 140 ka 

combined reconstruction (Abe-Ouchi et al., 2013; Briggs et al., 2014; Tarasov et al., 2012) 

detailed in the PGM PMIP4 protocol (Menviel et al., 2019). Vegetation is prescribed based on 

a pre-industrial distribution and kept constant. As ice cover changes, the fractions of grid cells 

that are land ice versus other surface types changes proportionally, altering albedo. However, 

since there is no dynamical vegetation component, some important climate-ice-vegetation 

feedbacks are neglected, which could have a significant impact on ice sheet evolution (Stone 

and Lunt, 2013).  

Because of the low resolution of the FAMOUS model, using a dynamical ocean and sea ice 

can introduce large biases in the simulated climate (Dentith et al., 2019). By prescribing SST 

and sea ice, we are able to limit the amplification of climate biases arising from atmosphere-

ocean-sea ice interactions. Thus, SSTs and sea ice concentration are also prescribed and 

constant and are taken from higher resolution HadCM3 simulations of 21ka (Figure 2.13a; see 
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details in Izumi et al. (2023) and 140 ka (Figure 2.13b). The 140 ka simulation is part of a suite 

of simulations covering the last 140,000 years (Allen et al., 2020). It was performed using a 

version of HadCM3 (specifically HadCM3B-M2.1aD, see Valdes et al. (2017), which was the 

same version as used by Izumi et al. (2023) for the LGM and Davies-Barnard et al. (2017)). 

The simulation was forced with 140 ka orbital configuration (Berger and Loutre, 1991) and 

greenhouse gases (Loulergue et al., 2008; Petit et al., 1999; Spahni et al., 2005). Ice sheet 

forcing and land sea mask were from de Boer et al. (2013) who modelled the evolution of all 

the major ice sheets. It was run as a ñsnapshotò simulation for 3070 years which allowed the 

deeper ocean to attain near equilibrium. 

FAMOUS atmosphere-ocean GCM has not been run for the PGM, and we lack sufficient data 

density for precisely dated PGM SSTs and sea-ice to produce statistically varied 

reconstructions, as in Gandy et al. (2023). Thus, for physical consistency between the LGM 

and PGM periods, HadCM3 output was used for the surface ocean boundary conditions. Of all 

possible options, HadCM3 output is the most appropriate choice for this because it is the parent 

model for FAMOUS; they share the same physics, differing mainly in their resolutions, and 

HadCM3 was used as the tuning target for FAMOUS during model development (Smith et al., 

2008). We take the multi-year monthly mean ñclimatologyò of SSTs and sea ice concentrations 

from the final 100 years of the simulations. These 12-month climatologies are repeated 

throughout the duration of the simulations to provide a seasonal forcing with no long-term 

trend and no interannual variability.  

The modelled annual average SSTs are cooler at the LGM than at the PGM, everywhere, except 

in the North Atlantic due to less sea ice cover in this region (Figure 2.2b). However, the summer 

SSTs are warmer in the Northern Hemisphere at the LGM compared to the PGM (Figure 2.2c). 

The HadCM3 LGM SSTs are colder on average than the reconstruction in Gandy et al. (2023), 

with the largest differences, of up to 6 ºC, occurring in the tropics and mid-latitudes (Figure 

2.13c).   
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Figure 2.2: Difference between the LGM and PGM (a) latitudinal distribution of incoming top of the 

atmosphere shortwave radiation each month (b) modelled annual sea surface temperatures and (c) 

modelled summer (JJA) sea surface temperatures.  

2.3.2.2 Ice sheet boundary and initial conditions 

In all our simulations, the ice sheet extent is set to the PMIP4 boundary conditions for the LGM 

and PGM as described in Table 2.1, except in the interactive ice sheet model domain, which 

covers North America and Greenland. Here, we describe how the ice extent and elevation is 

initialised in FAMOUS and Glimmer over the interactive domain in our ensemble of PGM and 

LGM simulations and sensitivity experiments. 

In our ensemble of LGM and PGM simulations, Glimmer is initiated from an 18.2 ka NAIS 

taken from a previous Last Deglaciation ensemble (Gregoire et al., 2016). This smaller 

intermediate (MIS 3-like) ice sheet was used in Gandy et al. (2023) as an approximate pre-

glacial maximum extent from which to grow the ice sheet towards an equilibrium ice volume. 

For consistency, we used the same initial ice sheet conditions as in Gandy et al. (2023) when 

running our ensembles of LGM and PGM simulations. The coupling between the models 

passes this orography field from Glimmer to FAMOUS, updating the PMIP4 boundary 

condition that FAMOUS was initiated from. However, due to the technical formulation of the 

coupling, where entire gridboxes were initialised as covered in ice at all elevations in 

FAMOUS, the tiles in such gridboxes would not subsequently update to reflect the existence 
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of any non-glaciated fractions that might exist in the Glimmer state. This means that when the 

initial conditions are radically different in FAMOUS and Glimmer (as in our ensemble of 

simulations), the FAMOUS ice extent over the North American continent is not updated to 

match the Glimmer initial conditions. Thus, in our ensemble of LGM simulations, the albedo 

remains high throughout the saddle region (the area between the Laurentide and Cordilleran 

ice sheets) because the FAMOUS ice extent remains as large as the atmospheric modelôs initial 

conditions (i.e. the GLAC-1D 21 ka reconstruction) for the duration of the simulations (Figure 

2.3). This coupling procedure has since been improved to allow tile fractions to update to match 

those in the ice sheet model despite drastically different initial ice cover. The different ice sheet 

configurations used in FAMOUS and Glimmer in the ensembles, are outlined in our table of 

experiments, Table 2.2 (experiments 1 and 2). The impact of this set-up compared to an ice 

sheet configuration matched in FAMOUS and Glimmer is explored in Sects. 2.4.2 and 2.7.3. 

 

Figure 2.3: Topography anomaly from present day used as the initial condition in FAMOUS and the ice 

masks (red lines) for (a) the LGM and (b) the PGM.  

We perform two sets of sensitivity experiments to understand the relative impact of the initial 

ice sheet conditions and the climate forcing on the resulting LGM and PGM NAIS volumes. 

The first set of experiments uses matching ice sheet configurations in FAMOUS and Glimmer, 

set either to the LGM GLAC-1D reconstruction or to the end of one of our PGM coupled 

simulations (Table 2.2; experiments 3ï6). The second set uses the same initial ice sheet 

configurations as in the ensemble, i.e. GLAC-1D and PMIP4 reconstructions in FAMOUS and 

the 18.2 ka ice sheet in Glimmer (Table 2.2; experiments 7-10). A full description of the initial 

conditions and methods used in these sensitivity experiments can be found in Sect. 2.3.5.  
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Table 2.2: Table of experiments performed in this study detailing the ñclimate forcingò (orbital 

configuration, trace gases and global orography as outlined in Table 2.1 and SSTs/sea ice from HadCM3), 

initial ice extent set in FAMOUS over Greenland and North America, initial Glimmer ice sheet conditions 

and input parameter values. NROY are the simulations that are ñNot Ruled Out Yetò after applying the 

implausibility metric described in Sect. 2.3.4.  

Experiments Climate 

forcing  

FAMOUS initial ice 

extent 

Glimmer initial 

condition 

Input parameter 

values 

1) LGM ensemble LGM PMIP4 LGM 

(GLAC-1D)  

18.2 ka ice sheet Randomly sampled 

from Table 2.3 ranges 

(See Sect. 2.3.3) 

2) PGM ensemble PGM PMIP4 PGM  18.2 ka ice sheet Randomly sampled 

from Table 2.3 ranges 

(See Sect. 2.3.3) 

3) V_1 (full LGM)  LGM PMIP4 LGM 

(GLAC-1D) 

PMIP4 LGM 

GLAC-1D 

Matching NROYa 

simulation 

xpken/xpkyn (See 

Sect. 2.3.4 and 2.4.1) 

4) Vc_1 PGM PMIP4 LGM 

(GLAC-1D) 

PMIP4 LGM 

GLAC-1D 

5) Vi_1 LGM PGM NROYa 

(xpkyn) 

PGM NROYa 

(xpkyn) 

6) Vci_1 (full 

PGM) 

PGM PGM NROYa 

(xpkyn) 

PGM NROYa 

(xpkyn) 

7) V_2 (NROYa 

LGM)  

LGM PMIP4 LGM 

(GLAC-1D) 

18.2 ka ice sheet 

8) Vc_2 PGM PMIP4 LGM 

(GLAC-1D) 

18.2 ka ice sheet 

9) Vi_2 LGM PMIP4 PGM  18.2 ka ice sheet 

10) Vci_2 (NROYa 

PGM) 

PGM PMIP4 PGM  18.2 ka ice sheet 

 

2.3.3 Ensemble design 

The ensemble by Gandy et al. (2023) showed that uncertainty in parameters controlling SMB, 

ice sheet dynamics and climatic conditions over the ice sheets had a significant influence on 

the extent and volume of the LGM NAIS, with albedo parameters explaining the majority of 

the variation in model output. Since these parameters needed re-tuning from simulations of the 

present day Greenland ice sheet to produce an acceptable LGM NAIS configuration in 

FAMOUS-ice under LGM climate conditions, the PGM may also show different sensitivities 
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to the uncertain parameters. Therefore, we ran new ensembles of the LGM and PGM in order 

to explore uncertainties and identify combinations of climate and ice sheet parameters that 

perform well for both periods.   

Following on from Gandy et al. (2023), a second wave of simulations was performed and 

compared to reconstructions of ice sheet extent and volume to identify ñNot Ruled Out Yetò 

(NROY) parameter combinations (see methodology in Sect. 2.7.4), the results of which formed 

the basis of the ensemble design in this study. We re-ran the LGM ensemble to allow for slight 

changes in the experiment design compared to Gandy et al. (2023): we use orbital parameters 

for 21 ka rather than 23 ka and HadCM3 SSTs instead of a statistical reconstruction (see Sect. 

2.3.2.1). Table 2.3 details the 13 parameters that were varied in these simulations. Out of the 

176 NROY parameter combinations from the Wave 2, a representative subset of 62 were 

selected which provided adequate coverage of the NROY space (see Sect. 2.7.4 for details). 

Each was run for 1000 climate years (10,000 ice sheet years) for both the LGM and PGM 

experiments until the majority of the ice sheet reached close to equilibrium. Despite differences 

in the model set-up between this study and Gandy et al. (2023), we expect the 62 samples 

chosen from their design to be a good estimate to an optimal parameter design for our 

experiment design (Sect. 2.7.4).  

Table 2.3: Description of parameters varied in the ensembles. Adapted from Gandy et al. (2023). 

Parameter Range Description 

lapse rate 

(tgrad) 

-0.01 ï -0.002  

K m-1 

Prescribed lapse rate for air temperature used to downscale 

FAMOUS near-surface ice sheet climate onto surface 

elevation tiles. Down welling longwave radiation is also 

adjusted for consistency. More negative values lead to 

stronger lapse rate effects (Smith et al., 2021b). 

daice -0.4 ï 0  

K-1 

Sensitivity of bare-ice albedo to surface air temperatures once 

the surface is in a melt regime. Albedo reduced to as low as 

0.15 with minimum value (Smith et al., 2021b). 

fsnow 350 ï 800  

kg m-3 

The threshold in surface snow density at which the FAMOUS 

albedo scheme switches from a scattering paradigm 

appropriate for a conglomeration of snow grains to one more 

appropriate for a solid surface. Higher values correspond to 

using brighter albedos for denser snow, increasing ice sheet 

albedo (Smith et al., 2021b). 
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av_gr 0 ï 0.01  

µ m-1 

Sensitivity of the snow albedo to variation in surface grain 

size. Higher values enhance the darkening of snow over time, 

decreasing the albedo (Smith et al., 2021b). 

rhcrit 0.6 ï 0.9  

Pa-1 

The threshold of relative humidity for cloud formation (Smith, 

1990).  A higher value means clouds can form less easily. 

vf1 1 ï 2  

m s-1 

The precipitating ice fall-out speed (Heymsfield, 1977). 

ct 5x10-5 ï 4x10-4   

s-1 

The conversion rate of cloud liquid water droplets to 

precipitation (Smith, 1990). 

cw 1x10-4 ï 2x10-3   

kg m-3 

The threshold values of cloud liquid water for formation of 

precipitation (Smith, 1990). Only the value for the land is 

varied. 

entrainment 

coeff 

1.5 ï 6 Rate of mixing between environmental air and convective 

plume. Higher values enhance mixing of convective plumes 

with ambient dry air. 

alpham 0.2 ï 0.65 The sea ice lowest albedo (Crossley & Roberts, 1995).   

basal sliding 0.5 ï 20  

mm yr -1 

The basal sliding rate. A higher value allows increased ice 

velocity. 

mantle 

relaxation time 

300 ï 9000  

yrs 

The relaxation time of the mantle, a lower value making the 

mantle less viscous, thus allowing a quicker topographic 

rebound. 

flow 

enhancement 

factor (flow 

factor) 

1 ï 10 Glenôs Flow Law enhancement factor. Increasing the factor 

makes the ice softer and more deformable (Rutt et al., 2009). 

 

2.3.4 Implausibility criteria 

To filter out implausible ice sheet configurations in the results, a set of constraints, based on 

southern ice sheet extent and volume, were applied to the LGM ensemble. Both ensembles 

were filtered based on the LGM results since the extent of the NAIS is very well constrained 

by geological data and there are more estimates of ice volume for the LGM than the PGM. This 

is because there is a lack of empirical data (over both space and time) on ice sheet configuration 

at the PGM due to destruction of evidence by subsequent glaciations and difficulties with 

dating what is available (Parker et al., 2022). Thus, most of the reconstructions of NAIS PGM 

extent are actually the maximum extent reached over the whole of MIS 6 (190-130 ka) and are 

mostly based on numerical modelling combined with this scarce proxy data (e.g. Batchelor et 
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al., 2019; Colleoni et al., 2016). This leaves a set of plausible or ñNot Ruled Out Yetò (NROY) 

LGM simulations that can then be compared to the corresponding PGM simulations to 

determine whether parameters that performed well for the LGM also give plausible PGM 

results. LGM ice extent was assessed against the reconstruction by Dalton et al. (2020). We 

focus our evaluation of ice extent on the southern NAIS area and chose to disregard regions of 

known model bias. This includes marine margins that are subject to processes not included in 

Glimmer and the Alaskan regions where small climate model biases lead to ice sheet 

overgrowth (e.g. Ganopolski et al., 2010; Gregoire et al., 2016; Sherriff-Tadano et al., 2024; 

Ziemen et al., 2014). Additionally, ice lobes are not well captured in many models as they are 

likely to be transient, short-lived features that may be caused by complex ice dynamics (e.g. 

Zweck and Huybrechts, 2005). Therefore, we do not expect our simulations to perfectly match 

the reconstructed Southern NAIS extent. To account for the expected mismatch between model 

and data, we applied a tolerance on the Southern ice sheet area of 1.79 x 106 km2, equivalent 

to three-times the area of the lobes (Figure 2.4). We thus calculate the Southern NAIS ice area 

as the integrated area within the large box shown in Figure 2.4 at the end of each LGM 

simulation and selected simulations that matched the reconstructed area from Dalton et al. 

(2020) within plus or minus 1.79 x 106 km2. The volume of the NAIS is not as well constrained 

by proxy data and so estimates rely on ice sheet, glacial isostatic adjustment and sea level 

modelling studies. Based on a number of these studies (Batchelor et al., 2019; Gowan et al., 

2021; Lambeck et al., 2014; Marshall et al., 2002; Peltier et al., 2015; Rohling et al., 2017; 

Tarasov et al., 2012; Tarasov and Peltier, 2002, 2004), a minimum NAIS (including Greenland) 

volume of 70 m s.l.e. (2.8 x 107 km3) was applied to the ensemble. The translation of ice 

volumes into meters of sea level equivalent are calculated based on present day ocean area. 
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Figure 2.4: Outline of the LGM North American i ce sheet by Dalton et al. (2020). The large red box shows 

the region used to calculate reconstructed and modelled Southern NAIS area. The small red box shows the 

region used to calculate the area of the lobes from which we set the upper and lower target bounds for 

southern ice extent (See Sect. 2.3.4).   

2.3.5 Sensitivity analysis 

We choose one of the resulting NROY parameter combinations, NROYa (specifically 

experiments xpken/xpkyn), which has LGM and PGM ice volumes lying in the middle of 

estimated ranges and the least excess ice growth over Alaska, to investigate the relative impact 

of the initial conditions versus the climate on the resulting ice sheet configurations. This is 

achieved through a sensitivity analysis along with factorisation based on the method used by 

Gregoire et al. (2015) and Lunt et al. (2012). We divided the differences in inputs between 

LGM and PGM into two factors; the initial ice sheet configurations used in FAMOUS and 

Glimmer and the climate boundary conditions (orbital parameters, greenhouse gases and 

SSTs/sea ice). Thus, the total difference in final ice volume (ȹV) between the LGM and the 

PGM can be written as Eq. (2.1): 

Ўὠ Ὠὠ Ὠὠ  ,                  (2.1) 

where dVice is the difference in final ice volume due to the different initial ice sheet 

configurations and dVclimate is the difference due to the difference climate boundary conditions 

used.   

The factorisation method requires 2N simulations (where N is the number of different 

components) to determine the contribution of each component to ice volume difference, 

therefore 22 = 4 experiments are needed that systematically change one variable. These 



55 
 

experiments are listed in Table 2.2. The relative contributions of the initial conditions and 

climate can be calculated by Eqs. (2.2) and (2.3): 

Ὠὠ  ὠ ὠ ὠ  ὠ ,                              (2.2) 

Ὠὠ  ὠ ὠ ὠ  ὠ ,                  (2.3) 

To properly understand the effect of the initial conditions, we performed two sets of sensitivity 

experiments. In the first set, labelled V_1, Vc_1, Vi_1 and Vci_1 (Table 2.2; experiments 3ï6), 

both the topography and ice cover are set to be consistent between the climate and ice sheet 

model components. Specifically, for the LGM, the Glimmer initial bedrock topography and ice 

surface elevation was prescribed from the GLAC-1D reconstruction used in the FAMOUS 

LGM boundary condition. For the PGM, the ice thickness data needed for the PMIP4 

reconstruction to be converted to the Glimmer initial condition were not available. Instead, 

both Glimmer and FAMOUS were initialised with the final timestep of the NROYa PGM 

(xpkyn) experiment since it closely resembles the PMIP4 reconstruction. Experiment V_1 

corresponds to a full LGM simulation and Vci_1 corresponds to a full PGM simulation. In the 

second set of sensitivity experiments, we use the initial Glimmer ice sheet used in the 

ensembles, i.e. the 18.2 ka mid-size ice sheet, only varying the FAMOUS initial ice sheets to 

see how this difference in orography between the climate and ice sheet models may have 

impacted the result. These experiments are labelled V_2, Vc_2, Vi_2 and Vci_2 (Table 2.2; 

experiments 7ï10), with V_2 corresponding to the LGM NROYa (xpken) and Vci_2 

corresponding to the PGM NROYa (xpkyn). 

2.4 Results 

2.4.1 Ensembles 

Our ensembles of 62 North American ice sheet configurations spans uncertainty in model 

parameters and reveals the wide range of possible modelled ice sheet evolutions. Over the full 

ensembles, we find that the set-up of the original Wave 2 meant that the albedo values were 

too high and so the use of more realistic albedos in these ensembles led to many of the runs 

deglaciating to very low volumes as shown in Figure 2.5 (see Sect. 2.7.4 for more detail).  
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Figure 2.5: (a) Ice volume evolution over modelled time, and (b) density distribution of final ice volumes 

for the full LGM and PGM ensembles. Percentage of simulations with ice cover for (c) LGM (with the 

Dalton et al. (2020) reconstructed margin shown in red); (d) PGM (with the PMIP4 PGM modelled margin 

shown in solid red and the Batchelor et al. (2019) reconstructed maximum MIS 6 margin shown in dashed 

red), and (e) the difference between the LGM and PGM, at the end of the simulations. 

Table 2.4: Average volumes (NAIS + Greenland) and southern NAIS areas and their standard deviations 

(SD) of the NROY LGM and PGM simulations. Also shown are estimated values from literature for 

comparison. 

 Mean Total 

Volume (SD),  

m s.l.e. 

Estimated Total 

Volume, m s.l.e. 

Mean Southern Area 

(SD), x 106 km2 

Estimated Southern 

Area, x 106 km2 

LGM 82.1 (8.29) 61-98 (Rohling et 

al., 2017) 

5.55 (0.33) 6.28 (Dalton et al., 

2020) 

PGM 62.3 (10.3) 49-69 (Rohling et 

al., 2017) 

3.64 (0.82) 3.32 (Menviel et al., 

2019) 

 

After applying our implausibility criteria (Sect. 2.3.4), six non-implausible or NROY LGM 

simulations remained. Table 2.4 gives the average volumes and areas of these six simulations 

and the corresponding six PGM ice sheets compared to estimated values from empirical and 

model data. All six LGM simulations show an overgrowth of ice in Alaska of varying 
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magnitudes, as a result of the previously mentioned climate model bias. However, in other 

regions the simulations display a very similar ice extent, with the southern area only varying 

by 9.7 x 105 km2. None of the simulations form ice lobes, as expected, but they do show a close 

match to reconstructed ice extent in our target area, although towards the lower end of the 

plausible range, and in the marine regions (Figure 2.6a and Figure 2.7a). There is a minimum 

ice volume of 73.9 m s.l.e. and a maximum of 97.1 m s.l.e.. The maximum ice thickness varies 

by around 300 m but the overall shapes of the ice sheets remain the same, with the thickest ice 

towards the east of the ice sheet over Hudson Bay.  

 

Figure 2.6: (a) The relationship between final ice volume and southern area for the LGM ensemble, and 

the relationship between the LGM and PGM (b) final ice volume, and (c) final southern areas. The filled in 

blue dots represent the six NROY LGM simulations and the solid lines on panel (a) show the minimum 

volume and area constraints applied to the ensemble. The ensemble member chosen as NROYa is outlined 

in red (Sect 2.3.5). 

All the PGM ice sheets were smaller in volume than their LGM counterpart (Figure 2.6 and 

Figure 2.7) and displayed a smaller extent in the southern margin and the saddle region between 

the western Cordilleran ice sheet and eastern Laurentide ice sheet. However, the PGM 

simulations also displayed more variability in their ice extent and volumes. The ice volumes 

range from 53.4 m s.l.e. to 83.37 m s.l.e. and the southern extent varies by 2.44 x 106 km2. The 

range in maximum ice thickness is also over double the LGM, varying by around 613 m. These 

PGM configurations also look plausible compared to the less well constrained extent data 

available, including previous empirical and modelled reconstructions of the PGM/MIS 6 extent 

(Batchelor et al., 2019; Menviel et al., 2019; Figure 2.7b). For example, all the simulations 

maintain an ice-free corridor between the Laurentide and Cordilleran ice sheets which is a 

common feature in these PGM reconstructions. In addition, the excess Alaskan ice seen in 

LGM simulations is also present at the PGM, however the growth is not as excessive.  
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Figure 2.7: Percentage of simulations with ice cover for (a) LGM with the Dalton et al. (2020) reconstructed 

margin shown in red; (b) PGM with the PMIP PGM modelled margin shown in solid red and the Batchelor 

et al., (2019) reconstructed maximum MIS 6 margin shown in dashed red, and (c) the difference between 

the LGM and PGM, at the end of the simulations for the six NROY ensemble members. 

2.4.2 Impact of initial ice sheet versus climate 

Out of our six NROY model configurations, we selected the parameters of a pair of LGM and 

PGM experiments xpken/xpkyn (NROYa; Figure 2.6) to perform two sets of four sensitivity 

experiments to decompose the effects of climate forcing and initial conditions on the final ice 

sheet volume. This included repeating xpken and xpkyn using matching FAMOUS and 

Glimmer LGM and PGM initial conditions respectively (Table 2.2, experiments 3 and 6). For 

both glacial maxima, using the matching initial conditions resulted in more excess ice over 

Alaska (Figure 2.14), though the southern ice extents are relatively similar between the two 

sets of experiments. Overall, for the LGM, using the GLAC-1D reconstruction in Glimmer 

(V_1) resulted in an ice sheet 9.7 m s.l.e. larger than if the 18.2 ka ice sheet was used (V_2) 

(Table 2.5; Figure 2.14a). For the PGM, the matching initial conditions (Vci_1) resulted in only 

0.45 m s.l.e. increase from the NROYa simulation (Vci_2) due to a decrease in ice volume over 

the Laurentide ice sheet (Table 2.5; Figure 2.14b). 
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Table 2.5: Final ice volumes of the four sensitivity experiments performed with matching climate model 

and ice sheet model ice sheets and the equivalent four performed with different initial ice sheets in each 

model. 

Experiment Final ice volume  

(m s.l.e.) 

Experiment Final ice volume  

(m s.l.e.) 

V_1 (full LGM)  100.3 V_2 90.6 

Vc_1 (LGM ice , PGM 

climate) 

104.2 Vc_2 97.1 

Vi_1 (PGM ice, LGM climate) 64.7 V i_2 63.0 

Vci_1 (full PGM) 68.6 Vci_2 68.1 

 

The final ice sheet volumes from the first set of four sensitivity experiments (Table 2.2; 

experiments 3ï6) are displayed in Table 2.5 and shown in Figure 2.8. The results of the second 

set of four experiments (Table 2.2; experiments 7ï10) are also included in Table 2.5. The 

results of the factor decomposition analysis show that the simulated ice volume at the PGM 

was 31.7 m s.l.e. (1.25 x 107 km3) lower than at the LGM (dV_1). The initial ice sheet 

configuration (dVi_1) alone caused a 35% decrease in volume, but this was partially offset by 

the climatic conditions (dVc_1), which resulted in an increase in volume of 4%. The result was 

similar for the second set of experiments, with the initial ice sheet configuration (dVi_2) causing 

a decrease of 31% in ice volume at the PGM compared to the LGM, but the climate (dVc_2) 

caused a 6% increase in volume.  

 

Figure 2.8: Final ice thickness in the sensitivity tests using (a) LGM ice sheets and LGM climate; (b) LGM 

ice sheets and PGM climate; (c) PGM ice sheets and LGM climate, and (d) PGM ice sheets and PGM 

climate. 

The PGM climate is conducive to growing a larger ice sheet (Figure 2.9a) because the orbital 

configuration results in the Northern Hemisphere receiving less incoming solar radiation in 

spring and early summer (Table 2.1; Figure 2.2a). This reduces the melting of snow that has 

accumulated in winter (Figure 2.9b). The winter snow accumulation is also higher at the PGM 
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than at the LGM (Figure 2.9c) due to the PGM having warmer air temperatures in autumn and 

winter, because of the orbital forcing, leading to a wetter climate. Summer SSTs are also cooler 

at the PGM (Figure 2.2c) due to lower spring insolation, further contributing to reduced runoff. 

In contrast, the Greenland ice sheet decreases in size due to PGM climate conditions (Figure 

2.9a), likely due to higher sea ice concentration south of Greenland reducing the moisture 

source available for precipitation. 

 

Figure 2.9: Difference between experiment Vci_1 (full PGM) and Vi_1 (PGM ice sheet with LGM climate) 

isolating the effect of LGM climate vs PGM climate on (a) final ice thickness simulated by Glimmer and 

(b) spring (MAM) runoff and (c) winter (DJF) snowfall over the first 10 years. 

2.4.3 Uncertainty due to model parameters 

Due to the sampling strategy, this ensemble does not have an optimal design for analysing the 

sensitivity of the ice sheets during the two time periods to the different model parameter values 

because our ensemble of simulations does not uniformly span the uncertain parameter space. 

For this, we refer the reader to the studies of Gandy et al. (2023) and Sherriff-Tadano et al., 

(2024) and Chapter 3 of this thesis, which present larger ensembles of experiments. Here, we 

first evaluate if our results are consistent with these two studies before examining if the 

difference between the PGM and LGM ice sheets is sensitive to specific model parameters.   
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Based on correlations between the parameters and ice sheet area and volume, we find that the 

LGM and PGM behave similarly across the parameter ranges (Figure 2.16 and Figure 2.17) 

and most of the uncertainty in the results for both periods can be explained by parameters that 

affect the surface albedo of the ice sheet; daice, av_gr and to a lesser extent, fsnow. Higher 

values of daice and fsnow and lower values of av_gr cause higher albedos and lead to larger 

ice sheets (Table 2.3). Basal sliding also influences the volume of the ice sheet, with less impact 

on the area, with lower values and thus lower ice velocities causing larger volume ice sheets. 

The cloud parameter cw also shows a relatively high positive correlation for the PGM (Figure 

2.10). This is consistent with the findings of previous studies and current understanding on the 

importance of albedo for ice sheet evolution (Gandy et al., 2023; Sherriff-Tadano et al., 2024; 

Willeit and Ganopolski, 2018).   

Additionally, there is a negative correlation between the difference in ice volume and area 

between the LGM and PGM and the parameters av_gr, basal sliding, and rhcrit. Conversely, 

there is a positive correlation between the LGM-to-PGM difference in ice volume/area and 

daice (Figure 2.18). This suggests that lower values of av_gr and higher values of daice and 

thus a higher albedo, as well as lower ice sheet velocity and more cloud, make the ice sheet 

more sensitive to changes in radiative forcings from the orbital boundary conditions.   
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Figure 2.10: Relationship between LGM southern area and the four most influential parameters. The green 

shaded region shows the southern area constraint applied with the dotted line showing the exact area of the 

reconstruction and the solid line the minimum bound applied. The colour scale represents ice volume and 

the dots outlined in red are the six NROY LGM simulations with the red line on the colour bar showing the 

volume constraint. 

2.5 Discussion 

After constraining our ensembles based on the available empirical and model data for the LGM, 

we find that the model was able to successfully simulate the ice sheet at both periods under 

different LGM and PGM climate boundary conditions (orbital parameters, SSTs and global 

orography) and initial ice sheets. However, the southern extents of the constrained LGM 

simulations all fall towards the lower end of the plausible range, which is a common feature 

seen in other simulations using a low resolution atmosphere model due to biases that cause a 

reduced stationary wave effect over this region (Gandy et al., 2023; Sherriff-Tadano et al., 

2024; Ziemen et al., 2014). Additionally, the ice lobes that are present over the Great Lakes of 

North America are not captured in these simulations. Again, this is common in ice sheet models 

and is likely a result of missing subglacial processes or the low resolution of the climate and 

ice sheets models. 
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Analysis of the behaviour of the modelled ice sheets across the parameter spaces reveals that 

both the LGM and PGM ice volume and extent have similar sensitivities to parameter 

uncertainties. We therefore conclude that parameters that produce a good LGM NAIS also 

produce a plausible PGM NAIS under PGM boundary conditions and thus similar model 

parameters are appropriate for use when modelling both periods. Our simulations can thus be 

compared and analysed to understand the causes of the different configurations between the 

two periods. However, since the ice volume is most sensitive to surface albedo and most 

simulations deglaciate under low values of daice, this suggests that the value of bare ice albedo 

in the model may need to be increased for future work. 

The results of the sensitivity analysis show that the difference in initial ice sheet boundary 

conditions overwhelmingly determined the difference in final ice volume between the LGM 

and PGM in the ensemble of simulations. We tested the impact of starting from LGM and PGM 

ice sheet configurations in Glimmer instead of the 18.2 ka ice sheet and found that this caused 

an even larger difference in ice volume between the two glacials. Comparing the simulations 

that use the same initial ice topography in FAMOUS and Glimmer (first set of experiments), 

to those that use different topographies (second set of experiments), whilst keeping the ice 

cover consistent, reveals that the relative contribution from the initial ice sheet boundary 

conditions, compared to the climate conditions, to the simulated differences between the LGM 

and PGM ice sheets, remains similar. This suggests that the dominant feedback responsible for 

this result is the ice-albedo feedback rather than the temperature-elevation feedback. A similar 

conclusion was obtained by Abe-Ouchi et al. (2007) who studied the relative contribution to 

climate over ice sheets from the ice sheet itself and the orbital parameters and CO2 

concentration. They found the cooling caused by the ice sheet themselves was the dominant 

effect, mostly due to albedo feedbacks, which increase with ice sheet area. Kageyama et al. 

(2004) also highlighted in their study the importance of the albedo feedback on the maximum 

modelled North American ice volume. They show that changes in vegetation are needed to 

initiate glaciation over North America which is then accelerated by the ice-albedo feedback.  

The North American ice sheet was larger at the LGM than at the PGM. However, this 

sensitivity analysis reveals that the difference in orbital parameters, GHGs and SSTs (climate) 

between the LGM and PGM encourages the growth of a larger North American ice sheet at the 

PGM (Figure 2.9a). This effect would likely be even stronger if we had used the orbit at 137 

ka (the timing of the minimum in Northern Hemisphere summer insolation; Figure 2.11a-c) 

since the PGM would have received even lower insolation in spring and early summer.  
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This result highlights the importance of the evolution of these climate factors and the ice sheets 

during the preceding glacial cycles in determining the glacial maxima configurations. For 

example, during the start of the Last Glacial Cycle (MIS 5; ~115-80 ka), the variation in 65º N 

summer insolation was relatively large as a result of changes in orbital parameters (Figure 

2.11a-c), which resulted in multiple cycles of growth and recession of the North American ice 

sheets during this period, but total ice volume remained low (Bonelli et al., 2009; Dalton et al., 

2022; Ganopolski et al., 2010). Insolation then reaches a minimum at ~70 ka (Figure 2.11c) 

which, combined with decreasing concentrations of CO2 (~190 ppm at ~65 ka; Figure 2.11f), 

led to a significant increase in ice sheet volume to almost LGM extent (Fig. 2.11d) and a switch 

to more widespread glacial conditions at the MIS 5/MIS 4 transition (Bonelli et al., 2009; 

Dalton et al., 2022). The size of the NAIS at this time was large enough to induce positive 

feedbacks, such as the ice-albedo feedback, allowing its maintenance throughout MIS 4 and 

MIS 3 (~70-30 ka) despite an increase in insolation from ~50-30 ka (Figure 2.11c). This was 

also supported by a continued decrease in CO2 (Figure 2.11f). Growth of the ice sheet could 

then continue to its glacial maximum extent following a further insolation and CO2 decrease 

during MIS 2 (~30-21 ka) (Figure 2.11c-f). In contrast, prior to the PGM there were peaks in 

insolation at ~172 and ~148 ka that reached higher levels than were reached prior to the LGM 

during MIS 4 and MIS 3 (Figure 2.11c; Berger, 1978). This may have inhibited an initial 

significant build-up of ice over North America, as during MIS 4, preventing the initiation of an 

ice-albedo feedback strong enough to enable the continued growth towards a larger LGM 

configuration and/or maintain its volume through the second insolation peak. In addition, there 

was more time between the LGM and the insolation maximum at ~50-30 ka compared to the 

PGM and the maximum at ~147 ka. Therefore, the PGM NAIS may have not had enough time 

to regrow before insolation started to increase again. Thus, investigation of the processes and 

interactions that took place prior to the glacial maxima will be needed to fully understand why 

the LGM and PGM NAIS configuration differed.  
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Figure 2.11: Evolution of climate proxies over the last two glacial-interglacial cycles: (a) precession index 

(red) with eccentricity as an envelope (yellow); (b) obliquity (Berger, 1978); (c) July insolation at 65° N 

(Berger and Loutre, 1991); (d) reconstruction of global mean sea level and uncertainty estimate (dotted 

lines) (Waelbroeck et al., 2002); (e) benthic ŭ18O global stack record (Lisiecki and Raymo, 2005), and (f) 

EPICA Dome C carbon dioxide ice core records (Bereiter et al., 2015; Lüthi et al., 2008). The PGM and 

LGM are indicated by the dotted line. 

Additional feedbacks that played a role in the development of glacials into either an LGM-like 

or PGM-like mode are also missing in these simulations due to computational constraints. For 

example, the low resolution of the atmospheric component of FAMOUS means that it is 

capable of performing ensembles and long palaeo runs while directly coupled to an ice sheet 

model. However, it also means that many small-scale atmospheric processes (e.g. stationary 

wave response) caused by and affecting the ice sheet topography are not represented well 

(Beghin et al., 2014, 2015; Kageyama and Valdes, 2000; Liakka et al., 2012, 2016; Liakka and 

Nilsson, 2010). Additionally, the shallow ice approximation used in Glimmer means that the 

ice sheet will not be able to simulate marine instabilities of advance and retreat (Pattyn et al., 

2012). This effect will be minimal for the NAIS, but a more advanced ice sheet model would 

be required to simulate a marine ice sheet like the EIS.   
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As a reminder, the vegetation was kept fixed at pre-industrial distributions, but the vegetation 

prior to and next to the ice cover has been shown to be very important for determining ice sheet 

expansion in models through the vegetation-albedo feedback (Colleoni et al., 2009b; Horton et 

al., 2010; Kageyama et al., 2004; Stone and Lunt, 2013). Therefore, implementing glacial 

maxima distributions or dynamical vegetation may affect the results since the reduction in 

forest and expansion of tundra/shrubs compared to present day would increase the albedo of 

the surface next to the ice and affect the climate (Meissner et al., 2003). Similarly, the 

prescribed SSTs and sea ice concentrations used introduce an additional source of uncertainty. 

As well as impacting the global mean temperature and precipitation patterns in the simulations, 

the SSTs and sea ice used can have local climate impacts that affect the simulated ice sheets. 

This includes causing a warming or cooling over the more coastal areas affecting the melt rate, 

and impacting evaporation rates, which affects the amount of snowfall the ice sheets receive. 

The SSTs used in this study are cooler (as a global average) than the multi-proxy and data 

assimilation LGM SST reconstructions of Tierney et al. (2020b) and Paul et al. (2020) and the 

constrained statistical reconstruction of Gandy et al. (2023) and Astfalck et al. (2024).  

HadCM3 also tends to simulate cooler SSTs compared to other PMIP4 models, although they 

are similar to CESM1.2 (Kageyama et al., 2021). Therefore, the use of colder SSTs in this 

study causes lower global mean temperature overall, but also would have caused a cooling next 

to the ice sheets and reduced snowfall, which would have impacted the ice sheet growth in 

different ways (Astfalck et al., 2024; Hofer et al., 2012; Marsiat and Valdes, 2001). The latter 

impact was shown to be most dominant in the study by Astfalck et al. (2024), suggesting that 

our simulated ice sheet volumes may have been larger had we used their warmer LGM SST 

reconstruction, due to increased evaporation. Prescribing the ocean forcing also neglects any 

effects changes in ocean conditions and ice sheets have on each other (e.g. Colleoni et al., 2011; 

Sherriff-Tadano et al., 2018, 2021; Timmermann et al., 2010; Ullman et al., 2014). Using a 

dynamical ocean would include the effects of meltwater and changes in atmospheric 

circulation, arising from the ice sheets, on ocean circulation and temperature, which would in 

turn affect the climate, feeding back onto the ice sheets themselves. Further work will be 

required to investigate the feedbacks between ice sheets and sea surface at the PGM, but this 

is beyond the scope of this study. We recommend the use of a fully coupled atmosphere-ocean-

vegetation-ice sheet model to further investigate these feedbacks. The effect of dust deposition 

and ice dammed lakes have also been shown to have a large influence on the build-up of ice 

(e.g. Colleoni et al., 2009a; Krinner et al., 2004, 2006; Naafs et al., 2012) however further 

model developments would be needed to investigate these effects.  
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Finally, the Eurasian ice sheet also displayed important differences between the LGM and 

PGM and had a large influence on the climate. It is likely that some of the differences in the 

configurations of the NAIS and EIS between the two glacial maxima resulted from their 

interactions with each other (Beghin et al., 2014, 2015; Liakka et al., 2016). To investigate the 

EIS at the PGM, we recommend the use of an efficient marine ice sheet model such as 

BISICLES that uses adaptive mesh refinement (AMR) to refine the processes occurring at 

marine margins that are more important for the marine based Eurasian ice sheet (Cornford et 

al., 2013; Gandy et al., 2019).   

2.6 Conclusions 

We have performed and compared ensemble simulations of the LGM and PGM using a coupled 

atmosphere-ice sheet model (FAMOUS-ice) with prescribed surface ocean conditions and 

interactive North American and Greenland ice sheets. We tested the relative importance of the 

initial ice sheet configuration versus the climate boundary conditions on the resulting ice sheet 

volumes through sensitivity tests and factor decomposition analysis. The main conclusions of 

this study are as follows: 

1. Successful simulations of the LGM and PGM North American and Greenland ice sheets 

are produced using a coupled climate-ice sheet model. We find that uncertain model 

parameters tuned to produce a plausible LGM North American ice sheet also perform 

well for the PGM.  

2. The initial ice extents used as boundary conditions in coupled climate-ice sheet 

simulations have a much larger impact on the modelled NAIS than the climate boundary 

conditions, causing a ~30% decrease in ice volume at the PGM compared to the LGM. 

This is due to the ice-albedo feedback. 

3. The climate of the PGM causes an increase in NAIS ice volume of ~6% compared to 

the LGM due to the orbital configuration causing the Northern Hemisphere to receive 

less insolation in spring and early summer. Since the LGM ice sheet was larger than the 

PGM, this suggests that the climate and ice sheet evolution prior to the glacial maxima 

contributes to the differences seen between the LGM and PGM ice sheets. 
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2.7 Appendices 

2.7.1 Eccentricity equation correction 

The equation for the role of eccentricity on solar insolation used in the simulations in this paper 

was:  

Ὓὸ Ὓ ρ ρ ὩÃÏÓὺȾρ Ὡ                 (2.4) 

However, this is incorrect and has now been corrected in the model to: 

Ὓὸ Ὓ ρ ὩÃÏÓὺȾρ Ὡ                  (2.5) 

 where; S(t) is the incoming solar insolation, So is the solar constant, e is the eccentricity 

of the Earthôs orbit and v is the true anomaly (the angle of Earthôs current position on its orbit). 

The PGM experiment ñxpky0ò was re-run with the correct equation and shows that on average 

the SMB was slightly lower in our simulations than it should have been (decreased by 16% at 

the end of the simulations), leading to slightly smaller ice sheets (Figure 2.12). However, the 

impact is small (and would be even smaller for the LGM given the lower eccentricity) and does 

not affect our overall conclusions.  

 

Figure 2.12: (a) Difference between the SMB at the end of the experiments between the original simulation 

and the simulation using the corrected eccentricity equation and (b) the evolution of ice sheet volume for 

both experiments. 
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2.7.2 Sea surface temperatures 

 

 

Figure 2.13: Mean annual SSTs used in this study from HadCM3 for (a) LGM and (b) PGM and (c) the 

difference between the LGM SST reconstruction used in Gandy et al. (2023) and the HadCM3 LGM SSTs. 

 

2.7.3 Impact of different initial ice sheets 

 

 

Figure 2.14: Difference in the final ice thickness between the simulations with matching initial conditions 

in FAMOUS and Glimmer and the NROYa ensemble member for (a) the LGM and (b) the PGM. 

2.7.4 Wave 2 methodology 

The ensemble design in this study was based on the ñNot Ruled Out Yetò (NROY) parameter 

combinations from a second wave of ensemble members that followed on from the 280 member 

ensemble performed in Gandy et al. (2023). From the first wave of simulations, only 18 out of 

these 280 members produced a large enough LGM North American ice sheet to meet the 

volume and extent criteria they imposed (see details in reference). Further work was thus 

performed to augment the ensemble of simulations that met the NROY criteria. We used 
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statistical emulation to identify plausible regions in the parameter space. As there was limited 

information to constrain the domain of plausibility in the parameter space, we instead 

implemented an early-stopping criteria that allowed us to prevent the full execution of model 

runs that were not expected to produce good ice sheets. To do this we first modelled, from 

Wave 1, the predicted equilibrium area of the ice sheet from the value of the initial surface 

mass balance. Mathematically, we specified; 

ὃ Ὢὦ  ‭,                   (2.6) 

where A is the ñequilibriumò ice sheet area after 10,000 ice sheet years, b is the 20 year 

averaged SMB value over the ice sheet and f(·) may be any function. We considered f to be 

either linear or sampled from a Gaussian Process (GP) and found the linear model gave more 

conservative uncertainty estimates which was desired since the Wave 2 runs needed to bound 

the NROY space. The predictive interval for the model is P(b) =[f(b) + 3ãvar(ⱦ), f(b) ī 

3ãvar(ⱦ)] and we targeted equilibrium ice sheet areas in the interval T = [1.5×107 km2, 2×107 

km2]. The interval T is analogous to the target interval defined using Pukelsheimôs 3-sigma 

rule in standard history matching (Pukelsheim, 1994). Plausible values of b satisfy the 

condition that P(b) ž T is non-zero, that is, for b to be plausible, the predictive bound P(b) and 

the plausible equilibrium ice sheet area T must intersect. It was found that the 20-year averaged 

SMB had to be at least positive to produce a plausible ice sheet. 

To further improve efficiency, we used Gaussian Process emulation to produce plausible values 

of b (and hence equilibrium ice sheet areas); iterating the training data of the emulator with 

each wave of simulator runs. Define by ● the multivariate vector of parameters that they build 

the emulator over: here ● comprised of the 4 most influential parameters fsnow, av_gr, daice, 

and flow factor. We model b with a random error process, ὦḐὋὖὼ –, where the effects 

of the parameters not explicitly represented in ● are handled by the stochasticity of the process 

represented by –. Values of b were sampled using a stratified k-extended Latin Hypercube 

design (Williamson, 2015) and three sub-waves were executed, from which, a candidate set for 

the Wave 2 ensemble was extracted.  

The first sub-wave (Wave 1.1) samples 200 ensemble members, which are predicted from the 

emulator to have non-negligible probability of positive SMB. This results in around 50% of 

simulations in this sub-wave having a positive SMB, an increase from 15% in the original wave 

(Figure 2.15, Wave 1.1). We attempt to refine the predictive bounds on the GP model twice 

more (Figure 2.15, Wave 1.2 and 1.3), with no improvement. This is likely due to the inherent 
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stochasticity of the climate model and cumulative effects of the parameters that they absorb 

into the predictive error term. At the end of this process of iterative short waves, the candidate 

set contains over 1000 20-year long simulations that have a positive SMB over the North 

American ice sheet. From this candidate set, and again using stratified k-extended Latin 

Hypercubes, we select an optimal (with respect to space-filling and accounting for the previous 

Wave 1 runs) design of 200 ensemble members to continue for a full 10,000 years to an 

equilibrium North American ice sheet. These 200 simulations make up the Wave 2. For context, 

this workflow of GP model sub-waves saved around 230,000 core hours (or about two months 

of real time) compared to running a full second ensemble wave. 

Out of these 200 Wave 2 simulations, 176 members were identified to be NROY based on the 

original volume and extent thresholds. It is based on these results that we sub-sampled 62 

parameter combinations for our simulations. This number of simulations was selected to enable 

us to run long equilibrium LGM and PGM simulations over a full ensemble within reasonable 

computational requirements. From the 176 NROY parameter combinations we randomly 

generated 107 candidate designs of size 62 from which we selected an approximate maximin 

design. This is obtained by: first linearly transforming each parameter onto the same range of 

[0, 1] to aid comparability; before computing the minimum distance between a parameter 

vector and its nearest neighbour; and then selecting the candidate design that maximised this 

distance. The resulting design possesses parameter vectors which are well-spaced and thus 

adequately cover the NROY space. 

Our simulations use slightly different orbital parameter values and sea surface conditions to 

that of Gandy et al. (2023) (see Sect. 2.3.3). Thus, we do not expect the sample of 62 parameter 

combinations to provide full coverage of the NROY space but, as seen in Sect. S2 of the 

supplementary information in Gandy et al. (2023), the output trends are sufficiently similar that 

we expect this to be close enough to an optimal sample. Whilst we may have also sampled 

some parameter combinations outside of the NROY space, we feel these will still provide 

valuable information about uncertainty in outputs at the LGM and PGM. Our detailed 

comparison to empirical evidence and other model data (see Sect. 2.3.4 and 2.4.1) identified 

six parameter combinations that match our criteria for LGM and PGM ice extent and volume, 

thus demonstrating the success of this approach. Further exploration of the parameter space 

may produce NROY simulations in a different part of the parameter space but would not change 

the conclusion of this paper.  
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Upon analysing the results, we found a technical error in the original Wave 2 ensemble which 

resulted in the values of the parameter daice being shifted from its intended range of ï0.4-0 K-

1 to 0-0.4 K-1, this means that the albedo of the bare ice was increasing with melting, which is 

likely not the case. This produced larger values of surface albedo and thus larger ice sheets in 

these Wave 2 simulations (not shown here). In the ensemble of simulations presented here, we 

corrected the daice values to match the intended parameter range. In some simulations, the 

switch of daice value from a large positive number to a large negative number would have 

resulted in a decrease in surface albedo and resulting ice sheet volume. This effect is negligible 

for values of daice closer to zero. 

 

Figure 2.15: Ice volumes simulated in the successive ensemble sub-waves of simulations sampled to have a 

positive initial surface mass balance using the Gaussian Process emulator. 
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2.7.5 Metrics versus parameters plots 

 

 

Figure 2.16: Southern area versus each of the 13 parameters varied for the LGM ensemble. The green 

shaded region shows the southern area constraint applied with the dotted line showing the exact area of the 

reconstruction and the solid line the solid line the minimum bound applied. The colour scale represents ice 

volume and the dots outlined in red are the six NROY LGM simulations with the red line on the colour bar 

showing the volume constraint. 
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Figure 2.17: Southern area versus each of the 13 parameters varied for the PGM ensemble. The colour 

scale represents ice volume and the dots outlined in red are the corresponding six NROY PGM simulations. 
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Figure 2.18: Difference in southern area versus each of the 13 parameters varied between the LGM and 

PGM ensemble members. The colour scale represents difference in ice volume and the dots outlined in red 

are the six NROY simulations.  
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Chapter 3 

3 Exploring the sensitivity of the Northern 

Hemisphere ice sheets at the last two glacial 

maxima to coupled climate-ice sheet model 

parameters 

 

3.1 Abstract  

Simulations of past glacial periods are useful for testing the ability of numerical models to 

simulate ice sheet changes under significantly different climate conditions to present day. This 

can help improve projections of future sea level rise made by these same models, and avoid 

over-tuning to particular (e.g. modern) climate conditions. The Last Glacial Maximum (LGM; 

~21 thousand years ago; ka) has been extensively used for this purpose since it is relatively 

well constrained by empirical evidence. However, less is known about the Penultimate Glacial 

Maximum (PGM; ~140 ka) and why the vast ice sheets covering much of the Northern 

Hemisphere, differed to the LGM. The answer likely lies, at least in part, in the different orbital 

configurations between the two periods, and the resulting impact on climate-ice sheet 

interactions.  

Here, we perform and compare the first large ensembles of coupled climate-ice sheet 

(FAMOUS-BISICLES) simulations of the LGM and PGM to better understand how Northern 

Hemisphere ice sheets interact with the climate. We also quantify how sensitive the simulations 

are to the choice of uncertain model inputs, including physical parameter values. Specifically, 

we vary 12 uncertain parameters that control the model representations of ice sheet albedo, ice 

dynamics and climate. The ensembles are evaluated against palaeo-evidence of global mean 

temperature, ice volume and extent, to calibrate the model and find combinations of parameters 

that simultaneously yield plausible ice sheets and climates for both periods. The sensitivity of 

the North American ice sheet and the Eurasian ice sheet during the LGM and PGM, to each of 

the 12 parameter values, is explored using a combination of Gaussian Process emulation and 

Sobolǋ sensitivity analysis. From the whole ensemble of 120 simulations, we find two 

simulations that meet our evaluation constraints for the LGM ice sheets. The parameter values 
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that influence the albedo of the ice sheet have the largest influence on the resulting ice sheet 

volumes, but several other parameters display different sensitivity indices depending on the ice 

sheet (North American versus Eurasian) and time period (PGM versus LGM). This includes 

parameters that affect the cloud liquid water, lapse rate, basal sliding and downscaling elevation 

heights. 

3.2 Introduction 

During glacial periods of the last 800,000 years, large ice sheets built up over the Northern 

Hemisphere (NH) continents (Ehlers et al., 2018), impacting the climate through their 

interactions with atmospheric circulation, oceanic circulation and the energy budget (Lambeck 

et al., 2014; Scherrenberg et al., 2023b). However, the evolution of the NH ice sheets differed 

between each glacial period, leading to different geometries at the glacial maxima - the periods 

during the glacials in which global ice volume is at its largest and global mean sea level is at 

its lowest (Ehlers et al., 2018).  

Geological evidence and numerical simulations of the last two glacial maxima, the Penultimate 

Glacial Maximum (PGM; ~140 ka) and the Last Glacial Maximum (LGM; ~21 ka), for 

example, suggest very different configurations of the North American ice sheet (NAIS) and the 

Eurasian ice sheet (EIS) (Svendsen et al., 2004; Colleoni et al., 2016; Batchelor et al., 2019) 

despite similarities in greenhouse gas (GHG) concentrations (CO2 ~190 ppm), global average 

insolation and global ice volume (~130 meters sea level equivalent (m s.l.e.)) (Berger and 

Loutre, 1991; Loulergue et al., 2008; Rabineau et al., 2006; Masson-Delmotte et al., 2010; 

Bereiter et al., 2015; Rohling et al., 2017). Geomorphological evidence suggests that the extent 

of the Penultimate EIS could have been ~50% larger than during the Last Glacial Cycle and 

expanded 200 km further south and 1000 km further east in Siberia (Batchelor et al., 2019; 

Knies et al., 2001; Svendsen et al., 2004). However, there are large uncertainties in its 

maximum extent at the PGM since there is evidence of two major ice advances in Europe, the 

more extensive Drenthe (~160 ka), which was followed by partial melting and sea level rise 

~157-154 ka under increasing summer insolation, and then a readvance after 150 ka during the 

less extensive Warthe (Hughes and Gibbard, 2018). Thus, current reconstructions of the 

maximum may incorrectly incorporate previous advances during Marine Isotope Stage 6 (MIS 

6; 195-123 ka) (Ehlers et al., 2018; Margari et al., 2014; Svendsen et al., 2004).  

Since the volume of ice sheets cannot be directly inferred from empirical evidence, it must be 

indirectly estimated from datasets such as relative sea level proxies through glacial isostatic 

adjustment (GIA) inversion modelling and numerical ice sheet modelling (e.g. Lambeck et al., 
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2006; Tarasov et al., 2012; Rohling et al., 2017). Consequently, there is even larger uncertainty 

in volume estimates than there are in extent estimates. Nonetheless, ice volume estimates 

support the ice extent-derived evidence that EIS volume was indeed larger at the PGM, with 

most estimates ranging from ~40-70 m s.l.e. compared to ~13-24 m s.l.e. at the LGM (Lambeck 

et al., 2006; Peyaud, 2006; Pollard et al., 2023; Rohling et al., 2017; Simms et al., 2019; 

Tarasov et al., 2012). 

In contrast, whilst there is some evidence that, during the PGM, the NAIS extended slightly 

further south into the states of Illinois and Wisconsin (Batchelor et al., 2019; Hughes and 

Gibbard, 2018), most available evidence suggests that the NAIS was smaller in extent and 

volume compared to the LGM. This includes relative sea level assessment studies (e.g. Rohling 

et al., 2017), reduced ice rafted debris layers in the North Atlantic (pointing to reduced iceberg 

discharge from the Hudson Bay region; Hemming, 2004; Naafs et al., 2013; Obrochta et al., 

2014), climate and ice sheet modelling studies (Abe-Ouchi et al., 2013; Colleoni et al., 2016; 

Wekerle et al., 2016) and GIA modelling studies (Dyer et al., 2021; Wainer et al., 2017). The 

relative lack of geomorphological evidence of the PGM NAIS further supports the hypothesis 

that PGM NAIS was smaller than LGM NAIS because it implies a larger ice advance at the 

LGM destroyed most traces of the previous glacial maximum (Dalton et al., 2022; Dyke et al., 

2002; Rohling et al., 2017). Therefore, the footprint of the PGM NAIS remains very uncertain, 

while LGM NAIS ice extent is relatively well constrained from a range of glacial geological 

evidence, which has been updated in recent years (e.g. Dalton et al., 2020). As with the EIS, 

the volume of the NAIS is more difficult to assess from empirical evidence and mostly relies 

on modelling, which estimates it at being between ~39-59 m s.l.e. at the PGM compared to 

~68-88 m s.l.e. at the LGM (Rohling et al., 2017; Simms et al., 2019).  

The differences in the shape and size of the ice sheets between the LGM and PGM are not well 

understood. They result from complex interactions occurring between different components of 

the earth system (e.g. atmosphere, ocean, ice sheets, and solid earth) leading up to and at the 

glacial maximum. Despite similar levels of average global incoming solar radiation between 

the LGM and PGM, the seasonal and latitudinal patterns differed between the two periods, as 

did its evolution prior to the maxima, as a result of different orbital situations (Berger, 1978; 

Berger and Loutre, 1991). The orbital forcing, along with concentrations of GHGs, would have 

altered the radiative balance between the periods. As well as affecting the ice sheet evolutions 

directly, this also would have influenced the sources and pathways of moisture advection 

(Hughes and Gibbard, 2018; Krinner et al., 2011; Rohling et al., 2017), sea surface 

temperatures (SSTs) and sea ice concentration (Clark et al., 2009; Colleoni et al., 2011; 
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Kageyama et al., 1999; Kageyama and Valdes, 2000), vegetation distribution (Colleoni et al., 

2009b; Kageyama et al., 2004; Stone and Lunt, 2013), dust deposition (Colleoni et al., 2009a; 

Krinner et al., 2006; Naafs et al., 2012b) and proglacial lake coverage (Colleoni et al., 2009a; 

Krinner et al., 2004), which all have important feedbacks onto the climate. Additionally, 

feedbacks on the climate from the ice sheets themselves are very important in regulating ice 

sheet surface mass balance (SMB), for example through the influence of the ice-albedo and 

temperature-elevation feedbacks on surface temperature and energy balance (Abe-Ouchi et al., 

2007; Patterson et al., 2024), and interactions between atmospheric and oceanic circulation, 

surface temperature and precipitation patterns (Beghin et al., 2014, 2015; Liakka et al., 2012). 

Some studies have also concluded that the topography of the NAIS had a large influence in the 

size and configuration of the EIS through its effect on the jet stream and stationary waves 

(Beghin et al., 2015; Liakka et al., 2016). 

Direct observations of processes occurring during glacial cycles are not available and while 

proxy evidence can provide important constraints on how the ice sheets changed, it cannot 

reveal the mechanisms behind these changes. Numerical modelling is therefore required to 

understand the response of the NH ice sheets to external and internal forcings and unpack why 

they differed between glacial periods. This is an important source of information in the context 

of understanding how ice sheets may respond to future climate change (Gregory et al., 2012). 

Currently there are large uncertainties in projections of future sea level rise (Edwards et al., 

2021; Intergovernmental Panel On Climate Change, 2021) mainly as a result of limited 

knowledge of several important ice sheet processes, such as non-linear behaviours of the ice 

sheet system, and climate and ice sheet interactions (Golledge et al., 2019; Gregoire et al., 

2012; Kopp et al., 2017). Simulations of past periods can help improve our understanding of 

these processes as well as help evaluate and refine the numerical models used for these 

projections (Braconnot et al., 2012; Gandy et al., 2018; Harrison et al., 2016; Masson-Delmotte 

et al., 2013; Schmidt et al., 2014a). The LGM has been extensively used for this purpose 

because the climate and ice sheet states are relatively well constrained by empirical evidence 

and thus allow evaluation of model performance, helping constrain climate and ice sheet 

models and future sea level projections (Gandy et al., 2023; Ziemen et al., 2014). Furthermore, 

the EIS has large marine based sectors in the Barents-Kara and North Sea regions, and thus it 

is often considered an analogue of the current West Antarctic ice sheet (Winsborrow et al., 

2010). Modelling and identifying the mechanisms responsible for the different EIS evolutions 

might help with understanding the processes in effect in West Antarctica and its vulnerabilities 

to climate change (van Aalderen et al., 2023; Gandy et al., 2018).  
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Many previous studies simulating the NH LGM and PGM climate and ice sheets have treated 

the components independently. Either prescribing the ice sheets as a boundary condition in a 

climate model, which neglects any affects the climate has on the ice sheets (Beghin et al., 2015; 

Colleoni et al., 2016; Hofer et al., 2012; Merz et al., 2015; Ullman et al., 2014), or forcing ice 

sheet models with climate output from general circulation models (GCMs), which introduces 

large uncertainties depending on the model used and can produce unrealistic ice sheets (Abe-

Ouchi et al., 2013; Alder and Hostetler, 2019; Charbit et al., 2007; Gregoire et al., 2016; Niu 

et al., 2019; Scherrenberg et al., 2023b; Wekerle et al., 2016; Zweck and Huybrechts, 2005). 

Thus, the use of directly coupled climate-ice sheet models to perform these simulations will 

explicitly resolve some of these important feedbacks and interactions between the climate and 

the ice sheets, reducing some of the uncertainties and inconsistencies caused by prescribing 

one of the components, and provide a better understanding of these processes (Abe-Ouchi et 

al., 2013; Niu et al., 2019; Quiquet et al., 2021a; Ziemen et al., 2014).  

Recent developments have allowed the two-way coupling between GCMs and ice sheet models 

(ISMs), but previous studies using this method have focused on just one time period and/or one 

ice sheet and there have so far been no coupled GCM-ISM simulations of the NH ice sheets at 

the PGM (Gandy et al., 2023; Gregory et al., 2012; Patterson et al., 2024; Quiquet et al., 2021a; 

Sherriff-Tadano et al., 2024; Ziemen et al., 2014). Additionally, it has been shown that 

uncertainties in certain model parameters can have a large influence on the resulting ice 

volumes simulated by the coupled model through altering the strength of important climate-ice 

sheet feedbacks (Gandy et al., 2023; Patterson et al., 2024; Sherriff-Tadano et al., 2024). The 

work presented in Chapter 2 evaluated a range of model parameter values based on whether 

they produced plausible NAIS configurations for both the LGM and PGM. However, the 

different processes operating on the Eurasian ice sheet (see Sect. 3.3.1), the interactions that 

may occur between both ice sheets and the use of a different ice sheet model with more 

advanced physics and an updated experimental design, require additional uncertainty 

quantification to be carried out. This can be done through a large ensemble analysis, to re-

evaluate the collection of parameter combinations that yield model output consistent with 

observation data (up to the assessed uncertainties), referred to as the ñNot Ruled Out Yetò 

(NROY) parameter space (Williamson et al., 2013).  

The aim of this work is therefore to perform and compare ensemble simulations of the NH ice 

sheets at the LGM and PGM using a coupled climate-ice sheet model (FAMOUS-BISICLES). 

After performing some sensitivity tests to optimise the model for ice streaming in the NH ice 

sheets, we assess the ability of the model to produce reasonable simulations of both the NAIS 
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and EIS for both periods. We evaluate the impact of uncertainty in model parameters on the 

resulting ice sheets and whether both ice sheets show similar sensitivities to the parameters. 

The model is evaluated against an implausibility metric based on ice sheet volume and extent 

data, and the representation of ice streams is assessed.  

3.3 Methods 

3.3.1 Models 

The climate model used in this study, FAMOUS, is sufficiently efficient that it is suitable for 

running long (multi-millennial) palaeo simulations (e.g. Gregory et al., 2012; Gregoire et al., 

2012; Roberts et al., 2014; Dentith et al., 2020) and large ensembles for uncertainty 

quantification (Gandy et al., 2023; Gregoire et al., 2011; Sherriff-Tadano et al., 2024), whilst 

still resolving the same complex processes as represented in an atmosphere-ocean general 

circulation model (AOGCM). It is based on HadCM3 AOGCM (Gordon et al., 2000; Pope et 

al., 2000) but has half the spatial resolution and a longer time-step, thus requiring only 10% of 

the computational costs of the parent GCM.  

We use the atmospheric component of FAMOUS, which is a hydrostatic, primitive equation 

(i.e. resolves the fundamental governing equations of atmospheric dynamics) grid point model 

with a horizontal resolution of 7.5° longitude by 5° latitude with 11 vertical levels and a 1-hour 

time step (Williams et al., 2013). FAMOUS can also be run coupled with a dynamical ocean 

(e.g. Dentith et al., 2020), however, in this study, we prescribe sea surface temperatures and 

sea ice (see Sect. 3.3.3.1). The land surface scheme MOSES2.2 (Essery et al., 2003) is used to 

represent land processes on a set of sub-grid scale tiles in each grid box representing fractions 

of nine different surface types, including land ice (Smith et al., 2021b).  

This study uses a version of FAMOUS developed to have bi-directional coupling to an ice sheet 

model (FAMOUS-ice; Smith et al., 2021b) accounting for the mismatch between the 

atmosphere and ice sheet grid sizes by using sub-grid scale elevation tiles. The atmospheric 

surface air temperature and long wave radiation is calculated in FAMOUS at the mean 

elevation within each grid cell and for ice sheet grid cells, these quantities are downscaled onto 

10 vertical ñice tiles" with different elevations; 100 m, 300 m, 550 m, 850 m, 1150 m, 1450 m, 

1800 m, 2250 m, 2750 m, 3600 m. The air temperature downscaling is done by using a constant 

lapse rate (tgrad) to adjust for the differences in the elevation between each tile and the mean 

elevation, and humidity and downwelling longwave are adjusted to be consistent with the 

temperature adjustment. No downscaling is applied to precipitation and shortwave radiation in 

this version of the model. The surface energy fluxes and SMB are calculated on the 10 ice tiles 
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based on the energy budget equation and a multi-layer deep snowpack model. Then the SMB 

is passed onto the ice sheet model, which projects and linearly interpolates this coarse SMB 

field onto the higher resolution ice sheet surface. The resulting changes in ice extent and surface 

elevation simulated by the ice sheet model are passed back to FAMOUS to update the fraction 

of ice present within each ice tile and the orography fields. Within FAMOUS, the mean of the 

surface fluxes weighted by ice fraction within the ice tiles sets the land-atmosphere exchanges 

within FAMOUS. In this study, this process is run at 10 times ice sheet model acceleration 

meaning one year of climate integrated in FAMOUS is used to force 10 years of ice sheet 

integration in the dynamical ice sheet model before the ice cover and orography fields are 

passed back (Gregory et al., 2020).  

In Chapter 2, FAMOUS was coupled to the Glimmer ice sheet model to simulate the North 

American ice sheet. However, the coarse resolution and the use of shallow ice approximation 

(SIA) in the Glimmer ice sheet model used in that study does not resolve the small-scale 

processes or longitudinal stresses required to accurately simulate ice stream evolution or 

grounding line migration. Whilst these processes are not as important to capture in an 

equilibrium spin-up of a continental size terrestrial ice sheet, such as NAIS, they have a large 

influence on the behaviour, configuration and stability of a marine ice sheet (Hubbard et al., 

2009; Pattyn et al., 2012; Stokes and Clark, 2001). In particular, the Eurasian ice sheet has 

many ice streams within marine sectors (e.g. North Sea and Barents Sea) that are vulnerable to 

processes that may cause instabilities of retreat, for example Marine Ice Sheet Instability 

(MISI), and are likely to have been important in its evolution and deglaciation (Kopp et al., 

2017). These processes are similar to those in operation today in West Antarctica, currently 

forming a large source of uncertainty in future sea level projections (van Aalderen et al., 2023; 

Alvarez-Solas et al., 2019; Edwards et al., 2019; Gandy et al., 2019, 2021; Petrini et al., 2020).  

BISICLES is well suited to simulating marine ice sheet dynamics due to its use of the L1L2 

physics for approximating the sliding and flow of the ice sheet, instead of SIA (Cornford et al., 

2013). The L1L2 approximation is a variant of Glenôs flow law that includes longitudinal and 

lateral stresses and approximates vertical shear strains in vertically integrated models (Schoof 

and Hindmarsh, 2010). This makes it able to represent ice-shelves and fast-flowing ice streams 

(Hindmarsh, 2009). Additionally, some ice sheet processes, such as ice streaming and 

grounding line migration, require high resolution to simulate accurately. BISICLES enables 

this to be feasible in millennial scale and large ensemble simulations through its adaptive mesh 

refinement (AMR). Where required, the model can simulate at high resolution, whilst the rest 

of the domain (i.e. the slower moving interior of ice sheets) remains at a lower resolution, thus 
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increasing the efficiency of the model (Cornford et al., 2013). With these features, BISICLES 

is a model well suited to simulate the past evolution of marine ice sheets such as the Eurasian 

ice sheet. It also allows for better physical accuracy in the representation of ice streams within 

the North American ice sheet. BISICLES has previously been used to successfully simulate the 

ice streams and retreat of the marine based British-Irish ice sheet (BIIS) at the Last Deglaciation 

(Gandy et al., 2018, 2019, 2021), the final retreat of the NAIS during the early Holocene 

(Matero et al., 2020), produce an initial condition of the present-day Greenland ice sheet (Lee 

et al., 2015) and model the future evolution of the Antarctic ice sheet (Cornford et al., 2015; 

Siahaan et al., 2022). Additionally, FAMOUS-BISICLES has been used to explore the 

sensitivity of the NAIS and Greenland ice sheet at the LGM to model parameter values through 

large ensemble analysis (Sherriff-Tadano et al., 2024). 

We use the updated version of BISICLES developed by Gandy et al., (2019), which implements 

a pressure limited basal sliding law that is sensitive to the presence of till water. This is mostly 

found to be applicable near the grounding line, and the inclusion of the Coulomb sliding law 

has been shown to have an effect on ice sheet stability in models, with greater grounding line 

retreat occurring in simulations that include this law than those without (Nias et al., 2018; 

Schoof, 2006; Tsai et al., 2015).The upper surface temperature boundary condition in the ice 

sheet model (surface heat flux) is determined by the climate model and the basal boundary 

condition (basal heat flux) is set as a constant flux (3 x 106 J a-1 m-2). The effective pressure, 

and therefore the basal sliding, depends on the basal water pressure and thus the depth of the 

till water layer. Once the englacial drainage water fraction grows beyond a certain value (0.01) 

it is drained to a till layer at a rate proportional to the water fraction, up until a maximum water 

fraction (0.05). The till water is lost vertically at a rate proportional to the till water depth which 

is determined by the specified till water drain factor (drain) (Van Pelt and Oerlemans, 2012). 

This basal hydrology scheme is therefore non-mass conserving. A maximum till water 

thickness of 2 m is set following previous studies (Bueler and van Pelt, 2015; Gandy et al., 

2019; Moreno-Parada et al., 2023). A recent comparison study by Drew and Tarasov (2023) 

shows that this simplified ñleaky bucketò hydrology scheme produces similar results to more 

complete models over centennial or longer timescales and continental scale ice sheets. 

Additionally, the implementation of this basal sliding scheme coupled with this hydrology 

parameterisation allows the simulation of spontaneous ice stream generation and evolution 

(Gandy et al., 2019, 2021).  
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The upper surface thickness flux (i.e. accumulation/melt) is calculated by the climate model 

and the lower surface (basal) thickness flux (i.e. oceanic melt) is set to zero for grounded ice 

and is proportional to the SSTs for floating ice, according to the linear relationship; 

ὛόὦίὬὩὰὪ άὩὰὸ ὶὥὸὩ άώὶ  ὧὝ Ὕ ȟ               (3.1) 

where c is a constant, Tocn is the prescribed sea surface temperature and Tf is the freezing 

point of seawater, assumed to be -1.8 ºC at the surface (Alvarez-Solas et al., 2019; Beckmann 

and Goosse, 2003; Gandy et al., 2018; Martin et al., 2011; Rignot and Jacobs, 2002). Since the 

freezing point of sea water varies with depth of the ice shelf base and with salinity, and the 

surface temperatures are used rather than subsurface, this is a highly idealised parameterisation. 

In addition, many studies have found a quadratic relationship to be a better fit to present-day 

observations (e.g. DeConto and Pollard, 2016; Favier et al., 2019; Holland et al., 2008). 

However, the lack of constraints on ice shelves, ocean temperatures, and sub-shelf melt rates 

for the periods covered in this study makes this a large source of uncertainty in our modelling. 

In this context, it is preferable to choose a simple linear representation of sub-shelf melt over a 

more complex quadratic relationship.  We account for this uncertainty in the wide range of sub-

shelf melt constant (c) values used (1ï50 m yr-1 °C-1). This relationship produces an average 

sub-shelf melt rate across the ice shelves of between around 1.6ï28 m yr-1, which are not 

unrealistic when compared to the estimates from present-day Antarctica of 0ï43 m yr-1 

(Depoorter et al., 2013; Jourdain et al., 2022; Rignot et al., 2013). However, some regions in 

some simulations display very large rates of 100s of metres per year.  

Glacial isostatic adjustment of bedrock topography due to changes in the ice sheet load is 

included through coupling BISICLES to a simple Elastic Lithosphere Relaxing Asthenosphere 

(ELRA) model, which approximates this response by assuming a fully elastic lithosphere above 

a uniformly viscous asthenosphere (Kachuck et al., 2020). A relaxation time of 3000 years is 

applied in this model based on previous studies (Pollard and DeConto, 2012). This method 

does not account for changes in the gravitational pull that ice sheets exert on sea level or 

adjustments in global mean sea level caused by changing global ice sheet volume (e.g. Gomez 

et al., 2010).  

Sherriff-Tadano et al. (2024) found that some of the FAMOUS-BISICLES simulations of the 

NAIS at the LGM exhibit a strong local melting of the ice sheet from parts of the interior. This 

phenomenon is caused by warm temperature biases over the ice sheet interior in the 

atmospheric model, which are amplified by the downscaling method and a positive height-

mass balance feedback. A similar temperature bias was pointed out by Smith et al., (2021b) 
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using the same model under the modern Greenland ice sheet, which produced a higher 

Equilibrium Line Altitude (ELA) (around 2 km high in places) compared to a high-resolution 

regional atmospheric model (at about 1 km high). The warm temperature bias comes from the 

low resolution of the atmospheric model. In reality, a very cold atmospheric layer often forms 

at the surface of ice sheets, especially in the interior, which induces a stable boundary layer 

and isolates the cold surface from the ambient warm air. However, a global climate model 

cannot resolve the effect of the stable boundary layer and overestimates the exchange of heat 

between the surrounding atmosphere and the ice sheet surface. As a result, FAMOUS 

overestimates the temperature in the ice sheet interior and causes a high ELA bias, which results 

in surface melt.  

Here, we take a practical approach to mitigate the effect of the warm temperature bias in 

FAMOUS. This is done by modifying the height adjustment of atmospheric surface 

temperature to the ice tiles through the introduction of a new parameter in the model, elevcon, 

which is intended to make the parts of the ice sheet surface, towards the centre of the ice sheet, 

colder. Section 3.6.1 includes a description of how the elevcon parameter is implemented and 

works to affect the surface temperature and SMB during height correction, and of sensitivity 

experiments performed to validate the effect of different values of elevcon on the modern and 

LGM ice sheets and climates. Since the optimal value of this adjustment is uncertain, we 

include elevcon in the ensemble as a varied parameter value, between the range of 1 and 1.5 

(0-50%). These values were chosen based on testing that showed that a value of 1.5 produced 

an equilibrium line altitude height that represents an upper limit determined by empirical data 

(Figure 3.14).  

3.3.2 Ice dynamics in BISICLES 

It has been established that ice streams exert an important control on the behaviour and 

geometry of an ice sheet and therefore it is crucial that in our study, the simulated location and 

dynamics of at least the major ice stream features, are consistent with reconstructions. Gandy 

et al. (2019) highlighted that the most important model ingredient necessary to successfully 

model ice streams is the representation of idealised subglacial hydrology. The till water layer 

coupled with the Coulomb sliding law described in Sect. 3.3.1 is crucial for the spontaneous 

generation of ice streams. However, this scheme is highly sensitive to the drainage and 

temperature structure of the ice sheets. Inadequate consideration of these factors can lead to a 

poor representation of ice streams (e.g. Sherriff-Tadano et al., 2024). Therefore, we perform a 

spin-up of BISICLES that results in the internal temperatures of the ice sheet being more 

conducive for ice stream generation over shorter integration times. We also perform sensitivity 
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tests varying the level of refinement of the ice streams and the rate of till water drainage to find 

an optimum set-up that balances computational cost with the representation of ice dynamics. 

These methods are described in the following sections. 

3.3.2.1 Temperature spin-up 

The internal temperature of ice sheets is an important factor in controlling the deformation, 

rheology and velocity of the ice due to the temperature dependence of the sliding law and 

enthalpy scheme (Blatter et al., 2010). The ice sheets start with a uniform internal temperature 

of 268 K and it can take tens of thousands of years for the process of cold ice advection from 

the interior and heat conduction from the bed to occur and reach an equilibrium, which is 

important for the formation of ice streams (Fyke et al., 2014; Heine and Mctigue, 1996). Thus, 

we perform ice sheet model only spin-ups for the LGM and the PGM to allow the ice sheet 

internal temperatures to reach close to equilibrium. This temperature profile is then used as the 

internal ice sheet temperature in the initial condition for the sensitivity tests (Sects. 3.3.2.2 and 

3.3.2.3) and coupled simulations.  

The spin-ups were run at 32 km resolution for 20,000 years using single surface mass balance 

and surface temperature fields taken from a FAMOUS-BISICLES equilibrium simulation that 

used climate model parameters identified to be NROY in simulations of the NAIS in Chapter 

2, default ice sheet model parameters and an elevcon value of 1.2 (Figure 3.16). The initial ice 

sheet configurations were the same as used in the coupled simulations (described in Sect. 

3.3.3.1). The sliding law was set to a temperature dependent Weertman sliding without till 

water dependent Coulomb sliding enabled since the bulk of the temperature field is not affected 

much by Coulomb sliding near the coast. The resulting temperature profiles are shown in Sect. 

3.6.2 (Figure 3.17 and Figure 3.18).  

3.3.2.2 Drain factor sensitivity tests 

In their study, Sherriff-Tadano et al., (2024) used much higher values of drain (0.2-0.6 m yr-1) 

than has typically been used in previous studies (0.001-0.005 m yr-1; Gandy et al., 2019; 

Kazmierczak et al., 2022; Moreno-Parada et al., 2023). This was to prevent large till water 

depths leading to too large velocities across the entire ice sheet and long simulation times, as 

high velocities require more iterations and smaller timesteps to solve. This resulted in the till 

water drainage outpacing the supply and thus very small till water depths, leading to mostly 

Weertman sliding across the whole ice sheet.  

Slow till drainage (low values of drain) can lead to isolated regions of fast flow, > 50 km yr-1, 

which have a disproportionate effect on simulation time. To prevent this we introduce an 
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artificial drag term rising with the fourth power of ice speed and calibrated to be negligible for 

ice speeds below 1 km yr-1.  This drag factor is also used in the coupled simulations throughout 

the rest of this study. We then perform sensitivity tests with different values of drain spanning 

the range 0.001-0.06 m yr-1 but all other factors kept constant. The results of some of these tests 

are shown in Figure 3.19. Values of drain above 0.05 prevent much of the coulomb sliding at 

the coasts and the representation of some of the major ice streams, particularly the Hudson 

Strait Ice Stream, is poor. Low values usually used in ice sheet models (0.001-0.005) cause too 

large velocities and ice streams that remove much of the ice sheet, especially in Eurasia. 

Therefore, in this study, we implement a range of 0.01-0.05 to cover values just below the 

default till water supply rate of 0.02, to where no coulomb sliding occurs. For studies that seek 

to examine ice streaming of the glacial maximum ice sheets, we would recommend performing 

additional sensitivity tests that vary ice shelf basal melt parameterisation and geothermal heat 

flux, but this is beyond the scope of the present study.  

3.3.2.3 Spatial resolution sensitivity tests 

The base resolution of the ice sheet model is 32 km. The adaptive mesh refinement allows the 

areas covered by ice to be refined once to 16 km, which shows some improvement to the 

simulated ice streams, although the difference is only about 1.2 m yr-1 on average over the 

whole ice sheet (Figure 3.20a and 3.20b). Additional sensitivity simulations were performed 

refining areas of ice streaming up to 8 km and up to 4 km (Figure 3.20c and 3.20d). These tests 

showed that after refining to 16km, the difference in average ice velocity for any further 

refinement converges to zero (Figure 3.21) and the pattern of major ice stream features (Figure 

3.20), the position of the marine margins and the ice volume across the NH ice sheets is not 

significantly changed, except across the southern area of the Eurasian ice sheet (Figure 3.1). 

However, computational costs are quadrupled with each level of refinement. Thus, we 

determine one level of refinement (16 km) to be sufficient for this study in which we are 

focussing more on the large-scale geometry of the ice sheet rather than the finer details of the 

ice streams. This is a similar conclusion to that drawn from the simulations presented by 

Albrecht et al., (2020) and Gandy et al., (2019), the latter further showing anything finer than 

4 km does not improve the match of simulated ice streams to empirical data.  

There is an increase in the velocity of up to around 3000 m yr-1 at the centre of some of the ice 

streams at the higher resolutions, which could be important during simulations of the 

deglaciation (Robel and Tziperman, 2016). We performed an additional simulation refining the 

margin of the marine section of the Eurasian ice sheet to 2 km to see if any marine processes 

would be captured that could not have been resolved at lower resolutions. This did not lead to 
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any significant difference in the ice velocity in this region compared to the 4 km simulation 

(Figure 3.20e), but again could be important in deglaciation simulations when MISI could be 

triggered (Gandy et al., 2020; Patton et al., 2015; Petrini et al., 2020; van Aalderen et al., 2024). 

 

Figure 3.1: Difference in final ice sheet thickness between simulations with different levels of refinement  

3.3.3 Experiment design 

3.3.3.1 Boundary and initial conditions 

The coupled simulations broadly follow the PMIP4 protocols for the LGM (Kageyama et al., 

2017) and the PGM (Menviel et al., 2019), which prescribe greenhouse gases, orbital 

parameters and the Antarctic ice sheet configuration. Following the same methods in Chapter 

2, we also prescribe SSTs and Sea ice from HadCM3 simulations of 140 ka and 21 ka. A 

description of the HadCM3 simulations, the justification for this choice of approach, and a 

discussion on how these SSTs may affect the result is also presented in Chapter 2. Vegetation 

is kept at pre-industrial distribution, which could have an effect on the results since studies 

have shown the importance of the albedo-vegetation feedback during glacials, particularly for 

the PGM (Colleoni et al., 2009b; Crucifix and Hewitt, 2005; Stone and Lunt, 2013; Willeit et 

al., 2024).  

The interactive ice sheet model domain covers the whole NH, including the North American, 

Greenland and Eurasian ice sheets. The results of the work in Chapter 2 showed that the initial 

ice sheet model conditions used in the glacial maxima simulations overwhelmingly determined 

the configurations of the final ice sheets due to the ice-albedo feedback, and that the climate at 

the glacial maxima had an opposite impact on the difference in NAIS ice volume between the 

LGM and PGM to what was expected. This suggests that the evolution of the climate and the 

ice sheets leading up to the glacial maximum are important in determining the configurations 
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of the ice sheets at the glacial maximum. We, therefore, chose to initialise the LGM and PGM 

simulations from the respective ice sheet reconstructions available to ensure realistic ice sheet 

geometry for each period, accounting for the evolution of the climate and ice sheets prior to 

the glacial maxima. With this approach, we can examine how the differences in ice geometry 

and background climate between the two time periods affect the sensitivity to the model 

parameters that control key earth system feedbacks (e.g. ice-albedo feedback, ice-elevation 

feedback and climate-ice sheet interactions). The LGM orography was initiated from the 

GLAC-1D reconstruction (Briggs et al., 2014; Ivanovic et al., 2016; Tarasov et al., 2012; 

Figure 3.17a) and the PGM was initiated from a combination of a simulated NROY PGM NAIS 

from the ensemble in Chapter 2 (xpkyn) and a simulated PGM EIS by Pollard et al., (2023) 

(Figure 3.18a), and their corresponding topographies. 

3.3.3.2 Ensemble design 

As well as the initial ice sheet conditions, modelled ice sheet volumes and areas are also 

sensitive to a number of parameterisations related to climate processes, surface mass balance 

and ice sheet dynamics. To assess this sensitivity, we design an ensemble using maximin Latin 

Hypercube Sampling (Williamson, 2015; Santner et al., 2003), that consists of 120 

combinations of 12 uncertain climate and ice sheet model parameters, varied over a specified 

range (Table 3.1). These 120 simulations are each run with the LGM and PGM initial 

conditions described in Sect. 3.3.3.1, resulting in 240 total simulations. Each was integrated 

for 500 climate years (5000 ice sheet years). Since we start from a glacial maximum 

configuration and spun-up internal temperatures, this is enough time for the ice sheets to (i) 

reach equilibrium (or close to it), and (ii) give an indication of whether the parameters are 

producing reasonable ice sheets and form ice streams. Each simulation took around 35 hours 

running on 8 cores to complete (~280 core hours). 

The choice and range of parameters is adapted from several previous ensemble studies (Gandy 

et al., 2023; Gregoire et al., 2011; Patterson et al., 2024; Sherriff-Tadano et al., 2024). We vary 

three uncertain parameters related to ice sheet dynamics in BISICLES; the basal friction 

coefficient in the power law relation (beta), the till water drain factor (drain), and the sub-shelf 

melt constant (c). The elevcon parameter controls the magnitude of the height adjustment 

applied and the remaining parameters control the climatic conditions and ice albedo in the 

simulations.  
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Table 3.1: Parameters varied in the ensemble and the ranges sampled. 

Parameter Unit  Ensemble 

range 

Notes 

Weertman 

friction 

coefficient, beta 

Pa m-1/3 

a1/3 

20,000 ï 60,000 Represents the resistance of ice at the base to 

motion. The higher the value, the stronger the 

friction between the ice and the bedrock over 

which it is flowing.  

Till water drain 

factor, drain 

yr-1 0.01 ï 0.05 Controls the rate of vertical till-stored drainage 

and therefore water pressure in the till layer. 

The higher the value, the more rapidly till water 

is removed. 

Sub-shelf melt 

constant, c 

m yr-1 ºC-1 1 ï 50  Characterises the relationship between ocean 

thermal forcing and sub-shelf melt rate 

Lapse rate, 

tgrad 

K m-1 -0.01 ï -0.002 Air temperature lapse rate used during 

downscaling to the ice sheet surface. The more 

negative the number, the stronger the lapse rate 

effects (Smith et al., 2021b) 

Sensitivity of 

bare ice albedo, 

daice 

K-1 -0.4 ï 0 The sensitivity of bare ice albedo to surface air 

temperatures above the melt threshold (mimics 

darkening of the surface due to melt ponds 

forming in summer). The minimum value 

reduces the bare ice albedo to as low as 0.15 

(Smith et al., 2021b) 

Surface snow 

density 

threshold, fsnow 

kg m-3 350 ï 800 The density threshold for snow beyond which 

the surface is regarded as bare ice. The higher 

the value, the higher the albedo for denser snow, 

tending to increase ice sheet albedo overall 

(Smith et al., 2021b) 

Sensitivity to 

surface grain 

size, av_gr 

µm-1 0 ï 0.01 The sensitivity of the surface snow albedo to 

increasing grain size. The higher the value, the 

more the albedo decreases over time, reducing 

snow albedo overall (Smith et al., 2021b) 
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Relative 

humidity 

threshold, rhcrit 

Pa-1 0.6 ï 0.9 The threshold of relative humidity above which 

large-scale clouds form (Smith, 1990) 

Precipitating ice 

fall out speed, 

vf1 

m s-1 1 ï 2 The precipitating ice fall out speed (Heymsfield, 

1977) 

Cloud liquid 

water 

conversion rate, 

ct 

s-1 5x10-5 ï 4x10-4 Rate of conversion of cloud liquid water 

droplets to precipitation (Smith, 1990) 

Cloud liquid 

water threshold, 

cw 

kg m-3 1x10-4 ï 2x10-3 The threshold of cloud liquid water (over land) 

above which precipitation forms (Smith, 1990).  

Height 

correction, 

elevcon 

 1 ï 1.5 Scaling factor for the height of the vertical 

levels read by the ice sheet model (this study) 

 

3.3.4 Evaluating the ensemble 

To evaluate the performance of the LGM ensemble members and find sets of model parameters 

that produce NROY ice sheet configurations, we employ an implausibility metric. This allows 

a robust comparison of model output to empirical evidence and previous modelling studies, 

taking into account their uncertainties. The implausibility metric considers constraints on LGM 

ice volume, ice extent and global mean air temperature (GMT) derived from studies using 

palaeo-records of past climate and ice sheets and numerical modelling (Table 3.2). Since the 

PGM is poorly constrained in these areas, we are unable to evaluate the performance of the 

PGM ensemble in the same way. Instead, we opt to select the PGM ensemble members that 

correspond to the selected LGM members to enable comparison, see whether the same 

parameter values produce plausible PGM ice sheets based on known configuration differences 

and allow us to learn more about the PGM without the restriction of uncertain constraints. 

The NAIS area is evaluated based on the southern extent of the ice sheet reconstructed by 

Dalton et al., (2020), within ± 3 times the area of the ice lobes (Figure 3.2a). We set this 

envelope of uncertainty (based on ice-lobe area) to account for known common model biases, 

such as over-estimated Alaskan ice, and limitations such as the inability to simulate the 
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dynamic ice lobes (Patterson et al., 2024). Similarly, the plausible range of the EIS is 

considered to be within ± 3 times the area of the BIIS (Figure 3.2b) based on the reconstruction 

from Hughes et al., (2016). We chose to not tune to meet BIIS constraints since none of our 

simulations maintain ice over this area (see Sect. 3.4.1) and we do not want to compensate 

for/hide this limitation by over-estimating ice elsewhere. The GMT range is determined from 

different estimated levels of LGM cooling, and their uncertainties, relative to a pre-industrial 

GMT of 13.7 ± 0.1 °C (1880-1900; NOAA National Centers for Environmental Information, 

2023; Sherriff-Tadano et al., 2024). 

 

Figure 3.2: Reconstructions used in the implausibility metric. (a) North American i ce sheet extent from 

Dalton et al., (2020); the large red box delimits the southern extent footprint used in the implausibility 

metric; the smaller red box indicates the area of the lobes used to calculate the range of plausible values. 

(b) Eurasian ice sheet extent from Hughes et al., (2016); the red box indicates the area of the BIIS used to 

calculate the range of plausible ice areas. 
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Table 3.2: The ranges of plausible values for ice sheet volume and extent (expressed in metres global mean 

sea level equivalent; m s.l.e.), and global mean surface air temperature (GMT; given in °C) used in our 

implausibility metric, and references to the published work used to derive these ranges. 

Metric Plausible range References 

North 

American ice 

sheet (NAIS) 

Volume (m 

s.l.e.) 

68 ï 88 Abe-Ouchi et al., 2015; Gregoire et al., 

2012; Lambeck et al., 2017; Moreno-

Parada et al., 2023; Peltier et al., 2015; 

Simms et al., 2019; Tarasov et al., 2012 

Area (km2) 2.0 x 106 ï 7.16 x 

106 

Dalton et al., 2020 

Eurasian ice 

sheet (EIS) 

Volume (m 

s.l.e.) 

13 ï 23.5 Abe-Ouchi et al., 2015; Hughes et al., 

2016; Lambeck et al., 2006; Patton et al., 

2016; Peltier et al., 2015; Tarasov et al., 

2012 

Area (km2) 3.83 x 106 ï 8.02 x 

106 

Hughes et al., 2016 

Global Mean surface air 

Temperature (GMT; °C) 

 

5.6 ï 12.1 Annan et al., 2022; Annan and Hargreaves, 

2013; Holden et al., 2010; Liu et al., 2023; 

Osman et al., 2021; Schmittner et al., 2011; 

Schneider von Deimling et al., 2006; Zhu et 

al., 2022 

 

3.3.5 Gaussian process emulation and Sobolǋ sensitivity analysis 

To determine which of the model parameters had the most influence on the uncertainty in 

modelled ice sheet configurations, and whether this differed for each of the NH ice sheets and 

each glacial maxima, we perform a Sobolǋ Sensitivity Analysis (Saltelli, 2002; Sobolǋ, 2001) 

on four diagnostics for each ensemble; NAIS ice volume, NAIS southern area, EIS ice volume 

and EIS area. This produces a first order sensitivity index which measures the contribution to 

the output variance by each model parameter alone; a second order index which measures the 

contribution from interactions between two parameters and; a total order index which is the 

contribution by a model parameter as a result of its first order sensitivity and all higher order 

interactions. An index value of 0.05 is often used as the threshold above which a parameter is 

considered to have an important influence on the output variance (Zhang et al., 2015). 

The Sobolǋ analysis requires a uniform sample of thousands of model inputs, for example, 

generated following Saltelliôs extension of the Sobolǋ sequence, which are outside of our initial 
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parameter sample. This would therefore require additional evaluations of the model, which 

would require significant additional computational resources. To this end, we train Gaussian 

Process (GP) emulators (Kennedy and OôHagan, 2001; Oakley and OôHagan, 2004) on each 

of the four diagnostics from the two 120 member ensembles. These emulators are then 

employed to evaluate the additional parameter sets generated by the Sobolǋ sequence. Using 

this sequence and the emulators, we are able to generate and evaluate more than 200,000 

samples in only a few minutes, a number which would have been computationally intractable 

using FAMOUS-BISICLES directly. Since we use a complex model with a large number of 

uncertain parameters, a sample of this size is necessary in order to increase the reliability of 

the Sobolǋ analysis. 

To evaluate the performance of our emulators and ensure their predicted output is sensible 

compared to the modelled output, we perform a Leave-One-Out Cross-Validation (LOOCV) 

on each emulator (Bastos and OôHagan, 2009; Rougier et al., 2009). In general, leave-k-out 

cross-validation involves splitting the dataset of input parameters and output diagnostics into 

separate training sets and testing sets. The emulator is trained using the training set and then 

fed the input parameters of the testing set to evaluate. The values it then predicts can be 

compared to the actual modelled values. In the case of the LOOCV, all but one set of inputs 

and outputs are used as the training set and the emulator is used to predict the output left out. 

This process is then repeated for each of the 120 model outputs. We found that, compared to 

the modelled outputs, seven of the ensemble input parameter sets consistently produced poor 

predictions for four or more of the eight diagnostics. Therefore, to improve the quality of the 

emulator fit, we removed these seven inputs, re-trained the emulators, and once again 

performed the LOOCV. The predicted values (and their 95% credible intervals) compared to 

the modelled values for each emulator are shown in Sect. 3.6.4 (Figure 3.22). Overall, between 

84-93% of the predicted intervals contain the true model output, which we determine is enough 

for the purposes of the Sobolǋ analysis.  

3.4 Results and discussion 

3.4.1 Initial ensemble 

After running the ensembles of simulations for the LGM and PGM, we obtain two sets of 120 

simulations with a wide spread of NH ice sheet configurations. The ensemble mean volume of 

the NAIS at the LGM is 37.6 m s.l.e., with a smaller mean at the PGM of 22.8 m s.l.e.. In 

contrast, the LGM has a smaller mean EIS volume of 5.39 m s.l.e. compared to 12.6 m s.l.e. at 

the PGM. Both ensembles have a similar mean Greenland ice sheet volume of ~7 m s.l.e.. The 
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range in ice volume and extent across the ensembles are shown in Figure 3.3 which reveals a 

larger spread in NAIS volume at the LGM but a larger EIS spread at the PGM. Figure 3.3c 

shows that the LGM simulations tended to have more extensive ice across the Laurentide ice 

sheet and in the area joining the Laurentide to the Cordilleran ice sheet, but that the PGM had 

more extensive ice to the south and east of the EIS and over Alaska while maintaining an ice 

free corridor between the Laurentide and Cordilleran. Whilst these relative volumes and extents 

between the LGM and PGM are consistent with knowledge of the different NH ice sheet 

configurations at each glacial maxima, the average values are much lower than current 

estimates suggest. This is due to a large proportion of the ensemble members deglaciating to 

very low or zero ice extent (Figure 3.3a and 3.3b).  

 

Figure 3.3: Histograms of the distribution of (a) North American and (b) Eurasian final ice volumes across 

the LGM and PGM ensembles and percentage of the ensemble members that had ice over areas of the 

domain for (a) the LGM (with the extents of Dalton et al., (2020) and Hughes et al., (2016) in red), (b) the 

PGM (with the Batchelor et al., (2019) extent in red), and (c) the difference between the LGM and PGM 

ensembles. 

In particular, all simulations lack a BIIS and most display a poor match to reconstructions over 

Scandinavia and in the southern margin and eastern marine extent of North America. This is 

due to large negative SMB values over these regions (Figure 3.4) causing rapid deglaciation, 

with the BIIS disappearing in 600 ice sheet years or less. This is a similar result to Bradley et 
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al., (2024) who used a GCM to simulate the SMB across the LGM ice sheets. Their simulations 

showed large ablation areas across the BIIS, the southern margin of Scandinavia and the 

southern, Pacific and Atlantic margins of the NAIS, but low melt rates across the Barents-Kara 

ice sheet and Greenland. Whilst they did not use a dynamical ice sheet model, they concluded 

that if this SMB pattern was applied to one, it would very likely drive rapid retreat of the 

southern margins of both ice sheets. 

 

Figure 3.4: Ensemble mean surface mass balance and variance at ice sheet year 200 for (a) and (c) the LGM 

and (b) and (d) the PGM.  

This result could reflect the asynchronous timing of the local maxima of the NH ice sheets 

since, for example, there is evidence that much of the NAIS reached its maximum extent at 

~25 ka (Dalton et al., 2022, 2023) and the BIIS reached it maximum at ~25-23 ka before 

starting its retreat at ~22 ka due to a warming trend caused by a change in orbital parameters 

between 26ï21 ka (Clark et al., 2022; Hughes et al., 2016). However, these reconstructions of 

the NAIS and BIIS still suggest there was extensive ice over these regions at 21 ka even if not 

at their maxima. In addition, Bradley et al., (2024) also performed a simulation using boundary 

conditions for 26 ka and obtained a similar result to 21 ka. They therefore concluded that the 

too negative SMBs are likely a result of biases in the simulated climate or ice sheet 

reconstruction, a highly non-equilibrated climate and ice sheet at the LGM, and/or the need to 



97 
 

retune the model for LGM climate conditions (as also shown to be necessary by Gandy et al., 

2023). Indeed, many other numerical modelling studies have also found it difficult to maintain 

extensive ice in these regions using a range of different models, boundary conditions and model 

parameters (van Aalderen et al., 2023; Quiquet et al., 2021a; Scherrenberg et al., 2023b; 

Sherriff-Tadano et al., 2024; Ziemen et al., 2014; Zweck and Huybrechts, 2005).  

In this present study, the compromise with using a coarse resolution model is that it is not able 

to accurately capture some of the smaller scale atmospheric circulation effects that influence 

precipitation and temperature patterns. This leads to biases in the modelled climate that result 

in some areas of the ice sheets not matching reconstructions. For example, simulations of the 

NAIS have grown too much ice over Alaska and the southern extents are not extensive enough 

(Patterson et al., 2024; Sherriff-Tadano et al., 2024; Ziemen et al., 2014). This is likely a result 

of an underestimation of the stationary wave effect on temperature patterns; a common feature 

when using low resolution atmospheric models (Abe-Ouchi et al., 2007; Ganopolski et al., 

2010; Liakka et al., 2012; Roe and Lindzen, 2001). 

3.4.2 Non-implausible parameter sets 

We apply the implausibility metric, described in Sect. 3.3.4, to the ensemble of LGM 

simulations to see if there are any sets of model parameters that produce plausible ice sheets. 

All ensemble members have a GMT that falls within the range included in the implausibility 

metric due to the control in surface conditions imposed by the prescribed SSTs. The LGM 

simulations range from 6.34ï9.20 °C and the PGM from 7.12ï10.12 °C. This suggests that the 

SSTs used produce plausible LGM and PGM climates, causing a warmer PGM compared to 

the LGM, which is also in agreement with palaeo reconstructions and other dynamical models 

(Bintanja et al., 2005; Colleoni et al., 2016). However, due to ice extent and volume, only two 

LGM simulations are NROY (labelled as NROYa and NROYb). Furthermore, we acknowledge 

the risk that our evaluation metric may be too tightly constrained by uncertain palaeo 

reconstructions; ice sheet volume, in particular, is not well known. We therefore also apply the 

extent and volume constraints separately to explore additional plausible ice sheet 

configurations, especially since the volume constraint is still very uncertain and our minimum 

volume for the NAIS is less lenient than limits that have been used previously (e.g. Gandy et 

al., 2023; Sherriff-Tadano et al., 2024). This results in the selection of two more ensemble 

members; one that meets only the ice extent criteria (labelled as NROY extent) and one that 

meets only the ice volume criteria (labelled as NROY volume). All four of these NROY 

simulations are shown in Figure 3.5, with the corresponding four PGM simulations shown in 

Figure 3.6. 
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The volumes and extents of the NROY simulations are outlined in Table 3.3. Overall, the LGM 

NROY simulations show a good match to the reconstructed extents of the LGM ice sheets and 

the equivalent PGM simulations display a smaller NAIS and larger EIS in line with empirical 

evidence and previous studies. Whilst the equivalent PGM simulations show a smaller NAIS 

than the extent of Batchelor et al., (2019), this reconstruction represents the maximum MIS 6 

extent (190-132 ka) and therefore is likely larger than the 140 ka ice sheet would have been, 

particularly for the NAIS. These four NROY model simulations suggest the NAIS was ~25 m 

s.l.e. smaller at the PGM compared to the LGM, and the EIS ~24-27 m s.l.e. larger. There are 

very few existing reconstructions of the PGM ice sheets and none produced using a coupled 

climate-ice sheet model. Our simulations perform well in comparison to these reconstructions 

(Figure 3.7) and thus provide a great alternative for use as boundary conditions in future climate 

and sea level modelling studies. 

Table 3.3: Ice sheet volumes and extents at the end of the 5000 ice sheet years for the two NROY LGM 

simulations and the corresponding PGM simulations. 

 LGM PGM 

 NROYa NROYb NROY 

extent 

NROY 

volume 

NROYa NROYb NROY 

extent  

NROY 

volume 

NAIS Volume  

(m s.l.e.) 

72.6 76.9 64.7 82.4 48.1 52.2 41.5 57.5 

EIS Volume  

(m s.l.e.) 

14.2 17.0 12.7 13.7 38.7 44.0 35.6 50.7 

NAIS area 

(southern 

area) (x106 

km2) 

14.2 

(4.44) 

13.9 

(4.17) 

12.4  

(2.91) 

13.1 

(3.51) 

10.9  

(1.87) 

10.8  

(1.66) 

9.31  

(0.75) 

10.1 

(1.32) 

EIS area (x106 

km2) 

4.53 5.0 4.08 3.56 9.86  10.1  9.04 9.61 
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Figure 3.5: Final ice thickness and surface mass balance for the four NROY LGM simulations.  

All NROY simulations still lack a BIIS, however, which suggests that biases in the climate 

model are the cause rather than model parameter values. Due to high rates of sub-shelf melt 

(~60-75 m yr-1), the NROY simulations also lack ice shelves by the end of the 5000 ice sheet 

years, which could also have contributed to the underestimation of the eastern margin of the 

NAIS and the deglaciation of the BIIS (Scherrenberg et al., 2023b). However, there are not 

many constraints on the extent of ice shelves during the LGM or PGM since they leave few 

glaciological traces behind. There is some evidence that a large, thick ice shelf extended into 

the Arctic Ocean during the MIS 6 glaciation (Jakobsson et al., 2016; Svendsen et al., 2004) 

and during the last glaciation a thick ice shelf may have covered Baffin Bay (Couette et al., 

2022). Similarly, the rate of sub-shelf melt is poorly constrained during past periods, however, 

since some studies have shown ocean driven melt to be important for the evolution of the 

marine based sectors of the NH ice sheets (Alvarez-Solas et al., 2019; Clark et al., 2020; Petrini 

et al., 2020), it may be useful to implement a more complex parameterisation or perform some 

additional sensitivity tests to explore this process further in future studies.  










































































































































































