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A mantle-to-crust study of magmatic processes

in the Main Ethiopian Rift

Kevin Wong

Continental rifting is the means by which strong continental lithosphere is faulted,

weakened, and ruptured to form a new ocean basin. This process evolves temporally and

spatially, and is accompanied by significant seismicity and often crustal intrusion of mantle-

derived magmas in its penultimate stages, which facilitate further extension through crustal

thermo-mechanical weakening. Understanding the relationship between magmatism and

extension in rifts is paramount for developing new models of tectonic evolution that account

for the effects of magmas during the rifting process.

This thesis investigates the magmatic character of the late-stage Main Ethiopian Rift

(MER), the northernmost sector of the East African Rift System. A subject of intense

geophysical examination, the MER hosts volcano-tectonic segments that accommodate

the bulk of extensional strain. Past literature has highlighted the anomalous nature of

the mantle and the presence of both solid and molten intrusions in the rifting crust under

these segments. To verify geophysical evidence, new independent petrological observations

of melt generation and crustal magmatic storage and transport are necessary.

I explore magmatism in the MER by analysing erupted basalts from scoria cones. Geo-

chemical analyses of these materials, including whole rocks, olivine crystals, and olivine-

hosted melt inclusions, are used to explore melt generation, crystal fractionation, and

cationic diffusion within crystals.

The three principal studies outlined in this thesis demonstrate that heterogeneous

melts, derived from a hot mantle that is geochemically and lithologically enriched relative

to ambient mantle, are stalled and stored in a mid-crustal weak layer prior to eruption.

Significant degassing of CO2 occurs within this layer. Eruptions are triggered by the in-

trusion of hot mafic dykes in the months leading up to cone-forming events. These results

provide new constraints on the temperature and composition of the sub-MER mantle, the

storage conditions of rift magmas, and the timescales of processes that trigger eruptions.
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Chapter 1

Introduction and background

Wilson (1966) first described the genesis of ocean basins from the rifting-apart of intact

continental crust. Since this seminal work, research has highlighted the necessity of conti-

nental rifting in the Earth system, including (but not limited to) tectonic evolution (e.g.,

Ebinger, 2005; Keir, 2014), the deep carbon cycle (e.g., Foley and Fischer, 2017; Brune

et al., 2017; Wong et al., 2019), and continental modification (e.g., White and McKenzie,

1989; White et al., 2008; Thybo and Nielsen, 2009). While rifted passive margins, the

remnants of ancient continental rifting events, may provide insights into the processes oc-

curring during active continental break-up (e.g., White et al., 2008; Magee et al., 2016),

they are often overprinted by the significant volcano-tectonic activity that accompanies the

latest stages of rifting (Ebinger, 2005). Models illustrating the spatial and temporal devel-

opment of continental rifting must therefore rely on detailed study of extant continental

rift systems transitioning to oceanic crust.

The East African Rift System (EARS) is the archetypal present-day active continental

rift system. Extending across East Africa, from Afar in the north to Mozambique in the

south, the EARS accommodates the ongoing separation between the Somalian and Nubian

plates, and hosts a complex series of rift basins, fault zones, and volcanoes (Figure 1.1). In

its northernmost sector within Ethiopia (termed the Ethiopian Rift), the EARS gradually

transitions into an oceanic spreading centre as part of the Afar Triple Junction, exposing

several stages of rift-to-ridge development (e.g., Ebinger, 2005). This portion of the rift

therefore offers an exciting opportunity to study the driving factors, geodynamics, and

effects of late-stage continental rifting within the crust and mantle.

Much like its geophysical features, the volcanic features of the rift vary too along its

length (e.g., Rogers, 2006; Furman, 2007). The erupted products of different stages of the
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Figure 1.1: Overview elevation map of East Africa with the primary components of the
East African Rift system highlighted. The black lines mark out the position of faults
dividing the Nubian and Somalian subplates (redrawn after Chorowicz, 2005). The blue
box shows the spatial area presented in Figure 1.2. Red triangles show volcanoes from
the Global Volcanism Program (2013). The East African Rift sectors labelled include the
Western Rift (WR), Kenyan Rift (KR), Main Ethiopian Rift (MER), Turkana Depression
(TD), Afar Depression (AD), and Tanzania Craton (TC), which is additionally bordered
by a thick, dashed, black line. The digital elevation model is GTOPO30 (completed in
1996).
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rifting process harbour observable geochemical variations that can infer the conditions of

their generation and transport. Scoria cones and basaltic flows occur along the length of

the Ethiopian Rift, forming vast 50–100 km long and ∼20 km wide volcanic fields on the

rift floor (Abebe et al., 2007). Volcanic ejecta from these scoria cones, with focus on early

crystallising olivine from mantle-derived basaltic melts, form the subject matter of this

thesis.

1.1 The Ethiopian Rift

The 60 km-wide Ethiopian Rift is the ∼1000 km seismically and volcanically active

sector of the East African Rift system that passes through the centre of Ethiopia with a

N-S trend, which rotates to NE-SW at ∼5 ◦N latitude (Figure 1.2). Its rift valley separates

the Ethiopian and Somalian plateaux to its west and east respectively, and connects the

Turkana Depression in the south to the Afar Depression in the north. At Afar, the Rift

joins with the Red Sea Rift and Gulf of Aden ridge systems to form the Afar triple junction.

South of the Ethiopian Rift lies the Broadly Rifted Zone, a ∼300 km-wide series of rift

valleys and basins which mark the overlap between the Ethiopian Rift and the Eastern

Rift of Kenya to the north of Turkana (e.g., Ebinger et al., 2000). The Ethiopian Rift is

often subdivided into two near-continuous segments: the ∼600 km-long Main Ethiopian

Rift (MER) and Southern Afar (e.g., Corti, 2009); the former segment is the focus of this

thesis.

Traditionally, the MER is differentiated into southern, central, and northern sectors

(SMER, CMER, NMER; Figure 1.2), with each sector bearing distinct rift and fault trends

and architectures reflective of the complex rifting stages undergone by the rift as a whole

(Hayward and Ebinger, 1996; Bonini et al., 2005; Keranen and Klemperer, 2008; Agostini

et al., 2011; Keir et al., 2015). Geographically, the SMER-CMER divide is marked by the

Goba-Bonga volcanic lineament, which runs parallel to Lake Awassa (Corti et al., 2018b,

e.g., ), and the NMER-CMER divide by the Boru Toru structural high, the onset of the

transition to the Afar depression (Bonini et al., 2005). Within Afar, the E-W extension

of the NMER is separated from Arabian NE-SW extension by the Quaternary left-lateral

oblique-slip Tendaho-Goba’ad Discontinuity (Acton et al., 1991).

Past research into both the MER and Afar Depression has been hampered by Ethiopian

political instability, civil unrest, and conflicts with the neighbouring states of Eritrea and
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Figure 1.2: Overview elevation map of the Main Ethiopian Rift. The MER is differentiated
into southern, central, and northern sectors (SMER, CMER, NMER) by thick, dashed,
white lines. Border faults and faults of the Wonji Fault belt are included as grey and red
lines respectively (Agostini et al., 2011). The dashed blue box shows the extents of Figure
1.4; the solid blue boxes show the sampled areas near Abaya Lake (Figure 2.1), Ziway
Lake (Figure 2.3), and the Boku Volcanic Complex (Figure 2.5). The rough position of
the Yerer Tullu-Wellel volcano-tectonic lineament (YTVL) is also included. Red triangles
show volcanoes from the Global Volcanism Program (2013), with the following major
calderas and volcanic fields labelled as follows: AM, Arba Minch; C, Corbetti; A, Aluto;
BVF, Butajira volcanic field; TM, Tullu Moye; G, Gedemsa; SDFZ, Silti-Debre Zeyit Fault
Zone; BB, Boset-Bericha; K, Kone; F, Fantale. The digital elevation model is GTOPO30
(completed in 1996).
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Somalia. Most in-depth petrological and geophysical studies are therefore recent, and the

majority are in collaboration with the Ethiopia Afar Geoscientific Lithospheric Experiment

(EAGLE; 2001–2003), Afar Rift Consortium (ARC; 2007–2011), and RiftVolc (2014–2019)

research groups (e.g., Yirgu et al., 2006; Bastow et al., 2011; Wright et al., 2016).

Besides its unique geophysical setting, the Ethiopian Rift is known for being the ‘Cradle

of Mankind’ after the discovery of several early hominid fossil localities within it, including

the oldest known Homo sapiens (e.g., White et al., 2009; Vidal et al., 2022). Uplift and

volcanism in the Ethiopian Plateau during early rift development promoted the develop-

ment of grasslands in the rift system, which may have spurred the evolutionary radiation

of hominids within the rift valley (e.g., Gani et al., 2007; Hutchison et al., 2016b). The

most recent evolution of the MER is therefore possibly entwined with that of humans, who

still live among the rift volcanoes at the present day (Aspinall et al., 2011).

1.2 Regional tectonics

At the present day, the MER accommodates 4–6 mm yr−1 extension in a roughly

east-west direction between the Nubia and Somalia subplates (Calais et al., 2006; Saria

et al., 2014). Overarching rift development is migrating from the north of the MER to the

south, although significant portions of the rift are oblique to the direction of extension and

have an asymmetric across-strike architecture (e.g., Siegburg et al., 2020), suggesting that

rift development may follow deep-set pre-existing weaknesses and heterogeneities within

the underlying lithosphere (Corti et al., 2013a, 2018a). Rift formation and localisation in

Ethiopia in the Tertiary have been correlated to basement deformation during the Pro-

terozoic, and this early continental and lithospheric deformation may therefore primarily

control rift location and orientation (Keranen and Klemperer, 2008; Keranen et al., 2009).

The early magmatic history of East Africa is marked by periods of extensive flood

basaltic volcanism prior to continental rifting from ∼45 to ∼30 Ma (e.g., Rooney, 2017).

This widespread volcanism is thought to be related to the impingement of one or more

mantle plumes at the base of the lithosphere, which may linger to the present day (see

Section 1.2.3). Volcanic activity initiated in southwest Ethiopia and the Turkana depression

at 45–40 Ma; however little lithospheric extension accompanied these events (e.g., Ebinger

et al., 1993).

Extension in the northern parts of East Africa is thought to have began in the Oligocene,
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Figure 1.3: Schematic diagrams illustrating time-frames and hypotheses for MER develop-
ment. A depicts flood-basalt volcanism in Afar, covering much of Ethiopia and Yemen. B
illustrates the development of the SMER from the Broadly Rifted Zone. C to F highlight
different development models put forward in the literature; C illustrates the northward
propagation of the MER from the Broadly Rifted Zone (Wolfenden et al., 2004); D shows
the bi-directional rift development model put forward by Rooney et al. (2007) to satisfy
the presence of two rift-parallel volcanic fields; E depicts a southward propagation of the
rift from Afar towards the Broadly Rifted Zone (Bonini et al., 2005), possibly completed
with a possible diversion along the Yerer Tullu-Wellel volcano-tectonic lineament (YVTL)
in the Pliocene as shown in F (Keranen and Klemperer, 2008). G depicts the current
configuration of the rift at the present day.

coincident with the eruption of continental flood basalts in Afar at ∼30 Ma (Figure 1.3A;

WoldeGabriel et al., 1990). Eruption of significant volumes of basaltic lava (∼350,000 km3)

heralded the onset of volcanism in Northern Ethiopia during this period (Mohr, 1983).

While initial results from K-Ar dating suggested three major eruptive events from 50–20

Ma (Berhe et al., 1987), it is now generally agreed that flood-basalt volcanism was rapid:

Ar-Ar dating points to the emplacement of 500–1500 m thickness of lavas over an area at

least 600,000 km2 within ∼1 Ma at ∼30 Ma (Hofmann et al., 1997). The start of rifting in

the Red Sea and Gulf of Aden at 29–26 Ma is coeval with this major eruptive event, as is

initial rifting in Ethiopia; however this phase of rift growth did not progress further south
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than 10 ◦N into the latitudes of the present-day MER (Wolfenden et al., 2005). Extension

and related magmatism and deformation of the NMER occurred later during the Miocene,

and are thought to be unrelated to the earlier Afar flood basalt volcanism (e.g., Wolfenden

et al., 2004; Bonini et al., 2005).

Rifting to the south of the present-day MER starting from ∼25 Ma formed the Turkana

depression, which marks the upper limit of the Kenya Rift system within the Broadly

Rifted Zone (e.g., Hendrie et al., 1994; Knappe et al., 2020). Extension of the Kenya

Rift to the north of Turkana established the SMER, linking the MER with the Broadly

Rifted Zone (e.g., Ebinger et al., 2000). Radiometric dating of fluvial-lacustrine sediments

constrain the onset of SMER deformation to the Early Miocene (21–20 Ma), with fault

structures active until ∼11 Ma (Figure 1.3B; WoldeGabriel et al., 1991; Ebinger et al.,

1993; Bonini et al., 2005); plate kinematic models similarly necessitate extension in the

MER by 16 Ma at the latest (DeMets and Merkouriev, 2016). Initial volcanism in the

SMER, synchronous with the onset of rifting, resulted in the eruption of the Getra Kele

basalts near Arba Minch (Ebinger et al., 1993; George and Rogers, 2002). NMER extension

began at ∼11 Ma on the NE-striking border fault system which mark the flanks of the

present-day rift (WoldeGabriel et al., 1990; Wolfenden et al., 2004). While the start of

silicic shield-building volcanism within the CMER is concurrent with the onset of NMER

rifting (Chernet et al., 1998; Wolfenden et al., 2004), the rift development of the CMER

itself is debated. WoldeGabriel et al. (1990) suggest through rift wall stratigraphy and

K-Ar dating that the CMER border faults had developed by 9.7–8.3 Ma; on the other

hand Bonini et al. (2005) utilise similar methods to obtain a main rifting period initiating

at 6–5 Ma.

Several models for MER development have arisen as a result of its diachronous gen-

esis. A northward-propagation model suggests that the earliest deformation of the MER

initiated in the south at ∼18 Ma and migrated northwards towards the Afar depression

from ∼11 Ma onwards (Figure 1.3C; Wolfenden et al., 2004). Alternatively, southward

propagation of the MER from Southern Afar at 11–10 Ma towards the Kenya Rift trig-

gered by the rotation of the Somalian Plate may have occurred (Figure 1.3E; Bonini et al.,

2005), possibly initially diverting westward along the Yerer Tullu-Wellel volcano-tectonic

lineament (YTVL) before resuming CMER development towards the south from 5–6 Ma

onwards as the regional stress field changed, which forced the rift to continue developing

along Proterozoic sutures (Figure 1.3F; Wolfenden et al., 2004; Keranen and Klemperer,

25



CHAPTER 1. INTRODUCTION AND BACKGROUND

2008). While propagation along the YVTL was supplanted by the onset of CMER rift-

ing, the lineation remains seismically active to the present day (e.g., Keir et al., 2006b).

Finally, the synthesis model of Rooney et al. (2007) proposes that the MER developed

from two independent rift systems: the northward-propagating EARS and the southward-

propagating Red Sea rift (Figure 1.3D). Rooney et al. present the existence of two major

volcano-tectonic zones on opposite sides of the CMER as evidence for two separate but in-

teracting rift domains (see Section 1.3.2); however further geochronological work on lavas

erupted within these two zones is necessary before their relationship, and the resultant

implications for overarching rift development, can be assessed (Rooney, 2010).

MER propagation continued south into the Turkana depression at ∼3.7 Ma and after to

form the Ririba Rift (Figure 1.3G), which ceased propagation prior to the Pleistocene (Corti

et al., 2019; Franceschini et al., 2020). At the present day, the Ririba Rift accommodates

most of the deformation in southern Ethiopia within pre-existing structures oblique to the

direction of rifting, as opposed to structures in the MER which form perpendicular to

extension direction (Franceschini et al., 2020). The Ririba Rift lithosphere has not yet

been modified by extensive magmatic intrusion associated with the later stages of rifting

(Franceschini et al., 2020, see following section).

1.2.1 Ethiopian Rift magmatic segments

Extensional strain within the MER is accommodated by two major fault systems:

the border fault system common to all sectors of the EARS and the volcano-tectonic

segments of the MER (e.g., Agostini et al., 2011). The border fault system is comprised

of long, high-angle normal faults bounding the flanks of the MER that host considerable

vertical throw and define its 60–100 km wide grabens. The immense length of the faults

in these regions can be attributed to the substantial thickness of the seismogenic layer

in unrifted continental crust, which scales with fault length (e.g., Hayward and Ebinger,

1996; Ebinger et al., 1999; Copley and Woodcock, 2016). South of the MER, border faults

accommodate the majority of extension within the EARS (Ebinger, 2005; Muirhead et al.,

2016). Geomorphological and seismological observations in the SMER and CMER suggest

that the border fault system in these sectors remains active, albeit accommodating only

a minor portion of extension (Pizzi et al., 2006; Keir et al., 2006a). In the NMER, the

border faults are seismically inactive (Casey et al., 2006; Keir et al., 2006a).

Most extension in the MER is accommodated by a series of right-stepping volcano-
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Figure 1.4: Map showing locations of major volcanoes and volcanic fields within the MER.
The volcanic segments of Hayward and Ebinger (1996), including differentiation by Rooney
et al. (2011), are additionally shown as the Silti-Debre Zeyit Fault Zone (SDFZ) and the
Wonji Fault Belt (WFB). The blue boxes show the sampled areas near Abaya Lake (Figure
2.1), Ziway Lake (Figure 2.3), and Adama (Figure 2.5), which are described in more detail
in the following chapter. Major rift faults are included as grey lines. Volcanoes and volcanic
fields are recorded from the Global Volcanism Program (2013). The digital elevation model
is GTOPO30 (completed in 1996).
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tectonic lineations in the centre of the rift valley, sub-parallel to the direction of the rift

axis. Numerous faults, fissures, and aligned volcanic fields outcrop within these lineations

(Figure 1.4; e.g., Mohr, 1967; Boccaletti et al., 1999; Ebinger and Casey, 2001; Pizzi et al.,

2006). Development of these volcano-tectonic segments initiated after ∼2 Ma (Ebinger and

Casey, 2001), and segments of the fault belt are more evolved in the NMER and CMER

than in the SMER, where surface deformation and volcanism occurs over a broader area

(e.g., Keir et al., 2006a) without a well-defined southern termination (Rooney, 2010). In

the north, these rift segments terminate clearly with the MER as a whole at the Tendaho-

Goba’ad Discontinuity. The development of rift axis segmentation could arise from the

obliquity of extension relative to the rift, which can generate fault patterns similar to

those observed in the MER (Corti, 2008). This segmentation process may be facilitated by

magmatic intrusion, as deformation migration is absent in the magma-poor Western Rift

branch of the EARS (Muirhead et al., 2019).

In the SMER and CMER, deformation is aligned along both the eastern and western

margins of the rift floor in two distinct parallel lineaments of volcano-tectonic segments

(Figure 1.4). Of these two structures, only the eastern lineament of magmatic segments

progresses north into the NMER and Southern Afar. Some authors use the term Wonji

Fault Belt (WFB) to describe the chain along the eastern margin of the CMER (which

progresses further north), and the Silti-Debre Zeyit Fault Zone (SDFZ) for the western

marginal graben of the CMER (e.g., WoldeGabriel et al., 1990; Rooney et al., 2005).

Others use the term WFB as a catch-all description for any magmatic segments (e.g., Pizzi

et al., 2006; Corti, 2009), while several authors use ‘magmatic segments’ in lieu of either

term (e.g., Ebinger, 2005; Kurz et al., 2007). In this thesis, I will use the term ‘magmatic

segments’ or phrases of similar meaning when discussing the regional geophysical features,

and will utilise WFB and SDFZ to further differentiate between the magmatic segments

as required.

Geophysical analyses of the sub-rift lithosphere have revealed several distinct features

in the crust and mantle related to extensive magmatic intrusion beneath rift segments.

High P-wave velocity seismic anomalies in the mid-upper crust underlie segments, and

are interpreted as cooled mafic intrusive bodies (Keranen et al., 2004; Daly et al., 2008).

Additionally, the crust and uppermost mantle under magmatic segments have high mag-

netotelluric conductivity (Whaler and Hautot, 2006; Hübert et al., 2018) and low S-wave

velocity (Keranen et al., 2009; Kim et al., 2012; Chambers et al., 2019), characteristic
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of the presence of partial melt. High-velocity, high-density lower crust is also common

throughout the rift (Maguire et al., 2006; Cornwell et al., 2006; Mickus et al., 2007).

These multiple strands of geophysical analysis therefore combine to suggest that the MER

crust has been heavily intruded by basaltic magmas, which has remained partially molten

to the present-day.

Seismic anisotropy can be used to resolve the orientation of intrusive fabrics in the

Ethiopian crust and mantle (Ayele et al., 2004; Kendall et al., 2005; Chambers et al., 2021).

The fast direction of shear wave anisotropy in the MER is aligned roughly parallel to the

local trend of rifting segments, and its magnitude is co-variant with the intensity of surface

deformation and magmatism (Keir et al., 2005; Kendall et al., 2006). Thin layering of

seismically contrasting basaltic and sedimentary material in the uppermost crust produces

surface wave anisotropy, and stress field-oriented melt pockets and dykes contribute to this

anisotropy at greater crustal depths (Bastow et al., 2010). In particular, strong horizontally

oriented anisotropy between 5–15 km suggests that horizontal sills dominate melt storage

in the MER mid-crust in particular; the orientation of intrusions in the lower crust are

more difficult to resolve (Chambers et al., 2021). Seismic anisotropy in the underlying

uppermost mantle is linked to flow from the lower mantle (Kendall et al., 2006, see Section

1.2.3). However, pre-existing fabrics from Precambrian Pan-African deformation may also

contribute to observed lithospheric anisotropy (Gashawbeza et al., 2004).

1.2.2 Magma-assisted rifting

The border fault system and the deforming magmatic segments represent two transi-

tioning regimes of rift evolution in the EARS which are preserved and exhibited within

the MER (Ebinger, 2005; Corti, 2009; Ebinger et al., 2017). To the south of the MER, the

progressive migration of rift deformation from border faults to intra-rift faults is observed

in the Magadi-Natron basin, which is thought to be a less mature rift than in the MER

(e.g., Ebinger, 2005; Muirhead et al., 2016, Figure 1.5A). Within the first 3 Myr of exten-

sion in the Magadi-Natron basin, border faults accommodated most strain (69%) related

to regional extension (Muirhead et al., 2016). After this period, faulting within the rift

axis itself supports much more of the regional extension (67–80%; Ebinger, 2005; Muirhead

et al., 2016). Strain accommodation in the Magadi-Natron basin therefore migrates from

border faults to intra-rift faults as rifting progresses, a process which nears completion in

the Ethiopian Rift (e.g., Ebinger, 2005).
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Figure 1.5: Block model illustrating the temporal evolution of continental rifts (modified
after Ebinger, 2005). A. Rift border faults and associated graben and half-graben structures
accommodate all extension within the rift zone within the first 5 million years of rift
initiation. Early volcanism is focussed along these border faults (e.g., Kenyan Rift). B.
The rift matures after 10 million years, and magmatism and deformation is now focussed
within volcano-tectonic segments in the rift centre. Deformation is now mostly aseismic,
and extension is accommodated by repeated dyke injection. At this stage the lithosphere is
thinned, but crust remains thick (e.g., MER). C. Continental break-up reaches completion,
and the rift-to-ridge transition is complete. All magmatism occurs within the ridge axis,
and is fuelled by melting from a passively-upwelling asthenosphere (e.g., Gulf of Aden).

Extensional deformation in the MER has shifted to the rift floor and magmatic segments

over the past ∼2 Ma (Hayward and Ebinger, 1996; Ebinger, 2005, Figure 1.5B). The

migration of volcanism from the flanks of the rift to the intra-rift segments was concurrent

with this change in extensional regime (e.g., Ebinger and Casey, 2001). Although the

strain resulting from regional kinematics is distributed over a greater length-scale than the

width of the rift valley itself, a significant proportion of strain is accommodated narrowly

within the rift segments (Bendick et al., 2006; Casey et al., 2006); GPS measurements

suggest that ∼80% of present-day extensional strain within the NMER is accommodated by

deformation within the rift floor (Bilham et al., 1999). The majority of observed seismicity

is also localised to the segments, further highlighting the comparative inactivity of the

border fault system (Keir et al., 2006a,b; Daly et al., 2008). However, while seismically

inactive, border faults may still control the position of mantle upwellings beneath the rift

and hence the loci of melt generation, melt focusing, and volcanism at the surface (Bastow

et al., 2005, 2008).

A mismatch between observed seismic moment and expected released seismic moment
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within the MER demonstrates that most extensional deformation occurs aseismically (Hof-

stetter and Beyth, 2003). Aseismic deformation is attributed to volcanic activity and

episodic dyke intrusions within rift segments (Keir et al., 2006a; Daly et al., 2008). Mantle

flow models suggest that the combined tectonic forces of slab pull and the gravitational

collapse of plume-related dynamic topography are insufficient to rupture East African

continental crust; magmatic intrusion into the crust is therefore necessary for rifting to

commence (Kendall and Lithgow-Bertelloni, 2016). Hot mantle-derived magmas in conti-

nental lithosphere reduce plate strength through heat transfer during intrusion, permitting

ductile behaviour at lower pressures in the crust (Ebinger, 2005; Daniels et al., 2014; Mu-

luneh et al., 2020) while strengthening local crust via thermal metamorphism to promote

dyke intrusion in place of crustal stretching (Lavecchia et al., 2016). Strain is therefore

accommodated by magmatic intrusion at lower stress levels than through only seismic de-

formation: magma-assisted rifting promotes the abandonment of border faults in favour of

volcano-tectonic zones in the rift centre (Buck, 2006). This is evident when observing the

spatial distribution of rift earthquakes; earthquakes are shallower and higher-magnitude in

the southern parts of the MER where extension by faulting is still prominent (Mazzarini

et al., 2013a), but are lower magnitude in the CMER and NMER within rift segments

(Keir et al., 2006a). Magmatic intrusion in rift segments is therefore an important factor

in controlling the geodynamic regime in active continental rifts; this form of rift develop-

ment is especially prevalent in the highly-evolved rift system of Afar (e.g., Wright et al.,

2006; Keir et al., 2009; Ebinger et al., 2010).

Magma-assisted rifting models are in contrast to ‘traditional’ stretching models, which

predict progressive thinning of crust and strain localisation as basin development continues

(e.g., McKenzie, 1978). Traditional rifting is not observed in the MER and Afar (Bastow

and Keir, 2011), or other active continental rift zones (e.g., Thybo and Nielsen, 2009).

Rather than the progressive focusing of strain into a narrower zone as rifting reaches its

later stages as predicted from traditional rifting, GPS velocity profiles reveal the oppo-

site – strain becomes more distributed as rift development continues (Kogan et al., 2012).

Rifted crust remains thick until the final stages of rifting, when it thins rapidly, unlike

the gradual thinning expected from early basin development models (Bastow et al., 2011).

The β-factor (ratio of initial thickness to thickness after rifting) of Southern Afar expected

from traditional rifting models is ∼3 (Eagles et al., 2002); however seismic reflection stud-

ies give β of 1.1 beneath the MER and ∼1.7 in Southern Afar (Maguire et al., 2006).
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Crustal thickness is maintained by magmatic intrusion into the crust until the final stages

of continental break-up in Afar (Bastow et al., 2011). The final surface subsidence and

widening of the rift occurs when seismogenically strong parts of the lithosphere lose their

competence and deform in the ductile regime (Kogan et al., 2012).

Rifting to completion will result in seafloor spreading, as seen in the Red Sea and the

Gulf of Aden (e.g., Ebinger et al., 2017, Figure 1.5C); this is not yet observed in the MER

or Afar, as upper mantle upwellings are not yet coupled to surface features as seen at

MORs (Bastow et al., 2008), and crustal thicknesses at Afar (∼15 km) are similar to that

of continent-ocean transitions seen at rifted margins (e.g., White and McKenzie, 1989).

It is hence appropriate to say that extension in Ethiopia has not yet evolved to seafloor

spreading.

1.2.3 Mantle plume(s?) beneath the Ethiopian Rift

Flood basalt volcanism in the north of Ethiopia at ∼30 Ma is often correlated with the

impingement of a mantle plume head with the base of the Afar lithosphere (e.g., Morgan,

1972; White and McKenzie, 1989; Furman et al., 2006; Pik et al., 2006). Geochemical

evidence for the past and/or current presence of a mantle plume source contributing to

volcanic activity is obtained through study of isotopes of lavas from the MER and Afar,

which suggest that magmas are derived from a mantle source distinct from MORB-source

mantle (e.g., Rogers, 2006). In particular, 3He/4He isotope ratios of Afar flood basalts

lie over a wide compositional range, capturing values typical of MORB, continental litho-

spheric mantle, continental crust, and a ‘primitive’ high 3He mantle source typical of

plume-influenced settings (Marty et al., 1996; Pik et al., 2006). Extensive research in re-

cent times has therefore focussed on determining the nature of mantle upwellings beneath

the rifting East African region, and the role they may play in manipulating ongoing rift

development.

Regional and global seismic tomography have been the primary geophysical means used

to ascertain the existence and number of plumes in the mantle underlying Ethiopia and

East Africa. P- and S-wave travel time tomography of the upper mantle reveals a large-scale

low-velocity anomaly within the uppermost 500 km of the sub-rift mantle (Bastow et al.,

2005, 2008; Benoit et al., 2006a,b; Adams et al., 2012). Within the mantle transition zone,

this anomaly has been correlated to a ∼30 km topographic elevation of the 660 km mantle

discontinuity, corresponding to a temperature anomaly of 300–400 ◦C (Benoit et al., 2006a),
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but no clearly resolved corresponding topographic depression of the 410 km discontinuity

also expected from a positive thermal anomaly (Nyblade et al., 2000; Benoit et al., 2006a;

Nyblade, 2011). Beneath the transition zone, global tomographic models show that the

anomaly trends to the south-west, where a low-velocity conduit joins the anomaly to a large

low-velocity province (LLVP) present at the core-mantle boundary underlying the south

and west of the African continent (Ritsema et al., 1999; Montelli et al., 2004; Montelli et

al., 2006; Simmons et al., 2007; French and Romanowicz, 2015). The African LLVP, often

termed the ‘African superplume’, is a long-lived thermo-chemical region of uncertain origin

that is distinct from the surrounding mantle on the basis of its anomalously low seismic

velocity (e.g., Garnero et al., 2016). Its thermal and possibly chemical effects on dynamic

surface topography are associated with the African ‘super-swell’ (Kendall and Lithgow-

Bertelloni, 2016), a broad region of anomalous uplift comprising East and southern Africa

(e.g., Nyblade and Robinson, 1994), which has elevated Ethiopia since Afar volcanism at

∼30 Ma (e.g., Gani et al., 2007).

Despite the presence of the LLVP-related mantle anomaly, the number of distinct

plumes present within the rift mantle is uncertain. Ebinger and Sleep (1998) suggest

that magmatism in East Africa can be accounted for by the impact of a single channelised

plume. However a single mantle plume cannot easily reconcile the geochemistry of plume-

influenced basalts sampled from both the Kenyan and Ethiopian rifts, which necessitate the

presence of more than one plume-derived mantle source (Rogers et al., 2000; Rogers, 2006;

Furman et al., 2006; Nelson et al., 2012). These conflicting ideas may be resolved through

two orders of mantle plume; the first order being the deep-set anomaly arising from the

African LLVP; the second order being secondary plumes upwelling from the larger-scale

primary anomaly at upper mantle-transition zone depths (Pik et al., 2006). Ethiopian and

Kenyan Rift noble gas isotopes provide the primary evidence supporting this hypothesis,

as they necessitate the interaction of a depleted mantle source with a plume source that

is common to the entire EARS, yet feeding different sectors through distinct and discrete

subplumes (Halldórsson et al., 2014).

Likewise, whether or not the seismically-identified low-velocity anomaly under Ethiopia

can be itself differentiated into separate plumes is a matter of debate. Tomographic models

differ in this regard; some models resolve two discrete large-scale plume conduits under Afar

and Kenya (Montelli et al., 2006), potentially of differing deep-mantle provenance (Chang

and Lee, 2011; Boyce et al., 2021); other models interpret the sub-rift thermal anomaly
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as an undifferentiated and continuous extension of the African LLVP, noting that multiple

plumes may coalesce into one larger feature, both within the mantle and as a consequence

of seismic resolution (Hansen et al., 2012). Sub-rift asthenospheric anisotropy, interpreted

as lattice-preferred alignment of mantle olivine during lateral mantle flow from the LLVP

to the sub-MER low-velocity zone, is mostly in agreement with the latter model (Kendall

et al., 2006; Gao et al., 2010).

1.2.4 Depths of melt generation in Ethiopia

Many questions concerning the role of mantle upwellings remain despite the efforts of

geophysical studies; is there still a mantle plume actively driving volcanism beneath Afar

and the MER, or do geochemical plume signatures arise from remobilisation of material

from the 30 Ma plume impact (Gallacher et al., 2016)? How many plumes are responsible

for Eocene-Oligocene volcanic activity, and can they be captured by present-day seismic

imaging or other methods (Bastow et al., 2008)? Whether the Afar plume and other

possible active mantle upwellings exert an influence on present-day rifting and magmatism

in the MER and Afar remains uncertain, and the causes for melt production and focusing

in this region continues to be a controversial topic. Causes for melting within the MER

can be reduced to two primary schools of thought:

• The rifting is passive, and driven solely by extensional deformation of the litho-

sphere. Resultant magmatism is therefore the result of adiabatic decompression

melting of ambient mantle asthenosphere as it passively upwells to the base of the

crust with minimal plume influence, as is the case beneath mid-ocean ridges (MORs;

e.g., Rychert et al., 2012).

• The rifting is being actively driven by dynamic movements within the underlying

mantle. This active upwelling promotes elevated mantle temperatures and decom-

pression melting beneath the MER, permitting melting at depth beneath a thick

lithosphere (e.g., Ebinger and Sleep, 1998).

Attempts at differentiating between the two rifting styles in the MER have therefore

focussed on identifying the presence/absence of a mechanical boundary layer (mantle litho-

sphere) beneath the rift, or using geochemical or geophysical means to constrain the depth

and degree of melting, and temperature of the sub-rift convecting mantle (asthenosphere).
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Evidence for a thermally-driven mantle plume is often implied from elevated mantle

temperatures. The most common expression of mantle temperature is potential temper-

ature (Tp), defined by McKenzie and Bickle (1988) as the temperature a solid parcel of

mantle would have if it was adiabatically decompressed to the surface of the Earth without

melting. Petrological methods of estimating the composition of mantle-derived melts from

erupted lava compositions are frequently used to assess Tp. Rooney et al. (2012c) used the

PRIMELT-2 software of Herzberg and Asimow (2008) to obtain a mantle Tp anomaly of

140 ◦C at Djibouti and ∼100 ◦C along the MER, relative to the Tp of ambient sub-ridge

mantle (taken as 1350±50 ◦C; e.g., Herzberg and Asimow, 2015; Matthews et al., 2021).

These estimates are determined from lavas erupted within the past 10 Ma; earlier lavas

in the region related to major flood basalt eruptions return greater Tp anomalies of up to

170 ◦C. The magnitude of this thermal anomaly is comparable to those of plume-related

settings such as Iceland which have undergone the same methods of study (Herzberg and

Gazel, 2009); it therefore seems reasonable to suggest that there is still active mantle

upwelling in the present-day MER.

In contrast to petrological methods, S-to-P receiver function imaging of the mantle

structure underlying the MER and Afar identifies a strong amplitude change at 75 km

beneath the rift flanks attributed to the LAB; this change is absent beneath the MER and

Afar Rift; instead a positive amplitude velocity increase is observed (Rychert et al., 2012).

By comparing these observations with a synthetic waveform model, Rychert et al. (2012)

suggested that this velocity increase could be attributed to the absence of the mantle

lithosphere beneath the rifting area, implying that MOR-like decompression melting had

initiated without the thermal influence of a plume. This model predicts Tp of 1350–1400
◦C, which overlaps with the PRIMELT-2 Tp ranges for the EARS and MORs (Rooney

et al., 2012c). This study therefore concludes that there is no geophysical requirement

for a mantle plume beneath Afar and the MER, and that volcanism occurs solely though

passive adiabatic decompression melting at shallow depths (<80 km). This model of shal-

low decompression melting is further supported by Hammond et al. (2013) who constrain

melting beneath Afar to a maximum depth of ∼75 km using travel-time tomography.

Shallow and passive melting is at odds with the results of Ferguson et al. (2013b),

who utilise rare-earth element (REE) inversion to constrain depths of melting. Increased

medium REE (MREE) and heavy REE (HREE) concentrations require melting within

higher pressure garnet-bearing upper mantle as opposed to shallower spinel-bearing man-
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tle (McKenzie and O’Nions, 1991). As garnet preferentially retains HREEs within its

crystal lattice, melts generated from deeper garnet-bearing mantle will have an higher

MREE/HREE ratio relative to those formed shallower in spinel-bearing mantle. Elevated

mantle temperatures and the presence of a thick mechanical boundary layer are there-

fore necessary to permit this deeper melting, which occurs at depths greater than 80 km

(McKenzie and O’Nions, 1991). Ferguson et al. (2013b) argue that this ∼80 km thick

sub-rift lithosphere can be maintained through conductive heat loss during slow rifting,

and estimate a Afar Rift Tp of 1450 ◦C, a temperature anomaly of ∼100 ◦C.

These conflicting results are somewhat reconciled by the use of both petrological and

seismological constraints on a geodynamic model (Armitage et al., 2015). The REE com-

positions still necessitate deep melting and an elevated Tp of 1450 ◦C; however melt pro-

duction likely continues to shallower depths beneath a thinner sub-rift lithosphere, rather

than beneath one which is still thick (Ferguson et al., 2013b). The positive amplitude

increase observed by Rychert et al. (2012) is poorly matched by this model; the veloc-

ity increase could be attributed to a gradual increase of melt in the mantle, which can

trigger the appearance of discrete discontinuities in receiver function analyses (e.g., as

observed at Hawaii; Rychert et al., 2013). Supporting this modelling is a more recent

S-to-P receiver function study, which finds less evidence for the 75 km velocity increase

observed by Rychert et al. (2012); instead a gradual velocity increase from 40 to 60 km

depth is suggested, with a further increase only at 90 km depth (Lavayssière et al., 2018).

Lavayssière et al. (2018) suggest that the discrepancy between these two studies is a con-

sequence of their higher frequency waveform dataset, which removes low amplitude phases

from the study (such as the 75 km velocity discontinuity of Rychert et al. (2012)). The

velocity increase with depth beneath the MER is therefore likely to be gradual, with the

lithosphere-asthenosphere boundary (LAB) obscured by melt pockets beneath the rift.

Rayleigh wave tomography illustrates that the low-velocity zone beneath the Ethiopian

rift and Afar only extends to ∼150 km depth (Gallacher et al., 2016), contrary to body-

wave topographic results highlighting a whole mantle plume (e.g., Bastow et al., 2008).

Gallacher et al. (2016) therefore suggest that active upwelling beneath the MER is driven

by the buoyancy of retained melt present within solid mantle matrix as opposed to an

active plume conduit; however the melt fraction required for this buoyancy-driven melting

would have to be similar to the melt fraction at MORs (e.g., McKenzie and O’Nions,

1991). Two problems would then result from this conclusion: the mechanism proposed
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for buoyancy-driven melting would likely generate a matrix permeability permitting the

rapid release and escape of melt, and the melt fraction required (∼20%) would be in excess

of melt fractions determined from major element and REE inversion (∼5–10%; Ferguson

et al., 2013b; Armitage et al., 2015).

The evidence presented above therefore suggests that a thermo-mechanical boundary

layer between the crust and the melting mantle persists beneath the MER and Afar, and

that the full transition to oceanic-spreading centre has not been completed. Developing

new models to illustrate the evolution from plume-driven broad and deep melting to shallow

melting and MOR-like corner flow in magmatic segments are therefore necessary for further

understanding of MER melt generation processes.

1.3 Main Ethiopian Rift volcanology: a petrological overview

Figure 1.6: Simplified geological map of Ethiopia showing major lithological units and
faults. Redrawn after Tefera et al. (1996).

Magmatic development in the MER can be described in terms of three major magmatic

phases (e.g., Corti, 2009; Mazzarini et al., 2016); eruption of flood basalts and plateau

37



CHAPTER 1. INTRODUCTION AND BACKGROUND

formation (45–10 Ma); border volcanism during early rift development (11–4 Ma); intra-

rift volcanism (∼4 Ma to present day).

Volcanic activity in Ethiopia commenced at 45 Ma in the Turkana depression to the

south, which remains sporadically active to the present day (George et al., 1998); these

early long-lived volcanic eruptions were bimodal, producing widespread basaltic lava flows

and rhyolites. Volcanism peaked at ∼30 Ma with the eruption of flood basalts in Northern

Ethiopia and Yemen (Figure 1.6; Rooney, 2017, and references therein). Following this

major eruption, shield volcanoes developed along the surface of the volcanic plateau until

10 Ma, erupting transitional and alkaline basalts and trachytes (Piccirillo et al., 1979;

Furman et al., 2006).

Initial rifting within the MER itself from ∼11 to ∼7 Ma produced silicic volcanoes along

the border faults marking the edges of the rift (Wolfenden et al., 2004). Such volcanoes

form the YTVL, the east-west alignment on the western shoulder of the MER (Abebe

et al., 1998; Corti, 2009) believed to be an off-suture former extension of NMER rifting

(Keranen and Klemperer, 2008).

Volcanism migrated into the rift centre from ∼4 to 1 Ma with basaltic activity along the

rift magmatic segments (Abebe et al., 2007; Corti, 2009). During this period, pyroclastic

deposits from silicic centres blanketed the rift floor (Chernet et al., 1998; Corti, 2009).

Further development of silicic centres from ∼650 ka are dominated by caldera formation

events and associated pyroclastic activity from the major silicic centres that lie along the

rift axis (e.g., Siegburg et al., 2018), positionally dictated by the position of reactivated pre-

rift fractures and areas of underlying lithospheric weakness (Acocella et al., 2003; Lahitte

et al., 2003; Korme et al., 2004; Abebe et al., 2007). Several periods of enhanced silicic

volcanic activity are recorded between 320 and 170 ka; the factors triggering this ‘flare-up’

period, recorded through radiometric dating of ignimbrites, are still uncertain (Mohr et al.,

1980; Hutchison et al., 2016b). Despite the prominence of these major silicic eruptions,

basaltic activity in the rift has dominated from ∼2 Ma, forming spatter cones, scoria cones,

maars, and rift fissures (e.g., Chernet et al., 1998; Rooney et al., 2011).

At the present day, the floor of the MER is marked by major silicic calderas, related

pyroclastic deposits, and basaltic scoria cone fields and fissure eruptions which themselves

are interlain with fluvio-lacustrine sedimentary deposits related to subsidence (Figure 1.6).

InSAR and GPS observations at several rift volcanoes suggest that magmatism and de-

formation beneath volcanic centres is still ongoing (Biggs et al., 2011; Lloyd et al., 2018).
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The last volcanoes to erupt in the MER were Fantale, Kone and Tullu Moje, all in the

19th century/earliest 20th century (Wadge et al., 2016), which consisted of volumetrically-

significant silicic lavas and volcaniclastic deposits, and less voluminous basaltic activity

(Peccerillo et al., 2003). The most recent Ethiopian volcanism is in Afar along the Afar

Rift sector of the Red Sea Rift (Ferguson et al., 2010).

Past studies have systematically analysed the individual major volcanic complexes of

the MER, including Aluto (Hutchison et al., 2015, 2016a,b,c; Gleeson et al., 2017), Boset-

Bericha (Ronga et al., 2010; Siegburg et al., 2018), Gedemsa (Peccerillo et al., 2003;

Giordano et al., 2014), Fantale (Giordano et al., 2014; Iddon et al., 2019), Kone (Iddon

et al., 2019), Tullu Moye (Tadesse et al., 2022), and Boku (Boccaletti et al., 1999; Tadesse

et al., 2019). Other studies have considered overarching geochemical trends in basaltic

material throughout the entire EARS or MER (Rogers, 2006; Furman et al., 2006; Furman,

2007; Rooney et al., 2007; Ayalew et al., 2016; Nicotra et al., 2021), or between the basalts

of the WFB and SDFZ (e.g., Rooney, 2010; Rooney et al., 2011; Nicotra et al., 2021). This

section will briefly summarise the major petrological observations observed at and around

MER volcanoes.

1.3.1 Main Ethiopian Rift geochemistry: rhyolites

Quaternary volcanism in and around MER central volcanoes is characterised by strongly

bimodal mafic and felsic activity (Figure 1.7). Rhyolites are typically associated with the

central volcano itself, while basalts are typically erupted with fissure eruptions and scoria

cones to its flanks (Ebinger and Casey, 2001), with little material sampling the interme-

diate compositions between the basaltic and rhyolitic endmembers (Peccerillo et al., 2003,

2007; Abebe et al., 2007, Figure 1.7). Suggestions for this regional-scale compositional

gap (the ‘Daly Gap’, after Daly, 1925) often relate bimodal activity at these centres either

to fractional crystallisation of mantle-derived basalts to generate rhyolites (e.g., Peccerillo

et al., 2007), melting of basaltic lower crust followed by fractional crystallisation (e.g., Trua

et al., 1999), or the generation of silicic melts by crustal anatexis of old continental crust

and basalt (e.g., Black et al., 1997).

Fractional crystallisation of basalts in shallow crust (<200 MPa) by as much as 90%

without much crustal contamination at major silicic centres is supported by trace element

investigations (Peccerillo et al., 2003; Giordano et al., 2014; Hutchison et al., 2016c) and

statistical and thermodynamic modelling (Rooney et al., 2012b; Gleeson et al., 2017).
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Figure 1.7: Total alkali-silica (TAS) plot (Le Bas et al., 1986) of all erupted products from
the MER (tholeiitic-alkaline divide of Irvine and Baragar, 1971). The geochemical data set
for the MER is compiled using the GEOROC database for the MER, selecting whole-rocks
and volcanic glasses (http://georoc.mpch-mainz.gwdg.de/georoc/). The high number
of analyses from Fontijn et al. (2018), which form a noticeable trend in the rhyolite data,
is highlighted. The vast majority of samples plot within the basaltic and rhyolitic fields,
with comparatively fewer intermediate samples, a phenomenon termed the ‘Daly Gap’.

This pressure of fractionation correlates with the position of strong gravity anomalies in

the shallow crust (e.g., Cornwell et al., 2006), suggesting that shallow magma storage

systems are likely common along the MER, and fed by intrusion (Gleeson et al., 2017).

Trace element concentrations remain constant throughout the basalt-rhyolite suite, and

are distinct from the trace element composition of Precambrian crust (Iddon et al., 2019);

Sr, Nd, and O isotope systematics also differentiate erupted lavas from continental crust

compositions (Hutchison et al., 2018). It is therefore unlikely that a Daly Gap can arise

solely from crustal contamination or anatexis.

Density stratification has also been suggested as a supporting mechanism by which a

Daly Gap could arise. Low-density silicic magmas occupying the shallower levels of magma

reservoirs restrict the eruption of higher density intermediate and mafic melts (Peccerillo

et al., 2003). In addition, the development of mush during intermediate/mafic fractiona-
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tion increases the viscosity of lower layers, further inhibiting their eruption (Gleeson et al.,

2017). Fractionation models of magmatic evolution at Aluto also demonstrate that magma

SiO2 increases rapidly over a short crystallisation interval across a correspondingly short

temperature interval, causing the system to ‘skip over’ intermediate compositions (Gleeson

et al., 2017). Similar models for rhyolites of Kone and Fantale confirm that Daly Gaps

may arise at other magmatic centres in a similar manner (Iddon et al., 2019). Understand-

ing how basaltic magmas are generated and emplaced in the rift crust will provide new

constraints on such models describing melt evolution from basalt to rhyolite, and provide

more knowledge on how MER volcanoes operate.

1.3.2 Main Ethiopian Rift geochemistry: basalts

Rift basalts form scoria cones and associated lava flows along the lengths of the WFB

and SDFZ (Abebe et al., 2007; Rooney et al., 2011; Nicotra et al., 2021). A product of

magma-assisted rifting, the cones and associated basaltic flows arise from dyke-induced

faulting linked to the intersection of faults with caldera complexes and fracture networks,

and form linear chains along the SDFZ and WFB magmatic segments (Peccerillo et al.,

2003; Korme et al., 2004; Kurz et al., 2007; Mazzarini et al., 2013a; Hunt et al., 2019). In

literature, these scoria cones are also termed basaltic vents, or monogenetic volcanic fields

(e.g., Mazzarini et al., 2016).

MER basalts are predominantly alkaline to transitional (e.g., Rooney et al., 2007,

2012b), and are geochemically distinct to other basalts erupted along the EARS (Furman,

2007). Relative to the other sectors of the EARS, Ethiopian Rift basaltic materials are

high K/Th and have lower incompatible element concentrations, indicative of greater melt

fractions than Turkana, the Eastern Rift, or the magma-poor Western Rift (Furman, 2007).

Similarly, Pb-isotope systematics separate MER basalts from other East African basalts

(Furman, 2007).

Major element geochemistry of MER basalts is consistent with the melting of fertile

spinel peridotite at lithospheric pressures, with minor contributions from a garnet-bearing

source suggested from trace elements (George and Rogers, 2002; Furman, 2007; Ayalew

et al., 2016). High Na2O relative to K2O in MER basalts suggests that amphibole con-

tributes to the final melt (Furman, 2007; Ayalew et al., 2016). Amphibole is unstable

at asthenospheric temperatures and pressures; signatures of amphibole melting therefore

suggest that the sub-continental lithospheric mantle is metasomatised. Indeed, metasoma-
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tism of the lithosphere is also evident from enrichment of rift basalts in incompatible trace

elements (e.g., Rooney et al., 2005; Ayalew et al., 2016), the geochemistry of plateau shield

volcanoes (e.g., Rooney et al., 2017), and mantle xenoliths (e.g., Trestrail et al., 2017).

Melting of this metasomatised lithospheric mantle may contribute to the final basalt (Ay-

alew et al., 2016), either via in-situ melting of lithospheric mantle (e.g., Rooney et al.,

2017) or the melting of gravitationally destabilised lithosphere at asthenospheric pressures

(Furman et al., 2016). The signature of amphibole melting in the MER and Afar is less

prevalent than other localities along the EARS such as Kenya or the Turkana Depression

(Furman, 2007), perhaps echoing the tectonic maturity of these sectors relative to those in

the south.

Mantle-derived basalts can be differentiated by their radiogenic isotope compositions,

which can reflect mantle source composition (e.g., Hofmann et al., 1986; Zindler and Hart,

1986; Stracke et al., 2005). Sr-Nd-Pb isotope systematics suggest mantle contributions

from a MORB-source-like depleted asthenospheric mantle source (depleted mantle, DM),

a metasomatised Pan-African lithospheric source (taken as high-µ by Ayalew et al., 2016,

HIMU) and an enriched mantle source endmember which is isotopically distinct from the

HIMU Pan-African lithosphere (enriched mantle, EM; Trua et al., 1999; Rooney et al.,

2012a; Ayalew et al., 2016). MER isotope compositions overlap with those of Afar basalts,

it is believed that this enriched source component is representative of the Afar mantle plume

(Furman, 2007; Rooney et al., 2012a; Ayalew et al., 2016). This Afar plume contribution

recognised in rift basalts increases from the south to the north of the MER, suggesting

that the asthenospheric and lithospheric mantle components mixed to form a hybrid mantle

composition prior to further mixing with the enriched Afar plume source on the lithospheric

base (Rooney et al., 2012a). This increasing plume source influence is also captured by

La/Yb ratios, which decrease from south-east to the north-west. An along-strike increase

in melt fraction or enriched mantle source composition which can generate the observed

La/Yb variations can both result from corresponding changes in mantle compositional

heterogeneity (Ayalew et al., 2016). An enriched component may also contribute melting

mantle pyroxenite, which has been proposed to justify extensive melting in the absence of

a significant (>200 ◦C) thermal anomaly (Rooney et al., 2012c).

Basalts within the MER have not been significantly contaminated by continental crust.

MER lavas have similar Ce/Pb (20–34) to OIB and MORB (Ce/Pb=25±5; Hofmann et al.,

1986), in contrast to the low Ce/Pb of continental crust (Ce/Pb=3.3–3.9; Rooney et al.,
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2007; Ayalew et al., 2016). Likewise, 87Sr/86Sr and 143Nd/144Nd does not correlate with

MgO; crustal assimilation and magmatic fractionation are therefore disconnected (Ayalew

et al., 2016). Trace element compositions of MER basalts are therefore solely a consequence

of melting mantle lithologies, and are unlikely to have interacted with continental crust.

In contrast to rift basalts, 30 Ma flood basalts are extensively contaminated (e.g., Pik

et al., 1999), perhaps owing either to present-day rift crust comprising more basalt than

at 30 Ma or to the crustal residence time of rift melts relative to flood basalts (Rooney

et al., 2007). While geophysical imaging of substantial crustal intrusion offers support to

the former hypothesis (e.g., Keranen et al., 2004; Whaler and Hautot, 2006), the crustal

residence times of basalts in the MER have yet to be quantified.

Comparative geochemical studies of basalts from the SDFZ and the WFB have revealed

several trends differentiating the two rift segment chains. The major and trace element

geochemistry of SDFZ basalts suggests that, after olivine, clinopyroxene has been preferen-

tially fractionated over plagioclase at lower crustal pressures (<0.6 MPa; ∼20 km) (Rooney

et al., 2007; Rooney, 2010), which is supported by clinopyroxene barometry (Rooney et al.,

2005). Individual pressure estimates of clinopyroxene crystals give a large range of pres-

sures up to 0.9 MPa (∼30 km depth), indicative of a complex magmatic system comprising

reservoirs throughout the crust (Rooney et al., 2005). In contrast, clinopyroxene barom-

etry reveals that WFB magmas fractionate extensively in the upper-mid crust (Rooney

et al., 2007). The Sr and V chemistry of basalts, which are more compatible in plagioclase

and clinopyroxene respectively, can also be used to assess crystallisation sequences. With

decreasing MgO, V decreases within WFB basalts and Sr decreases within SDFZ basalts;

plagioclase and clinopyroxene are therefore the first preferentially crystallised phases in

the WFB and SDFZ respectively, illustrating their different fractionation depths (Rooney

et al., 2014). These conclusions are additionally supported by spatial analysis of scoria

cones. Cone clustering in the WFB is more intense than in the SDFZ, and cluster analysis

of these vents infer maximum depths of magmatic reservoirs at ∼16 km for the WFB and

∼30 km for the SDFZ; SDFZ magmas originate from deeper in the Earth’s crust than the

WFB (Mazzarini et al., 2013b).

Further differences between the two magmatic lineations arise from Tb/Yb, a measure

of mantle source mineralogy. The SDFZ typically has higher Tb/Yb than the WFB,

suggesting that there is more garnet lherzolite in the SDFZ melting mantle source. Garnet

is a mineral only stable in mantle rocks at depth (e.g., Nickel, 1986); the lithosphere of
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the SDFZ is hence believed to be thicker than that of the WFB (Rooney, 2010; Rooney

et al., 2011). Despite this observation, both the SDFZ and the WFB show a wide range

of Tb/Yb, and it is likely that both spinel and garnet lherzolite sources contribute to final

erupted melts at both settings (Rooney, 2010; Rooney et al., 2011).

No studies have been performed on basaltic geochemical variability along or across a

MER magmatic segment; however heterogeneity in basalt geochemistry is evident on the

length scales of neighbouring scoria cones (Rooney et al., 2011). Studies performed on the

Dabbahu-Manda Hararo (DMH) Rift Zone in Afar illustrate a difference in geochemistry

between axial melts and those lavas erupted off-axis (Ferguson et al., 2013a,b); a similar

difference may therefore be apparent in MER segments.

1.3.3 Rift carbon emissions

Recent reviews of carbon contributions from volcanoes and tectonic settings have em-

phasised the importance of rift-related carbon release to the deep carbon cycle. Over

geological time, volcanic emissions from continental rifts may contribute a similar amount

of carbon to the atmosphere as other tectonic settings, such as the mid-ocean ridge system

and island arcs (Dasgupta and Hirschmann, 2010; Kelemen and Manning, 2015; Wong et

al., 2019). Continental rift length has been previously linked to variations in atmospheric

CO2, which is a direct control on global climate (Brune et al., 2017). An understanding

of carbon release from continental rifts is therefore important to understand the means by

which tectonic change can affect the surface conditions of the Earth.

Melt generation beneath the sub-continental lithospheric mantle during rifting lib-

erates carbon previously stored within the sub-continental lithosphere and continental

crust, transporting it to the surface where it is degassed to the atmosphere in addition to

asthenosphere-derived magmatic carbon (Foley and Fischer, 2017; Muirhead et al., 2020).

The presence of metasomatic carbon-bearing phases within the sub-continental lithospheric

mantle is known from xenoliths (e.g., Casagli et al., 2017; Trestrail et al., 2017) and implied

from melting models (e.g., McKenzie, 1989; Foley and Fischer, 2017) and the petrology

of erupted rift lavas (Furman et al., 2016; Rooney et al., 2017). Decarbonation of crustal

limestones and carbonates by magmatic heat or reaction with silica can also generate

significant amounts of CO2 (e.g., Sano and Marty, 1995; Mason et al., 2017).

Past studies of volatile degassing in continental rifts have primarily focussed on the

diffuse degassing of volatiles through the Earth’s crust (Brune et al., 2017, and references
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therein). The low solubility of CO2 in magmas encourages extensive degassing at great

depths within the Earth (e.g., Dixon, 1997). This passive degassing of CO2 is poorly con-

strained, as it percolates out over a wider area than active emissions; nevertheless these

diffuse emissions are an important component in Earth’s deep carbon budget (e.g., Burton

et al., 2013; Werner et al., 2019). The volume of CO2 released diffusively at tectonic or vol-

canic settings can be estimated using measurements of CO2 fluxes in groundwater, volcanic

plumes, and soils. Soil surveys within the EARS have provided constraints to diffuse CO2

degassing within the Magadi-Natron basin at the Kenya-Tanzania border and the MER

(Lee et al., 2016; Hunt et al., 2017; Muirhead et al., 2020). Diffuse carbon degassing is not

constant throughout the rift, but is correlated with the position of fault zones and volcanic

structures (Hutchison et al., 2015; Lee et al., 2016; Robertson et al., 2016; Muirhead et al.,

2016; Hunt et al., 2017), and increases as the rift spatially transitions from cratonic to

thinned lithosphere, possibly linked to the advection of carbon-rich cratonic root material

towards thinned lithosphere as rifting develops (Muirhead et al., 2020). Carbon isotope

compositions and concentrations of CO2 outgassing at Lake Tanganyika and the Kenyan

Rift suggest that mantle-derived carbon dominates contributions to the observed CO2 in

the earliest stages of continental rifting rather than from organic carbon (Botz and Stoffers,

1993; Lee et al., 2016; Robertson et al., 2016), although individual samples may include

a significant crustal limestone-derived (Lee et al., 2016) or organic component (Hunt et

al., 2017). Rift fault systems may therefore provide a network for magmatic carbon to

percolate to the surface (Faulkner et al., 2010, and references therein).

As established in Section 1.2.2, continental rifts are significantly spatially variable over

the course of their development; this spatial variability may be reflected by variable diffuse

CO2 fluxes along the length of a rift. The many influences on continental rift development

produce a significant range of continental rift basin areal CO2 fluxes worldwide (Brune

et al., 2017, and references therein). From measurement of diffuse degassing at various

sites along the MER, Hunt et al. (2017) suggest a CO2 flux of 0.52 to 4.36 Mt yr−1 for

the MER, and, extrapolating from this MER value, 3.9 to 32.7 Mt yr−1 for the Eastern

Rift of the EARS (Hunt et al., 2017). This estimate is significantly smaller than the CO2

flux estimate for the Eastern Rift extrapolated from the Kenyan Rift (38–104 Mt yr−1;

Lee et al., 2016). There is also significant heterogeneity in CO2 fluxes within individual

rift sectors, as carbon fluxes vary both along and across rift strike depending on available

channels for volatile release, such as faults (e.g., Lee et al., 2016; Robertson et al., 2016;

45



CHAPTER 1. INTRODUCTION AND BACKGROUND

Hunt et al., 2017). Deep carbon contributions may therefore vary substantially within

different sectors of the EARS.

While diffuse degassing has been quantified in the MER, active degassing (i.e., degassing

from active volcanoes) has not. The study of volatiles in melt inclusions within crystal

phases, particularly within early crystallising olivine, can provide a carbon flux in magmatic

settings (e.g., Wallace et al., 2015). Such studies have been performed previously for

other volcanic settings to obtain CO2 concentrations in primitive basalts and estimates

of storage pressure from volatile saturation modelling (e.g., Wallace, 2005; Blundy et al.,

2010; Hartley et al., 2014). The only work on melt inclusions performed on MER materials

thus far is that of Iddon and Edmonds (2020). Iddon and Edmonds utilise volatile and

trace element compositions of melt inclusions from MER basaltic and rhyolitic products

to gauge the distribution of magmas within the MER crust. Olivine-hosted basaltic melt

inclusions from the central volcanoes Kone and Aluto and the Butajira volcanic field are

included in their study. CO2 contents range from <500 ppm to over 3000 ppm. However,

this study does not consider the loss of melt inclusion CO2 to shrinkage bubbles, choosing

instead to select only melt inclusions without visible shrinkage bubbles whenever possible

(Iddon and Edmonds, 2020); these CO2 concentration estimates must therefore be regarded

as minima.

1.4 Thesis aims and outline

The primary aim of this thesis is to provide stronger constraints on basaltic processes

in the MER through a detailed petrological and geochemical study. Using these methods, I

aim to unravel new information about the magmatic behaviour and character of late-stage

continental rifting. This thesis is divided into three investigations, starting in the sub-

MER mantle and concluding at the rift surface. The first study, divided into two chapters,

is an investigation into the thermal and compositional properties of the Ethiopian mantle

using a combined petrological thermometry and inversion modelling approach. The second

study resolves the storage pressures of sub-rift melts in the Ethiopian crust through de-

tailed compositional analysis of olivine-hosted melt inclusions. The final study resolves the

timescales of melt disequilibrium in the crust immediately prior to basaltic melt eruption

through olivine Fe-Mg interdiffusion chronometry.

The thesis is organised into the following chapters:
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• Chapter 2 summarises the fieldwork and sample preparation undergone, and pro-

vides a thorough description of the utilised instrumentation and analytical techniques

to generate the data in the thesis.

• Chapter 3 begins our petrological journey into rift magmatism through a discussion

of melt generation processes in the sub-rift mantle. I use new independent estimates

of olivine crystallisation temperature at the MER and Afar, determined via olivine-

spinel Al-exchange thermometry, to determine the temperatures at which primitive

mantle-derived melts arrive at the rifting crust.

• Chapter 4 follows on directly from Chapter 3, and uses these estimates of basalt

liquidus temperatures, in conjunction with pythonic mantle modelling methods, to

explore melting conditions in the Ethiopian Rift and Afar Rift systems.

• Chapter 5 rejoins our mantle-derived melts in the crust, where they are stalled and

stored prior to eruption. Through the geochemical analysis of olivine-hosted melt

inclusions I apply volatile saturation barometry (CO2-H2O) to estimate melt storage

pressures in the MER crust.

• Chapter 6 concludes our ascent through the crust by resolving the timescales of pro-

cesses resulting in final eruptive ascent. The application of olivine diffusion chronom-

etry to MER samples is used to determine the timescales of crustal olivine disequi-

librium, driven by dyke intrusion, immediately prior to eruption.

• Chapter 7 summarises this thesis, and places my findings into wider context, high-

lighting potential paths for research to follow in the future.
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Chapter 2

Analytical methods

This chapter describes the procedures undergone during collection, preparation, and

analysis of the samples in this study. In addition, instrument calibration, analytical set-

ups, and data processing are detailed in full. Additional methods not covered within this

chapter are described in detail within the relevant subsequent chapters.

2.1 Fieldwork campaign

Samples for this study were collected in Ethiopia during the period 12th to 22nd Jan-

uary 2019. The objective of fieldwork was to sample a wide range of glassy and crystalline

eruption products from Quaternary basaltic scoria cones in the MER, with emphasis of cap-

turing along-rift-scale variations in conditions of magma generation and transport. Sam-

pling was performed with the field assistance of David Ferguson, Yared Sinetebeb, and

Yafet Gebrewold Birhane, with additional technical assistance provided by Amdemichael

Zafu Tadesse and Gezahegn Yirgu.

Sample localities within the Main Ethiopian Rift (MER) are shown in Figures 2.1, 2.3,

and 2.5. Most scoria and lava samples were collected by hand from surface exposures,

although collection methods were dependent on the condition of the outcrop. A significant

number of the cones in the sampling regions were covered in grassy vegetation; large

volcanic ejecta pieces from these cones were sampled provided that their cores remained

black and glassy. A number of cones in the Ethiopian Rift have been extensively quarried

for scoria, which is locally used as road-building material; these quarries permit easy

accessibility to the cone interior where fresh material can be collected. Furthermore, these

quarries allow for sampling along the stratigraphy of the cone, and hence the potential for
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geochemical variability over the course of a cone-forming event to be identified (see Figures

2.2B and C, 2.4B and C, 2.6). A 3 mm soil sieve was used to separate small grains from

the larger ejecta pieces to identify mineral phases and glassy scoria pieces in these quarries.

Large ejecta pieces collected were typically 2–3 cm in diameter with a glassy interior of

at most 80 % vesicularity of mm-scale spherical vesicles. Several scoria localities host

ejecta weathered to a red-brown colour; the interiors of larger bomb pieces however tend

to remain glassy, and any phenocryst phases show little outward evidence for alteration.

Minerals of 3 mm size or smaller comprise a large part of the separated small fraction.

Extensively sampled localities within the MER were avoided (e.g., Rooney et al., 2005;

Furman, 2007; Iddon et al., 2019; Iddon and Edmonds, 2020). Instead, sampling was

focussed on the lesser-sampled scoria cone fields to the north of Abaya Lake, the south-

east of Ziway Lake, and the cones to the south-east of the city of Adama, termed the

Boku Volcanic Complex (Tadesse et al., 2019). The 121 samples collected from 82 local-

ities in these three regions are primarily basaltic scoriae and lava; other rocks collected

include ignimbrites, rhyolites, ash, and obsidians. Basaltic lavas were sampled by hand,

typically from hammering of outcrops, and were mostly unaltered. A variety of lavas from

fault/fissure eruptions were sampled; pieces were typically up to 10 cm in width. Care was

taken to avoid sampling alteration by trapped volatile phases in vesicles. Other materials

were sampled to expand the University of Leeds’ in-house collection of Ethiopian material,

including Hobicha rhyolite (KW-MER19-07), crystalline obsidian from Salewa Dore dome

(KW-MER19-44), and ash-bearing lacustrine deposits near Aluto (KW-MER19-68). Such

samples, detailed in Appendix A.1, may provide a basis for future investigations, but do

not play a significant role in this study.

It should be noted that sampling campaigns in the MER and Ethiopia in general are

often subject to local politics and accessibility, as such every effort was made to ensure

that all the material collected from these rift sectors was representative of the sample sets.

2.1.1 North Abaya Lake

The region north of Abaya Lake is topographically dominated by the Hobicha rhyolitic

centre, whose caldera takes the form of a flattened horseshoe of diameter ∼10 km curving

westward (Figure 2.1). Rhyolitic lavas and pyroclastic deposits are well exposed along the

two halves of the caldera walls, with one rhyolite flow from the inner caldera wall providing

a K-Ar age of 1.57 Ma (see Chernet, 2011). The maximum extents of rhyolitic volcanism
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Figure 2.1: Simplified
geological map of the
North Abaya Lake re-
gion showing distribu-
tion of volcanic de-
posits and major stuc-
tural features, redrawn
after Chernet (2011),
Corti et al. (2013b), and
Di Rienzo (2019). The
location of the geologi-
cal map is outlined in
Figure 1.2.

lie to the west and north-west of Hobicha, away from the study area; the full extent of

rhyolitic exposure has therefore not been included in Figure 2.1. Two exceptions to this

generalisation are the twin obsidian domes of Salewa Dore and Hako, which are located

along the southern flank of the Hobicha caldera and bound by two major graben-forming

faults. Their material remains fresh and glassy, with alteration localised only to fumeroles;

it is therefore thought that these two domes represent the youngest rhyolitic activity in

the region (Chernet, 2011; Corti et al., 2013b).

NNE-trending faults and basaltic scoria cones dominate the region to the east of Ho-

bicha caldera (Figure 2.1). These basaltic features are Pleistocene-Holocene in age, and are

associated with the similarly trending structural features of the rift volcano-tectonic seg-

ments. Scoria cones are present throughout the fault structures (Figures 2.2A-D), neither

preferring a position on the tip nor centre of each fault, in contrast to similar volcanism

observed in the Red Sea Rift (Corti et al., 2013b). Chernet (2011) identifies two distinct
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Figure 2.2: Field photographs from the North Abaya Lake region. A is a panoramic photo-
graph of the Abaya Lake cone field from the south-eastern edge of Hobicha caldera, facing
east; B and C show two examples of quarried scoria cones sampled; D is a photograph
highlighting significant intra-rift rift-parallel faults and associated cones taken from Ho-
bicha caldera facing south; E is a photograph of hot springs found within the field area.
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basaltic groups on the basis of the preservation of both their volcanic structures (e.g., con-

dition of cones and flows) and the nature of the faults cutting these units. The older unit

is exposed over the majority of the fault and cone system, whereas the overlying younger

basalts are exposed adjacent to Hobicha and to the immediate north-east of the two obsid-

ian domes. It should be noted that no geochronology has been performed to differentiate

these two mapped units; hence in Figure 2.1 they are shown as undifferentiated. Pre-rift

basalts are exposed to the east and west of Abaya Lake, and outcrops are likely covered

by the lake; no pre-rift basalts are thought to be present in the study area.

The most recent geological deposits are lacustrine sediments and alluvium linked to the

fluctuation of the water level of Abaya Lake (Corti et al., 2013b). Basaltic eruptions are

evident as hyaloclastite in layers in some sections of lake sediment, suggesting that lake

sediment deposition and basaltic activity were often contemporaneous (Torre et al., 2007;

Chernet, 2011).

Sampling in this region has been minimal, with the only geological map and regional

geology of the region being drawn from Chernet (2011). In the Abaya Lake region, Rooney

(2010) sampled basalts predominantly to the west of the lake for major and trace element

study, with no samples collected from inside the study area. The faults in the region

were analysed extensively by Corti et al. (2013b), who concluded through radiometric

carbon dating that faults remained active during the Holocene, as late as 10,900 years

before the present. Of more interest perhaps is the noticeable geothermal activity evident

near the lake, which has attracted a number of studies. Hydrothermal manifestations

are evident in the field area (Figure 2.2E), and have been previously mapped in detail

by Chernet (2011). Hydrothermal activity is thought to be linked to the presence of a

rhyolitic magma reservoir beneath the region at shallow depths (Chernet, 2011); this is

supported by isotopic signatures (δ13C, 3He/4He) indicating that volatiles from these sites

are predominantly mantle-derived (Minissale et al., 2017).

Samples from Abaya Lake were collected with additional field assistance and guidance

from Snorri Gudbrandsson and Dario Di Rienzo of Reykjavik Geothermal and the Uni-

versity of Iceland respectively, who were in the field to study the geochemistry of local

groundwater. In addition, the Abaya sample set was shared with Dario Di Rienzo for the

completion of his master’s work, during which he performed a series of electron probe and

inductively coupled plasma-optical emission spectroscopy (ICP-OES) analyses on whole

rocks and minerals (Di Rienzo, 2019). Scoriae were collected predominantly from quarried
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Figure 2.3: Simplified geological map of the South East Ziway Lake region showing distri-
bution of volcanic deposits and major stuctural features, redrawn after Trua et al. (1999),
Boccaletti et al. (1999), and Hutchison et al. (2016b). Uncoloured regions of the map
can be attributed to lacustrine/alluvial sedimentary deposits near the lake, and unwelded
ignimbrites from other silicic centres to the east of the cone field. The location of the
geological map is outlined in Figure 1.2.

scoria cones, while basalts were often collected on roadsides adjacent to major faults. In

the field, basalts were either aphyric, or bore distinct phenocrysts of plagioclase. Other

samples collected included ignimbrites near Abaya Lake, and rhyolitic material from Ho-

bicha, Salewa Dore, and Hako. Preliminary observations of samples from Abaya Lake,

confirmed by Di Rienzo (2019), determined that olivine was absent as a phenocryst phase

in this region. As a result, these samples play no part in the following chapters, but are

nonetheless mentioned in this thesis for context, e.g., in the event of further study.

2.1.2 South East Ziway Lake

The Ziway Lake monogenetic field is located along the south-eastern shore of the epony-

mous lake. The features of the WFB are distinct on digital elevation models (Figure 2.3);

the NNE-trending faults of the Wonji Fault Belt (WFB) and associated scoria cones are

clear, as are the rhyolite flows of the nearby Aluto silicic centre. The majority of research

previously performed in and around Ziway Lake has focussed on Aluto itself, the major
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Figure 2.4: Field photographs from the South East Ziway Lake region. A is a photograph
of the Ziway Lake cone field taken from within the field, facing east; B and C show two
examples of scoria cones sampled; D is a photograph of a normal fault with significant throw
and associated basaltic lava flow; E and F show scoria deposits regularly interbedded with
lacustrine deposits; G shows the sampling of ashfall deposits linked with the eruptions of
the nearby Aluto centre.
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silicic centre located to the south of the lake (e.g., Hutchison et al., 2015, 2016a,b,c; Glee-

son et al., 2017; Fontijn et al., 2018), with little work performed on the adjacent Ziway

cone field. The last campaigns within the cone field were for basalt major elements and

trace element analysis, with additional work to determine mineral major elements and

whole-rock isotopes (Trua et al., 1999; Boccaletti et al., 1999; Fontijn et al., 2018).

Broad-scale geological maps are provided by Trua et al. (1999) and Boccaletti et al.

(1999). The rocks in the study region can be broadly subdivided into two major units:

rhyolites and pyroclastic deposits associated with the eruptions of the Aluto centre (termed

the Aluto-Berecha Unit by Boccaletti et al. (1999)), and basaltic material forming fissure

flows and scoria cones (termed the Galo-Salen Unit by Boccaletti et al. (1999)). These

rocks can be considered coeval, owing to their similar K-Ar radiometric ages (0.83 Ma and

younger) and intertwined stratigraphy (WoldeGabriel et al., 1990). Field observations,

supported by the observations of Boccaletti et al. (1999), suggest multiple phases of basaltic

activity which can be differentiated according to their crystal content; the oldest lavas are

porphyritic, bearing large crystals of plagioclase, clinopyroxene, and some olivine; more

recent material, including the material comprising the scoria cones, are either aphyric or

bear large crystals of plagioclase and clinopyroxene only. Only one cone visited within the

region bore clearly phyric olivine (locality references KW-MER19-58), which is utilised for

the study comprising Chapter 6.

The cones and faults of the Ziway Lake monogenetic field are topographically distinct

from the lower relief silicic deposits that fill the regions between them (Figure 2.4A and B).

Quarries provide the easiest access to scoria (Figure 2.4C), while lavas are best exposed

along the large intra-rift faults in the region (Figure 2.4D). Additionally, ephemeral stream

valleys expose underlying interbedded scoria, lacustrine sediments (Figure 2.4E and F),

and the thick silicic ashfall deposits blanketing the region (Figure 2.4G).

2.1.3 Boku Volcanic Complex (SE Adama)

The Boku Volcanic Complex (termed BVC or Boku in this thesis) is located to the

south-east of the major city of Adama (formerly Nazret), and is the site of a collapsed

caldera, termed the Boku Caldera in literature. The rhyolitic remnants of Boku form two

halves of a shattered horseshoe curving north-west in the topography of the region (Figure

2.5. To the north-east of the collapsed caldera is the Boset-Bericha Complex; to the south-

east the Sodore Volcanic Field; to the south-west the Gedemsa volcano. The caldera itself
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Figure 2.5: Simplified geological map of the Boku Volcanic Complex to the south-east of
Adama showing distribution of volcanic deposits and major stuctural features, redrawn
after Boccaletti et al. (1999), Hutchison et al. (2016b), Siegburg et al. (2018), and Tadesse
et al. (2019). The location of the geological map is outlined in Figure 1.2.

is cut by the faults and cones of the WFB, termed the Melkasa Unit by Boccaletti et al.

(1999). These basaltic features represent the most recent volcanic activity in the region,

constrained to <200 ka by K-Ar radiometric dating (Morton et al., 1979).

As with the other two study areas, previous work performed on the Boku complex has

been limited. The volcanic stratigraphy of the region was established by Boccaletti et al.

(1999) following previous radiometric dating studies (e.g., Morton et al., 1979). The most

and extensive recent work performed on this area by Tadesse et al. (2019) yielded major

and trace element compositions of basalt and rhyolite whole-rock samples. No previous

work has focussed solely on mineral phases from these regions, nor mineral-hosted melt

inclusions.

A selection of basaltic scoriae and lavas were sampled from several quarried cones in the

BVC (Figure 2.6). Scoria deposits bore noticeable pieces of volcanic bomb, which contain

sizeable phenocrysts of 3–10 mm in size, primarily of olivine (∼60-70 %), but with smaller
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fractions of phyric plagioclase and clinopyroxene. Olivine crystals and basalts from this

region form the basis of all three research chapters in this thesis.

2.2 Sample preparation

Fractions sieved in the field (Figure 2.7A) were inspected using a binocular microscope

and crystals of olivine, feldspar, and clinopyroxene were picked by hand; in addition to

crystals, pristine scoria glass fragments were also picked for carrier glass analyses. From

the picked crystal fractions, olivine with visible glassy melt inclusions were selected.

Melt inclusions from East Ziway are mostly crystalline, hosting noticeable crystals

of plagioclase, pyroxene, and spinels. These inclusions were deemed inappropriate for

analysis, as simple glass matrix corrections could not be applied for probe work. Melt

inclusions from the Adama region are glassy, and typically host a shrinkage bubble of up

to 10% the volume of the melt inclusion. Prior to mounting and polishing, melt inclusions

were checked for evidence of cracking and decrepitation (Maclennan, 2017).

Olivine crystals and fragments of glass with no visible matrix crystals were mounted

onto 25 mm diameter epoxy resin blocks (Figure 2.7B). On the one occasion where a

mount had not set correctly, the poor binding between the sample crystals and resin was

remedied through recasting in epoxy resin and careful re-polishing. Once set, each mount

was ground with silicon carbide paper to expose the crystal or glass fragment at the surface

of the mount. Following exposure, the mount surface was progressively polished from 6

µm to 0.25 µm grade with diamond pastes. For electron backscatter diffraction further

polishing of the sample mounts was achieved using Syton silica polishing fluid. The mounts

were initially photographed using a binocular microscope camera to identify inclusions,

and individual grains assigned labels to facilitate identification during analysis. Further

inspection was performed using an optical microscope under transmitted and reflected

light, which permitted identification of inclusions of melt and spinel exposed on polished

crystal surfaces.

Raman spectroscopy and subsequent SIMS analyses necessitated refinement of the

sample preparation process (Chapter 5). Rather than mounting crystals en masse onto

an epoxy mount, each individual melt inclusion-hosting crystal was first mounted onto a

frosted glass slide with acetone-soluble CrystalBondTM adhesive, and then ground using

the thin section grinding machine at the School of Earth and Environment at the Univer-
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Figure 2.6: Field photographs of quarried scoria cones within the Boku Volcanic Complex.
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Figure 2.7: Selection of photographs illustrating sample preparation and characterisation.
A. Field photograph showing use of soil sieve after extraction of scoria from a quarried
cone using a shovel. B. Polished olivine crystals exposed on the surface of an epoxy
mount. C. Transmitted light microscope photograph of an olivine crystal hosting multiple
melt inclusions. D. Reflected light microscope photograph of an olivine crystal hosting a
number of inclusions. E. Backscatter electron image of an olivine crystal demonstrating
a bright core and dark rim. F. Detail of the olivine rim in E to show diffusive boundary
between rim and core.
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sity of Leeds. The coarse grind was then progressively polished through ∼30 seconds of

hand-lapping using 9 µm Al2O3 powder followed by progressive polishing with 6 µm and 3

µm diamond pastes. This process was repeated twice: once to expose a ‘window’ into the

interior of the crystal to identify and estimate depths of melt inclusions from the polished

surface, and a second time to grind and polish down to within the required distance of

the melt inclusion. The polished crystals were sonicated for at least 10 minutes prior to

Raman analyses.

Subsequent exposure of the melt inclusion for probe work involved further grinding

and polishing which was performed through careful 9 µm Al2O3 powder hand-lapping and

polishing with 15, 9 and 6 µm diamond pastes. Upon exposure of their melt inclusions,

the crystals were removed from the glass slide, cleaned with acetone and by sonification.

These crystals were then transferred to epoxy mounts, taking care to preserve the pol-

ished face flat on the mount surface, where they were prepared and polished to 0.25 µm

grade using the procedures described above. Before analysis, the polished mounts were

cleaned with acetone and placed in an ultrasonic bath for at least 10 minutes. Each melt

inclusion-hosting olivine crystal on these epoxy mounts was extensively characterised under

transmitted and reflective light (Figure 2.7C and D). A gold coat was applied to the mount

in preparation for ion probe analyses, which was subsequently removed prior to electron

probe analyses by polishing with 0.25 µm diamond paste for 2 minutes. All mounts were

carbon coated before electron probe and electron microscopy.

Several selected whole-rock samples of lava and scoria of ∼60 g mass were crushed by

hand with a pestle and mortar, with care taken to select pieces of rock that had not been

extensively weathered. These samples were then powdered using an agate ball mill at the

University of Leeds. The mill was used at a low velocity for five minutes, and was cleaned

thoroughly using warm water in between uses. The resultant powders are of a grade finer

than 150 µm. These powders were subsequently used for XRF and ICP-MS analyses (see

Sections 2.7.1 and 2.9.1 for further sample preparation details).

2.3 Precision and accuracy of analyses

Precision and accuracy is assessed for all secondary standards analysed in this thesis.

Data precision (P , in %) is determined by:
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Figure 2.8: Raman spectrum for a melt inclusion vapour bubble in an olivine-hosted melt
inclusion. The olivine peaks and CO2 diad are highlighted. The distance between the ν−
and ν+ peaks is given by the diad splitting ∆, and is dependent of the density (pressure)
of the CO2 medium. The hot bands flanking the diad result from the thermal energy of
the vibrating molecules and take no part in this study.

P = 100 · σ
x̄

(2.1)

where σ is the standard deviation of the sample population and x̄ is the mean of the

sample population.

Data accuracy (A, in %) is determined by:

A = 100 ·
x̄− xref
xref

(2.2)

where xref is the reference value of the secondary standard used.

2.4 Raman spectroscopy

The formation of a bubble in a melt inclusion arises from the pressure-temperature-

composition-volume properties of magmatic systems (e.g., Maclennan, 2017). An en-

trapped melt inclusion will shrink relative to its host phenocryst owing to their differing

thermal expansion properties, developing a vacancy (bubble) into which pressure-soluble

volatiles in the melt will exsolve into as the melt contracts and the inclusion pressure falls
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below that of volatile saturation (Moore et al., 2015). Bubble formation therefore produces

two phases into which volatiles such as CO2 may partition: the silicate melt and the vapour

bubble.

Advances in the understanding of the post-entrapment processes of melt inclusions have

recently produced a library of literature utilising Raman spectroscopy to determine CO2

densities in melt inclusion bubbles, often in conjunction with subsequent analysis of the

glass by SIMS (see Section 2.5) (e.g., Hartley et al., 2014; Moore et al., 2015; Taracsák

et al., 2019). This rise in popularity can be attributed to the relatively rapid time of

analysis (∼5 minutes to generate one spectrum), excellent spatial resolution (confocal

beam spatial resolutions are typically 1 µm), and the simplicity in analysis. In addition,

Raman spectroscopy is a non-destructive method, permitting repeat analyses of samples

on multiple Raman machines without degradation.

Raman spectroscopic analysis is employed to determine and observed vibration modes

of molecules, and is dependent on the inelastic scattering of photons by molecular vibra-

tions, known as Raman scattering. A monochromatic light source (e.g., a laser) interacting

with the sampled medium may be affected by Raman scattering, resulting in the raising

or diminishing of the energy of the light, dependent on the frequency of vibration of the

molecules constituting the medium. This affected light is subsequently collected and filtered

to display a spectrum of the light affected by vibrational modes – the Raman spectrum.

The Raman spectrum of CO2 contains several well-defined peaks, which persist even

at low CO2 densities. These peaks result from the four vibrational modes of the CO2

molecule: a symmetric stretching mode ν1, an anti-symmetric stretching mode ν3, and two

degenerate (same frequency) bending modes (ν2a and ν2b, collectively ν2). The symmetry

and energy of the first excited state of the ν1 mode (1332.87 cm−1) matches that of the

second excited state of ν2 (1335.14 cm−1), permitting the two states to mix in a process

termed Fermi resonance (Fermi, 1931; Gordon and McCubbin, 1966). Fermi resonance has

two effects on the CO2 Raman spectrum. Firstly the comparatively higher energy ν1 mode

shifts to an even higher energy, and the lower energy ν2 mode correspondingly lowers

its own energy. Secondly, the weaker excited ν2 gains intensity at the cost of ν1 losing

intensity, resulting in the two transitions producing similar intensities. This admixing of

the two vibrational states of CO2 results in two strong peaks in the Raman spectrum at

∼1388 cm−1 (termed ν+) and 1285 cm−1 (termed ν−), which are diagnostic of CO2 and

collectively known as the Fermi diad (Figure 2.8).
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It has been commonly accepted that the distance between these two strong CO2 peaks

(termed the diad peak splitting distance, ∆) is dependent on the pressure or density of

CO2 vapour within the medium (Wang and Wright, 1973). This correlation between the

peak splitting and density can be empirically parameterised if the density of the CO2-

hosting medium is known; this can be achieved, for example, by controlling the pressure

of CO2 within a high-pressure optical cell (e.g., Lamadrid et al., 2017). However, as

a result of differences in Raman instrument hardware and analytical conditions, there

exists a significant number of differing and contrasting densimeters in the literature, which

yield significant differences in densities for the same diad split (Lamadrid et al., 2017).

Therefore, selecting a single densimeter from the literature for a given Raman instrument

results in significant uncertainties in determining the absolute density of CO2 in samples,

and hence will affect accurate estimation of magmatic storage depths and carbon fluxes.

Densimeter correlations must therefore be calibrated for each Raman instrument under

specific analytical conditions prior to analysis of unknowns.

It should also be mentioned that it is possible to detect H2O using Raman spectroscopy.

However, Moore et al. (2015) note that both glass and vapour phases contribute to the

H2O Raman peak at 3500 cm−1. Discerning the presence of H2O within a bubble from

H2O frozen within glass is therefore not possible.

2.4.1 Instrumentation

Olivine crystals were ground down and polished such that bubble-bearing melt inclu-

sions were within 100 µm of the polished surface; this was to minimise the attenuation

of the laser signal by reducing the thickness of the olivine medium. Melt inclusions with

multiple bubbles were not analysed owing to the difficulty in resolving the CO2 density of

each individual bubble.

In this study, the densities of CO2 were measured in melt inclusion shrinkage bubbles

at the Department of Earth Sciences, University of Cambridge. CO2 vapour within melt

inclusion bubbles were determined using a confocal Horiba LabRAM 300 Raman spec-

trometer with a holographic grating of 1800 grooves/mm. A laser beam was provided by

a 100 mW Ventus 532.05 nm source, and was focussed on the sample using an Olympus

LMPLFLN 50× working distance objective lens. The slit width was set to 100 µm and

the confocal aperture to 300 µm. The detector used is a Peltier front-illuminated 1024 ×

256 pixel CCD. All analyses were performed at ambient room temperature. Calibration
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was performed using a Si chip; the instrument was calibrated at the start of every day

by assessing the linearity of the spectrum relative to the 0 cm−1 peak arising from the

laser source and the Si peak at 520.69 cm−1. Instrument drift was monitored through the

analysis period using a secondary standard.

Removal of artefacts was accomplished through multiple accumulations (5 × 60 s).

Where signal strength of the diad was weak, longer count times were used at the expense

of number of accumulations (4 × 90 s). Secondary standards were run with a shorter

regime of 4 × 30 second accumulations as their CO2 diad signals were typically stronger

than those of the samples.

2.4.2 Calibration and data processing

Measured spectra were fitted with Gaussian peaks. The spectral region around each

peak was visually assessed to allocate points to the peak and to the background. A fourth-

order polynomial was then fitted to the allocated background points to determine a back-

ground curve for the diad peak region. This background was then subtracted from the raw

spectrum data to produce a background-corrected spectrum. Gaussian curves were then

fitted to the diad peak iteratively through least-squares minimalisation performed via the

optimize.leastsq function of the Python library SciPy (Virtanen et al., 2020, Figure 2.9).

Peak splitting was determined by calculating the difference between the centres of the

two Gaussian peaks, and converted into a CO2 density using a linear densimeter function

calibrated for the instrument by Wieser et al. (2021):

ρCO2 = 0.3217∆− 32.9955 (2.3)

This CO2 density (ρCO2) is converted into a CO2 concentration through mass balance

between bubble and melt volumes (Hartley et al., 2014):

Vapour bubble CO2 (ppm) = 106 × ρCO2 × Vbubble

(Vinclusion − Vphases)× ρmelt
(2.4)

where ρmelt is the density of the melt, Vbubble is the volume of the bubble, Vinclusion is

the volume of the melt inclusion, and Vphases is the volume of other phases present within

the that are volumetrically significant (e.g., spinel crystals, sulfides). The total CO2 of the

inclusion is subsequently determined by combining the bubble CO2 concentration with the

CO2 concentration of the melt (determined by ion probe).
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Figure 2.9: Example Raman spectrum illustrating the fitting procedure used to determine
diad splitting distance. A. Raman spectrum of the diad region for CO2. The ν+ peak is
highlighted in red and is used to illustrate the fitting procedure in the other subfigures.
B. The spectrum points subdivided into peak and background points. The points are
visually differentiated to provide the best peak fit. C. A fourth order polynomial is fit to
the background points using a least squares procedure. D. This background polynomial is
subtracted from the spectrum points. The resultant background-corrected spectrum peak
points are then fit with a Gaussian curve by least squares. The centre of the Gaussian
curve is taken as the peak centre.
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2.4.3 Data quality

Uncertainty in Raman spectroscopy arises from three principal sources: the uncertainty

from estimating the volume of the melt inclusion and the shrinkage bubble, the uncertainty

from measurement of diad splitting, and the uncertainty from densimeter calibration.

The former uncertainty is the most dominant. Melt inclusions in this study have a

variety of morphologies, ranging from ellipsoidal to near-polygonal and irregular shapes

(e.g., Figure 2.7C and D). It is difficult to correctly assess the three-dimensional shape of

the inclusion without resorting to a tomographic method. While X-ray tomography has

been performed previously on minerals hosting melt inclusions (e.g., Pamukcu et al., 2015),

it remains a fairly costly and time-consuming procedure. It is therefore simpler, albeit less

accurate, to estimate the area of the visible melt inclusion cross section and link this area

to the overall volume of the melt inclusion. High-resolution imagery of melt inclusions

and melt inclusion bubbles considered in this study were therefore traced and fitted with

a best-fit ellipse using the graphical processing program ImageJ (Schneider et al., 2012) to

determine an appropriate estimate for cross-sectional area.

While major and minor axes of ellipses formed from the intersection of a plane (e.g., a

polished surface) with an ellipsoidal melt inclusion can be estimated reasonably precisely

using this method, linking these two semi-axes to ellipsoidal volume is challenging. At-

tempts to estimate three-dimensional ellipsoidal volume from a two-dimensional elliptical

intersection often rely upon the major and minor semi-axes of the visible ellipse (a and b)

to determine the length of a third semi-axis c normal to the plane of intersection. A signifi-

cant number of studies have assumed that this third semi-axis is equal to the smaller of the

two visible semi-axes, such that a > b = c (e.g., Hartley et al., 2014). Other studies have

suggested that the arithmetic mean (c = 1
2(a+b), e.g., Moore et al., 2015) or the geometric

mean (c =
√
ab, e.g., Ni et al., 2017) of the two visible axes is more appropriate. Tucker

et al. (2019) explore these three assumptions through a Monte Carlo method, in which

randomly sized ellipsoids are generated which are intersected by randomly oriented planes

to produce ellipses of intersection, mimicking the polished surfaces of randomly oriented

melt inclusions. The volumes of the ellipsoids are then compared to the volumes estimated

using the methods listed above. They conclude that the most appropriate volume esti-

mate using a visible elliptical intersection is provided by the arithmetic mean of the two

visible semi-axes, however with a 1σ error range of -48% to 37% of the correct value. The

assumption that the third semi-axis is equal to the visible minor semi-axis significantly
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underpredicts the melt inclusion volume, and the geometric mean assumption, while more

appropriate than a > b = c, shows a greater uncertainty range and mean deviation from

the correct value than the arithmetic mean (Tucker et al., 2019).

Uncertainty arising from the measurement of diad splitting in a vapour bubble is depen-

dent on the spectral resolution of the Raman machine used in the analysis. This uncertainty

was mitigated through the repeat measurement of bubbles. At least three discrete mea-

surements were performed on each melt inclusion bubble, varying the position and focus

of the Raman laser to provide three unique spectra. The standard deviation of the three

spectra provides an indicator of the uncertainty of the true diad splitting of the inclusion

bubble. Uncertainty from diad splitting was also quantified through repeated measure-

ment of a secondary standard. The secondary standard used in our study is a synthetic

quartz fluid inclusion (10 mol FIE) calibrated using a high-pressure optical cell at Virginia

Tech Raman, which has been previously used as a standard to calibrate the Department of

Earth Sciences Raman at the University of Cambridge (Wieser et al., 2021). 10 mol FIE

was analysed at regular intervals throughout the day to check for instrument drift. Figure

2.10 shows repeat measurements of the Cambridge Raman instrument over the course of a

day, for five days. Noticeably, mean peak splitting appears to decrease over the course of a

day, albeit taking a somewhat random path to achieve this. While non-linearity within the

Fermi diad region of the Raman spectrum is typically assessed by neon emission spectrum

lines (e.g., Lamadrid et al., 2017), the Cambridge setup cannot assess both the sample and

the Ne lamp. The fluid inclusion secondary standard is therefore used as an alternative.

Wieser et al. (2021) report a mean and standard deviation for 10 mol FIE diad splitting

of 102.971 cm−1 and 0.026 cm−1 respectively. These values match my mean and standard

deviation for the same standard (102.973 cm−1 and 0.024 cm−1), with a percentage differ-

ence in the means of 0.02 %. Precision in measuring bubble density was 5.8 %, and the

accuracy relative to the mean diad splitting of Wieser et al. (2021) was 0.9 % (Equations

2.1 and 2.2). This accuracy difference is minuscule compared to the other uncertainties in

this study, including the uncertainty from repeat measurements of the same sample (∼7

%) and the uncertainty expected from measuring melt inclusion and bubble volumes (see

above).

Instrument drift on the five days of analysis was particularly noticeable on the third

(12/02/20) and fifth and last (14/02/2020) days, in which there was a noticeable gradual

decrease in mean standard diad splitting as the day progressed (Figure 2.10). The nar-
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Figure 2.10: Secondary standard 10 mol fluid inclusion E analyses over the five analytical
sessions at the University of Cambridge plotted against time of analysis. Single Raman
analyses of the standard are shown as crosses; the means of several single measurements
taken minutes apart are shown as coloured diamonds with an error bar corresponding
to the standard deviation of the repeated analyses. The mean standard measurement of
Wieser et al. (2021) is shown as a horizontal dashed line with a shaded region corresponding
to a single standard deviation measurement. Mean standard analyses are fit by a linear
regression line to gauge instrument drift; corresponding r2 values are shown beneath each
analytical run. The two instrument drift corrections on 12/02/2020 and 14/02/2020 show
significant time-dependent instrument drift (shown as bolded r2 values) and have been
corrected in the final dataset. A single outlier on 10/02/2020 is annotated and removed
from the final secondary standard datasets.

rowing of the diad split was also noticeable on other days, but the temporal variability

was often random and less pronounced as on days 3 and 5. The driving factor behind

instrument drift is unclear, but could be related to the cooling of the Raman environment

as the day drew to a close. Drift was corrected using a linear regression fit through mean

standard Fermi diad splittings for these two days (Figure 2.10). The percentage offset

of the standards to the calibrated mean value of Wieser et al. (2021) was calculated as

a function of time; this correction was then applied to the analyses performed over the

course of the day. The magnitude of the density correction was fairly minor (Figure 2.11);

the majority of corrected analyses were within ±5 % of the original measurement, with
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Figure 2.11: Figures illustrating the effect of linear regression corrections for Raman analy-
ses undergone on days 12/02/2022 and 14/02/2022. A. Scatter plot comparing uncorrected
calculated densities to corrected densities. B. Histogram of percentage differences upon ap-
plication of the linear regression correction.

the most substantial deviation of 6 %.

Finally, there is uncertainty in the calibration of the densimeter line. The intrinsic un-

certainty of the densimeter is itself dependent on the uncertainty on measuring diad split-

ting. Through repeated measurements of primary standards Wieser et al. (2021) suggest an

95 % uncertainty interval comprising uncertainties of the gradient (±0.026 g cm−3/cm−1)

and the intercept (±2.7 g cm−3) of Equation 2.3. However, this uncertainty is dwarfed

when compared to the uncertainty associated with selecting literature calibrations and the

aforementioned uncertainty in estimating melt inclusion and bubble volumes.

2.5 Secondary ion mass spectrometry (SIMS)

Secondary ion mass spectrometry (SIMS) is a technique used to analyse the chemical

composition of a sample. This analysis involves bombarding a sample surface using a

focussed beam of primary ions, such as 16O−. Bombardment results to the excavation of

a 1–2 µm crater on the sample surface, ejecting, or sputtering, charged particles termed

secondary ions from the surface. These secondary ions are accelerated by a high primary

voltage, and are then collected by an immersion lens and directed into a mass spectrometer.

The mass spectrometer differentiates ions by their energy and charge/mass ratio through

a combination of electrostatic and magnetic analysers respectively; by using both sets of
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analysers a high mass resolution is obtained (on the order of ppm-ppb). The differentiated

secondary ions are then detected using a Faraday cup or an electron multiplier. The low

detection limits owing to this ‘double focussing’, in conjuction with straightforward sample

preparation and good spatial resolution (<25 µm), has promoted SIMS as a principal

method of melt inclusion composition analysis. Furthermore, the ability to determine

the concentrations from H to U permits the study of light trace elements that cannot be

assessed by other techniques, such as water and carbon.

In this study the concentrations of H2O, CO2, F and a selection of rare-earth elements

were measured in melt inclusions and matrix glasses at the NERC Ion Microprobe Facility

at the University of Edinburgh using a Cameca IMS 4f. NERC grant IMF694/1119 was

awarded for this study for one week of analysis time. Owing to limited access to the

ion microprobe facility during the COVID-19 pandemic, instrument setup, calibration,

and data collection were all performed by Dr. Cristina Talavera Rodriguez in May 2021;

analytical details provided in the following sections have been forwarded by Dr. Talavera

Rodriguez.

2.5.1 Instrumentation

Sample mounts were prepared as described in Section 2.2. Prior to analysis the sample

mounts were gold coated to minimise the potential difference between the sample and the

extraction lens, and therefore reduce surface charging during the analyses. Charging was

also mitigated by using a primary beam of O− ions, which have the advantage over other

beam species (e.g., Cs+) of preventing charge build-up on insulating sample surfaces. A

strong vacuum is necessary during SIMS to minimise the probability of the interception of

a secondary ion by a gas molecule during analysis. The storage pressure of the samples in

the ion probe was < 4×10−8 torr, which was further reduced to < 5×10−9 torr during the

analytical period. Samples were stored under vacuum for several hours prior to analysis

to allow outgassing to occur, limiting instrument backgrounds.

Positive secondary ions were generated using a 13 kV primary beam of 16O− ions. The

generated secondary ions were then accelerated to 5 keV, offset by -50 eV for 12C and -75

eV for 1H, 19F and the trace elements to limit transfer of molecular ions into the secondary

column. The primary beam used during acquisition ranged between 5–6 nA, with a raster

size of 15 µm to emplace single oval spots within the inclusion.
26Mg+, 30Si+ 40Ca2+, 85Rb+, 88Sr+, 89Y+, 138Ba+, 139La+, and 140Ce+ were counted
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Figure 2.12: Carbon (A) and water (B) calibration curves showing reference C and H2O
concentration against measured 12C/30Si and 1H/30Si of ion probe standards. The inset
figure in B illustrates a standard measurement (M21), shown in red, which was analysed
but not used for determining the calibration curve.

for 2 seconds, 7Li+ was counted for 3 seconds, 1H+, 11B+, 24Mg2+, 35Cl+, 93Nb+, 141Pr+,
143Nd+, 157Gd+, 159Tb+, and 161Dy+ were counted for 5 seconds, 149Sm+, 171Yb+, and
175Lu+ were counted for 8 seconds, and 19F+ and 12C+ were counted for 10 seconds. These

counts were normalised to 30Si and converted into concentrations.

2.5.2 Calibration and data processing

The first 7 of 15 total C cycles and the first 10 of 20 total H2O cycles were discarded to

avoid the effects of surface contamination and to allow the C and H2O signals to stabilise.

Relative ion yields of both volatiles correlate with SiO2 concentration, and plotting 1H/30Si

or 12C/30Si against H2O or CO2 produces a working curve for glasses of variable SiO2

(Blundy and Cashman, 2008). The calibration lines for C and H2O were calculated by

running seven standards with known volatile concentrations and variable SiO2 at the start

of each session (M40, N72, M36, M21, M5, M10, M47; Shishkina et al., 2010). N72 basaltic

glass is an international standard with negligible C and H2O concentration (Shishkina et
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al., 2010). This standard was therefore used for background correction during the plotting

of the calibration line; N72 was analysed for C and H2O, and the recorded count rates

for these elements were subtracted from the raw data. Calibration curves are shown in

Figure 2.12. For F and trace elements, the data reduction software JCION5 was used,

with the GSD standard used to calculate relative ion yields for the trace elements based on

Si. Calibration was performed in this session using MPI-DING glasses (GSD-1, NIST610,

KL2-G, ML3B; Jochum et al., 2006).

Raw data from SIMS is provided in terms of counts per second. Conversion of counts

per second into concentration requires referencing of the secondary ion counts to those of

a secondary ion species whose concentration is known (Blundy and Cashman, 2008). After

correcting the raw data for background counts, the data were normalised to 30Si. Calcula-

tion of concentrations from count rates is dependent on using well-calibrated standards to

bracket the range of unknown compositions. The standards used for C and H2O are silicate

glass standards of Shishkina et al. (2010), and the standards for F and trace elements are

a selection of international reference glasses.

Precisions of 18 % and 30 % were achieved for C and H2O respectively, and accuracies

of better than 35 % were achieved for both volatile elements (Equations 2.1 and 2.2).

Concentrations of F were based on analyses of the KL2-G standard, and those of traces

were done with respect to the GSD-1 standard. Depending on the secondary standard

assessed, the majority of trace element precisions range from <5 to 15 %, with trace

element accuracy typically <5 %. F returns a precision of <1 % in KL2-G. However, the

majority of my unknown samples exceed the F concentration of the standards. Given the

close correlation between assessing F through SIMS and assessing F via methods that use

different standards (e.g., EPMA; Taracsák et al., 2019), I believe that despite being outside

the standard range the F returned by SIMS is accurate within uncertainty for the F within

the sample.

2.6 Electron probe microanalysis (EPMA)

Electron probe microanalysis (EPMA) is a widely used analytical technique used to

non-destructively determine the chemical composition of a sample by bombarding it with

an electron beam. This bombardment scatters electrons from the inner orbitals of target

atoms, generating orbital vacancies; transfer of electrons into these vacancies releases en-
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ergy in the form of X-ray photons in a process known as X-ray fluorescence (XRF). The

X-ray lines generated are unique to every element (as every element has a unique electron

structure), and intensities of each line are a function of their concentration within the

sample.

These characteristic X-ray wavelengths are counted by either energy dispersive (ED) or

wavelength dispersive (WD) spectroscopy. ED spectroscopy uses a semiconductor detector

to collect X-rays of all wavelengths produced from the sample. In contrast, WD spec-

troscopy utilises crystal lattice diffraction to focus on specific X-ray wavelengths generated

from the sample, which are then directed towards detectors. To cover the range of wave-

lengths generated from a sample of heterogeneous chemical composition, multiple crystals

of different interplanar lattice spacings are necessary for WD spectroscopy. Despite this

additional caveat, and the longer counting times needed relative to ED spectroscopy, WD

spectroscopy offers higher X-ray peak resolution and a better signal-to-noise ratio ideal for

geochemical analysis.

EPMA is primarily used for major element analyses of minerals and glasses, although

some minor elements and the volatile elements F, Cl and S can also be measured (Kent,

2008). The 1–2 µm electron beam used for analyses permits excellent spatial resolution. In

this study major elements and select trace elements of basaltic glasses and olivine are anal-

ysed by WD EPMA, as they appear in higher concentrations and are hence less subject to

the uncertainties that may arise from background corrections when at low concentrations.

2.6.1 Instrumentation

Major and minor elements were analysed in matrix glasses, melt inclusions, and host

olivine crystals by EPMA. Analyses were performed using the JEOL JXA8230 at Leeds

Electron Microscopy and Spectroscopy Centre (LEMAS), University of Leeds. Samples

were fully carbon coated prior to analysis to promote conductivity. They were then placed

into the instrument chamber under vacuum conditions. WD analyses were performed using

five spectrometers with TAP, TAPH, LIFH, PETJ, and LIFL crystals. Redistribution of

Na and K is known to occur in basaltic glasses as a result of charge building in the beam

interaction volume (e.g., Kent, 2008). To minimise the effects of Na and K redistribution

the beam current was lowered for measurements of these two cations in basaltic glass.

X-ray intensities are determined by counting output pulses over a given period of time

during WD analysis. These count rates are converted into concentrations through applica-
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tion of linear background corrections and matrix (ZAF) corrections against input standard

compositions; this is all achieved through the ProbeForEPMA software of the instrument

(Donovan, 2021). Peaking of the instrument using these standards was also performed prior

to each run to maximise output X-ray intensities. Final oxide concentrations are provided

as weight percent upon calculation of oxide concentrations through stoichiometry.

A preliminary qualitative mapping stage was undertaken for olivine-spinel aluminium-

exchange thermometry. Olivine crystals are known to host zones of differing major and

trace element composition, which arise from several processes. To ensure that quantitative

points selected were representative of the olivine composition used for the thermometer,

the region around and including the spinel inclusion were qualitatively mapped out for Al,

Mg, P, Ni, and Ca. These regions, comprising several 7 x 7 µm sized pixels, were analysed

for 0.5 seconds per pixel, with a 200 nA beam with 15 kV acceleration voltage. X-ray

counts were collected for each pixel and used as a proxy for qualitative concentration of

a particular element. Quantitative points were then selected by considering the zoning

within each olivine-spinel region.

2.6.2 Data quality

Data reduction, necessary to convert raw X-ray data into geochemical quantities, was

performed for both glass and olivine using ProbeForEPMA software (Donovan, 2021).

Single point detection limits are based on the counts of the unknown sample, the counts

of the standard, and the magnitude of any matrix corrections applied. Average detection

limits for each element are presented in Tables 2.1–2.5. Any values below detection were

rejected from the dataset. Analyses with totals less than 98 wt% or greater than 102 wt%

were also rejected for olivine.

Secondary standards were measured periodically over the course of a run to deter-

mine accuracy, precision, and oxide totals. Instrument drift was also corrected for using

secondary standard measurements by determining the percentage offset of the secondary

standard value from a known standard value over time and applying the same correc-

tion to the analysed unknowns. Secondary standards for glass were KL2-B and ML3B-G

(Jochum et al., 2006); for olivine USNM 2566 and NMNH 111312-44 (Smithsonian Mi-

crobeam Standards Datasheets 2019); for spinel NMNH 117075 (Smithsonian Microbeam

Standards Datasheets 2019). Major elements (>0.4 wt%) analysed by EPMA in olivine,

spinel and glass have precisions typically ≤6 % and accuracy ≤3 % (Equations 2.1 and
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Table 2.1: EPMA conditions for glass measurements. All analyses were run with a 5 µm
beam at 15 kV acceleration voltage, at 6 nA beam current for Na and K, and 15 nA beam
current for the rest.

Element Peak (s) Crystal Detection limit (ppm) Standard
Si 20 TAP 173 Anorthoclase USNM 133868
Mg 20 TAP 154 Olivine USNM 2566
Fe 20 LIFL 416 Glass USNM 111240/52
K 15 PETH 277 Obsidian USNM 72854
Al 20 TAP 227 Anorthoclase USNM 133868
Ca 20 PETH 111 Wollastonite
Na 25 TAP 658 Jadeite
Mn 20 LIFL 412 Rhodonite
Ti 20 PETH 178 Rutile
P 20 PETH 228 Apatite

Table 2.2: EPMA conditions for olivine measurements for olivine-spinel thermometry. All
analyses were run with a 1 µm beam at 15 kV acceleration voltage and 100 nA beam
current.

Element Peak (s) Crystal Detection limit (ppm) Standard
Si 20 TAP 87 Olivine USNM 2566
Mg 40 LIFH 76 Olivine USNM 2566
Fe 30 TAPH 160 Haematite
Mn 60 LIFH 56 Rhodonite
Al 140 TAP 18 Almandine
Ca 100 PETJ 34 Diopside
Cr 30 LIFL 96 Cr2O3

Ni 60 LIFL 104 Ni metal
Ti 100 LIFH 38 Rutile
P 80 PETJ 42 Apatite

Table 2.3: EPMA conditions for spinel measurements for olivine-spinel thermometry. All
analyses were run with a 1 µm beam at 15 kV acceleration voltage and 40 nA beam current.

Element Peak (s) Crystal Detection limit (ppm) Standard
Si 20 TAP 81 Diopside
Mg 10 LIFH 149 Diopside
Fe 30 TAPH 151 Haematite
Mn 60 LIFH 96 Rhodonite
Al 60 TAP 45 Almandine
Ca 60 PETJ 71 Diopside
Cr 30 LIFL 171 Cr2O3

Ni 60 LIFL 177 Ni metal
Ti 60 LIFH 78 Rutile
P 80 PETJ 68 Apatite
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Table 2.4: EPMA conditions for olivine measurements for melt inclusion post-entrapment
crystallisation corrections. All analyses were run with a 1 µm beam at 20 kV acceleration
voltage and 40 nA beam current.

Element Peak (s) Crystal Detection limit (ppm) Standard
Si 30 TAP 81 Almandine
Mg 30 LIFH 149 Olivine USNM 2566
Fe 30 TAPH 151 Almandine
Mn 30 LIFH 96 Rhodonite
Al 60 TAP 45 Almandine
Ca 60 PETJ 71 Wollastonite
Cr 30 LIFL 171 Cr2O3

Ni 30 LIFL 177 Ni metal
Ti 30 LIFH 78 Rutile

Table 2.5: EPMA conditions for olivine measurements for olivine diffusion chronometry.
All analyses were run with a 1 µm beam at 20 kV acceleration voltage and 40 nA beam
current.

Element Peak (s) Crystal Detection limit (ppm) Standard
Si 30 TAP 53 Almandine
Mg 30 TAP 62 MgO
Fe 30 LIFH 82 Almandine
Mn 30 LIFH 63 Rhodonite
Al 30 TAP 65 Almandine
Ca 70 PETJ 47 Wollastonite
Cr 30 LIFL 100 Cr2O3

Ni 30 LIFH 97 Ni metal
Ti 30 LIFL 160 Rutile
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2.2). In olivine, precision for Al was assessed at 11 % with lower on-peak count times of

60 seconds, and 8 % with 140 seconds; precisions and accuracies for MnO and P2O5 in

basaltic glass standards were assessed to be 20 % and 5 %, and 14 % and 12 % respectively.

2.7 X-ray fluorescence (XRF)

X-ray fluorescence (XRF) is a natural phenomenon utilised for chemical analyses. The

principles of the XRF method are similar to those of EPMA, albeit the sample is bom-

barded with high energy X-rays rather than an electron beam. Bombarding a sample

with high energy X-rays excites electrons within its atomic structure. Relaxation of these

electrons results in the release of secondary, lower-energy X-rays characteristic of the ele-

ment in question, termed fluorescent radiation. The intensity of these fluorescent X-rays is

representative of the concentration of their corresponding elements. These X-rays can be

separated by the use of a WD spectrometer (see Section 2.6). XRF spectroscopy utilises

the XRF effect to determine the major and trace element geochemistry of rock samples.

The major benefits of XRF spectrometry in comparison to EPMA are the relatively rapid

and cheap analyses, albeit at the cost of lower spatial resolution. In addition, elements

with atomic number <11 cannot be accurately determined.

2.7.1 XRF sample preparation and instrumentation

Samples were powdered as described in Section 2.2. Owing to the COVID-19 pandemic,

the final stages of XRF sample preparation and the analyses themselves were performed

by Lesley Neve at the University of Leeds. Prior to analyses all samples were dried at 105
◦C to remove any remaining moisture. After drying, loss on ignition (LOI) was assessed.

1–2 g of the sample were loaded into a porcelain crucible of known mass and weighed. The

crucible was then left in a furnace for at least one hour (typically overnight) at 1025 ◦C.

After removal, the sample was allowed to cool until returned to room temperature in a

desiccator to negate absorption of air moisture before being weighed again. LOI was then

calculated using the following expression:

%LOI =
msample −mresidue

msample
· 100 (2.5)

where m is the mass of the sample or residue. It is worth noting that the escape

of volatiles during LOI will generally increase the mass among all other oxides as their
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Oxide Detection limit (wt%) Calibration Range (wt%)
SiO2 0.01 0–100
TiO2 0.01 0–3.7
Al2O3 0.01 0–60
Fe2O3 0.01 0–100
MnO 0.01 0–20
MgO 0.03 0–40
CaO 0.01 0–70
Na2O 0.03 0–10
K2O 0.01 0–15
P2O5 0.01 0–8
Cr2O3 0.01 0–20

Table 2.6: Major element calibration details for the Rigaku XRF.

relative proportions in the residue compared to the original powdered sample increases.

Furthermore, the oxidation of FeO to Fe2O3 will raise the mass of Fe2O3 in comparison to

the masses of the other oxides.

To produce a fused bead free of mineral structure, a flux was added to the dried sample

powder. 0.4 g of the sample was mixed in a 1:10 ratio with 4 g of flux comprising 66 %

lithium tetraborate and 34 % lithium metaborate (masses ±0.0002 g), and supplemented

with 3 drops of lithium iodide to limit the viscosity of the melt. The sample-flux powder

mixtures, loaded into platinum +5 % gold alloy crucibles, were placed into a furnace at

1150 ◦C for 20 minutes to completely melt and fuse, and then cast into a bead within

a platinum mould. Care was taken to avoid scratching the inner parts of the platinum

alloy crucible and risk sample contamination, and to ensure that the sample was dissolving

completely in the flux without bubble formation. The bead was then allowed to cool to

room temperature, and placed into warm 25 % HCl to clean. Spectroscopy was performed

using the Rigaku ZSX Primus WDXRF at the University of Leeds.

2.7.2 Data quality

The standards USGS BCR-1 and STSD-4 were run at the start of every XRF ses-

sion, and were additionally run every 10 samples. Repeat measurement of these standards

yielded a precision of 1% for all elements and accuracy of ≤4 % for most elements (Equa-

tions 2.1 and 2.2). Accuracies of 6 %, 8 % and 5 % were obtained for Al2O3, MnO, and

P2O5 respectively in BCR-1, and 7 % for TiO2 in STSD-4. All samples yielded totals

within the range 97.95–100 wt%.
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2.8 Scanning electron microscopy (SEM)

Scanning electron microscopy (SEM) is an imaging method which utilises a focussed

beam of electrons to scan the surface of a sample. These electrons interact with the atoms

in the sample, providing information about composition and crystal orientation. This

section outlines the SEM techniques that used in this thesis.

2.8.1 Backscatter electron imaging

Backscattered electrons are the product of the elastic scattering of primary (beam-

sourced) electrons when they encounter an atom. Some electrons, when pulled towards the

positively charged nucleus of an atom, will circle around the nucleus and re-emerge out

of the sample surface. Upon contact with a backscatter electron detector in the path of

an electron a signal is produced which can subsequently be used to produce an observable

image. Larger atomic nuclei in the sample surface will deflect more incident electrons than

smaller nuclei. The brightness of the backscatter electron image greyscale will depend on

the atomic mass of the sample material. Because the forsterite (Fe-Mg) composition of

olivine is linearly proportional to the brightness of olivine in a backscatter electron image,

high magnification and high contrast imagery of olivine using SEM can be used to quantify

profiles of olivine composition, which is used for the diffusion studies undertaken in Chapter

6 (Figure 2.7E and F). Backscatter electron imaging for this Chapter was performed using

the Cameca FEI Quanta 650 SEM at LEMAS, University of Leeds, using a 20 kV beam.

2.8.2 Electron backscatter diffraction

Electron backscatter diffraction (EBSD) is an SEM technique used to study crystalline

materials, more specifically the structure and crystal orientation of the material.

EBSD is dependent on the diffraction of electrons about a crystal lattice. Bragg diffrac-

tion occurs when radiation with a wavelength comparable to atomic spacings in a crystal

lattice is scattered regularly by the atoms comprising that lattice; in the case of particles

such as electrons, the wavelength can be determined through de Broglie relations. In the

crystal lattice, lattice planes are separated by the interplanar distance d; as scattering is

regular, if the scattered waves constructively interfere, the path difference between the

waves will be given by 2dsinθ, where θ is the glancing angle measured from the incident

surface. The effect of interference intensifies because of the cumulative effect of reflection in
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successive crystallographic planes of the lattice, culminating in Bragg’s law for a crystalline

sample, which describes the condition at which constructive interference is strongest:

2dsinθ = nλ (2.6)

where n is a positive integer and λ is the wavelength of the incident radiation.

A diffraction pattern is obtained by measuring the intensity of scattered waves as a

function of scattering angle. Very strong intensities (Bragg peaks) are obtained in the

diffraction pattern at the points where the scattering angles satisfy the Bragg condition.

In EBSD, an electron beam generated by the SEM is directed onto a steeply tilted (∼70 ◦),

flat and polished sample. With a stationary beam, the EBSD pattern projects spherically

from the point where the beam is incident on the sample. A phosphorus screen in the

specimen chamber permits the imaging of the diffraction pattern by converting electrons

to light; coupling to a lens in the diffraction camera permits the image formed on the

phosphorus screen to be focussed onto a charge-coupled device (CCD) camera.

Inside the SEM, electrons backscattering from the sample may exit near the Bragg angle

and diffract to form Kikuchi bands, patterns of electron scattering corresponding to each

of the diffracting crystal lattice planes, as they are paths where electrons backscatter with

little energy loss. Each band in the diffraction pattern is correlated to the Miller indices of

the diffracting plane which forms it. If the geometry of the crystal is well described, then

the bands in the diffraction pattern can be linked to the orientation of the crystal.

Diffraction pattern bands are detected by EBSD software using a Hough transform,

a feature extraction process by which every band in the diffraction pattern is linked to a

pixel in Hough space. Converting the strongest bands in the diffraction pattern into bright

peaks aids computational identification. Upon indexing, the band locations can then be

linked to the underlying crystal orientation as angles between lattice planes. Observed

Kikuchi bands are unique to the orientation of the sample crystal and the wavelength of

the incident electron beam, and can therefore be compared with look-up tables of crystal

data to index the crystal of interest. The orientation of each sampled point can hence be

matched to a reference crystal orientation.

EBSD analyses were preformed using the Cameca FEI Quanta 650 at LEMAS, Uni-

versity of Leeds, using a 20 kV 6 µm beam on Aperture 3. Data reduction was performed

using Aztec Crystal software to obtain olivine crystal orientation data. A region of around

1000–10000 pixels of size 5–15 µm was mapped within each crystal. Data reduction to
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determine mean crystal orientation was performed with Python 3 code. Further method

details are provided in Chapter 6.

2.9 Inductively coupled plasma mass spectrometry (ICP-MS)

An inductively coupled plasma is a gas that has been ionised into cations and free

electrons through energy generated through electromagnetic conduction, atomising most

molecules present in the sample. Inductively-coupled plasma mass spectrometry (ICP-MS)

is a form of mass spectrometry which utilises this plasma-generating process to generate

constituent ions of a sample. These ions are subsequently fed through a mass spectrometer

to determine mass-to-charge ratios of ions within the sample and therefore the sample’s

chemical composition. In this study, solution ICP-MS is utilised to determine bulk rock

trace elements of 10 whole-rock samples from the Boku Volcanic Complex.

2.9.1 Solution ICP-MS sample preparation and instrumentation

Prior to analysis, samples were digested in strong acids. Powdered basalt and scoria

samples and their containing vials were weighed prior to sample digestion for ICP-MS.

Powders were subsequently digested in 1 ml of ultra-pure (UpA) HNO3 and 4 ml of UpA

HF for three days, followed by 2.66 ml of reverse aqua regia (3 parts UpA HNO3 to 1

part HCl) and 1 ml UpA HCl for another three days each, with at least 20 minutes time

in an ultrasonic bath in each acid solution. In between each digestion step the samples

were dried of the previous acid(s). Extensive care was taken to avoid contamination during

digestion. After the final HCl digestion stage the powders were dried and dissolved in 3

ml of UpA HNO3, which was then divided into two 1.5 ml aliquots, of which one was used

for ICP-MS. These 1.5 ml aliquots of whole-rock solutions digested in HNO3 were diluted

in 48.5 ml 18.2 mΩ deionised water to achieve a solution of 3 % HNO3.

Instrumentation and analyses were performed by Dr. Samantha Hammond using the

Agilent 8800 QQQ at the Open University. The ICP-MS was run in one of three collision

cell modes to remove interferences:

• No gas mode is used for measuring ions when no interferences resulting from the

constituents of the sample plasma gas were expected (e.g., 7Li, 45Sc, 47Ti).

• Collisional (He) mode is used for measuring ions when interferences were expected

that could be removed through kinetic energy discrimination (e.g., 52Cr, 55Mn, 59Co).
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Analyte cations and oxide or polyatomic interferences travel through the collision cell

where they collide with He atoms. In doing so, both analytes and interferences lose

some kinetic energy. Larger ions, such as the oxides and polyatomics, lose a lot more

kinetic energy as a result of a higher number of collisions owing to their greater cross-

sectional area. A voltage barrier at the cell exit then filters out the lower energy ions

and removes interferences at the expense of a lower analytical sensitivity, as some of

the higher energy targeted analyte will also be captured by the filter.

• Reactive (O2) mode is used for measuring ions when interferences result from over-

lapping of isotopes with the same charge/mass ratio, or if interferences cannot be

removed by kinetic energy discrimination, e.g., if the interference signal is large com-

pared to the signal of the target analyte, especially if analyte sensitivity is signifi-

cantly affected by kinetic energy discrimination (e.g., the rare-earth elements). The

introduction of O2 gas to the collision cell is used to remove known, reactive interfer-

ences from each analyte, and to also generate ionic oxides of each analyte such that

higher background interferences at lower charge/mass ratio can be avoided. Using

this mode, rare-earth elements were mass shifted and measured as their correspond-

ing oxides.

Samples were run with an internal standard bled in (Be, Rh, In, Tm, and Bi), which

was used to monitor and correct for plasma fractionation and instrument drift during the

course of the analyses. Reference material BHVO-2, sample A79 (triplicate sample 1) and

an in-house 2 % HNO3 solution were used as monitors to track and correct for further

instrument drift. Monitors were run every five unknowns. If further drift correction was

necessary, it was performed based on the behaviour of sample A79 (triplicate sample 1).

2.9.2 Data quality

Calibration standards were run at the start of the analytical period, followed by the

samples. Precision and accuracy were achieved through analysis of a triplicate sample

(A79) and the measurement of reference standards BHVO-2, JP-1, and WS-E. Corrections

to account for differences in the concentration of the sample dissolved in 3 % HNO3 were

calculated as the product of the proportional differences of dissolved sample mass from 50

mg and the mass of the dissolved solution from 50 g.

Detection limits were at most 0.012 µg/g. The precision recorded by the triplicate
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sample was typically <4 % for most elements, with only Ti (7 %), Ta (15 %), and Tl

(8 %) recording a greater spread in concentrations (Equation 2.1). Accuracy recorded by

the BHVO-2 standard was <5 % for most elements (see Table 2.7), and for the WSE

standard was <10 % (Equation 2.2). Accuracies are significantly more variable in the JP-1

standard owing to overall lower concentrations of trace elements in JP-1 relative to the other

reference materials. As there are multiple compositional values of JP-1 recorded in the

literature with no one preferred value, I use the mean of JP-1 trace element concentrations

listed on GeoREM as a reference value.

Two blank samples (solutions with no dissolved material) additionally underwent the

sample preparation process and subsequent analyses to evaluate possible contamination

related to sample processing. The majority of elements determined through ICP-MS return

concentrations of less than 0.20 µg/g, demonstrating that possible contamination in my

samples is minimal. Differences in TiO2, MnO and Cr2O3 concentrations, which are oxides

determined through both ICP-MS and XRF, can be attributed to the precision of the

respective instruments used to measure these oxides and the effect of performing LOI on

XRF-determined oxide concentrations.

2.10 Modelling of post-entrapment processes

Olivine-hosted melt inclusions are subject to compositional changes that occur after

they are entrapped. These processes must be accounted and corrected for if the original

composition of the melt inclusion is to be determined. One visible change that may occur is

the sequestering of volatiles into a shrinkage bubble during cooling (see Section 2.4). Less

visibly noticeable is a change in the major element composition of the melt inclusion as a

result of post-entrapment crystallisation of olivine on the walls of the inclusion, which is an

inevitable consequence of cooling the inclusion-host system (Kent, 2008). The composition

of this crystallising rim is governed by the distribution coefficient of Fe and Mg between

olivine and liquid, KD, where:

KD =
(XFe2+/XMg)

olivine

(XFe2+/XMg)liquid = 0.30± 0.03 (2.7)

and XMg refers to the molar fraction of Mg, and likewise XFe2+ for that of Fe2+. KD

is mostly independent of pressure, temperature, bulk composition, and oxygen fugacity,

and has a constant value of 0.30±0.03 which is robust over the conditions of crystallisation
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Table 2.7: Estimates of accuracy and precision of trace elements analysed by solution ICP-
MS in whole rock standard BHVO-2, based on five monitoring analyses. Precision and
accuracy are calculated according to Equations 2.1 and 2.2. Reference values for BHVO-2
are obtained from Eggins et al. (1997). RSD is the analytical relative standard deviation.

Isotope Reference (µg/g) Mean (µg/g) RSD (%) 1σ (µg/g) Precision (%) Accuracy (%)
7Li 4.90 5.18 1.16 0.09 1.71 5.65
45Sc 31.80 34.62 0.84 0.61 1.77 8.85
47Ti 16610.00 17597.05 0.94 198.76 1.13 5.94
51V 321.00 341.99 1.00 3.88 1.13 6.54
52Cr 289.00 304.13 1.10 7.46 2.45 5.23
55Mn 1290.00 1412.02 1.12 30.40 2.15 9.46
59Co 45.00 48.28 1.56 0.89 1.85 7.30
60Ni 120.00 126.37 0.92 2.65 2.10 5.31
63Cu 136.00 139.94 1.28 2.08 1.49 2.90
66Zn 105.00 105.85 1.26 1.89 1.78 0.81
71Ga 21.00 21.78 1.24 0.42 1.92 3.73
85Rb 9.50 10.12 1.58 0.08 0.77 6.49
88Sr 390.00 419.98 1.26 3.83 0.91 7.69
89Y 28.00 29.63 1.42 0.47 1.58 5.82
90Zr 180.00 189.52 0.88 1.30 0.69 5.29
93Nb 19.50 20.60 1.10 0.16 0.77 5.63
95Mo 4.07 3.90 0.92 0.02 0.53 4.24
118Sn 2.30 2.15 1.46 0.02 0.73 6.64
121Sb 0.10 0.10 3.74 0.00 2.84 0.97
133Cs 0.10 0.10 5.56 0.00 1.98 3.62
137Ba 133.00 130.78 1.12 1.40 1.07 1.67
139La 15.50 16.42 0.88 0.12 0.70 5.96
140Ce 38.00 39.57 0.84 0.28 0.71 4.13
141Pr 5.45 5.58 0.50 0.07 1.34 2.39
146Nd 24.70 26.46 0.84 0.28 1.08 7.11
147Sm 6.17 6.67 0.70 0.07 1.00 8.18
153Eu 2.06 2.10 1.28 0.02 0.97 2.15
157Gd 6.22 6.71 0.88 0.08 1.18 7.85
159Tb 0.95 1.03 0.84 0.01 1.45 8.13
163Dy 5.25 5.64 0.70 0.07 1.20 7.47
165Ho 1.00 1.06 0.86 0.01 0.64 6.06
166Er 2.56 2.72 0.78 0.03 1.16 6.29
172Yb 1.98 2.00 2.60 0.04 2.22 1.19
175Lu 0.28 0.29 1.24 0.00 1.17 4.32
178Hf 4.30 4.63 1.30 0.03 0.60 7.67
181Ta 1.20 1.32 1.70 0.02 1.14 9.73
205Tl 0.02 0.03 6.72 0.00 8.16 10.43
208Pb 1.65 1.62 1.52 0.01 0.40 2.24
232Th 1.22 1.15 1.10 0.03 2.82 5.65
238U 0.41 0.40 1.48 0.01 3.69 3.11
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expected for basaltic magmas (Roeder and Emslie, 1970; Putirka, 2005). Post-entrapment

crystallisation progressively decreases the proportion of Mg in the melt relative to Fe2+,

resulting in the incremental crystallisation of a lower Mg olivine zone around the inclusion.

The concentrations of all elements incompatible in olivine are also raised in the melt

inclusion itself as post-entrapment crystallisation progresses.

This process is further complicated by diffusive re-equilibration between the host crystal

and the inclusion, which is dependent on the different diffusivities of the elements present

in both olivine and melt. Diffusional processes will result in the loss or gain of elements in

the inclusion, and are expected to be more apparent in small, slowly cooled melt inclusions

owing to shorter lengthscales and longer timescales for equilibration. Rapid diffusion of H+

may occur through olivine, resulting in rapid re-equilibration of the melt inclusion with

the carrier liquid, either dehydrating or re-hydrating the inclusion (e.g., Hartley et al.,

2015). Another process that must be considered is Fe-Mg interdiffusion between olivine

and melt, which is rapid and may result in significant loss of Fe from the melt inclu-

sion. Re-equilibration of an Fe-rich (and Mg-poor) olivine rim with its more Mg-rich core

forms a concentration gradient, which forces Fe to diffuse from the melt inclusion to the

olivine rim to maintain the olivine-melt equilibrium established between rim and inclusion

(Danyushevsky et al., 2000). The Fe recorded within the inclusion therefore falls below the

liquid line of descent marked by carrier glasses and whole rocks. This process, commonly

termed ‘Fe-loss’, is the largest source of error in post-entrapment crystallisation correction

calculations and must be carefully considered in order to provide a strong estimate of the

initial composition of the melt inclusion.

Post-entrapment crystallisation corrections can be made through experimental reho-

mogenisation of the inclusion to the temperature at which the inclusion was trapped;

however this method is only applicable if there has been minimal diffusive re-equilibration

between the melt inclusion and its host, as Fe-loss and H2O is irreversible through exper-

imental methods (Danyushevsky et al., 2000; Gaetani and Watson, 2000). Most studies

therefore rely upon corrections made through by numerical calculations in which an olivine

composition in equilibrium with the trapped melt is iteratively added to the melt composi-

tion until the melt is in equilibrium with the composition of the host olivine in concordance

with Equation 2.7.

In this study, post-entrapment crystallisation and Fe-loss is corrected using Petrolog3

software (Danyushevsky and Plechov, 2011), which is one of the most commonly used

85



CHAPTER 2. ANALYTICAL METHODS

methods to restore initial compositions of melt inclusions (e.g., Rose-Koga et al., 2021).

The Petrolog3 algorithm for post-entrapment crystallisation correction simulates the re-

homogenisation of the inclusion through the incremental addition of equilibrium olivine

to the composition of the host inclusion at a given temperature, pressure, and oxygen

fugacity, which corresponds to the olivine saturation surface. Upon achieving equilibrium,

the software accounts for Fe-loss by simulating Fe-Mg exchange between olivine and melt,

which is dependent on the initial FeO of the melt, termed FeO* in Petrolog3. The FeO of

the equilibrium melt is compared to FeO*. If the simulated melt FeO is lower than that of

FeO*, the program increases the experimental temperature while maintaining equilibrium

between inclusion and host. This process is then reiterated until FeO matches the specified

FeO* of the inclusion. This post-entrapment crystallisation process was applied to all melt

inclusions considered in this study, and is detailed further in Chapter 5.
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Chapter 3

Exploring rift geodynamics in

Ethiopia I: olivine-spinel Al-exchange

thermometry of Ethiopian Rift

basalts

In this chapter and Chapter 4 I aim to develop a new independent estimate of Ethiopian

mantle potential temperature and composition. This is achieved through the use of exper-

imentally calibrated thermometry, in this case the olivine-spinel Al-exchange thermometer

of Coogan et al. (2014), to obtain the crystallisation temperature of olivine crystals in

mantle-derived melts. In the subsequent chapter, I use a Python melting library, which I

have co-developed, to invert these crystallisation temperatures alongside other petrological

and geophysical constraints to obtain mantle temperature and composition.

This chapter establishes the context behind this study, and the geochemical data used

to obtain temperatures of crystallising olivines. The position of these olivine crystals on

the liquid line of descent from a primary melt are established, allowing for the estimation

of the crystallisation temperatures of the first olivines to form from a mantle-derived melt,

i.e., the basalt liquidus.
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3.1 Introduction

The influence of mantle dynamics on late-stage continental rifting and the formation

of ocean basins is a subject of ongoing research and debate (see Section 1.2.3). The

presence of upwelling thermo-chemical plumes beneath magmatically active rifts influences

the temperature, composition, and lithology of the sub-rift mantle, governing the conditions

of magma generation. As late-stage extension in volcanic rifts is believed to be strongly

affected by repeated intrusions of magma that both accommodate extension and alter the

thermo-mechanical structure of the crust (e.g., White et al., 2008; Bastow and Keir, 2011),

unravelling the role that mantle conditions play in continental rift magmatism is key to

understanding the geodynamic context of mature rifts.

Ongoing rift-related volcanism in Ethiopia provides an opportunity to study the in-

tertwining of continental rift processes with mantle plume behaviour. Flood basalts in

northern Ethiopia are correlated with the impingement of a mantle plume head at the

base of the Ethiopian lithosphere at ∼30 Ma (e.g., Hofmann et al., 1997) and a persistent

plume influence to the present day is inferred from both magma chemistry (e.g., Rooney

et al., 2012a; Ferguson et al., 2013b) and geophysical observations (e.g., Bastow et al.,

2008; French and Romanowicz, 2015). These studies highlight a significant thermal and

geochemical deviation of the present-day Ethiopian mantle from the ambient mid-ocean

ridge basalt (MORB) mantle source. Thermo-chemical anomalies will affect mantle melt-

ing behaviour, enhancing melt production due to elevated mantle temperatures and the

presence of more ‘fusible’ lithologies, i.e., lithologies that will generate more melt per unit

of heat expended in the melting process.

One regularly explored avenue of resolving sub-rift mantle characteristics has been to

determine mantle potential temperatures (Tp). Thermo-chemical mantle plumes will have

elevated Tp relative to ‘ambient’ MORB-source mantle. Petrological methods estimating

Ethiopian mantle temperature strongly suggest an excess Tp of >100 ◦C above the ambient

MORB mantle value of ∼1350 ◦C (e.g., Rooney et al., 2012c). Basalt major element

thermometry returns Tp values of 1400–1490 ◦C for the Main Ethiopian Rift (MER) and

Afar (Rooney et al., 2012c), in close concordance with trace element models for Afar basalts

which suggest melting at a similar Tp beneath a relatively thick lithosphere (Ferguson et

al., 2013b; Armitage et al., 2015). However, a caveat of using methods based solely on

basalt geochemistry is that assumptions must be made about mantle source composition,
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which will affect the thermodynamic properties of the mantle and hence the composition

of generated melts (see appendix of Matthews et al., 2021). Furthermore, geochemical

equilibrium between the mantle and observed melts must be established or assumed.

Geophysical approaches have also been used to infer the melting behaviour of the

Ethiopian mantle, but cannot straightforwardly resolve the thickness of the lithosphere.

For example, S-to-P receiver functions highlight the absence of a seismically distinct

lithosphere-asthenosphere boundary (LAB) beneath the MER and Afar rift axes (Rychert

et al., 2012; Lavayssière et al., 2018) demonstrating that melt within the lithosphere may

obscure a prominent LAB from seismic imaging (Lavayssière et al., 2018). Numerical mod-

els that reconcile both magma chemistry and receiver function observations argue for an

elevated Tp of 1450 ◦C beneath a significantly thinned, yet still present (∼50 km thick)

lithosphere comprising crust and lithospheric mantle (Armitage et al., 2015). Similar ob-

servations from Rayleigh wave tomography agree that sub-rift mantle melting is likely to

be relatively deep, and driven by active melt-retention buoyancy (Gallacher et al., 2016).

In addition to raising mantle temperatures, plumes can also affect sub-rift melting pro-

cesses by altering the lithological composition of the mantle. The extension of sub-rift

seismic anomalies to the lower mantle beneath Ethiopia (e.g., Bastow et al., 2008) and

highly radiogenic isotopes from MER and Afar basalts (e.g., Rooney et al., 2012a) suggest

that the plume is compositionally distinct from ambient mantle. An important feature in

this regard is the possible presence of more fusible pyroxenitic domains derived from the

recycling of oceanic crust (e.g., Herzberg, 2011; Shorttle et al., 2014) or through the drip-

ping of pyroxenitic material from thermally and gravitationally unstable metasomatised

lithosphere (Furman et al., 2016). Indeed the presence of asthenospheric mantle pyroxen-

ites have previously been posited as a possible driver for deep melting beneath Ethiopia in

the absence of significantly elevated Tp (Rooney et al., 2012c). Additionally, it is probable

that the Ethiopian mantle, like many other plume-affected localities, is partially composed

of refractory harzburgitic material, the depleted residue from previous melting (Stracke et

al., 2019). The presence of multiple melting and non-melting lithologies in the Ethiopian

mantle will dictate the thermal pathway taken during decompression melting, which will

likely deviate from that inferred via single-lithology (peridotite) melting models (Phipps

Morgan, 2001; Matthews et al., 2021). Furthermore, melting a mixed lithology mantle

will produce magmas that differ in major element, trace element, and radiogenic isotopic

compositions compared to those derived from a purely peridotite source (Herzberg, 2011;
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Shorttle et al., 2014). The recent study of Ethiopian mantle xenoliths has additionally

highlighted the presence of highly fusible metasomatic domains in the Ethiopian litho-

spheric mantle which may also contribute to the chemistry of erupted rift basalts (e.g.,

Casagli et al., 2017; Rooney et al., 2017). Petrological models linking the observed com-

position of rift basalts to the composition and thermal state of a multi-lithology mantle

source are therefore necessary to explore how multiple melting lithologies in the sub-rift

mantle may contribute towards magmatism and rifting in Ethiopia.

In this study, divided between this chapter and the following chapter, I investigate

melt generation beneath the MER and Afar via a mantle melting model constrained by

olivine crystallisation temperatures and REE concentrations observed in rift zone magmas.

My multi-lithology melting approach is based on that of Matthews et al. (2021) who

demonstrated that variations in olivine crystallisation temperatures can be related to the

temperature and lithological composition of the melting mantle and can therefore be used to

estimate mantle Tp independent of magma chemistry. This method provides an alternative

and complementary approach to previous studies that investigated mantle temperatures in

Ethiopia using peridotite-only melting models (e.g., Rooney et al., 2012c; Ferguson et al.,

2013b; Armitage et al., 2015).

This chapter investigates how the temperature of olivine crystallisation can be deter-

mined using petrological methods, and how these crystallisation temperatures can then be

used to assess the liquidus temperature of mantle-derived basalts. The subsequent chap-

ter describes the mantle melting methodology and inversion techniques employed in this

study, and the use of these primary liquidus temperatures as a constraint on determining

the temperature and composition of the melting Ethiopian mantle.

3.2 Samples and methods

The MER samples used in this study are basaltic scoriae collected from two monogenetic

fields in the rift centre: the East Ziway Lake cone field (Section 2.1.2) and the Boku Volcanic

Complex (Section 2.1.3) Phyric olivine crystals were visibly present in one scoria cone

locality in East Ziway (Z58a, locality reference KW-MER19-58a), whereas Boku had more

extant olivine among its cones. The olivine crystals analysed in this study were separated

from olivine-phyric basaltic scoria collected from monogenetic cones in the MER and Afar

related to late-stage magmatic-tectonic rift zones (e.g., Rooney et al., 2011). Samples from
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Figure 3.1: Map of the northernmost East African Rift showing the sampled locations in
this study, with Main Ethiopian Rift (MER) and Afar Rift magmatic segments highlighted
in red (after Hayward and Ebinger, 1996).
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the MER were collected from cones Z58a and A81 (locatity reference KW-MER19-81-0m)

within the Boku Volcanic Complex (see Figure 1.1). Fresh olivine crystals from scoria

cones within these monogenetic fields were picked by hand from disaggregated scoriae,

mounted in epoxy resin and polished using silicon carbide papers and diamond suspensions

(as described in Section 2.2). The main phenocryst phase within these scoriae is olivine

with plagioclase feldspar also present as a smaller fraction (<15 %) phenocryst phase at

Boku and a roughly equivalent fraction (∼50 %) at East Ziway. Samples from Afar were

collected at the recently active Dabbahu Rift Zone and are predominantly olivine-phyric

(e.g., Ferguson et al., 2010, see Figure 1.1). Picked olivines were mounted in epoxy resin

and polished for electron probe microanalysis (EPMA).In addition to these samples olivine

crystals from the Dabbahu rift system of the Afar sector of the Red Sea Rift were analysed

(sampled by Ferguson, 2011). Only crystals hosting fully enclosed spinel inclusions were

chosen to avoid selecting spinels that had re-equilibrated with their carrier magma after

then were entrapped.

Extension within the MER at Ziway and at Boku is primarily accommodated by a

segmented network of dyke-induced faults in the rift centre (e.g., Mazzarini et al., 2013a),

along which scoria cones are found (e.g., Rooney et al., 2011). Seismic evidence suggests

that the lower crust in this section of the MER has been modified by repeated dyke

intrusions (e.g., Maguire et al., 2006; Hammond et al., 2011). At Ziway, scoria cone-

forming basalts are dated to 800–300 ka (WoldeGabriel et al., 1990; Trua et al., 1999); at

Boku, cones are associated with post-caldera basaltic activity dating to ∼200 ka (Tadesse et

al., 2019). In Afar, the tectonic-magmatic segmentation of the rift system is more distinct,

and faulting and volcanism are strongly focussed along magmatic rift zones (Hayward

and Ebinger, 1996). The crust here is thinner compared to the MER and predominantly

igneous in nature (Hammond et al., 2011). At the Dabbahu rift segment, which has been

the locus of magmatically driven extension in this section of the rift system since at least

∼200 ka (Ferguson et al., 2013a), the most recent volcanic activity occurred in 2005–2010

and involved a series of intrusive and eruptive events (e.g., Ferguson et al., 2010).

3.2.1 Olivine-spinel Al exchange thermometry

Olivine and spinel are among the first phases to crystallise from mantle-derived melts,

and for co-crystallisation to occur they must develop in equilibrium with each other. Equi-

librium is suggested by the common occurrence of spinel inclusions within olivine crystals;

92



CHAPTER 3. RIFT GEODYNAMICS IN ETHIOPIA I

these two mineral assemblages therefore record the initial chemical conditions under which

mantle-derived magmas begin co-crystallising olivine and spinel. The concentration of Al

in olivine is a strong function of temperature, becoming more compatible in olivine with

increasing temperature (De Hoog et al., 2010). However unlike the Fe-Mg system used in

olivine-liquid thermometers, Al is a slow-diffusing species in olivine, mostly occupying the

tetrahedral sites, and is therefore less susceptible to being reset after crystallisation (Span-

dler and O’Neill, 2010; Zhukova et al., 2017). The olivine-spinel Al-exchange thermometer

can hence provide a means of estimating olivine crystallisation temperatures (Tcrys) for

magmas without requiring knowledge of the initial melt composition (Coogan et al., 2014).

An initial study of Al partitioning between olivine and spinel as a function of tem-

perature by Wan et al. (2008) calibrated an experimental thermometer between 1250 and

1450 ◦C at 100 kPa, which was established to be pressure-independent or near-independent

at crustal pressures (Wan et al., 2008). Further experiments performed by Coogan et al.

(2014) resulted in an updated parameterisation (Equation 3.1).

T (◦C) =
10, 000

0.575 + 0.884 + Cr#− 0.897ln(kd)
− 273.15 (3.1)

where the distribution coefficient of Al, kd, is defined as:

kd =
Al2O3

olivine

Al2O3
spinel (3.2)

and the chromium number Cr# is defined as:

Cr# =

(
Cr

Cr + Al

)spinel

(3.3)

Al2O3 in Equation 3.2 is given as wt% and Al and Cr in Equation 3.3 are given as

molar fractions. In these new experiments Coogan et al. confirm that the effects of silica

activity (aSiO2) and oxygen fugacity (fO2) are minor and within thermometer uncertainty

(<20 ◦C), and note a moderate correlation between uptake of P and Al in olivine arising

as a result of their coupled substitution. The primary control of Al partitioning between

olivine and spinel at crustal conditions is therefore temperature, with near-independence

from pressure, aSiO2 , and fO2. The partitioning of P into olivine and Ti into spinel should,

however, be taken into consideration, as both processes may influence the partitioning of

Al into olivine and spinel respectively, and hence affect the calculated temperature (as

noted by Jennings et al., 2019).
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These recent developments in constraining the behaviour of Al in olivine has led to the

application of the olivine-spinel Al-exchange thermometer to a host of magmatic settings

including mid-ocean ridges (Coogan et al., 2014; Matthews et al., 2021), large igneous

provinces (LIPs; e.g. Coogan et al., 2014; Heinonen et al., 2015; Xu and Liu, 2016; Jennings

et al., 2019), Iceland (Spice et al., 2016; Matthews et al., 2016), and Hawaii (Matthews

et al., 2021) but not to continental rift magmas. Primary Tcrys, liquidus temperatures

of the most primitive mantle-derived melts, obtained for non-rift tectonic settings, either

directly or through secondary correction of Al-exchange Tcrys values, show substantial

variations between MORB and plume-derived basalts, consistent with elevated mantle Tp

at plume settings. However, without further constraints on melting geometry and mantle

source composition, differences in Tp cannot be resolved from differences in Tcrys alone

(Matthews et al., 2021). In this study I therefore integrate results from olivine-spinel Al-

exchange thermometry with other constraints on magmatic processes in the MER and Afar

to constrain likely values for mantle Tp.

3.2.2 Analytical methods

Geochemical data on olivine and spinel were collected by EPMA over three analyti-

cal sessions using the JEOL JXA8230 microprobe at the University of Leeds, U.K. Only

olivines completely enclosing spinel inclusions were selected.

During the first session, qualitative maps were recorded for the areas surrounding and

including the spinel inclusion to assess the presence of zoning in Al, P, Ni, Ca and Mg

within both the host olivine and spinel inclusion, following the method and analytical

conditions of Matthews et al. (2021) (see Section 2.6.1). These maps illustrate that the

majority of crystals do not show any significant variability in Al and P count rates on the

scale of the map (∼100 µm; e.g., Figures 3.2 and 3.3), suggesting that Al uptake in olivine

resulting from increased P concentrations is minimal (Coogan et al., 2014) and equilibrium

Al was not changing during crystallisation. Zoning in Mg, Ni, and Ca is observed and these

zones were avoided if possible during subsequent point analyses.

In the following two sessions, quantitative analyses within both phases were performed

for Fe, Mg, Si, Mn, Al, Ca, Cr, Ni, Ti, and P using the qualitative maps as guidance;

analytical conditions are presented in Tables 2.5 and 2.3 for olivine and spinel respectively.

Longer count times were taken for Al in olivine, as it is present in low concentrations

(<700 ppm, De Hoog et al., 2010; Coogan et al., 2014). Points within olivine were selected
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Figure 3.2: X-ray map of olivine-spinel pair AO3_A0 for the following elements: A. Mg,
B. Ni, C. Ca, D. Al, E. P. The spinel inclusion is dark in the Mg map and bright in the
Al map (subfigures A and D). Colorbar limits are selected to best display variability in
elemental concentration, and are not absolute. Note the zoning in Mg and Ni evident in
subfigures A and B, which is not accompanied by corresponding changes in Ca, Al, or P
(subfigures C-E).
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Figure 3.3: X-ray map of olivine-spinel pair DO0_A4a for the following elements: A. Mg,
B. Ni, C. Ca, D. Al, E. P. The spinel inclusion is the elliptical inclusion on the right,
which is dark in the Mg map and bright in the Al map (subfigures A and D). The feature
on the left is a melt inclusion hosting a possible nickel sulphide, which is dark in the Ca
map (subfigure C). Colorbar limits are selected to best display variability in elemental
concentration, and are not absolute. Note the zoning in P and evident in subfigure E,
which is not correlated to Al (subfigure D).
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at least 10 µm away from the olivine-spinel boundary to avoid secondary fluorescence of

X-rays from spinel into olivine which increases the measured Al2O3 in olivine (Jennings

et al., 2019). Any points sampling more than one crystal had consistent variations across

all major elements and were removed from the dataset. Care was also taken to avoid

selecting points across zones of Fe-Mg evident from qualitative maps. Analytical conditions

for quantitative point analyses in olivine and spinel are provided in Tables 2.2 and 2.3

respectively. Secondary standard analyses are included in Appendix A.2.

Uncertainties in olivine crystallisation temperature are determined through Monte

Carlo propagation (n=10000), which allows the uncertainty of chemical analyses to be

propagated assuming Gaussian error distributions with means and standard deviations

comprising the values and their respective uncertainties. An inherent experimental un-

certainty with a standard deviation of 14 ◦C is included to account for the combined

uncertainty of the thermometer calibration (Matthews et al., 2016).

3.3 Analytical results

3.3.1 Olivine and spinel geochemistry

Mean olivine and spinel compositions determined by repeat analyses are shown in

Figure 3.4. The complete dataset is presented within Appendix A.2. The Fe-Mg ratio of

olivine crystals is described using forsterite (Fo, in mol%), given by the following expression:

Fo = 100 · Mg
Mg + Fe

(3.4)

where Mg and Fe are given as molar fractions.

Ziway Lake olivines exhibit lower Fo than both Boku and Dabbahu (Fo66−75); Boku and

Dabbahu Rift olivines hosting spinel inclusions are Fo76−86. In particular, the Fo range

of Dabbahu Rift olivine (Fo76−86) overlaps considerably with the previous observations

of Fo76−83 from Dabbahu volcano basalts (Field et al., 2013). There is poor correlation

between olivine Fo and Al2O3 (r2=0.27), especially for the Dabbahu dataset (r2=0.12;

Figure 3.4A). High olivine Al2O3 concentrations are linked to higher Tcrys and crystallisa-

tion from more primitive melts, therefore in the absence of Fe-Mg re-equilibration higher

Fo is expected. The implications of possible Fo-Al2O3 decoupling in Section 3.4. Olivine

Al2O3 does not correlate with P2O5 or TiO2, suggesting that Al2O3 uptake is not affected

by P-Al or Ti-Al substitution (Coogan et al., 2014; Jennings et al., 2019).
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Figure 3.4: Geochemistry of olivine-spinel pairs used for olivine-spinel Al-exchange ther-
mometry. A. Al2O3 concentration in olivine as a function of their Fo content for all
Ethiopian Rift and Afar samples. Uncertainties of Al2O3 are presented as 2σ error bars;
uncertainties in Fo are smaller than the marker size. B. Cr2O3 concentration in spinel
as a function of estimated Fe2O3/FeOt content for all Ethiopian Rift and Afar samples.
Fe2O3/FeOt is estimated using the stoichiometric method of Droop (1987). The shaded
area shows the calibrated range of the olivine-spinel Al exchange thermometer. C. Olivine
crystallisation temperature as a function of Ti (per formula unit in spinel). Temperature
uncertainties are presented as 2σ as determined from Monte Carlo error propagation. The
shaded area shows the Ti calibration range of the thermometer (Wan et al., 2008; Coogan
et al., 2014).
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The compositions of inclusions of spinel are shown in Figures 3.4B and C. Fe2O3 is

estimated from total spinel FeO on a basis of four oxygens and should be considered as

approximate (Droop, 1987). All spinel inclusions from Boku and Dabbahu fall within the

calibrated Cr# and Fe2O3/FeOt range of the thermometer (Cr# <0.69 and Fe2O3/FeOt

<0.4 respectively; Figure 3.4B), however several East Ziway spinels exceed calibrated

Fe2O3/FeOt. The spinels in this study are relatively high in Ti and most samples ex-

ceed the thermometer calibration range of Ti per formula unit (p.f.u.) (<0.025; Figure

3.4C). While uptake of Ti can affect the activity coefficients of Al and Cr in spinel, bias-

ing temperatures from high Ti spinels (e.g., Jennings et al., 2019), previous Al-exchange

studies note that Ti contents <0.32 Ti p.f.u. do not produce anomalous results (Coogan

et al., 2014; Heinonen et al., 2015; Jennings et al., 2019). To err on the side of caution,

all of the olivine-spinel pairs I consider in this chapter to calculate Tcrys values have spinel

Ti p.f.u. ≤0.1 (Figure 3.4C). This mandated filtering removes all East Ziway analyses and

one Dabbahu analysis from the remainder of this work.

3.3.2 Olivine crystallisation temperatures

My Tcrys results are plotted in Figure 3.5. Boku Tcrys range from 1152±40 ◦C to

1212±40 ◦C with the highest Tcrys recorded by the most forsteritic olivine (Fo86). Boku

Tcrys and Fo are well-constrained, with most Tcrys values within mutual uncertainty and the

majority of olivine-spinel pairs clustering between Fo82−85 and tightly between Fo83.5−84.5.

Dabbahu Rift olivine-spinel pairs record temperatures from 1166±34 ◦C to 1344±48◦C,

however, there is no clear trend between Fo and Tcrys (Figure 3.5), suggesting that Fo may

have become decoupled from Al by diffusive exchange of Mg and Fe with the surrounding

magma between crystallisation and eruption.

The mean Tcrys of Boku olivines (1177±16 ◦C) is lower than that of Dabbahu (1267±43
◦C). This temperature difference could imply that primary magmas at Dabbahu are hotter

than Boku, assuming that the olivine captured in my sample sets are the first to crystallise.

If Boku and Dabbahu magmas do crystallise at similar temperatures, it is plausible that

this difference in mean Tcrys arises from the under-sampling of crystals that fractionated

earlier at Boku compared with Dabbahu.

Figure 3.5 shows the Tcrys distributions of my Ethiopian samples in comparison with

those of MORB, Iceland, Hawaii, and LIPs. Boku Tcrys are lower than the highest recorded

MORB Tcrys (1289±34 ◦C; Matthews et al., 2021) and record a lower median Tcrys than
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Figure 3.5: Olivine crystallisation temperatures for the Main Ethiopian Rift and Afar
presented alongside a global compilation of olivine-spinel Al exchange crystallisation tem-
peratures. The subfigure on the left shows crystallisation temperatures plotted against
olivine Fo, and the subfigure on the right shows violin plots of crystallisation temperature.
The global compilation data is sourced as follows; MORB (Coogan et al., 2014; Matthews
et al., 2021); Iceland (Spice et al., 2016; Matthews et al., 2016); Hawaii (Matthews et al.,
2021); LIP (Coogan et al., 2014; Heinonen et al., 2015; Xu and Liu, 2016; Spice et al.,
2016; Liu et al., 2017; Trela et al., 2017; Matthews et al., 2016; Jennings et al., 2019).

that of MORB. However, Boku olivines are mostly lower Fo than the MORB olivines for

which Al-exchange temperatures have been obtained. The higher temperature Dabbahu

distribution overlaps with the MORB distribution as well as the plume-influenced settings

of Iceland and Hawaii. Only the highest temperature Dabbahu olivines exceed the highest

MORB Tcrys, and are comparable with the highest Tcrys recorded from Iceland and Hawaii.

These Tcrys are the hottest recorded for olivine in continental rift zones. Models for

Boku melts using Rhyolite-MELTS (Gualda et al., 2012) suggest that olivine is the first

phase to crystallise parental melts at 1141±30 ◦C, followed by spinel at 1091±40 ◦C

(Tadesse et al., 2019); however the parental melt in this study has likely already sub-

stantially cooled and fractionated. Olivine-liquid equilibria of Dabbahu volcano olivine

crystals (Roeder, 1974) provides estimates of 1113±53 ◦C and 1117±53 ◦C (Field et al.,

2013). These Tcrys are within uncertainty of the lowest Tcrys recorded for the Dabbahu
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Rift by olivine-spinel Al exchange thermometry, however the Dabbahu volcano olivines

used are significantly lower forsterite (Fo<65) than those of this study and are likely to

have crystallised from a more-evolved and cooler melt.

3.4 Estimating primary olivine crystallisation temperature

The olivines used in this study are relatively evolved (lower Fo) compared to most of

those which the Al-exchange thermometer has been applied previously (Figure 3.5). They

are therefore unlikely to be representative of the first crystals to form from high MgO

mantle-derived primary melts, which are typically Fo∼91 (e.g., Rooney et al., 2005) owing

to the equilibrium partitioning of Fe-Mg between melt and olivine (Roeder and Emslie,

1970). Olivine Fo subsequently decreases with progressive crystallisation and cooling as

MgO in the magma is expended. Crystallisation temperatures recorded by the highest Fo

olivines are therefore expected to be closest to the liquidus temperature of the primary

magma. As the melting model predicts olivine Tcrys at the basalt liquidus, it is neces-

sary to estimate the Tcrys of the first olivine to crystallise from the primary mantle melt

(T primary
crys ). To do so, the Fo-Tcrys distributions observed in Figure 3.5 must be studied to

limit uncertainty in estimating T primary
crys from Tcrys. In other words, are my Tcrys indica-

tive of initial crystallisation from a primary mantle-derived melt and subsequently subject

to subsequent decoupling of Fe-Mg in olivine, or do they record crystallisation after the

cooling and fractionation of the initial melt after crustal emplacement?

Olivines of Fo91 thought to be in equilibrium with primary mantle-derived melts have

not been observed within erupted rift lavas. MER olivines up to Fo90 have been recorded

(e.g. Peccerillo et al., 2003; Rooney et al., 2005), and the highest Fo Dabbahu Rift olivines

of Fo86 are recorded within my dataset. Fo≥91 olivine could crystallise and stall in the

sub-rift crust; melt is known to be present in the deepest parts of the MER and Afar crust

before transport to shallow reservoirs (Rooney et al., 2007; Ebinger et al., 2008; Rooney,

2010; Field et al., 2012, 2013; Desissa et al., 2013), and it is feasible that extensive olivine

fractionation could occur at depth in the crust or lithospheric mantle. If Fo≥91 olivines are

produced but not erupted, then extrapolation to high Fo and correspondingly high Tcrys will

be necessary to determine primary crystallisation. Alternatively, the highest Tcrys recorded

may be similar to the initial Tcrys if intially high Fo olivines have reequilibrated to lower

Fo via Fe-Mg diffusion. Since Al2O3 diffuses slower than Fe-Mg in olivine (Spandler and
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O’Neill, 2010) this will decouple the Al-in-olivine Tcrys from Fo (see Hawaii distribution of

Matthews et al., 2021).

Low Fo olivines can develop during fractional crystallisation or via diffusive re-equilibration

with more evolved melts, for example within an interdiffusing mush pile (Thomson and

Maclennan, 2013). Furthermore, pyroxenite-derived melts will crystallise lower Fo olivine

than lherzolite-derived melts at the same temperatures, and progressive mixing of pyroxenite-

derived melts into lherzolite-derived melts will cause the Fo content of crystallising olivine

to decrease faster than in a pure lherzolite melt (Matthews et al., 2021). To estimate

T primary
crys of the first olivine crystallising from a mantle-derived melt these mechanisms

must be considered, and, if necessary, Tcrys projected back to higher Fo and T primary
crys .

3.4.1 Petrolog fractionation models

Figure 3.6: Olivine-spinel Al-exchange crystallisation temperatures plotted as a func-
tion of olivine Fo, alongside Petrolog3 model fractionation trends for olivine in olivine-
fractionation-corrected primitive rift magmas from the Boku Volcanic Complex, Main
Ethiopian Rift, and Dabbahu, Afar (see text for details). The first olivine to crystallise
from each basalt without correction is shown as a large bold symbol. Markers are at F=0.01
intervals. Uncertainties in Tcrys are given as 2σ.

I compare the olivine crystallisation trends to model trends calculated using Petrolog3
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Table 3.1: Initial compositions of primitive melts used in Petrolog modelling. Oxide com-
positions are presented as wt%. SA-02 starting melt includes 0.08 wt% Cr2O3 (Ferguson,
2011).

Sample NB-01 (Boku) SA-02 (Dabbahu)
SiO2 45.43 47.24
TiO2 2.19 2.2
Al2O3 16.81 14.75
FeOt 11.46 12.38
MnO 0.19 0.21
MgO 8.81 9.42
CaO 10.52 10.09
Na2O 2.52 2.41
K2O 0.46 0.33
P2O5 0.33 0.30
Cr2O3 0.11 0.08
H2O 1.00 1.00
Total 99.83 100.33
Reference Tadesse et al., 2019 Ferguson et al., 2013b

(Danyushevsky and Plechov, 2011). Starting whole-rock compositions are the high MgO

basalts NB-01 from Boku (Tadesse et al., 2019) and SA-02 from the Dabbahu Rift (Fer-

guson et al., 2013b), assuming an initial water content of 1 wt% for both localities typical

of rift basalts (Field et al., 2013; Iddon and Edmonds, 2020, see also Chapter 5). Crys-

tallisation occurs at the FMQ oxygen buffer consistent with oxygen fugacity observations

at the MER and Afar (e.g. Field et al., 2013; Gleeson et al., 2017; Tadesse et al., 2019).

Olivine fractionation is corrected back to Fo91 at 8 kbar following the model of Danyu-

shevsky (2001), with both compositions requiring addition of ∼25 % olivine. Subsequent

fractional crystallisation of olivine, plagioclase feldspar and clinopyroxene is then modelled

at 3 kbar using the mineral fractionation models of Danyushevsky (2001) at the FMQ

oxygen buffer; 3 kbar pressure is chosen as representative of mid-crustal fractionation (see

Chapter 5). These fractionation trends are plotted alongside the olivine-spinel Al-exchange

Tcrys in Figure 3.6, in addition to the first olivine crystallising from the two whole-rock

compositions before correction.

Petrolog3 model olivine temperatures encompass the observed range of Tcrys for Boku

and Dabbahu Rift (Figure 3.6). The predicted crystallisation trend for Boku olivine passes

through the uncertainty envelope of most Al-exchange Tcrys. The predicted Dabbahu

Rift trend however does not show a similar correlation and the fractionation trend passes

through only the lower Tcrys range of the Fo-clustered olivine distributions. A significant

number of olivine-spinel pairs record higher Tcrys than should be expected for their Fo

values. While it is possible to achieve the highest Tcrys at the Dabbahu Rift with deeper
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fractionation pressures, Petrolog3 models suggest that these pressures would be signifi-

cantly in excess of the base of the crust. This is unlikely when considering the distribution

of melt under Dabbahu (<35 km depth; Desissa et al., 2013). The fractionation trend

does, however, fall close to the most forsteritic (and lower Tcrys) olivines.

One further consideration must also be the impact of crystallising other minerals along

the liquid line of descent, which must be taken into account as phyric plagioclase is present

in my samples. The crystallisation of plagioclase and clinopyroxene will level out the liq-

uid line of descent and therefore reduce extrapolated T primary
crys by a considerable amount.

Parental compositions from the MER and Afar are not known, so it is impossible to de-

termine the degree of fractional crystallisation that has occurred. According to Petrolog

models run directly from the two original whole-rock compositions, only olivine crystallises

initially; plagioclase enters the liquid line of descent after a further 2–5% olivine crystalli-

sation (Figure 3.6). It is therefore possible, based on these starting compositions and con-

siderations, that all olivines crystallised from predicted precursor melts when only olivine

is on the liquidus. However, based on the Fo-Tcrys distributions, there is a chance that

these olivines are not the first to crystallise from a primary mantle melt.

3.4.2 Iterative olivine addition

For sample suites that have no Fo≥91 olivine Matthews et al. (2021) use an iterative

olivine-addition to obtain likely primary Tcrys values (T primary
crys ). This is achieved by cal-

culating the Fe2+ and Mg of the melt in equilibrium with the crystallised olivine using

known olivine-melt partitioning behaviour (Roeder and Emslie, 1970; Putirka, 2008b) and

assuming that olivine is one fo the earliest phases to crystallise, and that the proportion

of spinel crystallising has negligible effect on melt composition. A small amount of the

equilibrium olivine is then returned to the melt, and a new, higher temperature olivine

composition is found in equilibrium with the new melt. This iterative process continues

until a suitably high Fo and corresponding Tcrys is recorded. By doing so a liquid line of

descent is determined along which observed olivines crystallise. This liquid line of descent

can then be used to extrapolate Tcrys of observed olivines at low Fo back to T primary
crys at

high Fo that are in equilibrium with mantle-derived melts.

The partition coefficient of a cation i between olivine and melt, D
ol/liq
i , is given by

the ratio of the concentration of the element between olivine and melt, Xol
i and X liq

i

respectively:
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D
ol/liq
i =

Xol
i

X liq
i

(3.5)

where D
ol/liq
i is a function of pressure, temperature, and melt composition. Using data

from melting experiments, Putirka et al. (2007) calibrated D
ol/liq
Mg and D

ol/liq
Fe to derive the

following equations:

ln(Dol/liq
Mg ) = − 2.158 + 55.09

P

T
− 6.213× 10−2[H2O]

+
4430

T
+ 5.115× 10−2[Na2O + K2O]

(3.6)

ln(Dol/liq
Fe ) = − 3.300 + 47.57

P

T
− 5.192× 10−2[H2O]

+
3344

T
+ 5.595× 10−2[Na2O + K2O] + 1.633× 10−2[SiO2]

(3.7)

where P is pressure in GPa, T is temperature in ◦C, and oxides in square brackets are

given as wt%. Using these equations, the partition coefficients of Fe and Mg between melt

and olivine can be calculated for any chosen crystallisation temperature. In the iterations

performed in this study, P is assumed to be the pressure at the base of the crust, assuming

crustal thicknesses of 28 km and 23 km for the MER and Afar respectively, and a crustal

density of 2.8 g cm−3. The value of [Na2O+K2O] is assumed to be constant at 5 wt%, and

[SiO2] to be constant at 48 wt%, which are typical for MER basalts. Although those from

the MER and Afar will differ from these values, any propagated uncertainty is negligible

compared to the uncertainty on the olivine-spinel Al-exchange thermometer.

The cation fractions of Fe and Mg in the parental melt can be calculated using the

partition coefficient as described in Equation 3.5. To estimate the olivine composition

in equilibrium with a melt composition, the fixed Fe-Mg exchange coefficient (KD) of

Roeder and Emslie (1970) can be utilised (Equation 2.7), which can be rearranged to

return X liq
Mg/X

liq
Fe as a function of olivine Fo (Equation 3.4):

X liq
Mg

X liq
Fe

=
KD · Fo
100− Fo

(3.8)

The rearranged expression for KD can subsequently be combined with an expression

of olivine stoichiometry (Roeder and Emslie, 1970) to estimate the Fe and Mg of a melt in

equilibrium with an olivine of known Fo:
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X liq
MgD

ol/liq
Mg +X liq

Fe D
ol/liq
Fe = 0.667 (3.9)

By combining these equations the composition of a new melt formed upon addition of

a small amount of equilibrium olivine back to the melt can be found:

X liq−new
i =

Xol
i · f +X liq

i

1 + f
(3.10)

where i is the partitioning cation between olivine and melt and f is the increment of

olivine returned to the melt. By simultaneously solving for these equations I can estimate

the temperature at which the new melt composition will saturate in olivine, in other words

the Tcrys of the new olivine. Iteration of this process to Fo91, selected for continuity with

Matthews et al. (2021), will allow for estimation of T primary
crys . Selected observed Tcrys values

and their extrapolated T primary
crys values are provided in Table 3.2.

In all cases the uncertainty on mean Tcrys prior to extrapolation is the larger of the

standard deviation of Tcrys values contributing to the mean, or an uncertainty characteristic

of the standard deviation of each individual value. Uncertainty in T primary
crys is determined

by extrapolation of uncertainty of Tcrys at lower Fo, and uncertainty in estimating T primary
crys

is propagated by performing separate inversions for each T primary
crys .

3.4.2.1 Boku

The fractional crystallisation models discussed in the previous section suggest that

Boku olivines plausibly lie on liquid line of descent from a primary basalt crystallising only

olivine (Figure 3.6). Extrapolation of Tcrys at low Fo to T primary
crys at high Fo is necessary to

obtain an estimate for the liquidus temperature of the basalt. To achieve this I use the mean

Tcrys of the Fo83.5−84.5 cluster (1175±22 ◦C) as the starting value and the iterative olivine

addition projection of Matthews et al. (2021) described above to extrapolate to T primary
crys

at Fo91 (Figure 3.7A). This yields an estimated T primary
crys value for Boku of 1426±26 ◦C.

3.4.2.2 Dabbahu

As shown in Section 3.4.1, the ancestral melt composition of the Dabbahu Rift olivines

remains unclear. The lack of a correlation between Fo and Tcrys in the Dabbahu Rift dataset

implies that these parameters may have become decoupled since initial crystallisation of

the olivines. If the olivines are known to fall on a liquid line of descent then the iterative
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Figure 3.7: Figure illustrating the iterative olivine addition used to determine primary
crystallisation temperatures from temperatures obtained from my dataset. The starting
temperatures are as follows: A. The mean Tcrys of the Fo83.5−84.5 cluster comprising the
highest Fo cluster of points in the Boku dataset, projected to T primary

crys at Fo91; B. the mean
of the highest Dabbahu Tcrys values, assumed to be T primary

crys ; C. the mean Tcrys of the
highest Fo olivines in the Dabbahu dataset projected to T primary

crys ; D. the mean Tcrys of the
highest Fo cluster at Fo82, projected to T primary

crys . The faded triangular and square markers
in the plot are the Boku and Afar Tcrys in the dataset respectively; the small bold markers
in the plots are datapoints used to calculate Fo and Tcrys means, which are subsequently
used to project to T primary

crys at Fo91. The shaded area represents the propagated uncertainty
of the initial crystallisation temperature estimate.
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Table 3.2: Tcrys extrapolations to Fo91 applied to observed olivine crystallisation temper-
atures using the iterative scheme of Matthews et al. (2021), after Putirka (2008b).

Location Projection method Tcrys (◦C) Fo (mol%) T primary
crys (◦C)

Boku, MER - 1175±22 84.07 1426±26
Dabbahu Rift, Afar Diffusive re-equlibration 1279±30 82.59 1590±33
Dabbahu Rift, Afar Melt heterogeneity 1217±37 85.47 1409±40

projection can be used to estimate T primary
crys from Tcrys provided that olivine Fo is known.

However, if olivines do not lie along a liquid line of descent then other scenarios must

be considered in which a single liquid line of descent cannot solely explain the Fo-Tcrys

distribution. I therefore explore three possible scenarios for obtaining a T primary
crys value

from these data (Figure 3.7B-D).

One possibility is that these olivines has equilibrated their Fo contents with more

evolved melts, in which case the highest Dabbahu Tcrys values (mean of 1339±22 ◦C)

represent those closest to the liquidus temperature of the primary mantle melt crystallising

Fo91 olivine, i.e., Tcrys ≈ T primary
crys (Figure 3.7B). If the crystallisation trend recorded

from Petrolog3 is correct then the initial temperature at which olivine begins crystallising

(∼1400 ◦C) is best matched by this highest Dabbahu olivine-spinel Al-exchange Tcrys.

The observed Fo clusters could be derived from the fractionation of mafic olivines and

subsequent diffusive re-equilibration to the somewhat common values of the clusters at Fo78

and Fo82, which form the two near-vertical arrays in Fo-T crys space. If this is the case,

then the two high Fo and low Tcrys olivines are the only crystals with Fo values preserved

from the original liquid line of descent (Figure 3.6). If the Petrolog3 fractionation trend

is not realistic then additional extrapolation to Fo91 and correspondingly higher Tcrys will

be necessary.

Alternatively, melt heterogeneity can also result in non-correlation between Fo and Tcrys

(Matthews et al., 2021). Concurrently mixing melts of differing FeO, for example those

derived from lherzolite and pyroxenite, will fractionate olivines with a range of Fo bound

by the liquid lines of descent for each melt composition. Pyroxenite-derived melts, which

are higher in FeO than lherzolite-derived melts, will crystallise lower Fo olivines relative

to lherzolitic melts at the same temperature (Roeder and Emslie, 1970; Jennings et al.,

2019). The lowest Tcrys and highest Fo olivines will therefore lie closest to the low FeO

lherzolitic liquid line of descent, as these melts are most likely to have been in equilibrium

with Fo91 olivine; projection to T primary
crys should therefore be performed on these olivines
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(Matthews et al., 2021). If heterogeneity from unmixed lherzolite-derived and pyroxenite-

derived mantle melts has not been removed by the time melts begin crystallising, then

a range of Fo contents would be produced at any given temperature with the highest Fo

crystals forming from melts closest to the lherzolitic liquid line of descent (Matthews et al.,

2021). Projecting the mean Tcrys of the two highest Fo olivines (1193±34 ◦C) back along

this liquid line of descent to Fo91 gives a T primary
crys of 1409±40 ◦C (Figure 3.7C).

A final possibility is that an initial correlation between Fo and Tcrys, which existed due

to fractional crystallisation, has been distorted by extensive re-equilibration to a common

Fo value (Thomson and Maclennan, 2013). Olivines fractionating at different tempera-

tures and compositions can re-equilibrate their Fe-Mg to an average (lower) Fo value in a

mush pile (Thomson and Maclennan, 2013), resulting in initially high Fo (and high Tcrys)

olivines losing Fo with time. The mean Tcrys of this mush pile will fall near the Tcrys of

a crystallising olivine with the same Fo as the common mush pile Fo value, which will

lie on the liquid line of descent. Projection from this Fo value and Tcrys to Tcrys at Fo91

will therefore provide a suitable estimate of T primary
crys . In this scenario the mean Fo of

an equilibrated olivine population (in this case I use the higher Fo82 cluster) will still lie

along the initial liquid line of descent and projecting back the mean Tcrys should provide

a reasonable estimate of T primary
crys . Projecting the mean Tcrys of the Fo82 cluster to Fo91

gives a T primary
crys of 1590±33 ◦C (Figure 3.7D). These three estimates provide possible Tcrys

values for the Dabbahu magmas between ∼1339–1590 ◦C.

3.5 Conclusions, part I

Through olivine-spinel Al-exchange thermometry I obtain new petrological olivine crys-

tallisation temperatures for the Boku Volcanic Complex, MER, and the Dabbahu Rift,

Afar, with means of 1176±16 ◦C and 1263±43 ◦C respectively. Extrapolation of olivine-

spinel Al-exchange Tcrys from low Fo olivines to T primary
crys at which olivines in equilibrium

with mantle-derived melts are likely to crystallise is accomplished with an iterative olivine

addition process to provide estimates of the basalt liquidus at the MER and Afar. Using

this process to correct to Fo91 olivines I estimate that mantle-derived basalts from Boku

begin crystallising within the crust at 1426±26 ◦C. Several values for T primary
crys are ob-

tained for the Dabbahu Rift, ranging from 1339±22 ◦C to 1590±33 ◦C depending on the

assumptions made during the projection from low Fo to Fo91.
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The following chapter illustrates how T primary
crys , when combined with a model of mantle

melting and observed basalt REE concentrations and geophysical observations, can form

the basis for inversion of mantle temperature.
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Chapter 4

Exploring rift geodynamics in

Ethiopia II: modelling the melting

Ethiopian mantle

Following on from the work in Chapter 3, in this chapter I describe the mantle melt-

ing model and inversion processes that are used to combine petrological and geophysical

observations to obtain estimates of mantle temperature.

4.1 Forward modelling: mantle to melt

Predicting observable properties such as olivine Tcrys, basalt trace element composi-

tions, and melt fractions from mantle Tp necessitates several key assumptions concerning

the mechanics of melt segregation, accumulation, and mantle source composition. A model

of mantle melting allows these parameters to be determined by predicting thermal path-

ways from melt generation to crystallisation as a function of mantle Tp and lithological

composition.

4.1.1 Multi-lithology melting and the pyMelt library

Tp must exceed T primary
crys as heat is expended in the form of latent heat of fusion and

adiabatic cooling. The extent of adiabatic cooling is directly affected by the composition

of the melting mantle, as non-melting lithologies will act as a thermal buffer and promote

melting of fusible lithologies (Phipps Morgan, 2001). The presence of multiple litholo-
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gies will also directly affect the thermal pathway undertaken by the melting mantle, as

these different lithologies will all bear differing mineral compositions and therefore thermal

expansivities. Calculating the thermal pathway travelled by a mantle-derived melt there-

fore necessitates several key assumptions concerning the mechanics of melt segregation and

collection, mantle source composition, and the definition of Tcrys recorded by thermometry.

A mantle of multiple components in thermal isolation initially follows a solid mantle

adiabat dependent on the temperature and composition of the mantle (Phipps Morgan,

2001):

dT

dP

∣∣∣∣
S

=
ᾱ

ρ̄C̄p
T (4.1)

where T is temperature, P is pressure, ᾱ is the bulk thermal expansivity, ρ̄ is the bulk

density, and C̄p is the bulk heat capacity, and S is entropy (McKenzie and Bickle, 1988).

This equation holds true after melting so long as the melt remains in thermal isolation.

Upon crossing the solidus of one of the components, heat is converted into latent heat of

fusion, resulting in decrease to the gradient of the mantle adiabat. The melt productivity of

a multi-lithology mantle is calculated by solving the following expression for each lithology

(Equation 25 of Phipps Morgan, 2001):

∑
i

ϕi

[(
∂Si

∂Fi

)
P,T

dFi +

(
∂Si

∂T

)
P,F

dT +

(
∂Si

∂P

)
T,F

dP

]
= 0 (4.2)

where F is the melt fraction, i is the lithology, and ϕi is the fraction of the lithology

in the multi-lithology mantle. This results in the following expression for the melt produc-

tivity dF
dP of a melting lithology i in a mantle comprising of n components (Equation 29 of

Phipps Morgan, 2001):

dFi

dP
= −

C̄p

T
∂Ti
∂P − ᾱ

ρ̄

∑
n ̸=i

[
ϕn∆Sm

n

∂Ti
∂P

− ∂Tn
∂P

∂Tn
∂Fn

]
ϕi∆Sm

i +
∑

n̸=i

[
ϕn∆Sm

n

∂Ti
∂Fi
∂Tn
∂Fn

]
+

C̄p

T
∂Ti
∂Fi

(4.3)

If the melt productivity of each melting lithology is known, then the temperature

gradient within the region where all lithologies are melting is given by:

dT

dP
=

dTm
j

dP
+

dTm
j

dFj

dFj

dP
(4.4)

where Tm
j is the temperature of the melting lithology or lithologies, which can be
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determined using values for one lithology j. As melting progresses with each pressure step

the new mantle adiabat is calculated.

The pyMelt Python 3 library is a multi-lithological mantle melting library that I have

co-developed with Simon Matthews and Matthew Gleeson (Matthews et al., 2021, 2022,

see Declaration for author contributions). This Python library utilises the formulation of

Phipps Morgan (2001) to calculate the melting behaviour of a multi-component mantle

during adiabatic decompression. pyMelt can determine the melt fraction for any of its

parameterised lithologies at a given pressure and temperature, as well as the proportions of

the different lithologies that contribute to the final melt. The thermal gradient of a melting

multi-lithology mantle is determined through a fourth order Runge Kutta integration over

pressure steps of 0.004 GPa starting at the mantle solidus, assuming that melt and residue

remain in thermal equilibrium. Melting ceases at the LAB, after which the melts follow

a basalt adiabat to crustal pressures where olivine crystallisation begins. The form of the

basalt liquidus is linear, and takes the form (Equation 15 of Putirka, 2008a):

Tcrys = T − (P − Pcrys)

(
dT

dP

)
liq

(4.5)

where Tcrys and Pcrys are the temperature and pressure at which olivine crystallisa-

tion occurs, and (dT/dP )liq is the Clapeyron slope of the basalt liquidus. The value of

(dT/dP )liq is assumed to be 39.16 K GPa−1 (Putirka, 2008b). The use of this function

assumes that the melt is not cooled as it passes through the lithosphere, and strictly fol-

lows the basalt adiabat, which is appropriate when melt fluxes are high and heat advection

dominates over conduction (e.g., Matthews et al., 2016).

The input parameters for this forward model are those that control the thermal path-

way of the melting mantle and therefore melt fraction and by extension melt thickness:

Tp, mantle composition, lithospheric thickness, and crystallisation pressure. I select a

tri-lithology mantle comprising non-melting harzburgite (after Shorttle et al., 2014), a

pyroxenite component melting like KG1 (Kogiso et al., 1998), and a lherzolite melting

like KLB-1 (Takahashi, 1986). These lithologies in particular are selected for continuity

with Matthews et al. (2021). Though this modelling approach necessitates choosing par-

ticular lithologies, the inclusion of pyroxenite can equivalently be interpreted as the bulk

mantle being made more fusible (e.g., through refertilisation of a lherzolite), and likewise

harzburgite interpreted as the bulk mantle becoming more refractory.

113



CHAPTER 4. RIFT GEODYNAMICS IN ETHIOPIA II

4.1.2 pyMelt trace element forward model

To provide additional constraints on melt production, I have updated the pyMelt code

to include calculations of the concentrations of incompatible trace elements, such as rare-

earth elements (REEs), in the melt. This update predicts the trace element chemistry of a

melt produced by melting a mantle comprising multiple lithologies, following the equations

of Shaw (1970) and the INVMEL methodology of McKenzie and O’Nions (1991). In this

way the chemistry of mantle-derived basalts can be predicted using pyMelt outputs.

The concentration of each trace element within an instantaneous melt cl and corre-

sponding solid residue cs are related to each other by the following equations, assuming

incremental batch melting (Shaw, 1970):

dcs
dX

=
cs − cl
1−X

and cl =
cs(1−X)

D̄ − P̄X
(4.6)

where X is the total melt fraction, D̄ is the bulk distribution coefficient for any given

trace element within the solid assemblage, and P̄ is the bulk distribution coefficient for

the same trace element for the melting assemblage. P̄ and D̄ are calculated as outlined by

McKenzie and O’Nions (1991). As mineral assemblage varies with depth within the Earth,

the bulk distribution coefficients D̄ and P̄ are depth-dependent and not constant across

all integration paths. cl, cs, D̄, and P̄ are calculated using the pyMelt pressure and melt

fraction outputs for every pressure step. The expressions of Equation 4.6 are numerically

integrated using a fourth-order Runge-Kutta scheme from the base of the melting interval

(X = 0) to the top of the melting interval (X = Xtotal−max, where Xtotal−max is the

maximum total melt fraction). To avoid Python floating point errors the point solid residue

is assumed to be completely depleted when cs < 10−6 ppm. The mean composition of all

melt extracted from a single lithology within a given melting column is then determined

by:

φcolumn =

∫ z1

z0

Xlithology−maxcl
1−Xtotal−max

dz

/∫ z1

z0

Xlithology−max

1−Xtotal−max
dz (4.7)

where z0 is the depth at the base of the melting region, z1 is the depth at the top of

the melting region, Xlithology−max is the maximum melt fraction of the melting lithology,

and Xtotal−max is the maximum total melt fraction of the melting mantle, which is itself

a function of Tp, lithospheric thickness, and mantle composition. To obtain the mean

composition of the mixed melt extracted from all lithologies the ϕcolumn of each lithol-
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ogy, weighted by its solid mantle proportion, are summed. When applying this adiabatic

decompression melting regime I integrate over the lateral columns comprising the trian-

gular melting region with the following equation, which is valid for any passive melting

model (e.g. Plank and Langmuir, 1992; Richardson and McKenzie, 1994; Slater et al., 2001;

Maclennan et al., 2001):

φpassive =

∫ z1

z0

φcolumn(z1 − z0)
dX

dz
dz

/∫ z1

z0

(z1 − z0)
dX

dz
dz (4.8)

Mineral-melt distribution coefficients were collated from the compilations of Gibson

and Geist (2010) for olivine, orthopyroxene, clinopyroxene and garnet, and McKenzie and

O’Nions (1991) for spinel and plagioclase. While D̄ is known to vary for some trace elements

in minerals as a function of pressure, temperature and mineral composition (Blundy and

Wood, 2003), incorporating all of these effects into pyMelt is beyond the scope of this

study. Mantle source mineral proportions are estimated from published KLB-1 and KG1

pseudosections (Jennings and Holland, 2015; Matthews et al., 2021). Proportions are listed

for KLB-1 and KG1 in Tables 4.1 and 4.2 respectively; mean mineral proportions in the

pressure-temperature intervals listed were selected to avoid high temperatures of melting,

and also to avoid subsolidus phase reactions and transitions in the aluminous phase.

I follow McKenzie and O’Nions (1991) in modelling two melting regimes: one in which

olivine, orthopyroxene, clinopyroxene and the aluminous phase are all present; and another

where only olivine and orthopyroxene are present upon the exhaustion of clinopyroxene

and the aluminous phase from the solid mantle residue at a fixed melt fraction X ′. The

proportion of clinopyroxene and the aluminous phase vary linearly from the initial propor-

tion to zero in the interval 0 < X < X ′, and are equal to zero when X > X ′; for KLB-1

lherzolite X ′ = 0.18 (e.g. Ball et al., 2021); for KG1 pyroxenite X ′ = 0.70. These values of

X ′ are chosen as they are the approximate sum of clinopyroxene and aluminous phases in

KLB-1 and KG1. If melting of these phases dominates the melt generated when X < X ′,

then they will be exhausted when the magnitude of the melt fraction is similar to that of

their proportions.

The aluminous mineral phase present in the mantle varies as a function of depth. The

garnet-in and spinel-out reactions in lherzolite are modelled as linear functions of pressure

and temperature following McKenzie and O’Nions (1991) after high-pressure experiments

(Nickel, 1986; Robinson and Wood, 1998):
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Table 4.1: Mineral proportions at sub-solidus conditions for KLB-1 lherzolite estimated
from published pseudosections at listed temperature and pressure ranges (Jennings and
Holland, 2015).

KLB-1 olv opx cpx gnt spn plg
T < 1200◦C; P > 6.0 GPa 0.609 0.125 0.119 0.147 - -
T < 1200◦C; 1.0 < P < 1.5 GPa 0.597 0.233 0.158 - 0.012 -
T < 1200◦C; P = 0.45 GPa 0.646 0.208 0.076 - - 0.070

Table 4.2: Mineral proportions at sub-solidus conditions for KG1 pyroxenite estimated
from published pseudosections at listed temperature and pressure ranges (Matthews et al.,
2021).

KG1 olv opx cpx gnt spn plg
T < 1160◦C;P > 6.0 GPa 0.181 0.012 0.422 0.385 - -
T < 1160◦C; 1.2 < P < 1.5 GPa 0.110 0.178 0.641 - 0.071 -
T < 1160◦C;P = 1.05 GPa 0.118 0.150 0.655 - - 0.067

Tsp−out = 666.7P − 400 and Tgt−in = 666.7P − 533 (4.9)

where P is in GPa and T is in ◦C. Between these two functions, source mineral propor-

tions vary linearly between their proportions in the garnet field and the spinel field. The

position of the garnet-spinel transition is thought to be shallower in pyroxenites relative

to lherzolites owing to higher Al2O3 and lower Mg# in the former which promotes garnet

stability (Hirschmann and Stolper, 1996). I model the garnet-spinel transition in pyrox-

enite to occur linearly between the pressure range 1.5–2.5 GPa (54–90 km), based on the

KG1 pyroxenite pseudosection (Matthews et al., 2021).

Several geochemical studies of Ethiopian basalts have provided evidence for the pos-

sible introduction of lithospheric melt to mantle-derived melts (e.g., Casagli et al., 2017;

Rooney et al., 2017). To model the introduction of a small amount of lithospheric melt I

use the geochemical data collected by Casagli et al. (2017) on Ethiopian sub-continental

lithospheric mantle xenoliths. I assume the proportion of orthopyroxene is 0.30, the pro-

portion of clinopyroxene is 0.22 (the average clinopyroxene/orthopyroxene ratio recorded

by Casagli et al. is 0.73), with the remainder olivine. Clinopyroxene and orthopyroxene

compositions are chosen from lherzolite samples FE7 and MM4b respectively. Finally, I

assume that olivine does not contribute any trace elements to the final melt owing to their

typically low concentrations and partition coefficients (De Hoog et al., 2010; Spandler and

O’Neill, 2010).
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The batch melting equation is used for the melting of lithospheric domains:

Cl =
C0

l

(1− F ) · D̄ + F
(4.10)

where Cl is the final melt composition, C0
l is the initial melt composition, F is the

remaining melt fraction, and D̄ is the bulk distribution coefficient.

Subsequent crystallisation of olivine from primary melts is calculated using the distri-

bution coefficients as referenced above. The equation used is the fractional crystallisation

equation, which is applied to the results of mantle melting:

Cl = C0
l · F (D̄−1) (4.11)

where all variables and coefficients are as described for Equation 4.10.

4.2 Inverse modelling: melt to mantle

The pyMelt forward model allows estimation of Tcrys, trace element composition, and

melt thickness from a given Tp, mantle composition, lithospheric thickness and crystalli-

sation pressure, assuming that the first olivine crystallises at or near the primary basalt

liquidus temperature. Through inversion of this forward model I can use observed Tcrys,

REE distributions, and thickness of igneous crust to reconstruct the thermal pathway

undertaken by mantle melts and obtain Tp, mantle lithological composition, and the un-

certainty in these parameters while accounting for uncertainty in the observed data.

4.2.1 Bayesian inference, nested sampling, and MultiNest

Inverse modelling is performed using the Python 3 wrapper of MultiNest, a Bayesian

inference tool which utilises a Monte Carlo Markov Chain nested sampling algorithm

(Buchner et al., 2014; Feroz et al., 2019, and references therein). Statistical inference

is a means by which data analysis can be used to determine the properties of an under-

lying probability distribution. This process can be streamlined with the introduction of

Bayes’ theorem as more information, also termed evidence, becomes available. The prob-

ability for the hypothesis, or model, is updated according to Bayes’ theorem for model

selection (Feroz et al., 2009):
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P (Θ | D, H) =
P (D | Θ, H)P (Θ | H)

P (D | H)
(4.12)

For mantle melting the hypothesis or model (H) describes the proposed behaviour of

the system, in this case the behaviour of the melting mantle which is described by the

parameterisations of individual melting lithologies and the formulation of Phipps Morgan

(2001) incorporated into pyMelt. This model in turn is described by the parameters (Θ)

that control the thermal pathway and melt geochemistry: the potential temperature Tp,

the pyroxenite and harzburgite composition of the mantle ϕpx and ϕhz respectively, the

pressures at the base of the lithosphere and crust, controls on mantle buoyancy (i.e., the

temperature and composition of ambient mantle), and the REE composition of the mantle.

The data (D) are then the observed and measured consequences of mantle melting; olivine

crystallisation temperatures, REE distributions, and volumes of melt generated.

In Equation 4.12, P (Θ | H) ≡ π(Θ) is the prior probability of the hypothesis before

the data are considered. In other words, they describe the probability distributions of the

model parameters before they are compared to the observed data. A uniform prior is a

probability function in which all possible values are equally likely; this prior is chosen for

unconstrained model parameters whose true value is unknown but whose limits can be

estimated, and are hence left open (e.g., Tp). Gaussian priors use a normal probability

distribution defined by a mean and standard deviation; this prior is selected for those

parameters with independent estimates and uncertainties (e.g., LAB depth). In each case

the independent estimate is used as the mean, and any inherent uncertainty is the standard

deviation. For mantle source composition, the inherent uncertainty was set to ±10% of

the mean.

P (Θ | D, H) ≡ P(Θ) is the posterior distribution, i.e. the probability distribution

of the parameters given both the data and the hypothesis. P (D | Θ, H) ≡ L(Θ) is the

likelihood, a measure of how well the evidence matches with the given hypothesis, i.e., a

measure of the misfit of the model to the data. When MultiNest is used with pyMelt,

the likelihood is accessed with the following log-likelihood function ln(L):

ln(L) =
∑
x

ln(Lx) (4.13)

where for each parameter x for the inversion to match, the contribution to the log-

likelihood is:
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ln(Lx) = −1

2
ln(2πσ2

x)−
(xobs − xcalc)

2

2σ2
x

(4.14)

where xobs is the observed value from the data, σx is the standard deviation of xobs,

xcalc is the corresponding value of the data predicted from the model.

The final term in Equation 4.12 is the denominator P (D | H) ≡ Z(Θ), which is the

Bayesian evidence. The Bayesian evidence is required to normalise the posterior distribu-

tion over all parameters (Feroz et al., 2009):

Z =

∫
L(Θ)π(Θ)dNΘ (4.15)

where N is the number of parameters (the dimensionality of the parameter space).

To combine parameter estimation with error propagation, the posterior distributions

within the region of maximum likelihood are assessed, i.e., solutions where the model best

fits the data. This is achieved through the use of Monte Carlo Markov Chain Bayesian

inversion, in which all parameters are simultaneously estimated, and new model solutions

are chosen depending on the outcome of the previous solution. MultiNest utilises ellip-

soidal nested sampling. A fixed number of parameter vectors, termed livepoints, are sorted

by their likelihood. A forward model is run with pyMelt using parameters and correspond-

ing prior distributions contained in the livepoints. The result of each forward model is

subsequently compared to observed Tcrys, La/Yb and Dy/Yb ratios, and igneous crustal

thickness by the log-likelihood equation (Equations 4.13 and 4.14) to determine the model

likelihood. By running a number of forward models (∼20,000–30,000) using this method

the parameters contained in the livepoints can be clustered into multi-dimensional ellipses,

allowing MultiNest to find and follow local maxima of likelihood in the parameter space.

The algorithm continues drawing new livepoints until a solution is found with a greater

likelihood than the least likely livepoint, which is then removed (Buchner et al., 2014), per-

mitting MultiNest to seek and home in on the most probable regions in the parameter

space. Convergence of the marginal likelihood is attained only when sufficient solutions of

highest likelihood are available such that the posterior probability distributions for each

parameter can be estimated (∼8,000–10,000 forward model solutions to the inverse prob-

lem). At this point, the algorithm terminates and the region of maximum likelihood is

characterised.

Assessing the posterior distributions can provide key information on the model, pa-
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rameters, and their underlying uncertainties. Although the inversion will favour solutions

falling near the medians of the parameter prior estimates, high-likelihood solutions towards

the limits of these ranges are also accepted. If posterior distributions correspond well with

the prior distributions, then the posteriors are controlled by the priors and uncertainties

in the priors can translate into uncertainties in the posteriors. On the other hand, if the

posterior distributions do not agree with my initially set priors then the data itself is the

primary control on the posterior distributions.

The Python module used to perform an inversion of my olivine-spinel Al-exchange

Tcrys in addition to other constraints is archived in a Zenodo repository which is linked in

Appendix A.2.

4.2.2 Prior distributions for Moho and LAB depth

Before inversion, estimates and uncertainties for lithospheric thickness and crystallisa-

tion pressure must be established to use as prior distributions.

As discussed in Section 3.1, the presence or absence of a mantle lithosphere is key to

understanding melt generation processes beneath the MER. The depth of the LAB controls

where melting ceases, and previous petrological models have argued that significant shallow

mantle melting does not occur beneath Ethiopia (Rooney et al., 2011; Ferguson et al.,

2013b; Armitage et al., 2015). This is because erupted melts have elevated medium REE

to heavy REE ratios (e.g., Dy/Yb), consistent with melt production in the presence of the

mineral garnet, which is only stable in lherzolite at depths ≳85 km. The retention of this

garnet-field melting signature suggests that low pressure melting is likely impeded by the

presence of a >50 km thick lithospheric lid (e.g., Armitage et al., 2015). These petrological

inferences on melting depths are generally consistent with Rayleigh wave tomography,

which highlights a low shear velocity region of melt generation at >75 km (Gallacher et

al., 2016). Given these observations LAB depths of 60±20 km for both the MER and Afar

would be expected, which are used as prior distributions (Table 4.3).

Crystallisation is likely to commence at the base of the crust where ascending melts

initially pool (Rooney et al., 2005; Desissa et al., 2013) before continuing to lower pressures

via crustal plumbing systems (<0.5 GPa; Rooney et al., 2005; Field et al., 2013; Iddon and

Edmonds, 2020). Although some crystallisation is expected to occur at lithospheric mantle

pressures (e.g., Rooney et al., 2005), the base of the crust provides a reasonable estimate

for the earliest onset of crystallisation. Ethiopian crustal thickness is well characterised
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though seismic imaging (e.g., Maguire et al., 2006; Hammond et al., 2011; Lavayssière

et al., 2018) and recent MER and Afar crustal thickness estimates of 28±3 km and 23±2

km respectively are used as prior distributions for my inversions (Table 4.3).

4.2.3 Melting geometry constraints and igneous thickness

The geometry of the melting region influences both the composition and total quantity

of melts produced during mantle upwelling (e.g., Plank and Langmuir, 1992). Melting

of the asthenospheric mantle beneath Ethiopia during rifting may be driven by passive

decompression beneath a thinning lithosphere, similar but not identical to a mid-ocean

ridge environment. In this geometry, the mantle undergoes corner flow within a triangular

melting region much like a mid-ocean ridge, but positioned beneath a thick, non-melting

lithosphere. By integrating the melt fraction over this region, I obtain a melt thickness (tm),

which is extracted from the top of the melting region and compared to observed crustal

igneous thicknesses. To achieve this, a modified crustal thickness equation of White et al.

(1992) is used:

tm =
1

ρg

∫ P2

P1

F

1− F
dP (4.16)

where P1 and P2 are the pressures at which melting begin and cease respectively, F

is melt fraction as a function of pressure, ρ is the density of the mantle, and g is gravity.

While the triangular geometry that arises from passively driven upwelling probably does

not capture the true complexity of sub-rift melting, it provides a means to test how changing

mantle temperature and lithospheric thickness affects melt production.

The passive geometry does not include a weighting factor for active upwelling. Active

upwelling of the mantle will flux more material through the base of the melting region,

promoting garnet-field melting and therefore potentially increasing the concentration of

light REEs relative to heavy REEs (e.g. Maclennan et al., 2001). The effects of active

upwelling are also tested in my inversions by including an exponentially decaying weighting

function w(P ) in Equation 4.16 as described in Matthews et al. (2022):

tm =
1

ρg

∫ P2

P1

(1 + w(P ))
F

1− F
dP (4.17)

where:
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w(P ) = µexp
(
1

λ

Pmax − P

Pmax − Pmin

)
(4.18)

and µ is the amplitude of the decay function, λ is the wavelength of the decay function,

and Pmax and Pmin are the maximum and minimum pressures of the melting column. This

function effectively describes a pulse of fluxed material at the base of the melting region,

which exponentially decays to the passive case with decreasing pressure.

Owing to the large scale of the seismic velocity anomaly in the sub-rift mantle (Ham-

mond et al., 2013) I believe that modelling melting with an alternative plume conduit

geometry is unsuitable for this study. I also require that the melting mantle must be buoy-

ant with respect to ambient mantle otherwise mantle upwelling will not be possible (e.g.,

Shorttle et al., 2014), which effectively limits the proportion of pyroxenite in the permitted

solutions.

Total crustal thickness in the MER and southern Afar appears to be largely maintained

until the final stages of continental rifting by magmatic intrusion (Bastow and Keir, 2011).

Seismic studies of the rift-axis crust illustrate that the thickness of the upper crust is

predominantly affected by rift-related thinning while the lower crust remains thick owing

to intrusion (Maguire et al., 2006; Hammond et al., 2011). By comparing pre- and post-

rift upper and lower crust at Dabbahu, Armitage et al. (2015) inferred that the Afar crust

comprises 11–15 km of magmatic material. Adopting their method, I can estimate the

thickness of melt (tm) in the MER. To do this I use thicknesses of original, unstretched

crust inferred from the Ethiopian plateau of 21 km for the upper crust and 23 km for the

lower crust (Maguire et al., 2006) and upper and lower crustal thicknesses within the MER

near Boku that range from 14–17 and 16–20 km respectively (Maguire et al., 2006). This

gives a stretch factor of 1.2–1.5 and suggests that the lower crust comprises ∼3–6 km of

igneous material. I therefore choose tm of 4.5±1.5 km and 13±2 km for the MER and Afar

respectively (Table 4.3).

4.2.4 Rare-earth element ratio constraints

My inversions can be further constrained by comparing REE concentrations from

pyMelt to those observed in the Boku and Dabbahu basalts (Table 4.3). The La/Yb

and Dy/Yb ratios of the lavas are matched to those generated by my model. Ratios are

used as they are less affected by crystal fractionation and accumulation than absolute

122



CHAPTER 4. RIFT GEODYNAMICS IN ETHIOPIA II

Table 4.3: Table summarising prior distributions and data constraints on my inversions.
References as follows: 1. Ferguson et al. (2013b), 2. Armitage et al. (2015), 3. Lavayssière
et al. (2018), 4. McDonough and Sun (1995), 5. Workman and Hart (2005), 6. Gale
et al. (2013), 7. Tadesse et al. (2019). The composition KG1 refers to 50:50 DMM:average
MORB.

Prior distributions Boku Volcanic Complex Dabbahu Rift References
LAB depth (km) 60±20 60±20 1, 2
Moho depth (km) 28±3 23±2 3
Lherzolite PM±10% PM±10% 4
Pyroxenite KG1±10% KG1±10% 5, 6

Data constraints
T primary
crys (◦C) 1426±26 variable (Chapter 3) This study

tm (km) 4.5±1.5 13±2 This study; 2
La/Yb 9.70±0.85 2.17±0.07 1, 7
Dy/Yb 7.34±1.93 2.21±0.13 1, 7

concentrations.

REE compositions must be established for the two melting lithologies in my model. The

primary prior distributions for the lherzolite REE concentrations are defined as normal

distributions centred on the concentrations of La, Dy, and Yb in the primitive mantle

(PM; McDonough and Sun, 1995), with a standard deviation of 10% of their concentration

as reported. I additionally consider the consequences of using lower concentrations for

lherzolite more typical of the depleted mantle (DMM), which are found to yield similar

results to PM-composition lherzolite. A 50:50 mixture of DMM (Workman and Hart,

2005) and average MORB (Gale et al., 2013) is used to approximate the REE composition

of a KG1-like mixed-lithology pyroxenite. Like the lherzolite I allow KG1-composition

pyroxenite to vary according to a normal distribution with a standard deviation of 10%

centred on the reported La, Dy, and Yb concentration.

Post-inversion, I also allow for the possible addition of small-fraction melts from desta-

bilisation of metasomatised domains in the Ethiopian lithospheric mantle (e.g., Casagli

et al., 2017; Rooney et al., 2017), which can occur as ascending melts interact with the

lithosphere (e.g., Rooney et al., 2017) or via lithospheric drip (Furman et al., 2016). I can

also modify the absolute concentrations of REEs in the final basalt to account for fractional

crystallisation of olivine in the lithosphere. The calculations underlying both processes are

described in full in Section 4.1.2.
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4.3 Inversion results

My inversion solutions are presented as posterior probability distributions; the complete

collection of parameters describing these posterior distributions are presented in Appendix

A.2. In the inversion figures displayed in this section, the left subfigures illustrate sections

through the crust and uppermost mantle, and the right subfigures present Tp and mantle

compositions. REE distributions are also illustrated in these figures (concentrations are

shown despite inverting for ratios to illustrate the fitting between modelled and observed

basalts). The absolute concentrations of model REE distributions can differ from those

observed in the basalts, which can be attributed to differences in true and modelled mantle

source compositions, the absence of melts not captured in my inversion model, fractional

crystallisation, or a combination of these, which are considered below. Selecting a mantle

with lower concentrations of REEs (but the same La/Yb and Dy/Yb ratios) will result in

a REE trend that falls beneath those that are modelled.

The REE distributions resulting from my inversions are obtained by running forward

models of the posterior distribution medians, which are overlain on top of sampled forward

models deemed high-likelihood by the inversion algorithm for comparison. These median

distributions do not reflect true solutions generated by the MultiNest inversion or take

into account co-variation between different parameters; each solution will have its own

combination of parameter values. Forward model REE concentrations do not affect the

calculations but are the results of them, and are ultimately controlled by the La/Yb and

Dy/Yb constraints in the inversion. Also shown in the inversion figures are the REE

composition of the magma following the addition of 5% of a 1% batch lithospheric melt,

before and after correction for fractional crystallisation. The addition of lithospheric melt

primarily alters the concentrations of lighter REEs and can be evaluated via the effect

on the fit to the observed La/Yb. As discussed below, this improves the fit between

the observed and modelled magma compositions, however given the uncertainties in, and

trade-offs between, the mineralogy and composition of lithospheric mantle, melt fraction,

and degree of melt addition, it is not possible using this method to uniquely constrain the

extent of lithospheric melting and/or contamination of the mantle-derived magmas.
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4.3.1 PM-composition mantle lherzolite

Inversions performed with PM composition lherzolite in a tri-lithology mantle also

comprising KG1 composition pyroxenite and non-melting harzburgite are considered in

this section.

4.3.1.1 Boku Volcanic Complex

The results of the joint Tcrys-REE inversion for Boku are shown in Figure 4.1, with

T primary
crys of 1426±26 ◦C representing the mean Tcrys of the Fo83.5−84.5 cluster projected to

Fo91 (Section 3.4.2.1). The inversion returns a median Tp of 1500+32
−42

◦C for a tri-lithology

mantle. To match both the tm constraint and REE concentration ratios the inversion

favours a LAB depth of ∼90 km, which falls outside the uncertainty of my prior estimate of

60±20 km, suggesting that the majority of forward models trialled with this range of LAB

depth fail to match the observed data. The median mantle resulting from this inversion is

mostly PM-composition lherzolite (∼80%), with the remainder predominantly harzburgite.

The inversion results share La/Yb and Dy/Yb ratios within uncertainty of observed Boku

basalts. The effect of introducing small-fraction lithospheric melts to my inversion result is

therefore minor, but does improve the fit to the observed La/Yb. Fractionation of olivine

from the primary magma sufficiently concentrates REEs in the residual melt to match

observed basalts (Figure 4.1).

4.3.1.2 Dabbahu Rift

Inversion posterior distributions for the Dabbahu Rift (Figure 4.3) are derived from

the three possible T primary
crys values described in Section 3.4.2.2. All Dabbahu inversions

return Tp in excess of MORB (1508+37
−33

◦C; 1565+49
−45

◦C; 1658+41
−45

◦C), in concordance with

an elevated Ethiopian mantle Tp. However, the median thickness of the lithosphere in all

three models is variable, with the lowest T primary
crys reproducible from a lithosphere <50 km

thick (Figures 4.3A, C, E). Continued melting to shallower depths in this model (Figures

4.3A and B) is required to produce sufficient volumes of magma to match the tm constraint

for Afar (13±2 km) at lower Tp, whereas the other two models produce these melt volumes

with significantly elevated Tp and a comparatively thicker lithosphere (Figures 4.3C-F).

These three model inversions illustrate a notable trade-off between Tp and LAB depth. This

arises because the La/Yb constraint cannot be matched by the inversion and consequently

the light REE portion of the modelled distribution deviates significantly from the observed
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Figure 4.1: Posterior distributions for mantle Tp, composition, crystallisation depth and
lithospheric thickness at the Boku Volcanic Complex, Main Ethiopian Rift, using a PM
lherzolite. The initial olivine Tcrys of the posteriors is the mean Tcrys of Fo83.5−84.5 olivines
projected to Tcrys at Fo91. Subfigure A is a vertical section through the uppermost rift crust
and mantle showing the most likely depths of the Moho and the lithosphere-asthenosphere
boundary (LAB) as determined from the inversion. The base of the crust and lithosphere
are shown as red and black lines with 1σ shaded area respectively. Subfigure B shows the
REE distribution of a pyMelt forward model run using the medians of the inversion pos-
terior distributions as starting parameters (circles), i.e. Tp (given in the subfigure legend),
mantle harzburgite and pyroxenite, lithospheric thickness, and crystallisation pressure.
This median forward model is overlain on 40 sampled high-likelihood forward models. The
rare-earth element distribution marked with triangles is the composition of the melt upon
addition of 5% small-fraction lithospheric melt, and the squares mark the same distribu-
tion upon fractionation of 30% olivine. Literature data showing basalt rare-earth element
concentration ranges from Boku are illustrated as the grey area (Tadesse et al., 2019).
All distributions are normalised to PM (McDonough and Sun, 1995). The inset ternary
plot shows the posterior distributions of acceptable mantle compositions in a space defined
by non-melting harzburgite (Hz), PM-composition lherzolite (Lz), and KG1-composition
(50:50 DMM:average MORB) pyroxenite (Px). The coloured dot in the inset ternary shows
the median mantle composition from which the REE distribution is derived.
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Figure 4.2: Figure illustrating the La/Yb of combined melts with changing lithospheric
melt fraction and proportion of lithospheric melts mixed into asthenospheric melts for A.
Boku, and B. Dabbahu (model with T primary

crys of 1339±22 ◦C). The mean and ± 1 standard
deviation of Boku (Tadesse et al., 2019) and Dabbahu (Ferguson et al., 2013b) basalt
La/Yb are shown as the white and black solid and dashed lines respectively.

values (Figures 4.3B, D and F). Extensive melting is required to fit tm at Afar, however

this has the effect of diluting the REEs as melt generation progresses. Dy/Yb is mostly

well matched by these inversions, and all three models retain the garnet signature observed

in medium-heavy REEs.

The addition of a minor volume of lithospheric melt significantly improves the fit to

the La/Yb values. Figure 4.2 demonstrates that a trade-off exists between the degree of

lithospheric melting and the amount of lithospheric melt added to asthenospheric melts

that can ultimately match observed Dabbahu basalts; this trade-off exists on top of the

many trade-offs between lithospheric mantle mineralogy and composition that are difficult

to quantify. I therefore select a batch melt fraction of 1%, of which a proportion of 5%

is mixed into the asthenospheric melts resulting from my inversions. This value is within

the permitted 1σ envelope illustrated for Dabbahu basalts, and falls just outside the same

envelope for Boku (Figure 4.2).

The inversion with the highest starting T primary
crys of 1590±33 ◦C returns a Tp which

127



CHAPTER 4. RIFT GEODYNAMICS IN ETHIOPIA II

is ∼300 ◦C hotter than ambient mantle and over 100 ◦C hotter than the other Dabbahu

inversions (Figures 4.3E and F). In contrast to the cooler models, tm is matched by melt-

ing a highly harzburgitic mantle, which promotes substantial melting of the lherzolitic and

pyroxenitic components. Of the three inversions, the REE distribution predicted from

the medians of this model provides the worst fit to the observed trends (Figure 4.3F).

Furthermore, the best-fitting lithospheric thickness is ∼90 km, thicker even than the litho-

sphere underlying the Ethiopian and Somalian plateaux (Rychert et al., 2012; Lavayssière

et al., 2018) which is highly unlikely in this mature rift system. I therefore conclude that

this higher T primary
crys value is unsuitable for Dabbahu Rift magmas and the results of this

inversion are not included in the following discussion.

4.3.2 DMM-composition mantle lherzolite

The chosen lherzolite REE composition in the previous section is the primitive mantle

(PM) of McDonough and Sun (1995). In this section I discuss the consequences of using

a more depleted mantle lherzolite composition than PM. This depleted composition is the

depleted MORB mantle (DMM) of Workman and Hart (2005), which is especially depleted

in light REEs relative to PM. I choose to test this composition as radiogenic isotopes of

MER and Afar basalts fall between DMM and PM (e.g., Furman, 2007; Ferguson et al.,

2013b), although owing to the possible presence of pyroxenite isotope contributions from

distinct lithologies cannot be inferred. I can, however, consider the effects of changing the

lherzolite composition.

A series of inversions are run in which the DMM composition of lherzolite is permitted

to vary according to a normal distribution centred on the DMM values of La, Dy, and Yb,

with a standard deviation of 10% of this chosen REE value.

Figure 4.4 illustrates the posterior results of inversions using a DMM composition

lherzolite. In all cases the median Tp are similar to those returned from the PM inversions.

Lithospheric thicknesses are lower than, but within mutual uncertainty of, those of the PM

lherzolite inversions; each inversion requires a greater degree of melting to satisfy both the

REE constraints and melt thicknesses. Mantle lithology differs between the DMM and PM

models, which also has an effect on the REE distributions and lithospheric thicknesses; a

greater amount of REEs must be sourced from the more productive pyroxenite lithology,

which in turn affects the contributions from the melting lherzolite and harzburgite. Forward

models for the Boku locality return absolute REE concentrations simiar to the observed
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Figure 4.3: Posterior distributions for mantle Tp, composition, crystallisation depth and
lithospheric thickness at the Dabbahu Rift, Afar, using a PM lherzolite. Subfigures A
and B show the results of inverting from the mean of the highest olivine Tcrys (1339±22
◦C), subfigures C and D the results from projecting the Tcrys of the highest Fo olivines
to T primary

crys at Fo91 (1409±40 ◦C), subfigures E and F the results from projecting the
mean Tcrys of the highest Fo cluster (Fo82) to T primary

crys at Fo91 (1590±33 ◦C). Figure
contents are as described in Figure 4.1. Literature data showing basalt rare-earth element
concentrations are illustrated as the grey areas in subfigures B, D and F (Ferguson et al.,
2013b).

129



CHAPTER 4. RIFT GEODYNAMICS IN ETHIOPIA II

Figure 4.4: Posterior distributions for mantle Tp, composition, crystallisation depth and
lithospheric thickness of the Boku Volcanic Complex, MER and Dabbahu Rift, Afar, using
a DMM lherzolite mantle. Subfigures A and B show the results of inverting from the
projected Boku Tcrys (1426±26 ◦C), subfigures C and D the mean of the highest olivine
Tcrys (1339±22 ◦C), subfigures E and F the results from projecting the Tcrys of the highest
Fo olivines to Fo91 (1409±40 ◦C), subfigures G and H the results from projecting the mean
Tcrys of the highest Fo cluster to Fo91 (1590±33 ◦C). Figure contents are as described in
Figure 4.1. Literature data showing basalt rare-earth element concentrations are illustrated
as the grey areas in subfigures B, D, F, and H (Ferguson et al., 2013b; Tadesse et al., 2019).

basalts but with a stronger garnet signature, which in this case is inherited by melting of

a highly enriched mantle as opposed to the more refractory PM lherzolitic mantle (Figure

4.4B). REEs are instead sourced from fusible pyroxenite. The overarching REE distribution

is of the same order of magnitude as the observed data, but has significant differences in

the medium and heaviest REEs. In all Afar cases, forward models run with the inversion

result medians as parameters return absolute REE concentrations nearly identical to the

PM models (Figures 4.4D, F and H). Some median forward models can obtain the observed

basalt REE concentrations with fractionation of olivine (e.g., Figure 4.4D). However for

most cases the DMM inversion medians cannot sufficiently match the observed absolute

basalt trend, even with a realistic degree of olivine fractionation (e.g., Figures 4.4F and H).

I therefore believe that PM lherzolite is an adequate composition to use for inversions as

130



CHAPTER 4. RIFT GEODYNAMICS IN ETHIOPIA II

Figure 4.5: Posterior distributions for mantle Tp, composition, crystallisation depth and
lithospheric thickness of the Boku Volcanic Complex, MER and Dabbahu Rift, Afar, using
an exponentially decaying active upwelling weighting function. Subfigures A and B show
the results of inverting from the projected Boku Tcrys (1426±26 ◦C), subfigures C and D
the mean of the highest olivine Tcrys (1339±22 ◦C), subfigures E and F the results from
projecting the Tcrys of the highest Fo olivines to Fo91 (1409±40 ◦C), subfigures G and
H the results from projecting the mean Tcrys of the highest Fo cluster to Fo91 (1590±33
◦C). Figure contents are as described in Figure 4.1. Literature data showing basalt rare-
earth element concentrations are illustrated as the grey areas in subfigures B, D, F, and H
(Ferguson et al., 2013b; Tadesse et al., 2019).

PM lherzolite median models can both match REE ratios and fall near the absolute REE

concentrations of basalts, although I do acknowledge that a trade-off is possible between

mantle depletion in all REEs relative to PM and the degree of fractionation from the

resultant primary mantle melt.

4.3.3 Passive vs active upwelling

As discussed in Section 4.2.3, I make use of a deep triangular melting geometry to

calculate melt thickness constraints and REE concentrations. While in Sections 4.3.1.1 and

4.3.2 a passive regime is utilised (via Equation 4.16), in this section I perform additional

inversions using Equations 4.17 and 4.18, with uniform prior distributions for µ and λ of

0–1 and 0–4 respectively.
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Inversions run with the active upwelling weighting function are illustrated in Figure 4.5.

The active upwelling Boku inversion (Figures 4.5A and B) return results for lithospheric

thickness, Tp and mantle composition almost identical to that of the passive model. The

best-fitting wavelength of the decay function is near zero; the model favoured by the

inversion is therefore that of the passive inversion. There is greater difference in the active

upwelling inversions for Dabbahu (Figures 4.5 C-H), as these inversions favour a greater

decay wavelength than that of Boku. While lithospheric thickness remains consistent

between the two models, there are differences in mantle lithological composition, which

trades off with the two coefficients of the upwelling function. Furthermore, the temperature

of the mantle is cooler in all three cases, as the pulse of melting at the base of the melting

column can contribute both trace elements and additional melt volumes without an increase

in Tp. Despite these differences, the wavelength of exponential decay continues to be very

small, suggesting that it only has a minor effect limited to the base of the melting column.

Finally, I note that there is a trade-off between the amplitude and wavelength of the

decay function, which adds an additional layer of uncertainty when determining the active

upwelling behaviour of the mantle. Taking all of these factors into account, I conclude

that the passive upwelling models are within mutual uncertainty of these active upwelling

models owing to the relatively low weighting factors selected by the inversions. I therefore

believe that the passive upwelling models selected in Section 4.3.1.1 are appropriate for

discussion without further consideration of active upwelling. Owing to the broad nature of

the sub-Afar thermal anomaly (e.g., Bastow et al., 2008; Hammond et al., 2013) relative

to narrow anomalies in the mantle underlying Hawaii, the conduit plume geometry of

Matthews et al. (2021) is not considered.

4.3.4 Inversions without Tcrys: are selected T primary
crys appropriate?

In this section the starting T primary
crys values for the inversion are considered again. While

the basalts selected as possible starting materials for both Boku and Dabbahu are only

saturated in olivine as predicted by Petrolog (Figure 3.6), and remain saturated only in

olivine by the time erupted basalt compositions are achieved, the possibility reamins that

the Petrolog input parameters are different to those modelled above. I cannot therefore

rule out the possibility that the choices of T primary
crys are appropriate.

I consider a top-down approach by running inversions in the absence of the Tcrys con-

straint to estimate the range of crystallisation temperatures expected if only the other
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Figure 4.6: Posterior distributions for Main Ethiopian Rift and Afar inversions without
a T primary

crys constraint. Inversions are passive upwelling (A and B) and active upwelling
(C and D) at Boku, and passive upwelling (E and F) and active upwelling (G and H) at
Dabbahu. The T primary

crys given in each figure is the mean and standard deviation of the
T primary
crys of the 40 sampled forward models depicted in each subfigure. Figure contents are

as described in Figure 4.1

constraints (tm and REE ratios) are considered. In this way my projected T primary
crys can

be compared to the maximum T primary
crys that inversion forward models may produce. The

results of the inversions are shown in Figure 4.6.

Boku inversions without a T primary
crys constraint are shown in Figures 4.6A-D. The passive

upwelling case is shown in Figures 4.6A and B, and shares a similar lithospheric thickness

and mantle potential temperature as Figure 4.1. Mean T primary
crys of 40 sampled forward

models (1412±34 ◦C) is similar to the petrologically estimated T primary
crys of 1426±26 ◦C

(Section 3.4.2.1), and T primary
crys of these models range from 1250 ◦C to 1433 ◦C. As the

maximum model T primary
crys and the mean T primary

crys are close in value, the majority of the

sampled forward models therefore return T primary
crys similar to the extrapolated petrological

T primary
crys , suggesting that it is a suitable value for maximum and possibly true T primary

crys .

The active upwelling model, shown in Figures 4.6C and D, favours a thin lithosphere and a

very cool mantle. All melt is produced by a short melting column near the LAB fuelled by a
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pulse of upwelling at the base of the column, which produces melts that crystallise at similar

temperatures to the initially recorded Tcrys of 1175±22 ◦C. While an argument could be

made for an anomalously low Tp using this figure, this is unlikely to be the case for several

reasons: 1. a cool mantle is at odds with observations of slow seismic velocities under the

Ethiopian Rift (Bastow et al., 2005), 2. the resultant trace element distributions fall above

the observed REE distribution and cannot match erupted lavas through fractionation, and

3. the projected mantle lithological composition is highly harzburgitic. It is therefore

unlikely that the T primary
crys and active upwelling case shown here are physically correct.

Dabbahu inversions for both passive and active upwelling mantles are presented in

Figures 4.6E-H, and agree considerably despite the exponential weighting imposed in the

latter case. T primary
crys of the 40 sampled passive forward models range from 1392–1546 ◦C

with a mean of 1454±39 ◦C, and are 1388–1526 ◦C and 1448±32 ◦C respectively for the 40

sampled active forward models. These ranges of T primary
crys is covered by my three selections

for T primary
crys in Section 3.4.2.2, with means within uncertainty of T primary

crys from projecting

from the highest Fo olivines (1409±40 ◦C). I therefore believe that from these inversions

and sampled forward models that my choices in T primary
crys are justified as constraints for

inversion.

4.4 Discussion

The Ethiopian mantle Tp of 1500–1550 ◦C suggested from the majority of inversions

are in good concordance with previous petrological and geophysical estimates (Rooney

et al., 2012c; Ferguson et al., 2013b; Armitage et al., 2015). These inversions, given

the constraints placed upon them, can replicate observed Tcrys, tm, and medium-heavy

REE distributions within this Tp range (Figures 4.1 and 4.3). Mantle Tp also appears to

be consistent within uncertainty throughout the overall Ethiopian rifting region, as the

calculated Tp for the MER (1496+31
−45

◦C) and Afar (1508+37
−33

◦C and 1565+49
−45

◦C) cannot

be differentiated with confidence despite the differences in their model priors. The same

conclusion is reached when considering alternative mantle compositions and active mantle

upwelling (Figure 4.4 and 4.5). Variability in magma generation between the northern

MER and central Afar is therefore likely to be driven solely by the depth of the LAB and

minor variations in source lithology.

The light REE data from Dabbahu, and to a lesser extent Boku, can be more closely
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Figure 4.7: Melt fraction as a function of pressure for Boku (A) and Dabbahu Rift (B and
C), calculated using PM lherzolite forward models with parameters dictated by inversion
posterior distribution medians. The Afar forward models use the inversion results for
the primary crystallisation temperature of 1339±22 ◦C (B) and 1409±40 ◦C (C). Melt
fractions are shown for lherzolite (dashed red line), pyroxenite (dotted blue line), and
the total mantle (solid black line). The solid green line and green shaded area show the
position of the posterior median lithosphere with 1σ uncertainty. The faded red and blue
lines represent the lherzolite and pyroxenite melting curves of 40 sampled forward models
respectively.

matched with a minor addition of small-fraction lithospheric melts to the modelled mantle-

derived magmas (Figure 4.3 and 4.2). This occurs despite including La/Yb as a constraint,

demonstrating that the inversion model parameters cannot combine to closely match all

constraints. The involvement of lithospheric materials in the petrogenesis of these magmas

is supported by observed deficits in K versus other geochemically similar elements in mag-

mas from the MER (Furman, 2007; Tadesse et al., 2019) and Afar (Ferguson et al., 2013b),

which can arise due to interactions with K-bearing phases in metasomatised lithospheric

mantle (Class and Goldstein, 1997). A detailed investigation of this process is beyond the

scope of this study, but could be investigated in future work.

My models predict that the lithological composition of the mantle under the MER

is primarily a mixture of lherzolite and non-melting harzburgite (Figure 4.1B), the pre-
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cise proportions of which depend on the fusibility and REE composition of the melting

lithologies selected for the inversions. A lower harzburgite proportion would be favoured

if mantle lherzolite is more depleted in light REEs than PM, as this could allow lower

degrees of lherzolite or pyroxenite melting to match observed REE distributions owing to

a reduced thermal buffering effect (see Section 4.3.2). Likewise, a high harzburgite pro-

portion could result from compensating for the productivity of the chosen lherzolite and

pyroxenite melting models (Matthews et al., 2016). In reality, trace element enrichment

does not necessarily correlate with lithology melt productivity, as assumed in this model.

In the MER, a more fusible mantle component is considered unnecessary to match REE

ratios and tm (Figure 4.1B), however, such a component is required in Afar, both to intro-

duce trace element enrichment to the melting mantle and to produce a garnet signature

at depth. As a further consequence, the permitted compositional range for Afar inversions

favour a mantle which is much less refractory than the MER. These mantle composition

solutions form linear trends in compositional ternary space (Figure 4.3B and D), which is

constrained by tm. Compositional enrichment in the mantle under Afar compared to the

MER could be linked to the positioning of the Afar plume, the centre of which is considered

closer to the Dabbahu Rift than Boku based on regional variations in basalt radiogenic

isotope ratios (Rooney et al., 2012a).

There is a notable contrast in the predicted thickness of the lithosphere between the

two localities. My MER inversion favours a LAB depth of ∼90 km (Figure 4.1A), in general

agreement with geophysical observations that mantle melting here occurs at depths >75

km (e.g., Gallacher et al., 2016). As the Afar inversions cannot match the La/Yb constraint

without the addition of lithospheric melts, a notable trade-off exists between LAB depth

and Tp. Afar LAB depths are predicted to be lower than the MER (50–70 km; Figures 4.3A,

C, E). For the lowest T primary
crys inversion this is notably less than that estimated by Ferguson

et al. (2013b) (>80 km), who used a single lithology peridotite melting model to match

observed REEs. While both my results and those of Ferguson et al. (2013b) argue for a deep

onset of melting beneath Afar due to an elevated mantle Tp, the continuation of melting

to shallower depths beneath a thinner lithospheric lid predicted by my model is necessary

to generate enough melt to match the central Afar tm of 13±2 km, which significantly

exceeds that of the MER (4.5±1.5 km). This is required even with the inclusion of a more

fusible and enriched component in the mantle source, which begins melting deeper than the

lherzolitic component (5–6 GPa; Figure 4.7). I note that this maximum pressure of melting
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is also broadly consistent with Rayleigh-wave tomography (Gallacher et al., 2016). The

lherzolite component begins melting at a lower pressure (3–4 GPa; Figure 4.7), by which

time nearly half of the available pyroxenite has melted despite the total mantle melt fraction

being only ∼3% or less (Figure 4.7). In this way, the constraints on my inversion (Tcrys,

La/Yb, Dy/Yb, and tm) can be matched by procuring the REE garnet signature at depth

through extensive melting of a fusible and enriched lithology in an elevated temperature

mantle before dilution of the garnet melting signature, and increasing melt volumes, via

shallower melting of less productive lithologies. Further enrichment in light REEs can

subsequently be achieved through minor lithospheric melting. <70 km LAB depths are

not necessarily unexpected for Afar as geophysical models have returned similar values

(Armitage et al., 2015). The difference in lithospheric thickness between the MER and

central Afar is consistent with the latter being at a more-evolved stage of rifting. However,

as proposed by Bastow and Keir (2011) and Ferguson et al., 2013b, significant lithospheric

thinning still appears to be necessary at the Dabbahu Rift before plate rupture and the

onset of true oceanic spreading.

Figure 4.8 compares the Tp values from my inversions to Tp from other locations that

have been determined using the same approach and melting models (Matthews et al., 2021).

The median Tp of the Ethiopian mantle is hotter than the Siqueiros MORB-source mantle

(1364±23 ◦C), and overlaps with the Tp posterior distributions of other plume-influenced

settings such as Iceland and Hawaii. The Ethiopian mantle under Afar is also expected

to have a greater proportion of a more enriched melting lithological component than the

MORB-source mantle, similar perhaps to that of Iceland (Matthews et al., 2016; Matthews

et al., 2021). To constrain this further, future work on primitive Ethiopian basalts, melt

inclusions, or xenoliths will be necessary to identify compositional variations in parental

basalts attributable to a lithologically hetereogenous source mantle (e.g., Shorttle et al.,

2014). Likewise, new information on the storage conditions of olivines at the Dabbahu

rift will contribute to a better estimate of T primary
crys , which will enable better constrained

estimates of mantle Tp.

4.5 Conclusions, part 2

Previous geophysical observations of the MER and Afar mantle suggest that mantle

temperatures are elevated, and melting in the rift occurs at depth. In the previous chapter,
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Figure 4.8: Violin plots of potential temperature determined through inversion of pyMelt.
All inversion results are obtained using PM lherzolite and a passive triangular model.
The Afar temperature distributions are the inversion results for primary crystallisation
temperature of 1339±22 ◦C and 1409±40 ◦C. Bars within violin plots show 95% confidence
interval, and markers display medians. Potential temperature posterior distributions for
MORB, Iceland, Hawaii and the Karoo LIP are inversion results from Matthews et al.
(2021).

I extrapolated Tcrys from low Fo olivines, obtained through olivine-spinel Al-exchange ther-

mometry, to T primary
crys at which olivines in equilibrium with mantle-derived melts are likely

to crystallise. These T primary
crys , when combined with a model of mantle melting and ob-

served basalt REE concentrations, form the basis for inversion of mantle temperature and

lithology. These models reproduce observed crystallisation temperatures and REE concen-

trations with elevated mantle temperatures that are consistent across Ethiopia (1496+31
−45

◦C at Boku; 1508+37
−33

◦C and 1565+49
−45

◦C at Afar depending on T primary
crys ).

The primary differences between the two rift locations are lithospheric thickness and

possibly mantle composition. Lithospheric thickness is estimated to be ∼90 km at the MER

but ≤70 km at Afar. The primary observed consequence of this lithospheric thinning is

the thicknesses of intruded melt present at these two locations, and can be attributed to

a more evolved rift system in Afar. Compositionally, the MER mantle is predicted to
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contain a lower fraction of more enriched lithologies than the Afar mantle (Figures 4.1

and 4.3). Garnet signatures observed in REE distributions from rift basalts from both

these localities are expected to be influenced by melting of enriched lithologies at depth,

with small-fraction lithospheric melts possibly contributing to light REE concentrations

as asthenospheric melts leave the convecting mantle. The presence of more enriched as-

thenospheric lithological signatures under Dabbahu relative to the MER can possibly be

attributed to the positioning of a large-scale plume centred on Afar (Rooney et al., 2012a).

This compositional difference also contributes to the differences in melt thickness between

the two locations. My results demonstrate that, while elevated relative to mid-ocean ridges,

there are no significant mantle temperature variations across the rifting Ethiopian man-

tle and that variability in rift-related melt generation between the northern MER and in

central Afar can be attributed to differences in mantle composition and rift geodynamics.
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Chapter 5

Petrological evidence for focussed

mid-crustal intrusion in the Main

Ethiopian Rift

5.1 Introduction

Evidence from active continental rifts and passive margins suggests that continental

break-up often involves intrusion of substantial volumes of magma into the rifting crust

(see Section 1.2.2). These magmas can accommodate extension via dyke intrusion and,

depending on their distribution in space and time, may alter the thermo-mechanical struc-

ture of the crust (e.g., Buck, 2006; Daniels et al., 2014; Lavecchia et al., 2016; Muluneh

et al., 2020). Although the syn-rift interplay between magmatism and tectonics is a key

ingredient in facilitating continental break-up (e.g., Thybo and Nielsen, 2009; Bastow and

Keir, 2011), direct observational constraints on the depths of intruding basaltic magmas in

active rifts are lacking. Determining where and how intruded melts accumulate during rift

development is crucial for understanding how mantle-derived melts may affect the rheology

and density structure of the crust (Buck, 2006; Daniels et al., 2014), altering its response

to far-field extensional stresses.

The Main Ethiopian Rift (MER) provides a suitable natural laboratory to examine this

interplay between rift geodynamics and magmatic intrusion. As outlined in Section 1.2.1,

significant magma intrusion has occurred in the MER lithosphere, focussed under distinct

∼20 km-wide magmatic-tectonic segments (e.g., Bastow et al., 2011, see also Figure 1.4),
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where as much as half of the crustal volume may comprise new igneous material (Maguire et

al., 2006; Daniels et al., 2014). The compositional and thermal effects of magma intrusion

may modify the response of the Ethiopian crust to extension, determining where and how

strain is localised as rifting proceeds (e.g., Bastow and Keir, 2011; Lavecchia et al., 2016).

Furthermore, degassing of these intruded melts during and after emplacement contributes

to the significant diffuse CO2 fluxes measured in the MER (Hunt et al., 2017), which

contribute extensively to total volcanic CO2 outgassing both at the present day (e.g., Lee

et al., 2016), and through geological time (Brune et al., 2017; Wong et al., 2019).

In this chapter I aim to resolve the nature of basaltic melt storage in the Main Ethiopian

Rift through the study of olivine-hosted silicate melt inclusions. Through careful compo-

sitional analysis of these melt inclusions I can use geochemical clues preserved as major

element, trace element, and volatile element compositions to understand more about how

and where intruded basaltic melts are stored in the rift crust of the northern MER.

5.1.1 Olivine-hosted silicate melt inclusions

Melt inclusions are small droplets of magmatic melt trapped within growing crystals

(see Wallace et al., 2021; Rose-Koga et al., 2021, for complete reviews). As they are as-

sumed to sample the magma composition at the time of crystal growth, melt inclusions can

provide key geochemical information concerning the spatial, temporal, and compositional

evolution of magmas. The preserved major element, trace element, and volatile element

concentrations of melt inclusions in crystals are therefore highly sought-after data by geo-

scientists looking to understand more about the geochemical history and evolution of both

mantle-derived melts and melts derived from crustal anatexis.

A key feature of melt inclusions entrapped at depth are their considerable concentration

of volatile elements, such as H2O, CO2, SO2, and halides. The solubility of volatiles in

a silicate melt is strongly dependent on pressure, major element composition, and melt

temperature; CO2 in particular has a limited solubility in basaltic melts, especially when

compared to other volatile species such as H2O (e.g., Dixon et al., 1995). CO2 saturates

in basaltic melts at crustal depths, resulting in the passive loss of CO2 from melts in

the crust prior to final melt ascent and eruption. These exsolved melts may either degas

diffusely if pathways to the Earth’s surface are available (e.g., Lee et al., 2016; Tamburello

et al., 2018), or form a vapour-rich cap at the top of the magma reservoir if escape is limited

(e.g., Iddon and Edmonds, 2020). Erupted lavas are almost completely degassed in volatile
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elements. The strong dependence of volatile concentration on pressure can therefore be

used to assess the saturation pressures of stored crustal melts where crystallisation and

co-occurring inclusion entrapment can occur.

Olivine is one of the first phases to crystallise from a mantle-derived melt. Silicate

melt inclusions hosted within olivine crystals can therefore provide key information on the

magmatic processes occurring within mafic systems which are fed by mantle-derived melts.

In particular, geochemical details recorded by primitive or even parental melt compositions

may be preserved. As a result, the interrogation of magmatic processes not recorded by

erupted lavas can be studied, including the preservation of mantle heterogeneity (e.g.,

Shorttle et al., 2014), fractionation and mixing trends of evolving basalts (e.g., Sides et al.,

2014a), the degassing histories of emplaced melts within the crust (e.g., Hartley et al.,

2014; Taracsák et al., 2019), and the influence of melt composition on eruption style (e.g.,

Sides et al., 2014b). By considering olivine-hosted melt inclusions from the MER, the

nature of similar magmatic processes to those listed above can be explored.

5.1.2 Melt inclusion shrinkage bubbles

Further complicating the analysis of melt inclusions is the common presence of the melt

inclusion shrinkage bubble. Bubbles form in a melt inclusion when pressure decreases after

entrapment (Maclennan, 2017). This can result from several processes (Wallace et al.,

2021):

• Melt inclusion post-entrapment crystallisation results in a decrease in the volume of

the combined olivine-melt inclusion system. Melt has a lower density than olivine,

and during PEC the volume change results in a corresponding pressure change. The

resultant vapour phase in the melt inclusion takes the form of a bubble. Saturated

volatiles in the melt inclusion will continue sequestering into the bubble as volatile sol-

ubility decreases with progressive cooling and decompression (e.g., Danyushevsky et

al., 2002). Melt inclusion composition can also change as a result of post-entrapment

crystallisation, again resulting in a change in the solubility of CO2 in the melt phase.

• Cooling of the olivine-melt inclusion system in the absence of post-entrapment crys-

tallisation results in a thermally driven volume decrease; as melt has a greater thermal

expansion coefficient, it will contract more than the host olivine, resulting in the for-

mation of a vacancy which takes the form of the bubble. Final cooling of the melt
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inclusion during the eruption ascent can result in additional bubble expansion.

• Water diffusion in olivine is thought to be rapid, and the diffusive re-equilibration

of H+ from the melt inclusion into the carrier fluid via the host olivine can increase

bubble size by changing the internal pressure of the inclusion (Bucholz et al., 2013).

These processes all combine to drive CO2 from the melt inclusion into the bubble owing

to the low solubility of CO2 in basaltic melts. Determining the volatile saturation pressures

of melt inclusions from CO2-H2O systematics using the inclusion glass only will therefore

provide significantly underestimated results of the overall CO2 within the inclusion (Aster

et al., 2016). To determine the true value of CO2 concentration originally entrapped within

the inclusion, CO2 in both the glass and the bubble must be accounted for.

A method of determining sequestered CO2 in melt inclusions must therefore be ap-

plied in order to accurately gauge crystallisation pressures. As the melt inclusions in this

study consist only of glass and a vapour bubble, I use Raman spectroscopy to obtain an

independent measurement of the CO2 in the bubble (Section 2.4). Raman spectroscopy is

often favoured in lieu of melt inclusion rehomogenisation processes as analyses are compar-

atively rapid and the melt inclusion composition is not modified during analysis; however,

carbon-bearing phases formed on bubble-melt interfaces during bubble development, such

as carbonate, may themselves sequester CO2 from the bubble, which cannot themselves

be analysed by Raman (Rasmussen et al., 2020; DeVitre et al., 2021a). This will re-

move observable CO2 from the bubble-inclusion system, resulting in underestimated CO2

concentrations. Furthermore, Raman necessitates the requirement for accurate volumet-

ric determinations, which are often difficult in the absence of the appropriate analytical

facilities, and costly and time-consuming when such facilities are available (e.g., X-ray to-

mography, Pamukcu et al., 2015). Raman analyses and data processing must therefore be

performed with care in order to appropriately assess uncertainties.

Past applications of Raman spectroscopy to study melt inclusion bubbles have con-

firmed that bubbles may contain a significant proportion (as much as 90 %) of the CO2

initially present in the melt (Hartley et al., 2014; Taracsák et al., 2019). However, such

studies often apply literature densimeters, which can vary significantly between different

parameterisations; this arises as each Raman machine must be individually calibrated for

its own densimeter line (Lamadrid et al., 2017). The bubble CO2 densities predicted by

previous studies may therefore deviate substantially from the densities that bubbles may
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be able to entrap, even in the face of possible inclusion decrepitation (Maclennan, 2017). In

summary, in order to gauge the total CO2 entrapped in a melt inclusion that has a vapour

bubble present, the CO2 of the bubble must be assessed with a calibrated densimeter, and

the physical dimensions of the inclusion and bubble characterised.

5.2 Samples and methods

The samples selected for this study are olivine crystals from cones A76 (locality ref-

erence KW-MER19-76-0m) and A81 (locality reference KW-MER19-81-0m) in the Boku

Volcanic Complex. These olivines are selected as they host glassy melt inclusions, i.e.,

melt inclusions that have been quenched and have not started to crystallise. While olivine-

hosted melt inclusions are also observed in Abaya Lake and Ziway Lake scoriae (see Di

Rienzo, 2019, concerning Abaya Lake), unlike those from Boku they are almost completely

crystalline, and are therefore not suitable for this study.

Glassy melt inclusions are common within olivine crystals collected from Boku, al-

though small (mostly ≤ 60µm; Figure 2.7). Bubbles are present in the majority of ob-

served melt inclusions, with several melt inclusions often hosting multiple bubbles within

one inclusion. Olivine crystals, hosting 77 melt inclusions containing a single bubble only,

were mounted onto glass slides using CrystalBondTM and prepared for Raman analyses as

described in Section 2.2. Raman spectroscopy was performed under the conditions outlined

in Section 2.4. Subsequent preparation to produce epoxy mounts of melt inclusion-bearing

olivine crystals were performed as described in Section 2.2.

40 melt inclusions overall, of which 18 were analysed by Raman spectroscopy, were

analysed by SIMS (Section 2.5). After SIMS analyses the gold coat was removed by

polishing each epoxy block with 0.25 µm grade diamond paste for 2 minutes, and a carbon

coat was applied for EPMA, which were performed at LEMAS, University of Leeds (Section

2.6). Analytical conditions for olivine hosts and glass inclusions and carrier liquids are

outlined in Tables 2.4 and 2.1 respectively. Two analytical periods for carrier glasses were

performed; early analyses were performed as part of the preliminary analysis in May 2019

on a number of different Boku cone carrier liquids (locality references KW-MER19-76, -80,

-81, and -82), while later analyses on A76 and A81 carrier liquids were performed during

the same analytical period as the melt inclusions (July 2021). Where possible repeat point

analyses were performed on single melt inclusions, although this was limited by the size of
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the inclusion.

In addition to host olivine, melt inclusion, and carrier glass analyses, whole rock samples

from a number of cones within the Boku region were analysed for major elements using XRF

(Section 2.7) and trace elements via ICP-MS (Section 2.9). The combined data from these

multiple geochemical analyses therefore provides an extensive dataset for MER basaltic

materials, which are used in full for this study. Accuracy and precision from secondary

standards for all analytical methods used in this study are provided in Appendix A.3.

5.2.1 Post-entrapment crystallisation corrections

After entrapment, melt inclusions will begin crystallising along the walls of the host

crystal; this process is termed post-entrapment crystallisation (PEC). In olivine, this pro-

cess results in the removal of Fe and Mg from the inclusion glass, while simultaneously

raising the concentration of elements incompatible in olivine, such as Al, Ca, and the rare-

earth elements (REEs). In addition, the diffusion of Fe between the inclusion, olivine host,

and to some extent the carrier liquid will result in the loss of Fe from the inclusion. As

a result, melt inclusions are typically in disequilibrium with their olivine hosts, and are

geochemically more evolved (Wallace et al., 2021). In order to estimate the composition

of melt inclusions prior to PEC, corrections must be applied.

Melt inclusion post-entrapment crystallisation and Fe-loss was corrected for using

Petrolog3 (Danyushevsky and Plechov, 2011), as described in full detail within Section

2.10. Initial FeOt was set at 12.69 wt%, which is the mean FeOt of carrier glasses from

Boku as determined by EPMA (see Appendix A.3). The olivine-melt model selected was

Danyushevsky (2001), and the FMQ buffer was chosen for the oxidation state (Gleeson et

al., 2017). Inclusions were corrected individually via importation of a bulk file containing

melt inclusion compositions and host olivine Fo.

5.2.2 Melt fractionation models

Liquid lines of descent for major elements were predicted from primitive basaltic com-

positions using Rhyolite-MELTS v1.2.0 (Gualda et al., 2012). Models were run at an

oxygen fugacity of FMQ, which is characteristic of MER basalts (e.g., Gleeson et al., 2017;

Nicotra et al., 2021), starting at 1300 ◦C and cooling to 1000 ◦C. Isobaric fractionation

at 3 kbar was selected based on the pressures obtained from VESIcal for melt inclusions

for which total CO2 was determined (see results in Section 5.3.2). Model differences aris-
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ing from varying oxygen fugacity between FMQ-2 and FMQ+1 and pressure between 2–4

kbar were minor, and are therefore not considered further. Trace element partitioning was

modelled using the Rayleigh fractionation equation:

Ci = C0,i · F (D̄i−1) (5.1)

Where C0,i is the original concentration of an element i, F is the melt fraction, and

D̄i is the bulk mineral-melt distribution coefficient for that element. Melt fraction and

mass proportions of olivine, clinopyroxene and plagioclase feldspar were determined from

Rhyolite-MELTS outputs; other mineral fractions were typically <5 wt% and hence were

not considered. Mineral-melt distribution coefficients were collated from Neave et al. (2012)

and Iddon and Edmonds (2020), and, other than Ba and Sr in plagioclase, were assumed

to be constant. Distribution coefficients for Ba and Sr in plagioclase were calculated using

the temperature-dependent partitioning of Blundy and Wood (1991):

RT ln(DSr) = 26800− 26700 ·XAn and RTln(DBa) = 10200− 38200 ·XAn (5.2)

where XAn is the molar fraction of anorthite in plagioclase (An=Ca/(Ca+Na+K)), T

is temperature, and R = 8.3145 J mol−1 K−1 is the gas constant. XAn is determined using

the Rhyolite-MELTS output for plagioclase composition.

5.3 Results

5.3.1 CO2 densities of shrinkage bubbles through Raman spectroscopy

All 77 melt inclusion shrinkage bubbles analysed by Raman spectroscopy returned a

Fermi diad diagnostic of the presence of detectable CO2 vapour (Appendix A.3). Bubble

CO2 densities range from 0.12 to 0.27 g cm−3, with a mean density of 0.19 g cm−3 (Figure

5.1), all in excess of the expected detection limit for the Raman machine used (0.02 g

cm−3; Wieser et al., 2021). The Raman-analysed vapour bubbles constitute 0.09 to 2.85

vol% of the melt inclusion (Figure 5.2), and are similar in vol% to bubbles from Iceland

(Hartley et al., 2014). As shown in Figure 5.1 there are no clear correlations between bub-

ble density and estimated melt inclusion volume (Figure 5.1A), estimated bubble volume

(Figure 5.1B), or bubble volume proportion of the melt inclusion (Figure 5.1C). Further-
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Figure 5.1: Bubble CO2 density plotted against A. volume of melt inclusions, B. volume
of shrinkage bubbles, C. bubble volume percentage of melt inclusions. D. Histogram of
bubble CO2 density.

Figure 5.2: Bubble volume plotted against melt inclusion volume.
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Figure 5.3: A. Raman spectra from this study with and without a carbonate peak at ∼1090
cm−1. The region of the olivine peaks and Fermi diad are shown as the dashed and dotted
regions respectively. B. Zoom inset on black rectangle in subfigure A.

more, in the samples where SIMS and subsequent EPMA has been performed, there is

no correlation between bubble volume proportion and PEC as observed in melt inclusions

from Hawaii (Wieser et al., 2021). No difference in bubble densities or melt inclusion and

bubble dimensions were observed between the two cones sampled in this study (Figure

5.1D).

∼15 % of the shrinkage bubble Raman spectra contain a noticeable carbonate signature

(∼1090 cm−1; Moore et al., 2015; DeVitre et al., 2021b, Figure 5.3). Only one bubble had

a strong Raman carbonate signal, whereas the majority of carbonate signals observed

were comparatively weak (as demonstrated in Figure 5.3); the presence of carbonate in

MER melt inclusion shrinkage bubbles is therefore believed to be fairly uncommon, and

concentrations of carbonate are low when present. Owing to the overlap in CO2 densities

between bubbles that do and do not return a carbonate signature, I believe that the effect

of sequestration of CO2 within carbonate is within uncertainty of the Raman analysis.

148



CHAPTER 5. FOCUSSED MID-CRUSTAL INTRUSION

Figure 5.4: A. CO2 and B. H2O concentrations of MER melt inclusions plotted against
volatile saturation pressures calculated using the MagmaSat volatile solubility model
(Ghiorso and Gualda, 2015).

5.3.2 Volatile concentrations and solubility modelling

CO2 concentrations in melt inclusion glass only as determined by SIMS range from

35–5770 ppm (Appendix A.3). Melt inclusions with CO2 measurements in both the glass

and vapour bubble have total CO2 contents of 1895–3248 ppm, with 15–46% of the CO2

residing within the bubble. H2O concentrations show less variability: discounting the three

melt inclusions that have clearly degassed (containing ≤0.4 wt% H2O), inclusions have a

mean H2O concentration of 1.1±0.2 wt% (Figure 5.4). H2O does not correlate with Ce,

an element of similar mantle-melt compatibility to H2O, suggesting that the original melt

inclusion H2O has not been altered post entrapment. The average H2O/Ce of 264±42 for

melt inclusions that have not degassed H2O is in good agreement with mid-ocean ridge

H2O/Ce (245pm12, Le Voyer et al., 2017).

Volatile element concentrations, considered alongside the major element composition

of melt inclusions, form the basis of volatile saturation barometry. To determine volatile

saturation pressures, the open-source Python 3 library VESIcal is used, which is a pythonic

wrapper for multiple established CO2-H2O solubility models in both basaltic and rhyolitic

magmas (Iacovino et al., 2021; Wieser et al., 2022a). VESIcal models were run at a

temperature of 1200 ◦C (Gleeson et al., 2017; Iddon et al., 2019, see also Chapter 3) for
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Figure 5.5: Cumulative distribution functions of entrapment pressures from different basalt
CO2-H2O solubility models. The shaded region shows the error on MagmaSat entrapment
pressures resulting from uncertainty in estimating bubble proportions from 2D images
(Tucker et al., 2019).

all PEC-corrected melt inclusions in this study. VESIcal was also run for the basaltic

melt inclusions in (Iddon and Edmonds, 2020) from MER volcanic centres and off-axis

fields, assuming that PEC correction for this dataset was not necessary owing to the low

reported PEC (<5 %) – this assumption is necessary in the absence of PEC corrections

reported by Iddon and Edmonds. Temperature differences of ±30 ◦C had a negligible

effect on saturation pressure, with the corresponding change in pressure being ≤50 bar,

or ∼0.2 km assuming crustal density of 2.7 g cm−3. Likewise, changing the initial FeOt

by 1.5 wt% during PEC corrections affects MagmaSat pressures by a mean of 8±4 %,

which does not significantly influence the results of this study. Uncertainties for volatile

saturation pressure in melt inclusions that had been analysed by Raman were determined

using minimum and maximum CO2 expected from 1σ melt inclusion volume uncertainty,

which is the most significant uncertainty in my analyses.

I select the thermodynamic MagmaSat volatile saturation model, which accounts for

non-ideal mixing in CO2-H2O systems (Ghiorso and Gualda, 2015). As shown in Figure

5.4, the primary control on determining saturation pressures for my melt inclusions using

MagmaSat is CO2 concentration; H2O in my basaltic melt inclusions remains constant at
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Table 5.1: Kolmogorov-Smirnov statistics and p-values (in brackets) for different solubility
models applied to my melt inclusions. Abbreviations are as follows: I.-M.: Iacono-Marziano
et al. (2012); Allison-E: Allison et al. (2019) Etna model; Allison-S: Allison et al. (2019)
Sunset Crater model.

K-S stat. (p) MagmaSat Dixon I.-M. Shishkina Allison-E
Dixon 0.33 (0.03) - - - -
Iacono-Marziano 0.15 (0.77) 0.25 (0.16) - - -
Shishkina 0.18 (0.58) 0.40 (3·10−3) 0.23 (0.27) - -
Allison-E 0.40 (3·10−3) 0.23 (0.27) 0.38 (6·10−3) 0.55 (7·10−6) -
Allison-S 0.08 (1.00) 0.33 (0.03) 0.18 (0.58) 0.15 (0.77) 0.40 (3·10−3)

1.1±0.2 wt% up to ∼2 kbar, at which point H2O is lost from the basalt. Other saturation

models have been calibrated for the composition and pressure ranges which my basaltic

melt inclusion samples occupy, which can be compared to MagmaSat easily using the

VESIcal library. Figure 5.5 shows a comparison of MagmaSat to other basalt saturation

models which are calibrated for the melt inclusion compositional range of this study (Dixon,

1997, implemented via the simplification VolatileCalc of Newman and Lowenstern, 2002;

Shishkina et al., 2010; Iacono-Marziano et al., 2012; Allison et al., 2019). Both the Etna

and Sunset Crater models of Allison et al. (2019) are selected in this comparison owing

to the broad calibration range of the former and the similarity in composition to my

samples of the latter. For the majority of my melt inclusions the difference between a

selected model and MagmaSat is typically less than 500 bars (∼2 km; see Figure 5.5).

Kolmogotov-Smirnov statistics and p-values are presented in Table 5.1.

Entrapment pressures for melt inclusions calculated using MagmaSat and the models

of Shishkina et al. (2010), Iacono-Marziano et al. (2012) and the Sunset Crater model of

Allison et al. (2019) are statistically indistinguishable using Kolmogotov-Smirnov statistics

at p =0.05 (Table 5.1). Owing to the compositional difference between my samples and the

Etna basalt, the Allison et al. (2019) Etna model substantially underestimates pressures

relative to other models (p <0.05 for all models except for Dixon, 1997; Table 5.1). My

samples fall on the North Arch Glasses regression line used to calibrate the ideal mixing

model of Dixon (1997) (and by extension the VolatileCalc model implemented in VESIcal

Newman and Lowenstern, 2002), and are therefore compositionally suitable for this solu-

bility model. However, it has previously been suggested that this model is appropriate only

for low H2O and CO2 contents and therefore low pressures (<1000 bar Iacono-Marziano

et al., 2012). As the majority of my melt inclusions are likely to be entrapped at mid-

crustal depths, the model of Dixon (1997) is unlikely to be suitable for this work. The
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Figure 5.6: A. Volatile CO2-H2O saturation pressures of olivine-hosted melt inclusions from
the MER, plotted against inclusion olivine host Fo (Equation 3.4). MagmaSat pressure
calculations were performed at a temperature of 1200 ◦C (Gleeson et al., 2017; Iddon et
al., 2019, see also Chapter 3). Melt inclusions are categorised on which components are
analysed. Physical dimensions of vapour bubbles within inclusions that are analysed only
for glass composition can be used to estimate maximum CO2 if bubble CO2 density is well
characterised (green diamonds); this is performed assuming a density of 0.21 g cm−3 (see
Section 5.3.3). B. Kernel density probability density curves of melt inclusion sample sets.
‘All Boku melt inclusions’ includes melt inclusion pressures determined without known
total CO2; ‘All Main Ethiopian Rift melt inclusions’ includes the reassessed pressures of
Iddon and Edmonds (2020) (I&E20) which are determined using the same methods as
Boku melt inclusions.

differences between MagmaSat and the other empirical models of volatile saturation are

statistically insignificant and my samples are expected to have fractionated within their

calibrated temperature and pressure ranges (Figure 5.5). These other models typically fall

within the uncertainty envelope of melt inclusion and bubble volumes. I therefore favor

the fully thermodynamic parameterisation of MagmaSat over the other empirical models.

Saturation pressures of melt inclusions assessed for total CO2 contents, calculated using

MagmaSat via VESIcal, vary over a relatively narrow pressure range from 2.5–4.5 kbar

(Figure 5.6). In the MER these pressures correspond to depths of ∼10–15 km (assuming a

crustal density of 2.7 g cm−3), among the deepest recorded volatile saturation depths for

continental rift magmas. Pressures recorded by melt inclusions without bubbles overlap

partially with those that do have analysed bubbles; however, the average CO2 concentration

and therefore pressure of inclusions without a bubble (1832±1338 ppm CO2; 2.3±1.4 kbar)

is typically lower than those with a bubble (2536±398 ppm CO2; 3.3±0.5 kbar). Two melt

inclusions for which only inclusion glass CO2 is known record higher pressures in excess of
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Figure 5.7: Olivine post-entrapment crystallisation of analysed melt inclusions plotted
against A. bubble volume, and B. bubble volume as a proportion of the melt inclusion
volume.

5 kbar (∼20 km). Overall, these barometric results show a relatively limited distribution

of magma storage depths with a narrowly focussed zone of intrusion centered at ∼12 km

depth, coincident with the seismically imaged boundary between the upper and lower crust

(Maguire et al., 2006).

5.3.3 Corrections for empty bubbles

Although 77 melt inclusion shrinkage bubbles were analysed by Raman spectroscopy,

a significant number could not be analysed by SIMS owing to their small size. The melt

inclusions considered in the main text of this study are therefore a mixture of samples that

have been analysed by Raman and others which were not, but were selected owing to their

size. Several melt inclusions therefore have shrinkage bubbles that were not analysed by

Raman prior to SIMS. Where an unanalysed shrinkage bubble is present CO2 contents are

assumed to be minima. However, total CO2 from these melt inclusions can be estimated

using the distribution of densities determined through the Raman spectroscopy of the 76

bubbles in the Raman dataset. By considering this distribution, empty bubble corrections

are performed assuming that bubbles have CO2 densities of 0.21 g cm−3. This density falls

near the mean of all melt inclusion vapour bubbles (0.18 g cm−3), and could correspond to

the maximum possible CO2 vapour density below the critical point (DeVitre et al., 2022).
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I apply this maximum density with post-rupture measurements of the bubble to estimate

total melt inclusion CO2.

Nine melt inclusions are corrected in this manner. Seven inclusions have maximum

pressures within the range 2.5–4.5 kbar (8-18 km), in agreement with melt inclusions which

do have analysed vapour bubbles. The remaining two melt inclusions, already recording the

highest CO2 in the dataset from glass analyses only, return maximum possible pressures

nearing 10 kbar if bubble CO2 is estimated, i.e., under the MER crust and within the

lithospheric mantle. For these two melt inclusions the bubble constitutes 6.5 vol% of the

overall melt inclusion volume and make up more than twice the volume percentage of all

other melt inclusion shrinkage bubbles (Figure 5.7). These samples may have significantly

degassed, and may have been derived from deepest parts of the sub-rift magmatic system;

these inclusions may also have co-entrapped magmatic bubbles and may not be suitable for

estimating saturation pressures (e.g., Tucker et al., 2019). Tucker et al. (2019) note that

one cannot differentiate between ensnared magmatic vapour bubbles and shrinkage bubbles

that form after inclusion formation; in this study I err on the side of caution and do not

estimate the pressures of these inclusion while additionally considering their unanalysed

bubbles owing to their anomalous size relative to other bubbles.

5.3.4 Melt inclusion glass geochemistry

Melt inclusion major element geochemistry before correction for post-entrapment crys-

tallisation is shown in Figure 5.8 alongside carrier glass analyses. There is significant over-

lap between melt inclusion major element compositions and those of the carrier glasses;

both melt inclusions and carrier glasses from cones A76 and A81 overlap and show no

obvious distinction in any geochemical constituent. Melt inclusions are typically higher

in Al2O3 than the carrier melt, reflecting the fractionation of plagioclase feldspar from

the melt which has occurred after inclusion entrapment, and/or post-entrapment crystalli-

sation of the inclusion which removes MgO and FeO from the inclusion major element

composition and comparatively raises the concentration of all other major elements. The

majority of olivines hosting melt inclusions plot above the equilibrium line of the lower-right

subfigure of Figure 5.8 (assuming KD = 0.30±0.03 Roeder and Emslie, 1970); these inclu-

sions therefore record melt compositions after the removal of olivine via post-entrapment

crystallisation.

After post-entrapment crystallisation corrections, the major element composition of
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Figure 5.8: Melt inclusion major element geochemistry before post-entrapment crystalli-
sation corrections. Carrier glass compositions are shown as the faded squares. Mg# is
calculated as Mg/(Mg+Fe2+), assuming 90 % of Fe is Fe2+. Fo is calculated as shown in
Equation 3.4. KD is chosen as 0.30±0.03 following Equation 2.7 after (Roeder and Emslie,
1970).

intruded melts overlap with whole-rock compositions of erupted lavas (see Appendix A.3;

Tadesse et al., 2019; Nicotra et al., 2021). Incompatible trace element concentrations

vary considerably in both melt inclusions and lavas, which could result from fractional

crystallisation of distinct parental melts and/or mixing between variably fractionated melts

with distinct origins (Figure 5.9A, B). Both of these processes can result in a wide spread of

melt trace element compositions, as observed in other melt inclusion datasets (e.g., Shorttle

et al., 2014; Taracsák et al., 2019). Greater primary compositional variability is preserved

in the melt inclusions over the whole rocks, evidenced by variations in trace element ratios

that are not significantly affected by fractionation, e.g., La/Yb, Dy/Yb (Figure 5.9C, D).

This suggests that the melts entrapped by melt inclusions are of greater compositional

variety than erupted lavas.
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Figure 5.9: A-D. Melt inclusion and whole rock trace element and trace element ratios
plotted against MgO (this study; Tadesse et al., 2019; Nicotra et al., 2021). Liquid lines
of descent with crosses denoting 10 % fractionation intervals are determined from the
three most primitive melt inclusion compositions using Rhyolite-MELTS (Gualda et al.,
2012), assuming Rayleigh fractionation with the partition coefficients collated by Iddon
and Edmonds (2020). E. Olivine-hosted melt inclusion CO2 plotted against Ba; primary
CO2/Ba of mid-ocean ridge basalt (Le Voyer et al., 2018). Basaltic olivine-hosted melt
inclusions of Iddon and Edmonds (2020) are included as the faded white squares.

5.4 Discussion

5.4.1 Mid-crustal sill complexes in the Main Ethiopian Rift

The heterogeneous trace element compositions recorded by melt inclusions relative to

whole-rock basalts suggest that basalts of multiple different compositions are present in

the rift crust at the same time (Figure 5.9). Physical interactions between intrusive bodies

therefore appears to be limited, which implies that intruded magmas reside in a series of

discrete sills emplaced at a common depth. The slightly lower degree of compositional

diversity observed in erupted lavas (Figure 5.9C, D), even at higher MgO, suggests that

some mixing does occur prior to eruption and that dyke intrusion into the upper crust

may involve partially homogenised melts sourced from multiple mid-crustal sills. Erupted

melts extend to lower MgO than those in the melt inclusions and pre-eruptive mixing and

homogenisation may therefore occur during a final stage of differentiation within upper

crustal magma bodies. Mixing in the final moments before eruption may be triggered
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by downward-propagating seismic activity, which can disturb and mix vertically stacked

sills (as observed in Iceland Tarasewicz et al., 2012). Initial compositional variability in

magmas may be due to the presence of multiple parental mantle-derived melts within the

MER crust, derived from melting multiple source lithologies (e.g., Shorttle and Maclennan,

2011; Shorttle et al., 2014, see also Chapters 3 and 4) and/or unmixed fractional melts

of the mantle which can also result in multiple melt compositions from a single melting

mantle source (e.g., Gurenko and Chaussidon, 1995).

The presence of melts intruded as mid-crustal sill complexes is strongly supported by

geophysical observations of the present-day MER crust. Focusing of ascending basaltic

melts at this depth range can, to a first order, be attributed to MER crustal density struc-

ture as the mean density of the lower crust exceeds that of the melt inclusions (calculated

with DensityX; Iacovino and Till, 2019; cf. Cornwell et al., 2006). Driven by density differ-

ences, basaltic melts will rise to mid-crustal depths before they achieve neutral buoyancy

and subsequently stall and crystallise. Strong horizontal radial seismic anisotropy observed

in the MER at these mid-crustal depths is consistent with the presence of sills (Chambers

et al., 2021). Low seismic moment earthquakes in northern MER magmatic segments are

distributed within a narrow depth band between 8–16 km and are triggered by movement

or emplacement of mid-crustal melts (Keir et al., 2006a; Daly et al., 2008). High-Vp/Vs

and high-density bodies are present at these depths under Boku and other segments (Ker-

anen et al., 2004; Cornwell et al., 2006; Daly et al., 2008), as are high-conductivity crustal

anomalies (Whaler and Hautot, 2006). Numerical models suggest that the 10–15 km depth

range coincides with the weakest part of the Ethiopian crust, which is sandwiched between

two strong brittle layers in the upper and mid-lower crust (Muluneh et al., 2020). This

weak, ductile mid-crust may therefore be subjected to localised crustal strain accommoda-

tion, which facilitates more intrusion and subsequent thermo-mechanical weakening of the

rifting crust. The strong brittle crust above this ductile zone prevents further ascent of the

buoyant melt, which can only progress to the surface through the breaking of dyke-induced

faults (e.g., Rooney et al., 2011).

The lack of evidence for significant melt storage within the upper crust in my dataset

contrasts with the depth-distributions for magma storage obtained from suites of melt

inclusions collected at large caldera-forming volcanic centers found along the MER (Iddon

and Edmonds, 2020). Under these silicic centers, melt storage appears to extend upwards

into the upper crust, where evolved magmas are generated via low pressure fractionation
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(Iddon and Edmonds, 2020). Notably, the maximum storage depths under MER caldera

complexes identified from melt inclusions (Iddon and Edmonds, 2020) and from barometry

of xenoliths (Rooney et al., 2005) and clinopyroxenes (Iddon et al., 2019) coincides with

the 10–15 km depth range seen in this dataset. This depth range may therefore be the

locus of initial basaltic melt emplacement along the MER, with important implications for

the strength profile of the crust, such as the creation of a mid-crustal weak layer. With the

exception of those below caldera complexes/silicic volcanoes, upper crustal melt bodies

(<10 km depth) are likely to be ephemeral, perhaps forming during periodic intrusive-

eruptive episodes.

In contrast to the extensive melt inclusion data corresponding to mid-crustal pres-

sures, very few inclusions from my dataset and that of Iddon and Edmonds (2020) record

pressures corresponding to the lower crust. Considering the evolved compositions of the

olivines in this study (mean Fo80) relative to Fo90 olivines in other MER volcanic materi-

als (e.g., Rooney et al., 2005), I posit that an initial stage of fractionation near the Moho

prior to ascent to mid-crustal pressures is necessary. This hypothesis is supported by low

wavespeeds observed at Moho depths from the presence of melt in the heavily intruded

lower crust (Keranen et al., 2009; Chambers et al., 2019), and numerical models suggesting

that the lowermost crust is weak, hot and underlies a lower-crustal brittle-ductile transi-

tion at 20–25 km (Lavecchia et al., 2016; Muluneh et al., 2020). In addition, radial seismic

anisotropy is weaker at lower crustal depths (>16 km), suggesting that the melt storage

regimes at these pressures may deviate from the sills inferred in the mid-crust (Chambers

et al., 2021). Melts pooling and fractionating at the base of the crust may bypass the

ductile lowermost crust entirely if both density differences between melt and crust and

lower crustal strain rates are sufficiently high (Muluneh et al., 2021).

5.4.2 CO2 degassing from intruded melts

Continental rifts, including the MER, are known to be significant sources of passively

degassing magmatic CO2 (Lee et al., 2016; Hunt et al., 2017). By comparing CO2 concen-

trations with trace elements with similar behavior during mantle melting (e.g., Ba, Rb),

CO2 degassing from mantle melts can be assessed (e.g., Le Voyer et al., 2018). CO2/Ba and

CO2/Rb systematics for MER melt inclusions clearly show evidence for degassing, even in

inclusions with total CO2 determinations (Figure 5.9E). Most melts therefore appear to

have lost substantial volumes of CO2 prior to intrusion in the mid-crust and melt inclusion
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entrapment (Figure 5.9E). While primary magmatic CO2 contents are not known for MER

magmas, the highest observed CO2/Ba and CO2/Rb ratios approach those measured in

undegassed MORB by Le Voyer et al. (2018) (CO2/Ba =81.3; CO2/Rb=991). If this is

reflective of primary CO2/Ba and CO2/Rb values in MER melts then initial CO2 contents

will be in the range of 1–4 wt%, with ∼60–95% of the CO2 having been exsolved at the

mid-crustal pressures of sill emplacement.

CO2 degassing in the MER, which is likely derived from degassing of magmas intruded

into the mid-crust, is focussed along discrete fault zones (Hunt et al., 2017; Jolie et al.,

2019). The difference in expected CO2 concentrations in primary mantle melts and those

observed in melt inclusions (mean of 2.0±0.6 wt% with the same CO2/Ba as MORB) will

be representative of the CO2 degassed during volatile exsolution accompanying the em-

placement of melt into the mid-crust. To estimate CO2 fluxes resulting from the degassing

of the intruded melts preserved as inclusions, the quantity of melts supplied to the MER

must firstly be assessed. The length of the MER is ∼1000 km, and the full spreading rate

is ∼5.0 mm yr−1 (Saria et al., 2014). Assuming a melt density of 2.7 g cm−3 (calculated

as the mean melt inclusion density in this study using DensityX Iacovino and Till, 2019),

and that the CO2 degassed at mid-crustal pressures is 2.0±0.6 wt% (assuming the same

CO2/Ba as MORB Le Voyer et al., 2018), I can present three possible estimates of intruded

melt thickness per unit of rift length:

• The first estimate is reached by assuming that all new rifting crust is igneous; this

is a suitable estimate as most present-day extension in the MER is predominantly

magma-assisted (e.g., Kendall et al., 2005; Bastow et al., 2010). Using a crustal

thickness of 28 km (Lavayssière et al., 2018), melt volume flux is estimated as 0.14

km3 yr−1, and the corresponding CO2 flux is 7.6±2.7 Mt CO2 yr−1.

• Another assumption is that 50% of extension in the MER is accommodated by mag-

matic intrusion (Daniels et al., 2014). If this is the case, melt volume flux and CO2

flux are simply half that of the previous case: 0.07 km3 yr−1 and 3.8±1.1 Mt CO2

yr−1 respectively.

• Finally, the proportion of igneous crust in rifting crust can be calculated by compar-

ing crustal thicknesses expected from stretching factors to present-day MER crustal

thickness (Armitage et al., 2015). Total crustal thickness in the MER is maintained

until the final stages of continental rifting through magmatic intrusion (Bastow and
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Keir, 2011). However, the thickness of the upper crust is maintained by intrusion

less-so than the lower crust (e.g, Hammond et al., 2011), and therefore can be used

to estimate intruded melt thicknesses when compared to un-rifted crust (Armitage

et al., 2015). This has been previously performed in Section 4.2.3 to obtain 3–6 km

thickness of igneous crust under Boku. Performing the calculations as above provides

melt volume flux estimates of 0.02–0.03 km3 yr−1, and corresponding CO2 flux esti-

mates of 0.8±0.2 Mt CO2 yr−1 (assuming 3 km), 1.2±0.4 Mt CO2 yr−1 (assuming

4.5 km), and 1.6±0.5 Mt CO2 yr−1 (assuming 6 km).

These melt volume flux estimates, ranging from 0.02 to 0.14 km3 yr−1, are very similar

to the range estimated by Iddon and Edmonds (2020). Similarly, the corresponding CO2

flux estimates, which range from 0.8 to 7.6 Mt CO2 yr−1, are of a related magnitude to total

CO2 emissions of 0.52–4.36 Mt CO2 yr−1 recorded by Hunt et al. (2017). The degassing

of mid-crustal sill complexes can supply sufficient CO2 to match the quantity degassed

at geothermal centers in the MER. Furthermore, the restriction of significant degassing to

localised regions in the MER (Hunt et al., 2017) may suggest that some regions are subject

to active intrusion at the present day whereas other portions are not. Future studies of

the Rift should aim to constrain this possible periodicity of melt emplacement, which is

further explored in the subsequent chapter.

5.5 Conclusions

This chapter is summarised with Figure 5.10. The evidence from considering the to-

tal CO2 in a melt inclusion suggests that stacked mid-crustal sills in the depth range of

10–15 km are the dominant form of magmatic storage in the MER (Figure 5.10A and B).

These sills are known to be horizontally distributed from seismic anisotropy (Chambers

et al., 2021), and develop as a consequence of repeated magmatic intrusion into the mid-

crust during the progression of late-stage continental rifting. Initially crystallising at or

near the Moho, mantle-derived magmas bypass the ductile lowermost crust to arrive at

the Ethiopian mid-crust heralded by seismic activity (Figure 5.10C; Muluneh et al., 2020,

2021). These melts are stored as discrete sills in the weak, ductile mid-crust and blocked

from further ascent by a strong upper crust (Figure 5.10D). Partial mixing of magmas

between sills may occur in the shallow crust prior to eruption, as evidenced by the less

variable REE ratio compositions of lavas when compared to melt inclusions (Figure 5.9C).
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Figure 5.10: A. Summary cartoon illustrating the proposed structure of the MER crust.
Horizontal and vertical dimensions not to same scale. B. Histogram of olivine-hosted melt
inclusion saturation pressures (this study; Iddon and Edmonds, 2020). C. Histogram of
MER earthquakes (Keir et al., 2006a; Daly et al., 2008). D. Numerical model of MER
crustal deviatoric stress (Muluneh et al., 2020).

The emplacement of melts into this hot, weak mid-crustal zone has important implications

for the distribution of heat during late-stage continental rifting in Ethiopia, and how the

Ethiopian crust responds in a thermo-mechanical manner to extensional strain (Daniels

et al., 2014). I also establish in this study that the degassing of mantle-derived melts

in mid-crustal sill complexes can exsolve enough CO2 to generate the quantity observed

from diffuse passive degassing at the rift surface. This conclusion furthers recent observa-

tions that link continental rifts with massive outpourings of CO2 into the Earth’s exogenic

systems (Lee and Lackey, 2015; Foley and Fischer, 2017; Brune et al., 2017). The conse-

quences of mid-crustal emplacement of melts must be therefore considered in future models

of late-stage continental rifting.
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Chapter 6

Timescales of dyke intrusion events

in the Main Ethiopian Rift through

olivine Fe-Mg interdiffusion

chronometry

6.1 Introduction

In active continental rift settings, such as the Main Ethiopian Rift (MER), it has

been established that magmatic intrusion into the crust is one of the primary drivers of

late-stage continental rifting (see Section 1.2.2). Episodic intrusions of magmas, forming

dykes (e.g., Wright et al., 2006) and sills (Chapter 5), will strongly facilitate rifting by

thermo-mechanically altering the response of the crust to extensional stresses, hence ac-

commodating extension (Daniels et al., 2014; Lavecchia et al., 2016). Determining the

residence times and ascent rates of melts within the crust is therefore key to not only re-

solving the triggers leading to volcanic rifting events, but also to exploring the longer-term

thermal effects of crustal melts on extensional deformation. We also seek to understand

whether there are characteristic generic timescales inherent in rifting and dyke intrusion

that are common to rifting systems worldwide (e.g., Wright et al., 2012), which may sug-

gest that similar magmatic processes are operating at different rift settings. In the case

of the MER, a continental rift with no contemporaneous geophysical observations during

a rifting episode, timescales of pre-eruptive magmatic activity may be estimated using
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petrological observations. Relating these crustal magmatic processes in the MER to seis-

mic observations of active rift systems can provide a more complete understanding of how

continental rifts may operate during episodes of intrusive activity, and may lead to better

hazard forecasting during future rifting events.

Many active volcanoes at the present day exhibit precursor activity in the hours, days,

or weeks preceding an eruption. This activity can take the form of seismicity, surface

deformation, and gas release, which offers a convenient way of temporally monitoring the

activity of volcanoes undergoing a pre-eruptive phase. However, these data are absent if

one is considering volcanic eruptions and processes that occurred in the geological past.

In the magmatic segments of the MER, the last volcanic activity involved the eruption

of silicic centres in the 18th and 19th century (Wadge et al., 2016), prior to the advent

of extensive seismic monitoring in the EARS. In order to determine temporal changes

in magmatic behaviour within MER volcanic systems and relate them to modern rifting

events which are monitored via ongoing seismicity (e.g., Ebinger et al., 2010; Wright et al.,

2012), the petrology of erupted materials must be considered.

Oftentimes pre-eruptive geophysical unrest or gas release may be triggered by a cor-

responding change in the chemical equilibrium of a magmatic environment. New melt,

derived from deeper in the crust or the mantle, will inherently have geochemical properties

(e.g., temperature, composition) that are in disequilibrium with new environments during

ascent. Disturbing magmatic environments in this manner will therefore result in signa-

tures of chemical disequilibrium and subsequent re-equilibration, such as the compositional

zonation of crystals as they attempt to re-equilibrate with their new setting (e.g., Costa

et al., 2020). Models describing how re-equilibration can occur in pre-eruptive magmatic

settings can be used to obtain timescales between the initial event driving disequilibrium

(e.g., the intrusion of new, hot magmas) and the later thermal ‘freezing’ of the same system,

which typically is a product of the eruption itself.

In this study I use Fe-Mg interdiffusion chronometry driven by magmatic disequilib-

rium to characterise the timescales of olivine storage and magmatic recharge events during

late-stage continental breakup in the MER. By doing so I aim to unravel the rate of mag-

matic recharge events that result in the formation of basaltic scoria cone fields that flank

MER central volcanoes, and provide the first petrological estimates of magma storage and

transport within a continental rift system.
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6.1.1 Diffusion chronometry modelling

Diffusion in minerals can be considered as the movement of ions relative to each other

within the crystal lattice (Costa and Morgan, 2010). Diffusion chronometry involves the

extraction of timescales from compositional profiles generated through the diffusion pro-

cess, and is dependent on the rate at which ion exchange reactions occur, upon a change

in the system that they are sensitive to (e.g., pressure, temperature, or chemical poten-

tial; Dohmen et al., 2017). Diffusion chronometry has several advantages relative to other

geochronometry methods (e.g., mineral-reaction chronometry, U-series disequilibria), with

the principal advantage of beign able to relate short-period timescales (hours to months)

recorded within crystals to specific magmatic processes (Cooper, 2019; Costa et al., 2020;

Costa, 2021).

Patterns of chemical zoning with evident diffusion profiles can therefore provide tem-

poral information of magmatic processes occurring immediately prior to eruption that

disrupt the chemical equilibrium of crystals. These diffuse chemical profiles can arise from

a number of processes, including magma mixing and melt differentiation. If the factors con-

trolling diffusion of particular elements within the crystal are known and well-characterised,

the timescale of diffusive re-equilibration can be determined. Diffusion chronometry can

therefore provide key information on melt residence times at magmatic temperatures.

The process of diffusion is described and modelled in one dimension using Fick’s second

law, which predicts how concentration changes with respect to time at any given position

along a concentration profile:

∂Ci(x, t)

∂t
=

∂

∂x

(
Di

∂Ci(x, t)

∂x

)
(6.1)

where Ci is concentration of element i, t is time, x is distance, and Di is the diffu-

sion coefficient (also termed diffusivity) of element i with units of m2 s−1. Equation 6.1

assumes that D is independent of position or concentration. To use this equation to deter-

mine timescales of magmatic processes, several key points must be considered (Costa and

Morgan, 2010):

• The diffusivity D of the diffusing element within the medium of interest must be

well understood and parameterised. This is achieved empirically through experimen-

tal studies of diffusing elements within the crystal in question (e.g., Dohmen and

Chakraborty, 2007; Dohmen et al., 2007).
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• Distance profiles of concentration, and therefore the gradients of concentration along

the profile, must be well-resolved to apply diffusion chronometry. The precision

and spatial resolution of the analytical technique being employed must be able to

sufficiently characterise compositional differences across the crystal’s diffusion front.

• The assumed shape of the compositional profile at the start of the modelling calcula-

tion (termed the initial condition) must be appropriate and supported by analytical

observations.

• The boundary between the crystal and the surrounding medium must be well-characterised

to model how diffusion in or out of the crystal behaves (termed the boundary condi-

tions).

In crystals, Di takes the form of an Arrhenian equation, and is dependent on tempera-

ture, pressure, oxygen fugacity, crystal composition, and orientation of the crystallographic

axes (Dohmen et al., 2017). For example, the interdiffusion of Fe and Mg in olivine along

the [001] (c-axis) direction for fO2 > 10−10 Pa is given by the following equation (Dohmen

and Chakraborty, 2007; Chakraborty, 2010):

DFe-Mg
olivine = 10−9.21 ·

(
fO2

10−7

) 1
6

· 103·(XFe−0.1)exp
(
−201000 + (P − 105) · 7 · 10−6

RT

)
(6.2)

which has been related to the aforementioned factors empirically through experiments

(Dohmen et al., 2007; Dohmen and Chakraborty, 2007). In this equation, the compositional

term XFe is the mole fraction of the fayalite (Fe2SiO4) component of olivine, and the

terms P , T , fO2 and R are the pressure (Pa), temperature (K), oxygen fugacity (Pa)

and the universal gas constant (8.3145 J mol−1K−1) respectively. Diffusion along different

crystallographic axes occurs at different rates; the diffusion along the [001] direction in

olivine as described above is roughly six times faster than diffusion along the [100] or [010]

directions of olivine. The diffusion coefficient for any crystallographic orientation can be

derived from the three diffusivities along the three crystallographic axes of olivine using

the following relation (Philibert, 1991):

DFe-Mg
trav = DFe-Mg

[100] cos2(α) +DFe-Mg
[010] cos2(β) +DFe-Mg

[001] cos2(γ) (6.3)

where α, β and γ are angles between the traverse of interest and the a-, b- and c- axes
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of olivine respectively, and Dj
i denotes the diffusivity of element i with respect to the axis

direction or traverse j.

6.1.2 Application of diffusion chronometry to olivine

A crystal in equilibrium with a melt maintains a chemistry that is stable with that of the

host magma composition at the given pressure, temperature, and oxygen fugacity. If there

is a change in these parameters, the chemistry of the crystal will respond to re-equilibrate to

equilibrium conditions. If the crystal remains at these new conditions such that, over time,

a particular element can significantly diffuse, then the compositional profile of the element

at the crystal boundary will relax; the exterior of the crystal equilibrates instantly with

the new environment, and a region of partial equilibration will begin expanding towards

the crystal core with time. The smoothed profile will have a shape that is dependent on

the diffusivity of the element and the time over which diffusion has been active (Costa and

Morgan, 2010).

A commonly used and well-studied mineral that often shows diffusive compositional

gradients (noticeably in Fe and Mg, which interdiffuse) is olivine. The composition of

olivine is regularly described as the molecular percentage of the forsterite (Mg2SiO4) com-

ponent, Fo, where, for magmatic olivine dominated by Mg and Fe, Fo is calculated as out-

lined in Equation 3.4, and is intrinsically linked to the Mg# of the olivine’s host magma

(Equation 6.8). The Fe and Mg of olivine and the melt from whence it crystallises is

related by a experimentally determined, near-constant partition coefficient (Equation 2.7;

Roeder and Emslie, 1970). Progressive olivine crystallisation preferentially strips the host

magma of Mg; over time the magma becomes enriched in Fe. Subsequent crystallising

olivine is therefore progressively Mg-poor and Fe-rich (or lower Fo). Olivine introduced

into an environment it is not equilibrated with will therefore begin to gain or lose Fe-Mg

to reequilibrate with its new magmatic surroundings via a diffusional process. For primary

mantle-derived MORB melts, the first crystallising olivine is believed to be ∼Fo91, a value

recorded from the Siquieros transform fault of the East Pacific Rise (Perfit et al., 1996).

An olivine crystal with a composition trending from Mg-rich in the core to Fe-rich

in the direction of the rim is described as ‘normal-zoned’ (corresponding to a rim-ward

decrease in Fo). Likewise the term ‘reverse-zoned’ describes the case where the opposite

is true, and the olivine composition becomes progressively more Mg-rich towards the rim

(corresponding to a rim-ward increase in Fo; Pankhurst et al., 2018). Normal zoning may
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arise from the movement of olivine into a more-evolved magmatic environment with a lower

Mg# (e.g., during magma ascent; Morgado et al., 2017), whereas reverse zoning may result

from more-evolved olivines ending up in contact with less-evolved magmas of higher Mg#

(e.g., via mafic magma recharge or the rain of gravitationally unstable olivines; Pankhurst

et al., 2018).

Modelling of Fe-Mg interdiffusion in olivine can provide a relative timescale for MER

eruption processes, provided that appropriate assumptions are made concerning diffusive

behaviour of these ions within the olivine crystal. One-dimensional profiles from rim-to-

core are suitable provided that diffusion profiles are short relative to grain size, and that

diffusion occurs perpendicular to the grain edges (Costa et al., 2008). Furthermore, one

can assume that the crystal is initially compositionally homogeneous before the onset of

diffusion (Costa and Chakraborty, 2004; Costa et al., 2008). The magmatic pressures,

temperatures, and oxygen fugacities that govern the rate of diffusion within a crystal

(Equation 6.2) may be determined using empirical geothermobarometers and oxymeters

(e.g., Putirka, 2008b; Coogan et al., 2014) or may be estimated using thermodynamic

algorithms such as MELTS (Ghiorso and Sack, 1995; Gualda et al., 2012).

DFe-Mg
olivine is dependent on the composition of olivine (Equation 6.2). As a result, analyt-

ical solutions to the diffusion equation (Equation 6.1), which typically take the form of an

Gaussian error function, are often inappropriate for observed profiles as they rarely employ

composition-dependent diffusivities (Costa and Morgan, 2010). The use of finite-difference

methods which calculate approximate solutions to the diffusion equation are therefore more

frequently used to find numerical solutions to diffusion-related problems (e.g., Costa et al.,

2008; Morgan, 2015; Mutch et al., 2021). While numerical solutions often necessitate a

significant amount of computing time to calculate, they are versatile and can be adapted to

different initial and boundary conditions and diffusivity-dependences (Mutch et al., 2021).

A case of the versatility of numerical solutions is provided by the code AutoDiff, which

utilises one-dimensional composition-dependent diffusion model solutions generated by a

finite-difference model (e.g., FINDIF, Morgan, 2015, or DBCalc, D. Morgan, unpublished)

to compute timescales of diffusion (Couperthwaite et al., 2020). A profile with a greater

compositional difference between the core and rim will show greater asymmetry compared

to the symmetrical error function sigmoid, owing to the dependence of Fe-Mg diffusivity on

olivine composition. Therefore, for a given temperature, oxygen fugacity, crystal anisotropy

and compositional contrast, all one-dimensional diffusion profiles will be self-similar in
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time for any given compositional dependence, i.e., the diffusion profile will have the same

geometric features that will be stretched out over space owing to the time over which

diffusion has occurred. For example, diffusion for the same compositional contrast after 4

time units will be twice as wide as for 1 time unit, but otherwise the diffusion sigmoids

recorded in the concentration profiles will be geometrically identical (Hartley et al., 2016).

If the initial conditions and boundary conditions of diffusion are known, then the correct

diffusion profile shape can be determined. While finite-difference models can predict the

behaviour of a wide variety of boundary conditions, AutoDiff can assume two endmember

boundary conditions: an initial boundary condition of a step change in composition or a

boundary condition in which the diffusive signal diffuses in from the grain edge through

exchange with an infinite external buffer. In a geological context, these scenarios would

reflect diffusion between two rapidly developed compositional growth phases within a single

crystal that form a step in composition when timescales of growth are very short relative

to diffusion, or a carrier melt in disequilibrium with the crystal core from which ions will

diffuse in/out (Hartley et al., 2016).

AutoDiff measures the compositional contrast between the 20th and 80th percentiles

in the diffusion profile observed in an analysed crystal, and compares the curve with a

database of simulated diffusion profiles (Morgan, 2015; Couperthwaite et al., 2020). These

model curves all differ in their shape, determined by the degree of compositional depen-

dence, but share the same maximum diffusivity and simulated diffusion time. The ap-

propriate model curve, selected based on the degree of compositional dependence in the

natural sample, is then stretched to match the natural data using a scalar value, overlaid

at the 50th percentile of the diffusion curve, as a point common to all profiles. This scalar,

termed a stretch factor in AutoDiff, is ultimately used to adjust the time of diffusion in the

model to determine the final diffusion time recorded by the data. As discussed by Hartley

et al. (2016) and Couperthwaite et al. (2020), if, for both sample and model:

x ∝
√
Dt (6.4)

and the profile distances can be related by the stretch factor n:

xsample = nxmodel (6.5)

then the diffusion time recorded by the sample, tsample, can be related to the diffusion
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time of the model, tmodel, through substitution of Equation 6.4 into Equation 6.5:

tsample = n2 · Dmodel

Dsample
· tmodel (6.6)

To summarise, the methodology underlying the AutoDiff algorithm relates the known

time and diffusivity of a modelled curve best matching the compositional contrast observed

within the sample to the diffusion time elapsed within the sample. The diffusivity of the

sample, Dsample, is a function of composition, oxygen fugacity, crystallographic orienta-

tion, and temperature, which can all be quantified through geochemical and petrological

analysis.

Fe-Mg diffusion chronometry in olivine utilising AutoDiff has been previously used to

unravel timescales of mixing and eruption, in particular, for Santorini (Martin et al., 2008),

Iceland (Hartley et al., 2016; Pankhurst et al., 2018), Hawaii (Rae et al., 2016; Couperth-

waite et al., 2020; Couperthwaite et al., 2022), and the Andes Southern Volcanic Zone

(Morgado et al., 2017). Such studies have yielded key information on magma ascent rates

and magmatic resident times, often linking such timescales to observed geological events

such as seismicity related to crustal magma ascent (Pankhurst et al., 2018). In this study,

olivine diffusion chronometry is used to determine timescales of magma replenishment and

transport in MER magmatic settings in the build-up to eruption, which can be related to

timescales of seismic and magmatic activity during recent dyke intrusion events.

6.2 Analytical methods

The samples used in this study are olivines collected from scoria cones from the Boku

Volcanic Complex and East Ziway, two monogenetic cone fields in the MER (see Sections

2.1.2 and 2.1.3 for further locality information). Olivines from disaggregated scoriae are

chosen as they are cooled rapidly upon eruption, in contrast to those entrained within lavas

which are subject to post-eruptive diffusion of Fe and Mg which is likely to complicate

records of pre-eruptive diffusion (Hartley et al., 2016).

In this chapter, olivine composition is described primarily using forsterite (Fo) as de-

fined in Equation 3.4. Fo in its molar fraction form XFo is also used at points, where:

XFo =
Mg

Mg + Fe
=

Fo
100

(6.7)
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where Mg and Fe are given as molar fractions in olivine. The equivalent for silicate

melts is the magnesium number Mg#:

Mg# =
Mg2+

Mg2+ + Fe2+
(6.8)

where Mg2+ and Fe2+ are given as cation fractions in melt; where FeOt is returned

from a glass analysis FeO is assumed to be 90% of the overall melt.

Concentration gradients of Fo are extracted from olivine crystals using a combination

of EPMA and backscatter electron (BSE) imaging. Compositional traverses from olivine

rims to cores comprising 10–20 points spaced ∼5–15 µm apart were measured in 88 olivine

crystals divided between 41 from cone A81 from Boku (locality reference KW-MER19-

81-0m) and 47 from cone Z58 within East Ziway (locality reference KW-MER19-58a) on

the JEOL JXA8230 EPMA at LEMAS, University of Leeds, with analytical conditions as

listed in Table 2.5. The length of the extracted profiles themselves were chosen dependent

on the apparent width of diffusion observed through backscatter electron imaging. The

starting spot of each traverse was measured ∼5 µm from the edge of the crystal in order to

determine the traverse point where the olivine crystal had been entered. Where possible

two compositional traverses were taken from different orientations within the same crystal.

High-resolution Fe-Mg diffusion profiles were obtained using backscattered electron

(BSE) compositional contrast images, using the FEI Quanta 650 FEGSEM at LEMAS,

University of Leeds (Section 2.8.1). Because of the electron backscattering effect (Section

2.8.1), regions of the olivine crystal that are more Fe-rich will appear brighter in greyscale

contrast than olivine regions that are more Mg-rich. The pixel-scale resolution of backscat-

ter images (∼0.1 µm) can therefore provide a significant number of datapoints that can be

used to characterise the diffusion profile. Greyscale values along traverses were extracted

perpendicular to crystal edges (or perpendicular to diffusion fronts if diffusion was not

parallel to crystal edges) from BSE images using ImageJ software (Schneider et al., 2012).

BSE traverses were calibrated with EPMA analyses using a minimisation script coded

in Python 3. Greyscale and EPMA traverses have similar profile shapes whose values are

related by a linear function. The shape of the greyscale profile was manually fitted to the

EPMA profile, exploiting this linear proportionality, by minimising the misfit χ2:

χ2 = ln

(∑n
i=1

[
|XFo,i − (gi ·m+ c)|2

]
n

)
(6.9)
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where n is the number of probe points present within the greyscale profile, XFo,i is the

electron microprobe compositional value of point i, gi is the corresponding greyscale value

of that point (between 0 and 255), and m and c are the gradient and intercept of the linear

function relating the overall greyscale profile to the true compositional XFo profile.

As probe profiles were collected starting outside the olivine crystal, the greyscale profile

distances would be laterally shifted relative to the probe profile. This lateral shift is

corrected for in the same Python code by moving the greyscale profile relative to the fixed

probe profile. The gi value best corresponding to XFo,i was determined, after correcting

for traverse shift, through linear interpolation of the nearest greyscale values to the probe

point. After manual fits were achieved, the misfit between the greyscale and the probe

points (Equation 6.9) was minimised using the optimize.minimize function of the Python

library SciPy (Virtanen et al., 2020). Even with computational minimisation a manual

fitting step is necessary, as optimize.minimize cannot find global minima using Equation

6.9. Each profile must also be individually assessed for anomalies in both the greyscale and

probe profiles prior to fitting (e.g., cracks, small mineral/melt inclusions). All probe profiles

and greyscale profiles were assumed to be parallel (an angled traverse will have the same

shape as a parallel one, albeit stretched); minor angles between the probe and greyscale

traverses (≲10 ◦) will result in a small trade-off with intercept and gradient which will

not significantly affect composition within the diffusing region; major angular differences

will result in a very noticeable poor fit between the distances recorded along the BSE

and EPMA traverses. Where multiple different fits were possible, the fit with the lowest

misfit was chosen, else the diffusion profile was not considered. By using this approach,

all greyscale profiles are calibrated such that r2 between probe data and greyscale data is

greater than 0.98.

As diffusion within olivine is strongly anisotropic, the orientation of the crystallographic

axes must be determined in addition to the concentration gradients. Crystal orientations

were obtained using electron backscatter diffraction (EBSD), performed on the FEI Quanta

650 FEGSEM at LEMAS, University of Leeds. EBSD data was processed with Oxford

Instruments Channel 5 software to gather data on crystal orientations. Crystal Euler angles

were measured in a region within the core of each olivine crystal as outlined in Section 2.8.2,

and characterised using Aztec Crystal software. Pseudosymmetries, arising when multiple

orientations could fit the same EBSD data, were removed using Aztec Crystal. Where

extreme degrees of pseudosymmetry were present each pseudosymmetry was characterised
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and assessed separately for diffusion timescales. Anomalous individual pixels within each

crystal core region were either removed or retained (and averaged out) owing to the sheer

number of matching pixels. If a region of the crystal had a symmetry that did not match

the majority of the core it was assumed to be a subgrain and removed from the EBSD

map. Null points were either filled via interpolation using Aztec Crystal or removed from

the analysed region using Python code.

6.2.1 Uncertainties in diffusion modelling

Diffusion timescales are extracted from compositional profiles in olivine using the edge-

buffered AutoDiff model. This boundary condition is described by Couperthwaite et al.

(2020) as:

t = 0, C = C0 for all x

t > 0, C = C1 for all x < 0, and C(x,t) = f(C, x,D, t) for all x ≥ 0
(6.10)

where C0 is the initial composition of the olivine crystal, C1 is the external buffer

composition for t > 0, D is diffusivity and x is distance, where x = 0 is the edge of the

crystal. This model assumes that diffusive exchange occurs from the rim to the core of

the crystal, with the rim in diffusive communication with the surrounding magma. While

some profiles can be fit reasonably well with an initial step condition, edge-buffering is

preferred to provide good quality fits and to keep consistency across all profiles.

Uncertainties in obtaining timescale information from diffusion profiles can be mitigated

through careful selection of traverse direction. The optimum traverses to select to minimise

error are those perpendicular to the crystal face (or diffusional front) which also pass

through the centre of the crystal. In general inclined traverses should be avoided, as they

will produce a greater apparent diffusional timescale (Costa et al., 2008). Shea et al. (2015)

provide more guidance through their modelling of 3D diffusion models of Fe-Mg in olivine:

• Avoid the smallest crystal sections as they are likely to be off-centre, and will not

capture the composition of the core. Furthermore, they will be more subject to

interaction between multiple diffusion fronts.

• Profiles should be obtained away from crystal corners to avoid interaction between

multiple diffusion fronts; for this reason faceted, euhedral crystals are preferred.
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• Select olivines with a clear composition plateau in which a compositional rim remains

consistent for a distance along the traverse. Dipping plateaus may be indicative of

off-centre sections of the crystal.

• Olivine sections not showing symmetry across different faces are likely to be oblique

to most faces of the crystal.

Both Costa et al. (2008) and Shea et al., 2015 suggest taking two or more one-

dimensional traverses perpendicular to two crystal faces on the same crystal plane where

possible, for the dual purpose of verifying observed timescales and ensuring that compo-

sitional gradients are diffusion-related and not growth-related. Growth of the crystal in

an environment it is in chemical disequilibrium with will also result in growth-driven com-

positional zones similar to that of diffusion. These guidelines were followed in this study

wherever possible and suitable.

A significant uncertainty is associated with the diffusivity D, owing for the need for

an accurate understanding of the thermodynamic conditions of storage, which are crucial

when determining residence times (Rutherford, 2008). The uncertainties in values for

temperature, pressure, and oxygen fugacity during storage must be considered, as diffusion

rates vary exponentially with temperature owing to the Arrhenian form of D (see Equation

6.2). Temperature contributes the greatest uncertainty, which can affect the calculated

timescale by a factor of 2–4 (Costa et al., 2008). Uncertainties in D additionally arise

from uncertainties in activation energy and the pre-exponential factor D0 (Dohmen et al.,

2007; Dohmen and Chakraborty, 2007), which are estimated to contribute as much as 10%

uncertainty (Costa et al., 2008).

Individual uncertainties have different effects on D; however, the sum total of these

uncertainties are close to log-Gaussian, and can be propagated in log-units before they are

returned back to absolute values (Costa and Morgan, 2010). In absolute time, timescale

uncertainties are therefore asymmetric. Two approaches commonly taken to propagate

uncertainties in diffusion timescales are Monte Carlo error propagation (e.g., Hartley et

al., 2016; Pankhurst et al., 2018), or propagation by selecting maximum and minimum D

calculated from the maximum and minimum temperature, activation energy, pressure, and

pre-exponential factor (Morgado et al., 2017). In this study, uncertainties in temperature,

pressure, oxygen fugacity, and backscatter pixel resolution are propagated through Monte

Carlo error propagation (n=10,000). Uncertainty from the original calibration of diffusiv-
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ity (Equation 6.2) is additionally propagated using the experimental data of that study

(Dohmen et al., 2007; Dohmen and Chakraborty, 2007).

In this study, sectioning angles are assumed to be perpendicular to crystal faces. While

shallow sectioning will result in longer timescales (Costa and Morgan, 2010), several factors

may mitigate the overall uncertainty that is generated. The relative size of the crystal is

large relative to profile distances, and the magnitude of resultant sectioning uncertainty

may be minor relative to uncertainties propagated from the diffusivity, especially given the

large population of crystals comprising the dataset of this study (Couperthwaite et al.,

2021). Couperthwaite et al. (2021) additionally note that sectioning angles in their study

already fall near perpendicular, perhaps owing to a subconscious selection of sectioning

angle when mounting olivines.

Finally, Shea et al. (2015) suggest, through random sampling of their model results and

using the guidelines listed above, that at least 20 profiles from different olivines within the

same sample should be used to obtain diffusion timescales close to the true value. This

value is exceeded by the number of profiles collected for this study (n=113).

6.3 Results

6.3.1 Compositions of MER olivines

Olivines from Boku and East Ziway range from 1–4 mm in diameter, and are mostly

subhedral with rounded corners (Figure 6.1). Several olivine crystals have irregular and

jagged dendritic rims on the scale of 5–10 µm reflective of late-stage growth during rapid

cooling (e.g., Welsch et al., 2013). These dendritic rims typically bear small melt em-

bayments of the same lengthscale, and host several small (∼5 µm) inclusions of minerals

and melt (Figure 6.1). Normal zoning along this dendritic overgrowth follows the rim of

the overgrowth itself, whereas the reverse rims the overgrowth is found on are straight

(Figure 6.1C and D); this would suggest that the factors inducing normal zoning within

the overgrowth are related to the development of the overgrowth itself, and reverse rim

development is separate to overgrowths.

I obtained a total of 113 electron probe profiles from 41 Boku olivines and 47 East

Ziway olivines; the analytical data from all profiles are available in Appendix A.4. Of

these profiles, 102 from 79 olivines (36 Boku, 43 Ziway) were successfully correlated with

their backscatter electron contrast greyscale images.
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Figure 6.1: Backscatter electron images of compositionally zoned olivine crystals. A. A
normal-zoned olivine crystal from the Boku Volcanic Complex (crystal AA-A7). B. A
reverse-zoned olivine from the East Ziway cone field (crystal ZA-A6). C. Zoom on crystal
in subfigure B detailing zone and dendritic overgrowth in greyscale. Gradients in greyscale,
show through false colour (3-3-2 RGB) illustrate geometries of diffusion fronts in subfigure
D.

The compositions of these olivines are shown in Figure 6.2. Boku olivine core compo-

sitions range from Fo69 to Fo87, with a mean of Fo81. Only five crystals have Fo<78. These

compositions are comparable to other analyses performed on Boku olivines in Chapters

3–5. East Ziway olivines are typically more Fe-rich, recording olivine cores of Fo63 to Fo88

with a mean value of Fo74, which is again comparable to olivine analyses collected in Chap-

ter 3. The more-evolved composition of East Ziway olivines reflects the higher SiO2 and

lower MgO basalts observed within the Ziway cone field relative to Boku, especially for

the cone Z58 from which these olivines are obtained (compare equilibrium fields in Figure

6.2).

Two subsets of olivine crystals can be identified based on their core-to-rim Fe-Mg com-
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Figure 6.2: Violin plots illustrating core and rim compositions of A. Boku, and B. East
Ziway olivines. The descriptor in brackets indicates the overall nature of the profile, with
‘normal’ and ‘reverse’ representing a rim-ward decrease and increase in olivine Fo respec-
tively. Quenched reverse-zoned olivine rims are recorded as the composition of the most
rim-ward olivine point along a reverse-zoned profile. Dotted vertical lines mark the me-
dian of each distribution; not that in subfigure A the medians of normal-zoned olivine rims
and quenched reverse-zoned olivine rims overlap. Olivine compositions in equilibrium with
carrier melts from each locality are shown as the grey shaded regions, and are calculated
from the mean and standard deviation of carrier melt Mg# assuming a KD of 0.3 (Roeder
and Emslie, 1970). Two ranges are shown in subfigure B, as Cone Z58, where the East
Ziway olivines were obtained, deviates compositionally from other cones in the region.
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positional zoning patterns. The first subset comprises high-Fo core olivines exhibiting

a decrease of Fo in a rim-ward direction (‘normal’ zones) – this subset will be termed

‘normal-zoned olivines’ in this chapter (Figure 6.1A). The second subset of olivine crys-

tals, which are more numerous than the first subset, show evidence of compositionally

complex ‘reverse’ zoning, i.e., the Fo of the olivine crystal increases from core to rim –

these will be termed ‘reverse-zoned olivines’ (Figure 6.1B). These terms used to describe

olivines (‘normal-zoned’ and ‘reverse-zoned’) are definitively outlined as the reverse-zoned

olivines often have a strong normal component to their overall profile (Figure 6.1D). This

normal zone is located on the rim-ward edge of the reverse rim of the crystal, and can

additionally be considered for diffusion chronometry. However, as described above, these

normal parts of the rims have dendritic features which suggest that they have likely been

affected by late-stage growth and subsequent quenching during magma ascent. In such a

case, timescales obtained from purely diffusional models such as that employed by AutoDiff

must be considered upper limits on timescale, as growth (x ∝ t) will occur much faster

than diffusion (x ∝
√
t) for all but the shortest timescales.

Reverse-zoned olivines dominate both Boku and East Ziway sample sets (Figure 6.2).

At both settings, the cores of reverse-zoned olivines are typically lower Fo and less well-

constrained than those of normal-zoned olivines. Boku reverse-zoned olivines have cores

of Fo69−84 compared to normal-zoned olivine cores of Fo83−87 (Figure 6.2A); the same is

true for Ziway olivines, where normal-zoned cores are Fo78−88 in contrast to lower Fo63−78

reverse-zoned cores (Figure 6.2B). The outermost normal rims on reverse-zoned olivines

are Fo74−82 at Boku (mean Fo78), and are as low as Fo50 in Ziway reverse-zoned olivines,

with a wide range up to Fo74 and a mean of Fo66 (Figure 6.2).

Normal-zoned olivine cores and reverse-zoned olivine rims from both localities are typ-

ically further from equilibrium than the rims of normal-zoned olivines, and the cores and

quenched rims of reverse-zoned olivines (Figure 6.2). While these reverse-zoned olivine

rims can be attributed to a reduction in the oxygen fugacity of the magmatic system (e.g.,

as inferred at Stromboli and Hawaii Cortés et al., 2006; Helz et al., 2017), it is more likely

that this rim represents rapid growth of high Fo olivine during a pulse of mafic magmatic

recharge. Indeed, the higher Fo cores of normal-zoned olivines at both settings (Figure

6.2) implies that they may have accompanied higher Mg# melt into a more evolved en-

vironment crystallising comparatively lower Fo olivines. Normal-zoned crystal rims and

reverse-zoned cores and quenched rims are more in equilibrium with carrier melts at both
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Table 6.1: Basalt compositions used for petrological modelling. Z58 is used for Rhyolite-
MELTS modelling of East Ziway melt fractionation for olivine crystallisation temperature
(Gualda et al., 2012), and NB-01 (Tadesse et al., 2019) is used for Petrolog3 modelling for
olivine growth compositions (Danyushevsky and Plechov, 2011). All concentrations are
wt%. Where only one of Fe2O3 or FeO is given that value represents total Fe.

Oxide Z58 NB-01
SiO2 47.75 45.43
TiO2 2.171 2.19
Al2O3 14.54 16.81
Fe2O3 12.16 -
FeO - 11.46
MnO 0.191 0.19
MgO 7.39 8.81
CaO 9.09 10.52
Na2O 2.948 2.52
K2O 1.044 0.46
P2O5 0.539 0.33
Cr2O3 0.045 -
LOI (1025 ◦C) 0.14 1.76
Total 98.008 100.48

Boku and East Ziway than the higher Fo normal-zone crystal cores and reverse-zoned rims,

assuming an Fe-Mg KD of 0.3 (Roeder and Emslie, 1970).

It is also worth noting that a significant number of olivine profiles, both normal and

reverse-zoned show multiple stages of growth and diffusion near the rim. This complexity

takes the form of multiple compositional zones near olivine rims, which cannot all be de-

scribed in the simple categorisation described in Figure 6.2. Some primarily normal-zoned

olivines host a reverse rim (e.g., ZB-B3-SE) or a plateau indicative of late-stage olivine

growth (e.g., AA-A5-N), whereas in others the reverse rim of some reverse-zoned olivines

is oscillatory (e.g., AA-C3-N). Complete characterisation of such patterns are beyond the

scope of this work, but all zones point towards a complex pre-eruptive basaltic system

where the olivine struggles to achieve equilibrium with the host melt. For completeness,

the collection of diffusion patterns and probe data are provided in Appendix A.4.

6.3.2 Magmatic pressure-temperature constraints

Calculations for Boku olivines were performed at a magmatic temperature of 1180±20
◦C and a pressure of 3 kbar reflecting the outcomes of the studies performed in Chapters

3-5. The quartz-fayalite-magnetite (FMQ) oxygen fugacity buffer was chosen based on

petrological modelling (Gleeson et al., 2017) and geochemical analyses (Rooney et al.,
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2007).

Pressure-temperature conditions for Ziway olivines are less evident. Application of

the olivine-spinel Al-exchange thermometer on these samples is not possible owing to the

high Ti of olivine-hosted spinels (Section 3.3.1). Using the liquid thermometer of Putirka

(2008b, Equation 15) via the Python 3 library Thermobar (Wieser et al., 2022b), carrier

liquids record temperatures of 1100 ◦C, assuming 1 wt% H2O; whole-rock compositions

record hotter temperatures of 1150–1230 ◦C at the same H2O contents. As temperature is

one of the largest contributors to uncertainty in olivine diffusion chronometry (Morgan et

al., 2006; Dohmen and Chakraborty, 2007), the Ziway magmatic temperature must be well

characterised. However, the Putirka (2008b) thermometer has a substantial standard error

of estimate of ±60 ◦C; other methods of constraining magmatic diffusion temperatures

must be explored.

I run a series of Rhyolite-MELTS fractionation models (Gualda et al., 2012) using the

whole-rock composition of Z58 scoria as a representative initial melt composition (Table

6.1). By considering the compositions of olivine crystallising from this starting melt, the

magmatic conditions where the East Ziway olivine rims are in equilibrium with the melt

can be determined. This composition is allowed to fractionate isobarically from 1300 ◦C

to 1000 ◦C at pressures between 0.001–4.5 kbar in 0.5 kbar intervals and including 0.5–

1.5 wt% H2O in 0.5 wt% intervals. The limits of oxygen fugacity within MER magmatic

systems, which range from FMQ-2 to FMQ+1 (Gleeson et al., 2017; Nicotra et al., 2021),

are also considered.

The results of MELTS modelling are shown in Figure 6.3. At a fixed oxygen fugacity

and variable H2O contents, olivine reverse zone rims of Fo77±3 (Figure 6.2) fractionate from

melt Z58 at temperatures corresponding to ∼1130 ◦C with a standard deviation of ∼30
◦C (Figure 6.3). Increasing the H2O content of the melt has a strong effect on the interval

of crystallisation for olivine; with increasing H2O the crystallisation of olivine extends to

higher pressures and lower temperatures (Figure 6.3A, C, and D). There is little effect

of H2O or pressure on the composition of crystallising olivine; changing H2O or pressure

affects the crystallisation interval for Ziway olivine rim compositions by ∼10 ◦C.

Oxygen fugacity has a strong effect on the composition of the crystallising olivine. At

lower oxygen fugacities there is more less-oxidised Fe2+ in the melt relative to Fe3+; as

a result crystallising olivines are more Fe-rich. The interval for crystallising olivine rims

therefore occurs at higher temperatures for lower oxygen fugacities (Figure 6.3B). Note also
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Figure 6.3: Rhyolite-MELTS models run at various starting conditions for composition
Z58 from East Ziway (Gualda et al., 2012). Initial melt H2O contents and oxygen fugacity
conditions for each model are provided as annotations within each subfigure. Models are
run at pressure intervals of 0.001 kbar up to a maximum pressure of 4.5 kbar (see Chapter
5). The solid black line marks the median rim composition of the reverse-zoned olivines of
Fo77, the dotted black lines mark 1σ of ±3 mol% Fo. Note that the model run at FMQ-2
(subfigure B) extends to fayalitic (Fe-rich) components of olivine, and that the model run
at FMQ+1 (subfigure E) only achieves Fo<80 at the lowest pressures.
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that the abundance of Fe2+ at FMQ-2 means that Fe-rich olivine continues crystallisation

to lower temperatures. Likewise, at higher oxygen fugacities, there is less Fe2+ available,

and crystallising olivines are Mg-rich to the point where the composition of crystallising

rims is not reproducible (Figure 6.3E).

Given these observations, I select a magmatic temperature constraint for East Ziway of

1130±30 ◦C, corresponding to the temperature range for crystallising olivine rims of Fo77±3

at 1 wt% H2O at the FMQ buffer (Figure 6.3C). These conditions best match the H2O

concentrations in rift basalts (Iddon and Edmonds, 2020, Chapter 5) and crystallisation

expected at the FMQ buffer (Rooney et al., 2007; Gleeson et al., 2017). Because pressure

does not have a strong effect on the crystallising interval or the diffusion timescales relative

to temperature or oxygen fugacity (e.g., Morgado et al., 2017), I assume that olivine

crystallisation occurs at 3 kbar, reflecting the depth of the melt intrusion zone observed in

Chapter 5.

6.3.3 Diffusion timescales

AutoDiff provides Fe-Mg interdiffusion fits to 113 profiles and subprofiles in 59 MER

olivines (47 subprofiles in 27 Boku olivines; 66 subprofiles in 32 East Ziway olivines; see

Figure 6.4 for examples). These subprofiles are categorised based on their nature as de-

scribed above (primarily normal-zoned, reverse zone on reverse rim, normal zone on reverse

rim), and are all less than 160 µm in length.

Timescales from the three categories are shown in Figure 6.5, including propagated

uncertainties from temperature, oxygen fugacity, and greyscale resolution. Propagated

uncertainties in individual timescales (1σ) are of the order of 0.25 log10 units for both

localities. All other compositional profiles collected from EPMA traverses across olivines

were rejected during quality assurance, providing poor fits to AutoDiff either from growth-

related zonation or excessive backscatter greyscale noise. Kernel density estimation in

log-time is performed using Gaussian approximation (after Silverman, 2018) to determine

bandwidth. This method is preferred to using histograms as histogram bin sizes will

affect the apparent distribution of times (Rudge, 2008). Other methods more suitable for

estimating the bandwidth of multimodal distributions were considered but ultimately were

not chosen owing to the scarcity of data in some diffusional subsets (e.g., Sheather and

Jones, 1991).

All timescales recorded in this study are less than a year long. The distributions of
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Figure 6.4: Example figure showing application of AutoDiff to representative olivine crys-
tals. Subfigures A and B are respectively backscattered electron images of reverse-zoned
and normal-zoned olivine crystals from East Ziway. Profile traverses are shown as the red
and green lines. Inset figures show upper hemisphere projections of the orientation of the
selected profile traverses (as red and green arrows) relative to the olivine crystallographic
axes (a, b and c). Subfigures C and D show two probe and greyscale profiles taken along
the rim of the olivine shown in subfigure A; subfigure E shows a single profile taken across
the olivine shown in subfigure E. Inset figures depict the calibrations between forsterite
content and backscatter electron contrast greyscale, and the r2 and χ2 of these fits. Note
that the distances of the profiles shown in subfigures C and D differ from that of subfigure
E.
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Figure 6.5: Cumulative frequency plots of Boku (A, B and C) and East Ziway (D, E and
F) diffusion timescales. Plots are categorised depending on the nature of the subprofile.
Uncertainties shown are 1σ. Kernel density plots within each subfigure are shown using
Gaussian approximation to determine bandwidth. Relative probability density (the y-
dimension of kernel density plots) is consistent across all subfigures.
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timescales recorded by both normal-zoned and reverse-zoned olivines, shown in Figure 6.5

are markedly similar between the two localities. No correlation is seen between diffusion

timescales and the Fo of crystal cores or rims within each subset. The rarer purely normal-

zoned olivines have a near-bimodality to their timescales (Figure 6.5A and D); this is

especially evident in the Ziway distribution, where one population records timescales of

1.58–6.24 days and the other 175–321 days (Figure 6.5D). Boku normal-zoned olivines also

have a longer timescale population that return 106–343 days of chemical disequilibrium.

However, while shorter timescales of 0.75–36 days are recorded by the remainder of the

Boku olivines of this normal-zoned subset, the strong bimodality observed in the East

Ziway distribution is less evident (Figure 6.5A).

Timescales recorded by reverse-zoned olivines from the normal and reverse part of the

high Fo rim overlap for both localities, although the external normal portion of the rims on

average record shorter timescales than the reverse portion of the rims (Figure 6.5B, C, E

and F). Per individual crystal the diffusional gradient of the normal portion of the reverse

rim is typically sharper than that of the reverse portion of the rim, and hence records a

shorter timescale of diffusion (e.g., Figure 6.4 A, C and D). These reverse timescales also

overlap with the shorter timescale populations of the primarily normal-zoned olivine subset

(Figure 6.5A and D). Timescales for the reverse portion of Boku reverse-zoned olivines

range from 1.33–236 days, with a log-mean of 39.8 days and 1 log-standard deviation

range of 12.5–127 days (Figure 6.5B). This is slightly longer than the timescales recorded

from reverse portions of reverse-zoned East Ziway olivines, which range from 2.46–94 days

with a log-mean of 17.8 days and 1 log-standard deviation range of 6.30–50.2 days (Figure

6.5E). These reverse-zone timescales from the two localities are within mutual log-standard

deviation of each other, although the East Ziway distribution is much broader.

Normal zones on the rim-ward side of reverse-zoned olivines have timescales with log-

means and log-standard deviation ranges of 3.57 days and 0.89–14.3 days for Boku and

2.93 days and 1.23–6.96 days for Ziway (Figure 6.5C and F). These normal zones are

accompanied by a significant change in composition over the final 5–10 µm towards the

rim, and are therefore very likely to have a quenched growth component as mentioned

above. If these rims do have a growth component, then the timescales extracted from the

normal portion of the reverse rims should be considered upper limits to zone formation.

This process is considered and modelled further below (Section 6.3.4).
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Crystal Cooling rate (◦C/hr) Growth rate (m s−1) Cooling range (◦C)
AA-D4-N -0.05 1×10−12 1160–1097
AA-D5-W -0.1 4×10−12 1160–1064

Table 6.2: Growth rate and cooling rates for dynamic diffusion modelling.

6.3.4 Models considering simultaneous diffusion, growth, and changing

boundary conditions

As discussed above, the edge-buffered AutoDiff model presents a convenient 1-D so-

lution to the composition-dependent diffusion equation. However, magmatic systems are

seldom as well-behaved as the assumptions made in the diffusion model utilised in AutoD-

iff. The composition and temperature of the melt will change with time, and olivines will

grow while Fe-Mg diffusion is active. The majority of the olivine crystals in this study

show evidence that other processes may be active at the same time as diffusion. Dendritic

overgrowths present on olivine rims are indicative of possibly concurrent crystal growth,

diffusion, and crystallisation. As olivine crystals will form in thermally and compositionally

evolving enviornments in the mid-crust, the melt from which olivine crystallises will change

composition as diffusion and crystal growth take place, affecting the thermal behaviour of

Fe-Mg diffusion and also the composition of crystallising overgrowths in olivine.

To incorporate all of these effects I utilise the methodology employed by Couperthwaite

et al. (2021), who consider the concurrent effects of cooling, diffusion, crystal growth,

and melt evolution. Simultaneous diffusion and crystal growth modelling is conducted

using an iterative 1-D finite difference model coded in Microsoft Excel (Couperthwaite

et al., 2021, D. Morgan, unpublished). The initial conditions of the system, including

the olivine composition, starting magmatic temperature, oxygen fugacity, melt cooling

rate, and crystal growth rate are specified. Diffusional fluxes between cells are calculated

per incremental temperature step dictated by the cooling rate, and applied to each finite

element. In addition to diffusional fluxes, linear growth, dependent on the equilibrium

composition of olivine in the cooling host magma, is calculated for every temperature step.

This new growth is applied to the model as a new finite element once the time elapsed is

equivalent to the growth step.

The crystallising olivine composition as the melt cools is modelled using Petrolog3

(Danyushevsky and Plechov, 2011). The starting composition of NB-01, a primitive basalt

from Boku (Table 6.1; Tadesse et al., 2019), was modelled to crystallise olivine, plagioclase,
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Figure 6.6: Comparison between olivine Fe-Mg diffusion timescales from AutoDiff and a
dynamic model. Subfigures A and B show diffusional fits to olivine profile AA-D4-N with
AutoDiff and the dynamic diffusion-growth model respectively; subfigures C and D depict
the same for olivine profile AA-D5-W.
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and clinopyroxene at the FMQ buffer at 3 kbar according to the fractionation models of

Danyushevsky (2001). Olivine Fo is then parameterised as a function of melt temperature.

As other mineral phases enter the basalt liquidus, the T -Fo curve will form kinks. As a

result, for NB01, the parameterisation of olivine composition is divided into temperature

intervals:

Fo =



5.65× 10−4T + 0.0249 if 1402.7 ≤ T < 1433.9

1.21× 10−3T − 0.886 if 1336.2 ≤ T < 1402.7

2.17× 10−3 − 2.16 if 1136.5 ≤ T < 1336.2

2.53× 10−3 − 2.56 if 1105.9 ≤ T < 1136.5

(6.11)

where T is magmatic temperature in K.

Diffusional modelling using this finite difference model was performed at a magmatic

pressure of 3 kbar and oxygen fugacity corresponding to the FMQ buffer, as outlined above.

Two good quality (low noise) reverse-zoned olivine profiles were selected for these advanced

models: AA-D4-N and AA-D5-W, both from Boku. These profiles were iteratively fit

by generating databases of olivine compositional profiles, ordered by time intervals, as

a function of growth rate and cooling rate using the parameterisation of Equation 6.11.

Profiles were assessed by eye to judge the quality of the fit, as computationally assisted

fitting is not possible given the various parameters (see below).

Fits using this dynamic model are shown in Figure 6.6. The best fits to these two

profiles require both growth and cooling; if only one of these effects is considered then

the shape of the profile cannot be completely replicated. Growth is required to match the

width of the high Fo olivine reverse rim, and cooling is necessary to achieve the lopsided

sigmoidal shape observed in both profiles. Cooling rate is of the order of -0.1 ◦C hr−1,

and the initial growth rate is of the order 1×10−12 m s−1 (Table 6.2). Compared to

cooling and growth rates determined for diffusing olivine in lava flows (e.g., 0.5 ◦C hr−1

and 2×10−11 m s−1 respectively; Couperthwaite et al., 2021) these rates can be considered

slow, suggesting that cooling and growth occurred while still within the crust. That being

said, the literature ranges for both olivine growth and cooling rate can be substantial

(e.g., Jambon et al., 1992; Hammer, 2006). The values for growth and cooling rates are

not independently supported by other observations in MER olivines, and determining the

meaning behind these values is beyond the scope of the study outside of application within

this model. However, the inclusion of these additional factors demonstrates that a single
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diffusional timescale, complemented with some degree of olivine growth, can match the

observed compositional ‘hump’ observed in reverse-zoned olivines. The outermost rim of

the two olivines considered are poorly fit with the model, which assumes a linear growth

rate (Figures 6.6B and D); this discrepancy may arise from a decelerating growth rate or

accelerated quenching.

Timescales considering both diffusion and growth can provide very strong fits to both

the reverse and normal portions of reverse-zoned olivine profiles. Timescales recorded from

these dynamic models are shorter than those yielded from AutoDiff, but within 1 log-sigma

uncertainty (Figure 6.6). The primary downside to using this method is that one cannot,

as of yet, automate this process using the Microsoft Excel code it is written within. All fits

between model and data must be performed by eye, which is oftentimes a time-consuming

and frustrating process. The major contributor to this necessity is the trade-off of several

parameters in this model, such as the shape and magnitude of the initial condition, growth

rate, cooling rate, and the melt evolution parameterisation used. These factors could result

in several non-unique fits to the diffusional curve. Finally, in this model a linear growth

rate is used, which fails to capture the behaviour of the outermost rims of the profiles

(Figures 6.6B and D). More complex growth rate parameterisations are not considered as

the bulk of the diffusional profile can be replicated with linear growth, and providing fits

to the outermost parts of the profile would take substantial amounts of time for relatively

little pay-off, especially given the lack of understanding concerning olivine cooling and

growth rates. Full consideration of growth rate, melt cooling rate and diffusion could all

be considered through the use of sampling algorithms, such as that described in Chapter

5, which have been used to determine diffusion timescales in Iceland (Mutch et al., 2021).

Further investigation, which is beyond the scope of this study, will be necessary to develop

a minimisation algorithm for this model which can appropriately determine diffusional

timescales while also considering other factors in the magmatic system.

6.4 Discussion

6.4.1 Relating timescales to magmatic processes

Zoning patterns and AutoDiff timescales recorded from both Boku and East Ziway

are alike (Figure 6.5), suggesting that similar magmatic processes affect different MER

segments. It may therefore also be the case that these processes are common to other
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Figure 6.7: Cartoon illustrating the magmatic processes inferred from olivine Fe-Mg diffu-
sion chronometry. Dark green olivines represent high Fo; light green olivines represent low
Fo.

rifting magmatic segments; the implications of this are discussed below (Section 6.4.2).

There are broadly three orders of magnitude in the timescales recorded both at Boku

and East Ziway, which all correspond to a different subset of zoning pattern. The longest

timescales on the order of 100 days are recorded in the MER sample set by high Fo normal-

zoned olivines (Figure 6.5A and D). Reverse portions of reverse-zoned olivines differ slightly

between Boku and East Ziway, but typically record timescales between 10–100 days; this

timescale also coincides with another subset of primarily normal-zoned olivines (Figure

6.5A–D). The normal portion of reverse-zoned olivines, which may be affected by growth,

primarily record timescales of less than 10 days (Figure 6.5 E and F).

These processes can be related to possible timescales of dyke intrusion and melt trans-

port during an active episode of rifting in the MER. As reverse-zoned olivine cores are not

representative of compositions near equilibrium with mantle-derived melts, it is likely that

melt is already present in the mid-crust when the magmatic processes resulting in disequi-

librum commence. Evidence of these earlier intrusion events may have completely removed

through re-equilibration of the crystal with the host magma in the long periods between

discrete magmatic rifting episodes (∼100 years; Ebinger et al., 2013), resulting in the near-

homogeneous cores in olivine. This melt will have already fractionated olivine, which may
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reside in mid-crustal sill complexes as a crystal mush (Figure 6.7A). The longest timescales

will coincide with the first emplacement of melt into these MER mid-crustal sill complexes

during an intrusion episode (Figure 6.7B). This intruded melt will be more primitive than

its surroundings, and will carry high Fo olivines which begin re-equilibrating Fo upon en-

tering the new environment. The source of this melt will either be the lower crust or Moho,

or possibly from a deeper reservoir within the mid-crust; as determined in Chapter 5 there

is no apparent correlation between olivine Fo and storage pressure.

Intrusion of primitive, high-Mg# melt will trigger the growth of high Fo olivine rims on

crystals that have previously formed in the mid-crust (Figure 6.7C). These olivines have

cores that are lower Fo than the normal-zoned olivines recording the longest timescales,

and are likely to have fractionated to form a crystal mush in mid-crustal sill complexes.

Intrusion of deeper mafic melts, and the seismicity that accompanies intrusion, will disturb

these systems, potentially causing mush overturn (e.g., Hartley et al., 2016) and gravita-

tional destabilisation of olivines (e.g., Pankhurst et al., 2018). The perturbation of olivines

by this influx of mafic melt will result in the growth of high Fo rims; subsequent relaxation

of sharp growth boundaries will occur as diffusion commences between rim and core. The

broad range of olivine timescales recorded by reverse rims may suggest that mafic influx

occurs almost continuously throughout the mid-crustal sill complex, or could represent the

perturbation of different sills during a single intrusion episode. Indeed, the wide range of

olivine core Fo observed, particularly at East Ziway, may hint at a distributed network

of semi-isolated sills that can also generate variable trace element concentrations in melt

inclusions (Chapter 5), which each experience their own timeframe for mafic intrusion.

The rim-ward normal zone observed on reverse-zoned olivines, with a maximum timescale

of ∼30 days with most timescales between <1–10 days, most likely forms during final mag-

matic ascent leading up to eruption (Figure 6.7D). The development of this reverse rim

appears to be much more constrained at East Ziway compared to Boku, however if this

rim does form primarily from growth then it may be the case that timescales of this zoning

may be similar, as zoning from growth will form faster than diffusion only. The influence of

some growth is also evident from the dendritic growth patterns along the edges of olivine

crystals. The timescales recorded from the normal portions of these rims should therefore

be considered maxima only.

The compositions of East Ziway olivines are typically more evolved than those at Boku,

and have a wider range of compositions (Figure 6.2). While similar processes do occur at
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these two settings the more-evolved state of East Ziway olivines and carrier melts may

suggest that they have had longer to fractionate and cool between eruptive episodes. In-

trusive events at East Ziway may therefore occur at a lower rate than Boku, which may be

correlated to the position of Boku further north, reflecting how the maturity of the MER,

and the EARS as whole, varies along rift. Speculatively, a more mature rift segment may

experience rifting episodes at a more rapid rate than one which is less mature.

Timescales from diffusion can be compared to estimates of magma ascent in the MER.

Assuming an ascent rate of 0.1 m s−1, the minimum speed necessary for a explosive eruption

typical of monogenetic volcanism (Cassidy et al., 2018), and storage depths of 5–15 km in

the MER crust (Chapter 5), timescales for magma ascent are calculated to range from 0.58–

1.74 days, which falls towards the shorter end of the diffusion timescales recorded for normal

portions of reverse-zoned olivines. This calculation suggests either that explosive volcanism

in the MER is possible through slower ascent rates, or that the assumed ascent rate of 0.1

m s−1 is achieved only during final acceleration in the eruptive conduit with crustal transit

occurring at lower speeds. In either case, the timescales recorded in the sample set from

these normal rims are likely to be affected by processes other than diffusion. It may also

be likely that ascent from the mid-crust is punctuated with several hiatuses. All of these

scenarios are possible; at some volcanic settings, magma ascent velocities on the order

of 0.01 m s−1 can result in scoria cone-forming eruptions (Cassidy et al., 2018), and as

discussed above it is likely that the most rim-ward portions of olivine crystals have been

affected by late-stage growth which can mimic the sigmoid of a diffusion-only compositional

zone (Costa et al., 2020). Hiatuses in magmatic ascent could possibly be tracked by

distinct chemical populations of melt inclusions during late-stage olivine overgrowth which

will record concurrent volatile degassing and melt evolution; no correlation between major

element composition and calculated pressures are observed in my Boku melt inclusions

(Chapter 5), and further consideration of ascent pathways is beyond the scope of this

study.

6.4.2 Pre-eruptive intrusion in other active rift settings

A parallel can be drawn between diffusion timescales from this study and timescales

recorded by seismic and field observations of previous magmatically driven rifting events.

This comparison is illustrated in Figure 6.8, which presents the diffusion timescales of this

study alongside dyke intrusion intervals collated from the rifting events in Dabbahu, Afar
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Figure 6.8: Cumulative frequency plot of all timescales collected in this study compared
with dyke injection intervals at Dabbahu (2005–2010) and Krafla (1975–1984). Intervals
between rifting events are measured from the start of each intrusion event. Dates of
intrusions are collated from Grandin et al. (2010, 2011) for Dabbahu and Buck et al. (2006)
for Krafla; where dates are given as the month only the start of the month is assumed to
calculate time intervals – these timescales are shown as dashed in the figure. Violin plots
illustrate the distribution of Dabbahu and Krafla timescale intervals. Bold markers and
uncertainty intervals mark the log-mean±one log-standard deviation.

(2005–2010, Ferguson et al., 2010; Ebinger et al., 2010; Grandin et al., 2010, 2011) and

Krafla, Iceland (1975–1984, e.g., Buck et al., 2006).

While overall episodes of active rifting can take place over the course of several years

(Wright et al., 2012; Ebinger et al., 2013, e.g., ), individual episodes often comprise multiple

periods of magmatic intrusion, which have been documented at several subaerial rifts via

concurrent seismic activity during intrusion (e.g., Wright et al., 2012). These temporally

distinct intrusive periods individually affect different parts of the overall rifting segment,

with most melt involved in rifting episodes remaining unerupted (Ferguson et al., 2010).

Intervals between seismic events accompanying intrusion events in both Afar and Iceland

are on the timescale of several months (e.g., Wright et al., 2012), which matches the longer

diffusion timescales recorded by the reverse rims of my reverse-zone olivines and primarily

normal-zoned olivines (Figure 6.8). During the episode itself, intrusive activity during
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the phases of the 2005–2010 Dabbahu rifting episode, involving faulting and magmatic

intrusion, is recorded on the scale of hours to days (Ebinger et al., 2010; Ebinger et al.,

2013). These short timescales are comparable to the shortest timescales in my sample set,

in particular those of the normal portions of reverse rims.

It is therefore likely that the processes recorded by olivine Fe-Mg diffusion are rep-

resentative of disequilibrium processes which can trigger dyke intrusion events during a

rifting episode. Melts, intruded over timescales of several months, will fractionate in the

crust until pathways to the surface can be opened. In the meantime, percolating mafic

melts can trigger the formation and subsequent diffusion of high Fo reverse rims in olivine.

Subsequent intrusion events in the following months can trigger the final eruption of these

melts. It should, however, be noted that reverse zoning is neither evident in Dabbahu

olivines (Chapter 3), nor in olivine crystals from the Krafla volcanic system (Rooyakkers

et al., 2022, although not obtained from the Krafla Fires basalts of 1975–1984). While

timescales of intrusion may be of a similar magnitude, magmatic processes governing how

diffusional timescales may differ between different settings.

Timescales between rifting cycles in mature magmatic rift segments, inferred from

historical records, are believed to be on the scale of ∼100 years (Ebinger et al., 2013).

Given that the timescales from olivine diffusion chronometry are all less than a year, it is

highly unlikely that processes occurring between dyke intrusions are recorded.

6.5 Conclusions

Dyke intrusion is a fundamental magmatic process in continental rifts that facilitates

plate break-up. Using Fe-Mg diffusion chronometry on MER olivine crystals I have deter-

mined the timescales of crystal storage and transport prior to scoria cone-forming erup-

tions. Samples, collected from the Boku Volcanic Complex and East Ziway cone fields,

reveal that MER olivines can be broadly divided into two compositional subsets – those

with primarily normal zoning, and those with a strong reverse rim. Normal-zoned olivines

commonly have higher Fo cores than reverse-zoned olivines, and record timescales of 100

days or longer. The reverse portion of reverse-zoned olivines typically records timescales of

10–100 days, with a normal-zoned quench growth component recording ∼10 days or less.

The high Fo normal-zoned population of olivines at both of these settings are indicative

of the transfer of more primitive melts into the mid crust, which simultaneously triggers

193



CHAPTER 6. DYKE INTRUSION TIMESCALES

reverse zone growth and subsequent diffusion in lower Fo olivines already present in the

mid-crust. Dendritic overgrowth, and the normal zones that form as a result, develops

only during magma ascent immediately prior to eruption. The broad range of diffusion

timescales suggests that olivines may originate from a number of sills in the mid-crust,

which are cross-cut by intruding dykes during an active rifting episode. Constraints on

timescales for pre-eruptive mafic intrusion are consistent with timescales of dyke intrusion

observed at active rift settings, such as Afar and Iceland.
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Chapter 7

Conclusions and further work

The motivation of this project was to explore the processes of melt generation, trans-

port, and storage driving magmatic intrusion in the Main Ethiopian Rift (MER). It has

been established through extensive geophysical study that intrusion of basaltic melts into

the crust are a primary driver of extension during late-stage continental rifting. A bet-

ter understanding of basaltic activity in the Main Ethiopian Rift through the avenues of

petrology and geochemistry allows for a more complete and robust picture of rift-related

magmatism, a principal driver of incipient oceanic spreading. While previous geochemical

studies have explored the evolution of basalts to rhyolites under central volcanoes (e.g.,

Gleeson et al., 2017; Fontijn et al., 2018; Hutchison et al., 2018), this study has primarily

focussed on basaltic scoria from flank zones of these centres. By considering these basalts,

which have avoided the fractionation and evolution under central volcanoes, the conditions

of the melting mantle and deepest crustal storage can be assessed.

7.1 Project summary

This project consists of three major studies, each contributing to illustrating an overar-

ching journey following the ascent of basalts through the Earth’s mantle and crust before

the eruption of rift lavas.

7.1.1 Rift geodynamics of the Ethiopian mantle

The first study, comprising Chapters 3 and 4, determined the temperature at which

rift magmas begin to crystallise using a petrological geothermometer, the olivine-spinel

Al-exchange thermometer (Coogan et al., 2014). This thermometer is selected as olivine
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is one of the first phases to crystallise from a mantle-derived melt. Erupted MER basalts

crystallise olivine of Fo86 and lower at mean temperatures of 1177±16 ◦C, which is cooler

than the maximum crystallisation temperature at the Dabbahu Rift in Afar of 1344◦C, and

cooler than the highest temperatures recorded for MORB olivine crystallisation (∼1270–

1280 ◦C). By back-projecting along expected liquid lines of descent to high Fo in equi-

librium with primary mantle-derived melts I determined primary olivine crystallisation

temperatures for the MER and Afar.

Using these temperatures in conjunction with erupted basalt rare-earth element com-

positions and geophysical observations, I co-developed a mantle melting model (pyMelt)

that could be used to relate the thermal and lithological conditions of the mantle to melt

thicknesses and olivine crystallisation temperature. Through a combined integration of

melt fraction with mantle composition I expanded pyMelt to support calculations for par-

titioning of trace elements of mantle lithologies.

By inverting this upgraded pyMelt model, I obtain posterior probability distributions

for the most likely mantle conditions that can reproduce observations of rift geophysics and

lava geochemistry. From these results I conclude that the temperature of the Ethiopian

mantle is elevated by ∼100 ◦C relative to ambient mid-ocean ridge mantle. This gives

a potential temperature of the Ethiopian mantle of ∼1500 ◦C, which is consistent across

both Ethiopia and Afar and in agreement with previous estimates of elevated Ethiopian

mantle temperature (Rooney et al., 2012c; Ferguson et al., 2013b; Armitage et al., 2015).

Furthermore, I establish that the primary difference between the MER and Afar Rift

is lithospheric thickness, which varies between ∼90 km under the MER to ≤70 km at

Afar. This difference in lithospheric thickness, which is inferred from my model reproduc-

ing the amount of melt present in the MER and Afar crust, can be attributed to a more

evolved rift system in Afar. There may also be compositional differences between the MER

and Afar mantle, which is possibly related to the centring of a mantle plume under Afar

(Rooney et al., 2012a). While signatures of deep melting in the garnet-stable field of the

mantle are present at both the MER and Afar, the necessity of matching the volumes of

melt at Afar necessitate the presence of more fusible melting mantle lithologies. While my

inversions for Afar struggle to match light rare-earth elements, small-fraction melts, pos-

sibly derived from the thermal destabilisation of the lithosphere, can contribute sufficient

light rare-earths to asthenospheric melts as they leave the convecting mantle. My results

therefore demonstrate that principal variations between MER and Afar magmatism can be
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attributed to lithospheric thickness, with consistent mantle temperatures across Ethiopia

at ∼1500 ◦C.

This study is the first to explore melt generation processes under the MER and Afar

Rift using a petrological method. By applying this approach I provide a new indepen-

dent estimate of mantle potential temperature, which considers not only a wide variety

of geophysical and geochemical constraints but additionally their uncertainties, which are

propagated into the final estimates of mantle temperature and composition. The impli-

cation of possible compositional differences in the mantles under the MER and Afar, and

the potential for contribution from small-fraction lithospheric melts, paves paths for geo-

chemical research that may be explored in the future.

7.1.2 Focussed magmatic intrusion into the Ethiopian crust

The second study, outlined in Chapter 5, concerned the major element, trace element,

and volatile composition of olivine-hosted basaltic melt inclusions from a monogenetic cone

field in the Main Ethiopian Rift. Melt inclusions, small parcels of early, are primitive melts

that are entrapped within growing crystals at depth within the rift crust. Melt inclusions

are undegassed compared to erupted lavas, and therefore contain elevated concentrations of

volatile elements such as CO2 and H2O. Understanding the empirical relationship between

melt pressure, temperature, and composition can permit us to determine the pressures at

which natural basaltic melts saturate in volatiles, i.e., the pressure conditions at which

melts are stored in the crust.

Using volatile solubility models, pressures are determined for the Ethiopian rift to

yield a focussed zone of intrusion at 2.5–4.5 kbar depth, or 10–15 km. Furthermore, the

trace element variability of these melt inclusions is diverse. As their compositional ranges

cannot be replicated by fractionation of a single parental melt, melt inclusions therefore

record evidence of parental melt heterogeneity that is preserved through storage in discrete

environments. Combining observations from volatile saturation models and these melt

inclusion compositions, the igneous structure of the crust is implied to comprise mid-crustal

focussed sill complexes, which coincide with geophysical crustal anomalies (e.g., Whaler

and Hautot, 2006; Cornwell et al., 2006) and a numerically modelled crustal ductile zone

(Muluneh et al., 2020). Observations of CO2 degassing at the rift surface from soil surveys

(Hunt et al., 2017) can be matched by the passive degassing of melts intruded into this

zone as determined from melt inclusion CO2 systematics with incompatible trace elements
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of similar mantle-melt compatibility, such as Ba and Rb.

The results of this study have important implications for the distribution of heat and

magmas in the Ethiopian crust during rifting. Melt, present at mid-crustal pressures,

will thermo-mechanically weaken this part of the rifting crust preferentially relative to the

upper and lower crust. Exploring how this crustal ductile weak zone behaves in response

to extensional stresses relative to more brittle portions of the crust may be a topic for

future numerical models of rift deformation. A more widespread study of melt inclusions

which do account for the CO2 entrapped within the inclusion bubble will further resolve

the position of sill complexes in the rifting crust, and confirm the ubiquity of mid-crustal

sill complexes in the MER. Finally, future geophysical studies may aim to complement

my findings by resolving the position of sill complexes within MER magmatic segments

through higher resolution methods (if possible).

7.1.3 Olivine diffusion chronometry

The final study, discussed in Chapter 6, ascertains the timescales of dyke intrusion

into mid-crustal sill networks during rifting episodes. In order to determine this I use

olivine Fe-Mg diffusion chronometry, which utilises the diffusion of the olivine Fe-Mg solid

solution within a crystal in thermal or chemical disequilibrium to obtain timescales of said

disequilibrium.

Olivine crystals from the Boku and East Ziway cone fields of the MER show significant

evidence for pre-eruptive disequilibrium. The foremost of this evidence is the presence of

compositional zoning, which takes the form of both low Fo rims around high Fo cores,

and high Fo reverse rims around lower Fo olivine cores; this reverse-zoning is prevalent in

crystals from both localities, suggesting that similar pre-eruptive processes occur at MER

magmatic segments. I convert compositional profiles into timescales of diffusion using the

AutoDiff algorithm, which correlates observed profiles to model profiles generated using

finite-difference software. Diffusion timescales from olivines that are primarily normal-

zoned are near bimodal, with one well-defined peak at ∼100 days. The other normal-

zoned timescales overlap with reverse-zone timescales, which mostly range from 10–100

days. Normal-zoned olivines therefore record the earliest intrusion in the sill system, which

triggers the growth of reverse zones in olivines already present in the mid-crust. Normal-

zoned diffusion of reverse rims recording <10 days, likely coincident with late-stage growth,

occurs only during ascent immediately prior to eruption.
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My results indicate that petrological constraints on the timescales of magmatic pro-

cesses occurring melt intrusion and transport in rift settings can provide an alternate

dimension to understanding pre-eruptive magmatic processes which is observed primarily

through seismic observations. Timescales of intrusion during rifting episodes in Iceland and

Afar suggest that dykes intrude with a periodicity of several months (Wright et al., 2012).

This timescale correlates to the maximum olivine Fe-Mg diffusion timescales recorded for

both MER localities in this study. The coinciding of these timescales may suggest that

similar magmatic processes that drive eruption of monogenetic cones in these rift settings

may be operating at the present day in actively rifting regions of the Earth. The observa-

tions from olivine crystals collected from the MER may therefore provide insights into the

magmatic systems operating under rift segments.

7.2 Suggestions for further work

The studies that contribute to this thesis facilitate several possible further research

projects, which are summarised below.

7.2.1 Exploring Ethiopian mantle lithological and compositional hetero-

geneity

Chapters 3, 4 and 5 highlight the implications of a lithologically heterogeneous mantle

on erupted lavas and melt inclusions. Mantle compositional heterogeneity can not only

directly affect the major element, trace element, volatile element, and isotope composition

of products of melting (e.g., Stracke et al., 2005; Shorttle and Maclennan, 2011; Shorttle et

al., 2014; Stracke et al., 2019), but can also affect the thermal pathway undertaken by the

mantle as it decompresses and melts (Matthews et al., 2021). Such mantle heterogeneity

can arise from the presence of a mantle plume (e.g., Herzberg, 2011), such as that under

Afar which has induced isotopic heterogeneities (Rooney et al., 2012a).

Future work can aim to provide further constraints on the character of lithological

variability in the Ethiopian mantle. Work performed in Iceland has aimed to unravel

the nature of multiple lithologies in the mantle by estimating melt contributions from

mantle pyroxenites, primarily through observations of major and trace elements made

in the most primitive basalt compositions (Shorttle and Maclennan, 2011; Shorttle et

al., 2014). Difficulty in pursuing such ambitions may be restricted by a limited number
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of Ethiopian basalt samples that are considered primitive (MgO>9.5 wt%; Shorttle and

Maclennan, 2011); consulting the GEOROC database of Ethiopian basalts, only 21 of 424

(5%) basaltic-basaltic andesite samples (SiO2 <57 wt%) with characterised major element

concentrations and Nb/Zr (a measure of mantle source heterogeneity) have MgO greater

than the 9.5 wt% threshold. Similar observations may arise by performing a wider scale

study of Ethiopian melt inclusions, complementing the results recorded in Chapter 5; data

must therefore be harvested from primitive melt inclusions such as those considered in this

study in order to gauge major and trace element diversity.

New approaches can provide high resolution isotope data from melt inclusions. One

potential strand of this research was to analyse digested olivine-hosted melt inclusions using

thermal ionisation mass spectrometry (TIMS). A recent development in mass spectrometry

has been the production of 1013Ω resistors (Koornneef et al., 2014), which generate a 100×

greater output voltage compared to lower resistance 10−11Ω amplifiers that are commonly

used to analyse bulk rock. As an increase in resistance generates a corresponding square-

root-increase in noise, an overall 10-fold improvement of signal-to-noise ratio is achieved

(Koornneef et al., 2014). A benefit of this advancement in the field of igneous petrology

is the high-precision resolution of isotope ratios (e.g., 87Sr/86Sr, 143Nd/144Nd) in very low

mass samples (as low as 10s pg) by TIMS (Koornneef et al., 2014; Koornneef et al., 2015).

A key result of Chapter 5 is that melts arriving in the mid-crustal weak zone of the MER

are compositionally diverse. This diversity may be the consequence of possible lithological

and compositional mantle heterogeneity (as discussed in Chapters 3 and 4), or may arise

from unmixed fractional mantle melts which are also compositional variable (Gurenko and

Chaussidon, 1995). An isotopic study of primitive (high MgO) MER melt inclusions can

resolve the mantle source endmembers of Ethiopian basalts, and separate influences from

the depleted MORB mantle and the Afar plume that can so far only be determined from

whole-rock basalts (Rooney et al., 2012a).

7.2.2 Application of experimental rehomogenisation to Ethiopian melt

inclusions

The research undertaken in Chapter 5 has been coincident with significant advance-

ments in the methodology used to quantify melt inclusion volatiles. In addition to the

developments in Raman spectroscopy methodology discussed in Chapter 5 (e.g., Lamadrid

et al., 2017; DeVitre et al., 2021b, 2022), comparisons with melt inclusions analysed by
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SIMS after high-pressure rehomogenisation could prove useful in resolving the total CO2

within an inclusion. Pressurising an inclusion at high temperature will re-dissolve the

bubble into the basaltic melt; quenching this rehomogenised system will entrap all CO2 in

the bubble within the frozen glass (Rasmussen et al., 2020). In this way, the uncertain-

ties involved with Raman spectroscopy can be avoided as only SIMS will be necessary to

determine inclusion CO2. Furthermore, this technique is possible on melt inclusions that

have been slowly cooled and are subsequently crystalline (e.g., Mironov et al., 2015). The

caveats of rehomogenisation include experimentally induced post-entrapment crystallisa-

tion or dissolution of the host crystal, which will affect the composition of the original

melt inclusion, and the possible diffusion of other volatiles into and out of the host. One

such example is H2O diffusion, which can be rapid (Bucholz et al., 2013). H2O loss can,

however, be countered through hydration of the matrix surrounding the crystal-inclusion

system (Mironov et al., 2015; Rasmussen et al., 2020).

During the course of this project, a subset of 10–20 olivine crystals hosting melt in-

clusions from Boku and East Ziway were sent to Lamont-Doherty Earth Observatory,

Columbia University for a collaborative project with Anna Barth, Daniel Rasmussen, and

Terry Plank. The aim of this collaboration was to compare the CO2 concentrations ob-

tained from Raman spectroscopy and SIMS with concentrations of melt inclusions that

had been rehomogenised under pressure. A number of these crystals had had their bubbles

analysed by Raman spectroscopy; others were from the Ziway Lake region and hence had

crystalline melt inclusions. Unfortunately, this project was shelved owing to the COVID-19

pandemic. A future research path may revive this project to assess possible differences be-

tween CO2 assessed via Raman spectroscopy and those from rehomogenisation, a concept

which while previously explored by Rasmussen et al. (2020) could be further tested. An-

other potential line of study could assess whether the focussed sill intrusion zone described

in Chapter 5, obtained from observations of total melt inclusion CO2, is common to other

MER magmatic segments. This could be accomplished through the rehomogenisation of

crystalline olivine and plagioclase-hosted melt inclusions from Abaya Lake and East Ziway

scoriae, which could not be assessed by Raman and SIMS unlike glassy Boku inclusions.

Observations of total CO2 from other rift segments would support the findings of Chapter

5 and provide more evidence for a common depth of rift sill development as suggested from

seismic anisotropy (Chambers et al., 2021).
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Appendix A

Data tables

Data tables are presented in this section. Where data has been published or is available

in digital format, a link to the appropriate online repository is provided.

A.1 Chapter 2: collected Main Ethiopian Rift samples

Table A.1 is a table of sample localities visited and material collected during fieldwork

in January 2019.

A.2 Chapters 3 and 4: geochemical datasets, pyMelt code

availability and inversion results

The analytical data collected for olivine and spinel in Chapters 3 and 4 are archived in

a Zenodo repository with DOI 10.5281/zenodo.6786908. This repository includes Datasets

S1 (qualitative maps of olivine-spinel pairs), S2 (geochemical analyses of olivine and spinel

including secondary standards), and S3 (full inversion outputs).

pyMelt v1.960 and the inversion code used in these chapters are archived in Zenodo

repositories with DOI 10.5281/zenodo.6013925 and 10.5281/zenodo.6786875 respectively.

The most recent pyMelt version is v2.0 and can be found in Zenodo repository DOI

10.5281/zenodo.7101330.

Posterior probability distribution medians and 95% confidence intervals are presented

in Tables A.2 to A.4. Table A.5 shows the melt fractions expected from inversion models,

with uncertainties calculated using the 95% confidence interval for mantle Tp while keeping

all other variables as the median value. Raw output files from MultiNest are included
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in Dataset S3. Where KG1 is referenced in the following tables the REE composition is

50:50 DMM:average MORB.

A.3 Chapter 5: geochemical datasets and images of melt in-

clusions

Geochemical data, standards, secondary standards, and melt inclusion and bubble

analyses are archived in a Zenodo repository with DOI 10.5281/zenodo.7106119, alongside

high resolution transmitted light and reflected light microscopy images of melt inclusions.

A.4 Chapter 6: geochemical datasets and backscatter elec-

tron images

Geochemical data, standards, secondary standards, timescale data and backscatter

electron images are archived in a Zenodo repository with DOI 10.5281/zenodo.7236412.
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V

esicular
plagioclase-phyric

basaltic
lava

K
W

-M
E

R
19-05

A
baya

6.69147
37.87717

V
esicular

plagioclase-phyric
basaltic

lava
K

W
-M

E
R

19-06
A

baya
6.66567

37.86422
Scoria

(including
large

piece
of

splatter)
K

W
-M

E
R

19-07
A

baya
6.75714

37.86066
F
low

-banded
crystalline

rhyolite
K

W
-M

E
R

19-08
A

baya
6.78231

37.92380
C

rystalline
basaltic

lava
K

W
-M

E
R

19-09a
A

baya
6.78286

37.92702
G

lassy
Scoria

chunks
(from

quarry
floor)

K
W

-M
E

R
19-09b

A
baya

6.78286
37.92702

Scoria
(from

quarry
w

alls)
K

W
-M

E
R

19-10
A

baya
6.78273

37.94859
B

asaltic
lava

(volcanic
ejecta)

K
W

-M
E

R
19-11

A
baya

6.77906
37.94541

V
esicular

plagioclase-phyric
basaltic

lava
K

W
-M

E
R

19-12
A

baya
6.77545

37.94087
G

lassy,vesicular
basaltic

lava
K

W
-M

E
R

19-13
A

baya
6.80802

37.94484
A

phyric
basaltic

lava
w

ith
elongate

vesicles
K

W
-M

E
R

19-14
A

baya
6.79674

37.93701
Scoria

K
W

-M
E

R
19-15

A
baya

6.78609
37.93013

Scoria
K

W
-M

E
R

19-16a
A

baya
6.78473

37.92894
V

esicular
plagioclase-phyric

basaltic
lava

K
W

-M
E

R
19-16b

A
baya

6.78473
37.92894

Scoria
K

W
-M

E
R

19-17
A

baya
6.63314

37.90731
C

rystalline
ignim

brite
K

W
-M

E
R

19-18a
A

baya
6.61749

37.89989
P

lagioclase-rich,glassy
basalt

K
W

-M
E

R
19-18b

A
baya

6.61749
37.89989

W
eathered

ignim
brite

K
W

-M
E

R
19-18c

A
baya

6.61749
37.89989

W
elded

ignim
brite

K
W

-M
E

R
19-19

A
baya

6.62810
37.89615

F
ine-grained

aphyric
basaltic

lava
K

W
-M

E
R

19-20
A

baya
6.62494

37.89014
V

esicular
fine-grained

crystalline
basalt

K
W

-M
E

R
19-21

A
baya

6.62317
37.88619

F
ine-grained

plagioclase-phyric
basaltic

lava
K

W
-M

E
R

19-22
A

baya
6.62357

37.87421
V

esicular
fine-grained

aphyric
basalt
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Sa
m

pl
e

lo
ca

lit
ie

s
(c

on
ti

nu
ed

).

S
am

p
le

nu
m

b
er

R
eg

io
n

L
at

it
u
d
e

(°
N

)
L
on

gi
tu

d
e

(°
E
)

B
ri

ef
d
es

cr
ip

ti
on

K
W

-M
E

R
19

-2
3

A
ba

ya
6.

62
41

4
37

.8
72

91
A

ph
yr

ic
ba

sa
lt

w
it

h
ir

re
gu

la
r

ve
si

cl
es

K
W

-M
E

R
19

-2
4

A
ba

ya
6.

62
72

5
37

.8
66

81
V

es
ic

ul
ar

pl
ag

io
cl

as
e-

ph
yr

ic
ba

sa
lt

K
W

-M
E

R
19

-2
5

A
ba

ya
6.

62
77

2
37

.8
65

55
V

es
ic

ul
ar

pl
ag

io
cl

as
e-

ph
yr

ic
ba

sa
lt

K
W

-M
E

R
19

-2
6-

0m
A

ba
ya

6.
63

01
2

37
.8

63
85

Sc
or

ia
K

W
-M

E
R

19
-2

6-
4m

A
ba

ya
6.

63
01

2
37

.8
63

85
Sc

or
ia

K
W

-M
E

R
19

-2
6-

9m
A

ba
ya

6.
63

01
2

37
.8

63
85

Sc
or

ia
K

W
-M

E
R

19
-2

6-
13

m
A

ba
ya

6.
63

01
2

37
.8

63
85

Sc
or

ia
K

W
-M

E
R

19
-2

6-
18

m
A

ba
ya

6.
63

01
2

37
.8

63
85

Sc
or

ia
K

W
-M

E
R

19
-2

7
A

ba
ya

6.
63

41
2

37
.8

59
48

V
es

ic
ul

ar
pl

ag
io

la
se

-p
hy

ri
c

pa
rt

ia
lly

-a
lt

er
ed

ba
sa

lt
ic

la
va

K
W

-M
E

R
19

-2
8

A
ba

ya
6.

64
07

1
37

.8
54

03
G

la
ss

y,
ap

hy
ri

c
ba

sa
lt

ic
la

va
K

W
-M

E
R

19
-2

9
A

ba
ya

6.
64

69
9

37
.8

48
91

G
la

ss
y,

ap
hy

ri
c

ba
sa

lt
ic

la
va

K
W

-M
E

R
19

-3
0

A
ba

ya
6.

64
98

6
37

.8
47

08
P

la
gi

oc
la

se
-p

hy
ri

c
fin

eg
ra

in
ed

ba
sa

lt
w

it
h

fe
w

ve
si

cl
es

K
W

-M
E

R
19

-3
1

A
ba

ya
6.

65
31

6
37

.8
45

42
P

la
gi

oc
la

se
-p

hy
ri

c
fin

eg
ra

in
ed

ba
sa

lt
w

it
h

fe
w

ve
si

cl
es

K
W

-M
E

R
19

-3
2-

(-
10

m
)

A
ba

ya
6.

65
01

2
37

.8
42

55
Sc

or
ia

K
W

-M
E

R
19

-3
2-

(-
7m

)
A

ba
ya

6.
65

01
2

37
.8

42
55

Sc
or

ia
K

W
-M

E
R

19
-3

2-
(-

3m
)

A
ba

ya
6.

65
01

2
37

.8
42

55
Sc

or
ia

K
W

-M
E

R
19

-3
2-

0m
A

ba
ya

6.
65

01
2

37
.8

42
55

Sc
or

ia
K

W
-M

E
R

19
-3

2-
4m

A
ba

ya
6.

65
01

2
37

.8
42

55
Sc

or
ia

K
W

-M
E

R
19

-3
3

A
ba

ya
6.

75
73

8
37

.9
13

80
V

es
ic

ul
ar

,p
la

gi
oc

la
se

-p
hy

ri
c

ba
sa

lt
K

W
-M

E
R

19
-3

4
A

ba
ya

6.
75

65
4

37
.9

27
16

H
ea

vi
ly

w
ea

th
er

ed
ve

si
cu

la
r,

pl
ag

io
cl

as
e-

ph
yr

ic
vo

lc
an

ic
ej

ec
ta

K
W

-M
E

R
19

-3
5

A
ba

ya
6.

75
57

0
37

.9
27

68
H

ea
vi

ly
w

ea
th

er
ed

,v
es

ic
ul

ar
,p

la
gi

oc
la

se
-p

hy
ri

c
ba

sa
lt

ic
la

va
K

W
-M

E
R

19
-3

6
A

ba
ya

6.
75

46
0

37
.9

25
86

G
la

ss
y,

ve
si

cu
la

r,
pl

ag
io

cl
as

e-
ph

yr
ic

vo
lc

an
ic

ej
ec

ta
K

W
-M

E
R

19
-3

7
A

ba
ya

6.
75

47
1

37
.9

18
85

G
la

ss
y

ba
sa

lt
K

W
-M

E
R

19
-3

8
A

ba
ya

6.
75

36
6

37
.9

13
50

F
in

e-
gr

ai
ne

d
vo

lc
an

ic
ej

ec
ta

in
te

ri
or

s
K

W
-M

E
R

19
-3

9
A

ba
ya

6.
75

42
4

37
.9

16
39

A
lt

er
ed

vo
lc

an
ic

ej
ec

ta
ch

un
ks

K
W

-M
E

R
19

-4
0

A
ba

ya
6.

75
13

9
37

.9
13

67
V

es
ic

ul
ar

,g
la

ss
y,

pl
ag

io
cl

as
e-

ph
yr

ic
ba

sa
lt
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Sam
ple

localities
(continued).

S
am

p
le

nu
m

b
er

R
egion

L
atitu

d
e

(°N
)

L
on

gitu
d
e

(°E
)

B
rief

d
escrip

tion
K

W
-M

E
R

19-41a
A

baya
6.74729

37.91339
Scoria

K
W

-M
E

R
19-41b

A
baya

6.74729
37.91339

U
ncertain

lithology
(road-building

m
aterial)

K
W

-M
E

R
19-42

A
baya

6.73678
37.91732

B
asaltic

lava
K

W
-M

E
R

19-43
A

baya
6.72742

37.90729
P

lagioclase-phyric
glassy

scoria
K

W
-M

E
R

19-44
A

baya
6.71955

37.90713
C

rystalline
obsidian

K
W

-M
E

R
19-45

A
baya

6.64294
37.95186

Scoria
K

W
-M

E
R

19-46
A

baya
6.63902

37.83577
V

esicular,plagioclase-phyric
basalt

K
W

-M
E

R
19-47

A
baya

6.63828
37.83544

V
esicular,plagioclase-phyric

basalt
K

W
-M

E
R

19-48-0m
A

baya
6.63828

37.83544
Scoria

K
W

-M
E

R
19-48-4m

A
baya

6.63828
37.83544

Scoria
K

W
-M

E
R

19-48-7m
A

baya
6.63828

37.83544
Scoria

K
W

-M
E

R
19-48-11m

A
baya

6.63828
37.83544

Scoria
K

W
-M

E
R

19-48-15m
A

baya
6.63828

37.83544
Scoria

K
W

-M
E

R
19-48-20m

A
baya

6.63828
37.83544

Scoria
K

W
-M

E
R

19-48-24m
A

baya
6.63828

37.83544
Scoria

K
W

-M
E

R
19-48-28m

A
baya

6.63828
37.83544

Silt
and

ash
K

W
-M

E
R

19-49
A

baya
6.65842

37.85891
V

olcanic
ejecta

K
W

-M
E

R
19-50

A
baya

6.65603
37.85835

P
artially

altered
plagioclase-phyric

ejecta
K

W
-M

E
R

19-51
A

baya
6.65870

37.85568
A

phyric
basaltic

lava
K

W
-M

E
R

19-52
A

baya
6.64851

37.85480
V

esicular,plagioclase-phyric
basalt

K
W

-M
E

R
19-53-0m

Ziw
ay

7.84955
38.87054

Scoria
K

W
-M

E
R

19-53-5m
Ziw

ay
7.84955

38.87054
Scoria

K
W

-M
E

R
19-53-10m

Ziw
ay

7.84955
38.87054

Scoria
K

W
-M

E
R

19-54
Ziw

ay
7.84834

38.87912
V

esicular
plagioclase-phyric

basaltic
lava

K
W

-M
E

R
19-55a-0m

Ziw
ay

7.85792
38.88076

Scoria
K

W
-M

E
R

19-55a-4m
Ziw

ay
7.85792

38.88076
Scoria

242



APPENDIX A. DATA TABLES

Sa
m

pl
e

lo
ca

lit
ie

s
(c

on
ti

nu
ed

).

S
am

p
le

nu
m

b
er

R
eg

io
n

L
at

it
u
d
e

(°
N

)
L
on

gi
tu

d
e

(°
E
)

B
ri

ef
d
es

cr
ip

ti
on

K
W

-M
E

R
19

-5
5b

Zi
w

ay
7.

85
79

2
38

.8
80

76
P

la
gi

oc
la

se
-p

hy
ri

c
ba

sa
lt

ic
la

va
K

W
-M

E
R

19
-5

6
Zi

w
ay

7.
85

96
3

38
.8

80
17

H
ea

vi
ly

w
ea

th
er

ed
ej

ec
ta

K
W

-M
E

R
19

-5
7a

Zi
w

ay
7.

89
63

3
38

.8
98

81
W

ho
le

-r
oc

k
ej

ec
ta

K
W

-M
E

R
19

-5
7b

Zi
w

ay
7.

89
63

3
38

.8
98

81
Sc

or
ia

K
W

-M
E

R
19

-5
8a

Zi
w

ay
7.

89
52

1
38

.8
99

34
Sc

or
ia

K
W

-M
E

R
19

-5
8b

Zi
w

ay
7.

89
52

1
38

.8
99

34
P

la
gi

oc
la

se
-

an
d

py
ro

xe
ne

-p
hy

ri
c

ba
sa

lt
ic

la
va

K
W

-M
E

R
19

-5
9

Zi
w

ay
7.

88
61

0
38

.8
92

93
P

la
gi

oc
la

se
-

an
d

ol
iv

in
e-

ph
yr

ic
ba

sa
lt

ic
la

va
K

W
-M

E
R

19
-6

0
Zi

w
ay

7.
81

95
8

38
.8

69
09

P
la

gi
oc

la
se

-p
hy

ri
c

ba
sa

lt
la

va
K

W
-M

E
R

19
-6

1
Zi

w
ay

7.
80

62
6

38
.8

72
71

A
ph

yr
c

ba
sa

lt
la

va
K

W
-M

E
R

19
-6

2
Zi

w
ay

7.
80

89
5

38
.8

77
67

O
liv

in
e-

ph
yr

ic
ba

sa
lt

ic
la

va
K

W
-M

E
R

19
-6

3
Zi

w
ay

7.
81

52
9

38
.8

84
72

V
es

ic
ul

ar
ap

hy
ri

c
ba

sa
lt

K
W

-M
E

R
19

-6
4

Zi
w

ay
7.

81
29

6
38

.8
86

03
Sc

or
ia

K
W

-M
E

R
19

-6
5

Zi
w

ay
7.

81
29

1
38

.8
86

65
A

lt
er

ed
an

d
am

yg
da

la
r

ba
sa

lt
K

W
-M

E
R

19
-6

6
Zi

w
ay

7.
81

78
7

38
.8

81
82

Sc
or

ia
K

W
-M

E
R

19
-6

7
Zi

w
ay

7.
81

93
4

38
.8

81
09

E
je

ct
a

K
W

-M
E

R
19

-6
8

Zi
w

ay
7.

81
96

4
38

.8
79

05
Si

lic
ic

as
h,

affi
ni

ty
w

it
h

A
lu

to
K

W
-M

E
R

19
-6

9
Zi

w
ay

7.
82

06
2

38
.8

78
80

E
je

ct
a

K
W

-M
E

R
19

-7
0a

Zi
w

ay
7.

90
92

6
38

.9
20

87
P

la
gi

oc
la

se
-p

hy
ri

c
ba

sa
lt

ic
la

va
K

W
-M

E
R

19
-7

0b
Zi

w
ay

7.
90

92
6

38
.9

20
87

O
liv

in
e-

an
d

pl
ag

io
cl

as
e-

ph
yr

ic
ba

sa
lt

ic
la

va
K

W
-M

E
R

19
-7

1
Zi

w
ay

7.
92

49
8

38
.9

38
79

O
liv

in
e-

an
d

pl
ag

io
cl

as
e-

ph
yr

ic
ba

sa
lt

ic
la

va
K

W
-M

E
R

19
-7

2
Zi

w
ay

7.
95

42
1

38
.9

04
03

A
ph

yr
ic

ej
ec

ta
K

W
-M

E
R

19
-7

3
Zi

w
ay

7.
95

19
7

38
.9

05
04

Sc
or

ia
K

W
-M

E
R

19
-7

4
Zi

w
ay

7.
94

49
7

38
.9

13
55

C
ry

st
al

-r
ic

h
sc

or
ia

K
W

-M
E

R
19

-7
5-

0m
Zi

w
ay

7.
94

61
3

38
.9

11
48

Sc
or

ia
K

W
-M

E
R

19
-7

5-
3m

Zi
w

ay
7.

94
61

3
38

.9
11

48
Sc

or
ia

K
W

-M
E

R
19

-7
5-

6m
Zi

w
ay

7.
94

61
3

38
.9

11
48

Sc
or

ia
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Sam
ple

localities
(continued).

S
am

p
le

nu
m

b
er

R
egion

L
atitu

d
e

(°N
)

L
on

gitu
d
e

(°E
)

B
rief

d
escrip

tion
K

W
-M

E
R

19-76-0m
A

dam
a

8.44115
39.32137

Scoria
K

W
-M

E
R

19-76-5m
A

dam
a

8.44115
39.32137

Scoria
K

W
-M

E
R

19-76-10m
A

dam
a

8.44115
39.32137

Scoria
K

W
-M

E
R

19-77
A

dam
a

8.42769
39.33536

B
asaltic

lava
K

W
-M

E
R

19-78a
A

dam
a

8.43793
39.33689

B
asaltic

lava
K

W
-M

E
R

19-78b
A

dam
a

8.38754
39.32406

B
asaltic

lava
K

W
-M

E
R

19-79
A

dam
a

8.41255
39.34171

B
asaltic

lava
K

W
-M

E
R

19-80-(-2m
)

A
dam

a
8.47947

39.30506
Scoria

K
W

-M
E

R
19-80-0m

A
dam

a
8.47947

39.30506
Scoria

K
W

-M
E

R
19-80-15m

A
dam

a
8.47947

39.30506
Scoria

K
W

-M
E

R
19-81-0m

A
dam

a
8.48996

39.29378
Scoria

K
W

-M
E

R
19-81-50m

A
dam

a
8.48996

39.29378
Scoria

and
crystal-rich

ejecta
K

W
-M

E
R

19-81-100m
A

dam
a

8.48996
39.29378

Scoria
K

W
-M

E
R

19-82-(-5m
)

A
dam

a
8.50330

39.30835
Scoria
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APPENDIX A. DATA TABLES
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